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Abstract

Metalliferous deposits are described from the eastern flank of the East Pacific
Rise (EPR) offshore Costa Rica, close to a basaltic seamount called “Dorado high”.
Based on heat-flow data and porewater profiles, the site is an area of active low
temperature hydrothermal discharge. We focus on the mineralogical and chemical
analyses from a 124 cm long gravity core (GC50), located on the north-western slope of
the 100 m high Dorado high. In this core, the sediments consist of detrital clay minerals
as well as authigenic minerals such as zeolites, apatites, and Fe/Mn-rich oxy-
hydroxides. In contrast, the reference sediments from adjacent areas without
hydrothermal activity are olive gray hemipelagic muds composed of volcanic glass
particles, clay minerals, siliceous microfossils, and some detrital quartz and feldspar.

Bulk sediment chemistry and chemical enrichment factors calculated with
respect to the reference sediment indicate that the most important chemical changes
occurred at the base of the core from 100 to 124 cm bsf, with strong enrichments in
MnO, CaO, P,0Os, and Fe,O3. These enrichments are correlated with the occurrence of
authigenic Fe-oxyhydroxide (goethite) and Mn oxide (todorokite and vernadite, at 100
cm bsf), and hydrothermal apatite (110-124 cm bsf). In the upper section of the core
from 12 to 70 cm, the sediment is composed of abundant smectite and authigenic
phillipsite, and only minor chemical changes can be observed with respect to the
reference sediments.

The ubiquitous presence of phillipsite suggests that the entire sedimentary
column of core GC50 was first affected by diagenesis. However, below 70 cm bsf, these

phillipsites are partially dissolved and Fe oxides occur from 110 to 124 cm, followed



upward by Mn oxides at 100 cm. This transition from Fe to Mn rich sediments can be
interpreted in terms of an upward increasing redox potential. PAAS-normalized REE
patterns of GC50 sediments present clearly negative Ce and positive Y anomalies
inherited from seawater at the base of core GC50. These anomalies decrease upward,
which we interpret together with the transition from Fe to Mn-rich sediments by an
upward migrating low temperature hydrothermal fluid. Thus, after a first stage of
diagenesis, the discharge of a low temperature hydrothermal fluid occurred through the
sedimentary column, leading to the precipitation of hydrothermal compounds that are

lacking towards the surface.
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1. Introduction

Oceanic metalliferous deposits consisting of assemblages of Fe-Mn
oxyhydroxides, zeolites, and clay minerals are efficient scavengers for trace elements
such as Ni, Co, Cu, and rare earth elements and Yttrium (REY; Hein et al., 1997; Kuhn
et al., 1998). Such deposits result from the precipitation of dissolved metals from
seawater, porewater, or hydrothermal fluids and have been classified into three general
categories based on their mechanisms of formation (Boles, 1977; Kastner, 1981). The
first category of metalliferous deposits is called hydrogenetic and results from basalt
alteration by seawater occurring directly after crust accretion followed by oxide
precipitation from seawater (Cann, 1979; Humphris et al., 1980; Honnorez, 1981). The
second category forms during early diagenetic processes, typically within volcanoclastic
deposits as well as in deep-sea red clays (Karpoff, 1989; Karpoff et al., 1992; Aoki and
Kohyama, 1998). These deposits usually form at redox boundaries within the sediment
or at the sediment-water interface. The third category of deposits precipitates from
discharging hydrothermal fluids close to the ridge-axis, or on ridge flanks with a thin
sedimentary cover (Honnorez et al., 1983; Buatier et al., 1995; Buatier et al., 2000).
These hydrothermal deposits generally occur in volcanically active areas mainly at plate
boundaries (spreading centers, fracture zones), while hydrogenetic and diagenetic
deposits are formed in tectonically stable areas on old oceanic crust (Usui et al., 1997).
The nature and the chemical composition of newly formed minerals related to fluid-
sediment interactions reflect the nature of the fluids from which they precipitated
(hydrothermal fluids, seawater or mixtures) and local physicochemical parameters such
as redox conditions.

We studied metalliferous hemipelagic sediments that were sampled near a off



axis basaltic outcrop, on the eastern flank of the East Pacific Rise (EPR, Fig. 1a). The
purpose of this paper is to determine the mineralogical and chemical characteristics of
the secondary mineral phases in order to elucidate their mechanism of formation.
Special attention will be payed to Fe/Mn ratios, trace metal content, and REY patterns,

commonly used to trace the origin of metalliferous deposits (Usui et al., 1997).

2. Regional setting

Metalliferous and hemipelagic sediments were collected by gravity coring
during the Ticoflux II expedition in 2002, west of the Nicoya Peninsula, Costa Rica
(Fig. 1a). The aim of this expedition was to study the impact of low temperature ridge-
flank hydrothermal activity on the cooling rate of the Cocos plate consisting of a 18-24
Ma-old crust (Fisher et al., 2003). The Cocos plate has a complex tectonic history in the
Ticoflux II area, comprising basalt crust generated at the EPR (East pacific Rise) at fast
spreading rates and at the CNS (Cocos-Nasca Spreading Center) at intermediate
spreading rates. The heat-flow measured on EPR generated crust is typically 90% below
theoretical heat-flow predicted by the conductive lithosphere model, suggesting that
cooling has been strongly accelerated by the circulation of hydrothermal fluids
(Vacquier and Sclater, 1967; Von Herzen and Uyeda, 1963; Fisher et al., 2003). In
contrast, the heat flow of CNS generated crust is in good agreement with calculated
conductive heat-flow values. The Ticoflux cruises focused on the hydrologic processes
that determine heat-flow distribution using heat-flow measurements, coring, and seismic
surveys. Plate boundaries, seamounts, and basaltic outcrops were the primary targets for

sampling, because they are fundamental structures for fluid circulation (Harris et al.,

2004).



The results from ODP Hole 1039, drilled in close vicinity (Fig. 1a), document
that the sedimentary cover of the Cocos plate is ~450 m thick. The upper 150 m are
composed of Pleistocene to Pliocene hemipelagic muds, followed below by Miocene
pelagic nanofossil oozes. The sedimentation rate is ~46 m/m.y. for the Pleistocene and 6
m/m.y. for the Pliocene and late Miocene (Silver et al., 1997). However, in the Ticoflux
area the nature and the thickness of the sediments vary laterally with seafloor
topography, bottom currents, and distance from the continent. In general, the total
sediment thickness does not exceed 200 m and the overlying hemipelagic sediment
section is thin or absent on the top of seamounts (Spinelli and Underwood, 2004).

The gravity cores studied are from the Dorado outcrop, a 100 m high basaltic
seamount from 3150 m water depth (Fig. 1a). Heat flow along the SW slope reached
values up to 389 mW*m™, which is much higher than the theoretical range of 95 to 120
mW*m™ calculated for a 18-24 Ma old seafloor (Fisher et al., 2002). Fourteen gravity
cores were taken on and around the Dorado outcrop (GC 33 to 43 and GC 49 to 51).
The sediments of the area consist of hemipelagic mud in core collected at the base of
the seamount and on its southwestern slope, whereas highly altered yellowish brown
mud (locally zeolitic) and Mn-oxide occur on its northwestern side (Fisher et al., 2002).
Phosphate concentrations and alkalinity values of pore water decrease with depth in
some of the cores, consistent with upward flowing fluids with low phosphate
concentrations and alkalinity values issued from basalt-seawater interaction (Wheat et
al., 1996). This suggests, together with the heat-flow data, that the Dorado Outcrop is a
site of active discharge of low temperature hydrothermal fluid (< 65°C).

The location for gravity core GC50 on the northwestern slope of the Dorado
outcrop, at 3142 m water depth, was chosen because of the highest heat flow in this area

(Fig. 1b, at 9°05.044 °N - 87°05.929 °W). This 138 cm long core consists of a mottled



mixture of dark yellowish brown zeolitic clay and yellowish brown mud from 12 to 70
cm below seafloor (bsf), some up to 6 cm thick layers and patches of oxides with
phosphates and altered zeolites from 70 to 124 cm bsf. Scattered fragments of glassy
basalt at the base of the core indicate the proximity to the basalt-sediment interface (Fig.
2). Our study is focused on core GC50 and for comparison we present data from the
adjacent cores GC38, GC42, and GC43 (Fig. 1b). These latter cores are composed of
hemipelagic mud with no metalliferous deposits. In the following, we consider that
these samples, called “reference sediments”, represent the unmineralized sediment of

core GC50.

3. Materials and methods

Five samples of bulk sediments from core GC50 (at 2, 30, 52, 100 and 110 cm
bsf) representative of each lithologic level, and two bulk reference sediments from
neighboring cores (GC42 114 cm bsf and GC38 90 cm bsf) were analyzed by X-ray
diffraction (XRD) and observed by scanning and transmission electron microscopy
(SEM and TEM).

XRD analyses of bulk sediment samples were conducted at the Geological
Institute of the University of Neuchatel with a Sintag 2000 diffractometer using Cu Ka
radiation with 20 slit varying between 0 and 60° at a scan speed of 0.5°/min, 45 kV/18
mA, 0.1°-1° slits. Samples were prepared following the procedure of Kiibler (1987).
About 800 mg of sediment was ground to powder, pressed at 20 MPa in a powder
holder, covered with a blotting paper, and analyzed. The relative abundances of
minerals were estimated qualitatively, based on peak heights without interferences. A

semi-quantitative evaluation of the X-ray diffraction data was not possible because of



the abundance of amorphous siliceous fossils and volcanic glass. The clay minerals
were identified on oriented samples of <2 pm and 2-16 pm fractions collected on glass
slides, after air-drying, and again after ethylene-glycol treatment. To identify more
precisely the diffraction peak positions, XRD patterns were decomposed into
elementary Gaussian curves using the McDiff program.

Detailed petrographic observations of freshly broken and carbon-coated sample
surfaces were performed using a scanning electron microscope (SEM Jeol 5600
operating at 20 kV) equipped with a X-ray EDX Fondis detector (Centre Commun de
Microscopie, Universit¢ de Franche Comté, Besangon). EDX analysis provided
qualitative chemical compositions. For TEM analyses, sediments were stored at 5 °C
immediately after sampling. Selected samples were then impregnated in a Spurr resin
according to the method of Tessier (1984) and Elsass et al. (1998), cut with a diamond
knife on an ultramicrotome, and collected on carbon coated Cu grids. We used a Jeol
1260 at 120kV (CCME, Université de Franche Comté, Besangon) and a Philips CM30
at 300kV equipped with a EDAX detector (CCM, Université de Lille 1).

Chemical analyses were performed on 11 bulk samples from core GC50 and
four reference sediments (38GC90, 38GC225, 42GC114 and 43GC88-90 cm bsf), at the
Centre de Géochimie de la Surface at CNRS Strasbourg (France). The samples were
ground in an agate mill, dried at 110 °C, calcinated at 1000 °C, melted with a mixture of
lithium tetraborate, and dissolved in a glycolated solvent for analysis (Samuel et al.,
1985). Major element contents (in wt.% oxides), and trace and rare-earth element
contents (in ppm) were determined with a precision of + 5% by ICP-AES (Jobin Yvon)

and ICP-MS (VG Plasmaquad PG2+).

4. Results



4.1. Sedimentology and mineralogy

The reference sediments are olive gray hemipelagic muds mainly composed of
siliceous microfossils (radiolarians, diatoms, sponge spicules), clay minerals, and
volcanic glass particles, according to SEM observations (Fig. 3a). XRD patterns (Fig. 4)
show that the clay minerals are smectites, and also reveal the presence of halite, quartz,

and feldspar.

At the top of the core (2 cm bsf), a nodule of about 5 cm in diameter was
collected (Fig. 2). According to SEM observations, it consists of siliceous microfossils
encrusted by black oxides (Fig. 3b). Microfossils seem to have served as a framework
for cementation by oxides rich in Mn and Fe as confirmed by the chemical data (Table
EA-1).

Sediment samples from mid-core (12-70 cm bsf) are composed of yellowish
brown mud containing a mottled mixture of zeolites and clay minerals (Fig. 3c). All
samples between 12 and 70 cm bsf present similar XRD patterns. A typical example
from 52 cm bsf is shown in Fig. 4. The XRD data allowed to identify the zeolites as
phillipsite (major reflections at 3.19 A and 7.17 A). This is in agreement with
qualitative EDX data from individual crystals, yielding peaks for Si, Al, Na, and K.
SEM images of bulk sediment show euhedral prismatic crystals with a size of 20 um to
I mm (Fig. 3c), often concentrated in clusters that fill cavities and voids in the
sediment. The XRD data furthermore reveal the presence of barite (BaSO4) (Fig. 4).
Phillipsite and barite represent the dominant mineral phases in this part of core GC50

and they are accompanied by minor portions of quartz, halite and clay minerals.
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The diffraction pattern of the oriented <2 pum fraction displays a large and
asymmetric peak between 5 and 9 °20 (Fig. 5b), in the air-dried sample at 52 cm bsf. A
simulated XRD pattern reproduces a comparable asymmetric peak by superposition of
two gaussian curves at respectively 7.3° 20 (12.6 A, the most intense) and 6.4° 20 (13.6
A, Fig. 5b). After glycolation, the observed peaks are shifted towards lower 20 angles:
the most intense peak is at 5.2° 20 (16.8 A) and the second peak at 5.9° 20 (15 A). The
shift of the 001 reflection from 12.6 A for air-dried sample to 16.8 A after glycolation is
characteristic for smectite having one water layer in the interlayer position (Deer et al.,
1992). The second reflection at 13.6 A shifted to 15 A after glycolation corresponds to
less expandable clay minerals and can be attributed to irregular mixed-layer chlorite-
smectite (Holtzapffel, 1985). The diffraction pattern of the oriented <2 pm fraction of
the reference sediment shows a similar asymmetric peak between 5 and 9 °20 (Fig. 5a).
As for the GC50 sediment, this asymmetric peak can be reproduced by superposition of
two gaussian curves which are shifted to 16.9 A and 15 A when glycolated. The <2 pm
fraction of the reference sediment is thus similar to the upper part of core GC50, mainly
composed of smectite and mixed-layer chlorite-smectite.

At 100 cm bsf, a black layer is mainly composed of Fe-Mn oxyhydroxide,
phosphate and phillipsite (Fig. 4). XRD analyses of this sample (GC50 100 cm) show
large peaks at 9.68 A and 4.80 A characteristic of todorokite and/or 10A-vernadite (Fig.
4). Todorokite is a manganate with a tunneled-structure and an octahedral sheet of about
10 A with a cross row octahedral chain running along the b axis. 10A-vernadite is a
disordered phyllomanganate with a 10 A-thick octahedral sheet layer related to the
presence of water and cations within the interlayer (Bodei et al., 2007; Manceau et al.,
2007). These oxyhydroxides show micro-hemispheroidal structures or filament textures

under the SEM (Fig. 3d). The spheroids are 10 to 30 um in diameter and have a
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honeycomb structure formed by the aggregation of flaky particles of about 2 pm in size.
These aggregates seem to have grown on zeolite surfaces (Fig. 3e). Under the TEM, the
diameter of the spheroids varies from 5 to 25 um with a systematic mineralogical
zonation (Fig. 6a). The size and morphology of the individual oxide particles vary from
the center to the edge: the center is composed of poorly crystallized nanometric particles
of phyllomanganate embedded within better crystallized flakes of 10A-vernadite,
whereas elongated laths of todorokite occur towards the edge of the microconcretions.
Figure 4 shows the XRD pattern from 110 cm bsf as a typical example of the
GC50 sediments below 100 cm bsf. The pattern displays major reflections at 2.80 A and
2.71 A corresponding to the major reflections of fluorapatite and hydroxyapatite.
Phillipsite is also present in this section as well as quartz and halite. SEM observations
confirm the presence of well crystallized authigenic phosphates occurring as aggregates
of small euhedral crystals of about 0.7 um (Fig. 3f). On TEM images, these euhedral
crystals display the typical hexagonal morphology of apatite when observed along the
001 zone axis (Fig. 6b). In this part of the core, Fe oxides are also present often on
phillipsite surfaces. Their poor cristallinity did not allow their characterization by XRD.
However, TEM images show that aggregates of Fe-rich nanoparticles, with common
cellular texture, display electron diffraction diagrams with two broad circular reflections
at 4.19 A and 2.44 A, which could correspond to the (101) and (111) reflections of

goethite (Fig. 6b).

Associated to these major phases, XRD diffractograms indicate the presence of
quartz and halite in all core GC50 samples (Fig. 4). The occurrence of halite is certainly

related to precipitation during sample drying.

4.2. Chemical data
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4.2.1 Major and trace elements

The bulk chemistry of the reference sediment (GC38, GC42, and GC43) is
characterized by about 55 % SiO,, 15 % Al,Os, and low contents of CaO (~ 2%), P,Os
(~ 0.2%), and MnO (~ 0.13%) (Table EA-1). The altered sediments from core GC50
contain lower Al,O3 and SiO2 concentrations, but relatively high CaO, MnO, and P,0s
contents, especially below 70 cm bsf. Compared with the reference sediment, GC50
samples also present high Ba, Ni, Co and Cu contents. In the non-indurated Mn-rich
horizon from 100 cm bsf, the Ni and Cu contents are higher than those in hydrothermal
crusts from the Valu Fa ridge and approach concentrations typical for Mean Pacific
hydrogenous crusts (Hein et al., 1997). The metalliferous surface nodule from 2 cm bsf
presents a relatively high Mn concentration. However, its Mn/Fe ratio (4.30) is lower

than in the non-indurated Mn horizon at 100 cm bsf (16.73) (Table EA-1).

In a ternary Al-Fe-Mn diagram (Dymond and Corliss, 1973; Toth, 1980), all
reference samples are almost Mn-free with an Al/Fe mass ratio of about 1.32 (Fig. 7). In
contrast, samples from core GC50 are shifted towards the Mn apex with increasing
depth. Four groups can be distinguished. The first group (I) consists of samples from
12-38 cm bsf and is characterized by weak Mn enrichment. A second group (II) with a
slightly greater Mn enrichment consists of samples from 52 to 70 cm bsf. The third
group (III) is defined by the samples from 2 and 100 cm bsf, which are characterized by
a strong Mn enrichment and low Fe concentrations. Finally, the fourth group (IV)
includes the basal sediments from 110 and 124 cm bsf. This latter group does not follow
the general trend and has Mn concentrations similar to the second group, but shifted

towards the Fe apex (Fig. 7).
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To permit a more direct comparison, we have calculated enrichment factors for

all elements in GC50 samples, with respect to the reference sediment.

4.2.2 Enrichment Factors

The enrichment factor E;, used to quantify the chemical variations within core
GC50, is defined as

E; = (Ci/Cxj)sample / (Ci/Cpj)reference sediment (Li, 1982)
whereas C; stands for the concentration of an element 1 and Cg; to the concentration of
Al. The normalization with respect to Al is used because Al is considered to be the most
immobile major element. As reference sediment we use as previously the average of the
four samples from cores GC38, GC42, and GC43.

E; is close to 1 for SiO,, K;0, Na,O, and MgO, suggesting that these elements
remained almost unchanged during alteration (Fig. 8a). For sediments above 100 cm
bsf, the enrichment factor for Fe,Os is also around 1, whereas the values for CaO, P,0Os
and MnO are bigger than 1 and increase with depth (Fig. 8b). Trace elements (Ba, Ni,
Co and Cu) are also slightly enriched in this section above 100 cm (Fig. 8c). The
highest Ei value of about 1000 is found for MnO in the non-indurated Mn layer at 100
cm bsf (Fig. 8b). The Ei values for Ni and Co have similar depth evolution as MnO and
reach values of about 100 at 100 cm bsf (Fig. 8c). The Ei values for P,Os, Fe;Os, and
CaO evolve similarly with depth reaching, in contrast to MnQO, their maximum values

not at 100 cm bsf but in the two deepest samples at 110 and 124 cm bsf.

4.2.3 Rare Earth Elements and Yttrium (REY)
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The PAAS-normalized REY patterns of the reference samples are almost flat
except for the distinct positive Eu anomaly and a slight enrichment of the heavy Rare
Earth Elements (HREE, Gd-Lu) (Fig. 9). Reference sample REY concentrations are
distinctly lower than those in GC50 sediments. This is confirmed by the calculated
enrichment factor for neodymium, showing a slight increase with depth in the core from
2 to 6 (Fig. 8c). Except for a positive Eu anomaly, the patterns from core GC50 are very
similar to seawater, with negative Ce and positive Y anomalies, and a HREE
enrichment (Fig. 9b,c). Negative Ce anomaly values (Ce/Ce*= 3Cen/[2Lan+Ndy]) are
between 0 and 1, whereas positive Eu anomaly values (Euw/Eu*= Eun/[V(Smn*Gdy]) are
above 1 (Table EA-2). In core GC50, Eu/Eu* and Ce/Ce* values decrease regularly
from the top to bottom achieving almost seawater-like values at the base of the core
(Fig. 10, Table EA-2). In contrast, the surface nodule is characterized by a REY pattern
that differs from the other samples by having a positive Ce anomaly, a negative Y
anomaly, and lack of a HREE enrichment (Fig. 9a).

5. Discussion

5.1 Origin of the authigenic components

Mineralogical observations demonstrate the presence of authigenic minerals in
core GC50 suggesting that the pristine sediment has been modified by fluid-sediment
interaction. The authigenic phases include phillipsite and barite especially from 12 to 70
cm bsf, then apatite, and Mn and/or Fe oxides from 100 to 124 cm bsf.

The surface nodule, composed of a mixture of Mn oxides and fragments of
microfossils, is chemically distinct from the underlying sediment. Its PAAS-normalized

REY pattern precludes, together with the enrichment in Ni and Cu, a hydrothermal
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origin (Usui et al., 1997; Dekov et al., 2003). In contrast, in particular the positive Ce
anomaly is rather indicative for hydrogenetic Mn nodules (Usui et al., 1997). However,
the Co concentration is below values typical for Mean Pacific hydrogenetic crusts (Hein
et al.,, 1997; Table EA-1). Diagenetic nodules formed in oxic sediments usually have
high concentrations in Mn, Cu, and Ni, and are particularly enriched in Cu and Ni. Such
diagenetic nodules are furthermore characterized by Mn/Fe ratios between 2.5 and 5
(Dymond et al., 1984; Takematsu et al., 1989). The Mn/Fe ratio of our surface nodule of
4.3 falls within this range. However, this surface nodule is exposed to the water column
and may therefore also include a weak hydrogenetic component as suggested by its Co
and Fe concentrations that are higher than in typical diagenetic nodules, and by the

positive Ce anomaly (Verlaan et al., 2004; Usui et al., 1997).

The sediment from 12 to 70 cm bsf is only slightly different from the reference
sediment (Figs. 7). The clay fraction is in both cases composed of smectite associated
with some chlorite/smectite mixed layers. Smectite is a common detrital mineral in
deep-sea sediments, but it has also been described as an alteration product of volcanic
glass (Chamley, 1989). According to Spinelli and Underwood (2004), smectite is
ubiquitous in hemipelagic mud and olive brown clay off the Nicoya Peninsula. These
authors described a sediment mainly composed of smectite including probably some
illite in a disordered mixed-layer structure, and concluded from this a detrital rather than
a diagenetic origin from the alteration of volcanic glass. SEM and TEM investigations
did not show textural evidence for the presence of authigenic smectite. Furthermore,
smectite is present in both reference and GC50 sediments. For all these reasons we
conclude that smectite in core GC50 is of detrital origin.

The barite content found in core GC50 is much higher than in the reference
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samples and also much higher than can be anticipated from regional organic matter
fluxes (Dymond and Collier, 1996). Therefore it is unlikely to be of biogenic origin.
The barite from 12 to 70 cm in core GC50 may therefore be of hydrothermal origin
(Bonatti et al., 1972; Dymond et al., 1992). Immediately below this interval, the highest
Ba concentration of core GC50 occurs in the Mn-oxides rich layer at 100 cm. However,
no barite could be identified in this sample (Fig. 4 and 8). Beneath this level occur no
other enrichments of Ba or barite. In conclusion, the occurence of hydrothermal barite
above the large Ba enrichment of the Mn oxides layer reflects a more complex origin of
the GC50 sediment.

The major mineralogical difference between the sediment from the upper part of
core GC50 and the reference sediment is the abundance of phillipsite. Phillipsite is a
zeolite group mineral that forms in marine sediments mainly by alteration of volcanic
glass (Hay, 1964; Sheppard and Fitzpatrick, 1989). On SEM images, phillipsite fills
cavities and voids within the sediment underlining that this mineral is of authigenic
origin, and can be interpreted as progressive dissolution and replacement of volcanic
glass particles (Burns and Burns, 1978). An additional contribution of silica from
siliceous tests is probable. The dissolution of siliceous organisms, leading to a strong Si
enrichment, normally promotes the formation of clinoptilolite rather than phillipsite
(Stonecipher, 1976; Petzing and Chester, 1979). However, even if SEM observations
show that siliceous microfossils present in the reference sediment have disappeared in
core GC50, the enrichment factors (Ei) for Si0, always remain close to 1 all along the
sedimentary column (Fig. 8). Moreover, clinoptilolite is often associated with
calcareous sediments and high sedimentation rates, whereas in this study zeolites are
formed in volcanic and siliceous sediments with a low sedimentation rate. These

environmental factors are generally associated to the formation of phillipsite
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(Stonecipher, 1976). We can thus suggest that in this particular environmental context
the dissolution of volcanic glass particles and probably siliceous microfossils leads to
the formation of phillipsite rather than clinoptilolite.

In summary, in the upper part of core GC50 authigenic phillipsite is probably
related to early diagenetic processes whereas most of the smectite, also present in the

reference samples, is probably of detrital origin.

Below 70 cm bsf, the most important modifications that affected the sediment
are strong enrichments in MnO, CaO, P,Os, and Fe,Os (Fig. 8b), leading to the
precipitation of Fe oxide (goethite), Mn oxide (todorokite and 10A-vernadite), and
apatite. SEM observations show that Mn and Fe oxides encrust zeolite crystals
suggesting that their precipitation postdates that of phillipsite. Moreover, TEM
observations of the Mn oxides at 100 cm bsf revealed the presence of Mn
microconcretions with a particular structure suggesting that the phyllomanganates of the
vernadite family precipitated first on zeolites, followed by todorokite (Fig. 6a). Such a
coexistence of todorokite and 10A-vernadite is common for marine low temperature
hydrothermal deposits (Usui et al., 1986; Hein at al., 1997; Koschinsky and Hein,
2003). The high concentrations of Ni, Co, and Cu in this sample can be explained by
scavenging of these elements by the Mn oxides (Marchig et al., 1999). Dissolution of
biogenic siliceous components is a possible source of Ni, Co, and Cu (Burns and Burns,
1978).

Apatite has only been detected in the deepest part of the core, where the
enrichment factors (Ei) for CaO and P,Os are highest (Fig. 8). However, the strong
correlation between the Ei values of CaO and P,Os over the entire core (r> = 0.99)

suggests that small amounts of apatite, not detected by X-ray diffraction and
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microscopy, may also be present at smaller depth. The apatite observed in the deepest
part of the core occurs as aggregates of idiomorphous euhedral crystals of about 0.7um
(Figs. 3f and 6b) and is thus of authigenic origin. Phosphorous in marine sediments is
mainly derived from the decomposition of organic matter, a process that is controlled by
biologic activity and the availability of oxygen within the sediment. The released
phosphorous can directly precipitate as authigenic P-bearing minerals or be integrated
into Fe oxyhydroxides (Froelich et al., 1982; Berner et al., 1993). Therefore, the
phosphorus cycle can be closely related to the stability of Fe oxyhydroxides, which is
directly redox controlled (Krom and Berner, 1980). Consequently, dissolved P can be
scavenged by Fe oxihydroxides under oxic conditions, then be remobilized by the
reductive dissolution of Fe oxhydroxides during burial. The released P may return to the
ocean or remain within the sediment and contribute to the formation of authigenic
phosphate minerals (Cha et al., 2005). Hydrothermal processes, especially low
temperature systems, are considered to be a major sink for P in the oceans (Froehlich et
al., 1982; Wheat et al., 1996). In such systems, the relative apatite enrichment can be of
organogenic origin (fish bone debris) or result from precipitation of hydrothermal
apatite as described by Marchig et al. (1999) for sediments from the Peru basin. These
authors found that P,Os/Y ratios were higher in hydrothermal apatite than in adjacent
biogenic apatite. They explained this difference by the absence of a complete
reequilibration of hydrothermal apatite with seawater. In the samples from the deeper
part of core GC50, P,Os reaches 12 %, and Y 130 ppm (Table EA-1 and EA-2),
yielding a P,Os/Y ratio that is highly above the regression line of biogenic apatite,
whereas the sample from above 100 cm bsf plots together with the reference samples on
the regression line (Fig. 11). We thus conclude that apatite observed at the base of core

GC50 is likely of hydrothermal origin. The precipitation of authigenic phosphate
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minerals rather than incorporation of P in iron oxyhydroxides occurs, probably because

of the high hydrothermal P flux under the reducing conditions at the base of the core.

5.2 Indications for an upward fluid flow

The chemical enrichment factors presented in section 4.2.2 show that the highest
Ei values in core GC50 occur below 70 cm with enrichment factor up to 1000 for MnO
at 100 cm (Fig. 8). By comparison, the enrichment factors remain close to 1 in the upper
part of the core, suggesting that authigenic phillipsite occurring above 70 cm bsf is of
early diagenetic origin and derived from volcanic glass particles and possibly biogenic
tests. These data show that the strongest chemical changes occured in the deepest
sediments, below 70 cm bsf.

The enrichment factors for MnO, CaO and P,0Os are >1 above 70 c¢cm bsf, and
continually increase up to their maximum values below 70 cm. The slight enrichment
from 12 to 70 cm suggests that small amounts of phosphate and Mn oxides are also
present in the upper part of the core. The Nd content follows the same trend in this
section (Fig. 8c), and is better correlated with P,Os (r* = 0.724) than with MnO (1* =
0.502), suggesting that the phosphate is the main REY carrier phase above 100 cm bsf.

Apatite, Fe oxides and Mn oxides are the major authigenic phases in the basal
part of the sedimentary column. The Ei values for P,Os and Fe,Os are highest for the
samples at 110 and 124 cm bsf, whereas MnO reaches its maximum value at 100 cm
bsf. This succession between Fe,O3 and MnO can be explained by an upward increasing
redox potential where the oxidation of Fe*” to Fe’* occurs at an Eh of about 0 mV and
Mn”" oxidizes to Mn*" above 400 mV. Such an upward increasing redox potential is

typical for hydrothermal systems and can be explained by the progressive mixing of a
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reduced ascending fluid with a more oxygenated porewater towards the sediment-
seawater interface (Hein et al., 1994).

To confirm the probable occurrence of an ascending hydrothermal fluid, we
focus on REY distribution patterns commonly used to determine the origin of
metalliferous deposits (Elderfield and Greaves, 1982). All GC50 samples, excluding the
surface nodule, show PAAS-normalized REY patterns characteristic for seawater,
except for a strong positive Eu anomaly (Fig. 9b and c). The strong negative Ce
anomaly in seawater is due to its quadrivalent oxidation state leading to a preferential
removal of Ce from seawater with respect to the other REY which are all trivalent. The
pronounced enrichment of the heavy REEs relative to the light REEs is due to the
greater stability of HREE complexes in seawater (Elderfield and Greaves, 1982). The
REY patterns of low-temperature hydrothermal fluids strongly resemble seawater
patterns (Alt, 1988), because they result from the infiltration and the migration of
seawater through fractured oceanic basalts with only limited seawater-basalt interaction
due to the low temperatures and short residence times (Wheat et al., 1996). The positive
Eu anomaly observed in GC50 samples is also present in the reference sediment.
Europium commonly substitutes for Sr in feldspars, notably Ca-plagioclases
(McLennan, 1989). The positive Eu anomaly of the reference sediment can thus be
explained by the presence of plagioclase identified by XRD (Fig. 4) and commonly
associated to volcanic glass (Marchig et al., 1999). However, feldspar is rare or absent
in GC50 sediment. Alternatively, zeolites, which are the dominant mineral phase in the
upper part of core GC50, could be the Eu carrier since they probably derive from the
alteration of volcanic glass particles and the breakdown of plagioclase (Laverne et al.,
1996). Consequently, the downward decreasing Eu/Eu* anomaly in GC50 core could be

explained by the progressive alteration of zeolites and/or plagioclase with depth.
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The seawater-like REY distribution patterns of the GC50 sediments confirm an

exchange with a low-temperature hydrothermal fluid. The upward decreasing negative

Ce and positive Eu anomalies demonstrate furthermore that this hydrothermal influence

was strongest at the base and decreased upward.

6. Summary and conclusions

Mineralogical and chemical data define depth-related trends of sediment alteration

in gravity core GC50 recovered from the western edge of a seamount east of the East

Pacific Rise, at about 9°N. The sedimentary sequence of the core can be subdivided into

three units :

The surface nodule (GC50 2 cm) is mineralogically and chemically

distinct from the sediment of the core. This Mn-Fe oxide nodule shows a
REY pattern with a positive Ce anomaly precluding a hydrothermal
origin. Its high Ni and Cu contents and a Mn/Fe ratio between 2.5 and 5
suggest a diagenetic origin. However, a weak hydrogenetic contribution
from the overlying seawater leads to a low enrichment in Co and Fe.
In the middle part of the sedimentary column (from 12 to 70 cm bsf),
chemical exchanges were limited to the formation of diagenetic
phillipsite. However, these sediments show a negative Ce anomaly
(weaker than in the basal sediments) and a REY pattern similar to
sediments of low temperature hydrothermal origin, suggesting a
hydrothermal overprint with a low enrichment in phosphate and Mn
oxides.

In the basal sediments (below 70 cm bsf), the Fe/Mn fractionation and
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the REYs with a seawater pattern are typical of alteration produced by a
reduced ascending fluid of low temperature. The resulting hydrothermal
precipitates correspond to authigenic apatite, Fe oxide (goethite), and a
mixture of todorokite and 10A-vernadite enriched in Ni and Cu probably
due to the dissolution of the biogenic siliceous components.
This mineralogical and chemical study of the GC50 core suggests the occurence
of an ascending hydrothermal fluid of low-temperature on “Dorado high”. This
discharge started after a early stage of diagenesis that affected the entire sedimentary

column, and lead to the precipitation of hydrothermal minerals that decrease upcore.
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Captions

Fig. 1: a) General map of the Ticoflux field area with location of the Dorado outcrop
and the ODP hole 1039 (modified from Fisher et al., 2003). b) Location of the studied
cores on the southwest side of the outcrop.

Fig. 2: Sedimentary sequence of gravity core GC50 and location of the studied samples
(depth below sea floor (bsf) are indicated). The relative abundance of various
sedimentary components in the core is shown, estimated from smear slides and SEM
observations. Continuous line: dominant; dashed line: minor and no line: not detected. 1
= volcanic glass particles and siliceous microfossils; 2 = clay minerals; 3 = phillipsite; 4
= Mn oxides; 5 = Fe oxides; 6 = apatite.

Fig. 3: SEM images of reference sediment and GC50 samples (a) hemipelagic mud
from the reference sediment. (b) Mn-Fe oxides encrusting siliceous fossils in sample
GC50 at 2 cm bsf. (c) Void filling by authigenic phillipsite in clay-rich sediment at 52
cm bsf. (d) Mn oxides with honeycomb structure in the non-indurated Mn crust at 100
cm bsf. (¢) Mn oxides encrusting authigenic phillipsite (100 cm bsf). (f) Authigenic
euhedral crystals of apatite at 120 cm bsf. Abbreviations: Cl = detrital smectite; Ap =
apatite; F = siliceous microfossils; Ox =oxides; Ph = phillipsite and Vg = volcanic glass.

Fig. 4: XRD patterns of the reference sediment and three GC50 samples showing the
mineralogical changes with depth. Peak labels: B = barite, Ap = apatite, H = halite, P =
phillipsite, P1 = plagioclase, Q = quartz, SM = smectite, T = todorokite.

Fig. 5: Fitting of the 4-9°20 XRD reflections band of the air-dried and glycolated
preparations for the reference sediment (a) and sample at 52 cm bsf (b).

Fig. 6: TEM images of impregnated samples at 100 cm (a) and 124 c¢cm (b). (a) Mn
concretions with concentric zonation, showing 10A-vernadite (Ve) in the center and
todorokite (T) with lath like morphology on the edge. (b) Apatite (Ap) and Fe oxide (G,
goethite) with associated SAED (selected area diffraction electron) pattern.

Fig. 7: Al-Fe-Mn ternary diagram for GC50 sediment samples and reference sediments.

Fig. 8: Depth plots of elemental enrichment factors (Ei), on a log-scale, for GC50
samples (except for the surface nodule at 2 cm bsf) relative to average reference
sediment. For major elements (a and b) and trace elements (c).

Fig. 9: REE patterns normalized to PAAS (Post-Archean Australian Shale, Mc Lennan,
1989). For comparison, we included patterns for Pacific seawater from 2576 m depth
(Alibo and Nozahi, 1999). Seawater values were multiplied by factor 10° for
comparison.

Fig. 10: Ce/Ce* and Eu/Eu* changes with depth for all GC50 samples. The solid lines =
seawater values; dotted lines = average of the reference samples with the standard
deviation. Open filled = surface nodule at 2 cm bsf and nonindurated Mn oxide layer at
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100 cm bsf.

Fig. 11: Plot of Y vs. P,Os for GC50 and reference samples. The ratio valid for
organogenic apatite is shown as a line (Marchig et al, 1999). Filled circles are GC50

samples, and open circles are reference samples.
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