l ool |
GEOPHYSICAL MONOGRAPH SERIES A\’\l‘

ADVANCING EARTH
AND SPACE SCIENCE

Hydrogeology,
Chemical Weathering,
and Soil Formation

Vit LS L R
Allen Hunt N SRS < 2
Markus Egli

Boris Faybishenko Wl LEY






Geophysical Monograph Series



Geophysical Monograph Series

206

207

208

209

210

211

212

213

214

215

216

217

218

219

220

221

222

223

224

225

226

227
228

229

230

Remote Sensing of the Terrestrial Water Cycle Venkat
Lakshmi (Ed.)

Magpnetotails in the Solar System Andreas Keiling, Caitriona
Jackman, and Peter Delamere (Eds.)

Hawaiian Volcanoes: From Source to Surface Rebecca
Carey, Valerie Cayol, Michael Poland, and Dominique Weis
(Eds.)

Sea Ice: Physics, Mechanics, and Remote Sensing
Mohammed Shokr and Nirmal Sinha (Eds.)

Fluid Dynamics in Complex Fractured-Porous Systems
Boris Faybishenko, Sally M. Benson, and John E. Gale (Eds.)
Subduction Dynamics: From Mantle Flow to Mega
Disasters Gabriele Morra, David A. Yuen, Scott King, Sang
Mook Lee, and Seth Stein (Eds.)

The Early Earth: Accretion and Differentiation James Badro
and Michael Walter (Eds.)

Global Vegetation Dynamics: Concepts and Applications
in the MC1 Model Dominique Bachelet and David

Turner (Eds.)

Extreme Events: Observations, Modeling and Economics
Mario Chavez, Michael Ghil, and Jaime Urrutia-
Fucugauchi (Eds.)

Auroral Dynamics and Space Weather Yongliang Zhang
and Larry Paxton (Eds.)

Low-Frequency Waves in Space Plasmas Andreas Keiling,
Dong-Hun Lee, and Valery Nakariakov (Eds.)

Deep Earth: Physics and Chemistry of the Lower Mantle
and Core Hidenori Terasaki and Rebecca A. Fischer (Eds.)
Integrated Imaging of the Earth: Theory and Applications
Max Moorkamp, Peter G. Lelievre, Niklas Linde, and Amir
Khan (Eds.)

Plate Boundaries and Natural Hazards Joao Duarte and
Wouter Schellart (Eds.)

lonospheric Space Weather: Longitude and Hemispheric
Dependences and Lower Atmosphere Forcing Timothy
Fuller-Rowell, Endawoke Yizengaw, Patricia H. Doherty,
and Sunanda Basu (Eds.)

Terrestrial Water Cycle and Climate Change Natural

and Human-Induced Impacts Qiuhong Tang and Taikan
Oki (Eds.)

Magnetosphere-lonosphere Coupling in the Solar System
Charles R. Chappell, Robert W. Schunk, Peter M. Banks,
James L. Burch, and Richard M. Thorne (Eds.)

Natural Hazard Uncertainty Assessment: Modeling and
Decision Support Karin Riley, Peter Webley, and Matthew
Thompson (Eds.)

Hydrodynamics of Time-Periodic Groundwater Flow:
Diffusion Waves in Porous Media Joe S. Depner and Todd
C. Rasmussen (Auth.)

Active Global Seismology /brahim Cemen and Yucel
Yilmaz (Eds.)

Climate Extremes Simon Wang (Ed.)

Fault Zone Dynamic Processes Marion Thomas (Ed.)
Flood Damage Survey and Assessment: New Insights from
Research and Practice Daniela Molinari, Scira Menoni, and
Francesco Ballio (Eds.)

Water-Energy-Food Nexus — Principles and Practices P
Abdul Salam, Sangam Shrestha, Vishnu Prasad Pandey, and
Anil K Anal (Eds.)

Dawn-Dusk Asymmetries in Planetary Plasma
Environments Stein Haaland, Andrei Rounov, and Colin
Forsyth (Eds.)

231

232

233

234

235

236

237

238

239

240

241

242

243

244

245

246

247

248

249

250

251

252

253

254

255

256

Bioenergy and Land Use Change Zhangcai Qin, Umakant
Mishra, and Astley Hastings (Eds.)

Microstructural Geochronology: Planetary Records Down
to Atom Scale Desmond Moser, Fernando Corfu, James
Darling, Steven Reddy, and Kimberly Tait (Eds.)

Global Flood Hazard: Applications in Modeling, Mapping
and Forecasting Cuy Schumann, Paul D. Bates, Giuseppe T.
Aronica, and Heiko Apel (Eds.)

Pre-Earthquake Processes: A Multidisciplinary Approach to
Earthquake Prediction Studies Dimitar Ouzounov, Sergey
Pulinets, Katsumi Hattori, and Patrick Taylor (Eds.)

Electric Currents in Geospace and Beyond Andreas Keiling,
Octav Marghitu, and Michael Wheatland (Eds.)
Quantifying Uncertainty in Subsurface Systems Celine
Scheidt, Lewis Li, and Jef Caers (Eds.)

Petroleum Engineering Moshood Sanni (Ed.)

Geological Carbon Storage: Subsurface Seals and Caprock
Integrity Stephanie Vialle, Jonathan Ajo-Franklin, and

J. William Carey (Eds.)

Lithospheric Discontinuities Huaiyu Yuan and Barbara
Romanowicz (Eds.)

Chemostratigraphy Across Major Chronological Eras
Alcides N.Sial, Claudio Gaucher, Muthuvairavasamy
Ramkumar, and Valderez Pinto Ferreira (Eds.)

Mathematical Geoenergy: Discovery, Depletion, and Renewal
Paul Pukite, Dennis Coyne, and Daniel Challou (Eds.)

Ore Deposits: Origin, Exploration, and Exploitation Sophie
Decree and Laurence Robb (Eds.)

Kuroshio Current: Physical, Biogeochemical and Ecosystem
Dynamics Takeyoshi Nagai, Hiroaki Saito, Koji Suzuki, and
Motomitsu Takahashi (Eds.)

Geomagnetically Induced Currents from the Sun to the
Power Grid Jennifer L. Gannon, Andrei Swidinsky, and
Zhonghua Xu (Eds.)

Shale: Subsurface Science and Engineering Thomas
Dewers, Jason Heath, and Marcelo Sanchez (Eds.)
Submarine Landslides: Subaqueous Mass Transport
Deposits From Outcrops to Seismic Profiles Kei Ogata,
Andrea Festa, and Gian Andrea Pini (Eds.)

Iceland: Tectonics, Volcanics, and Glacial Features Tamie

J. Jovanelly

Dayside Magnetosphere Interactions Quigang Zong, Philippe
Escoubet, David Sibeck, Guan Le, and Hui Zhang (Eds.)
Carbon in Earth’s Interior Craig E. Manning, Jung-fu Lin,
and Wendy L. Mao (Eds.)

Nitrogen Overload: Environmental Degradation,
Ramifications, and Economic Costs Brian G. Katz
Biogeochemical Cycles: Ecological Drivers and
Environmental Impact Katerina Dontsova, Zsuzsanna
Balogh-Brunstad, and Gaél Le Roux (Eds.)

Seismoelectric Exploration: Theory, Experiments, and
Applications Niels Grobbe, André Revil, Zhenya Zhu, and
Evert Slob (Eds.)

El Nifo Southern Oscillation in a Changing Climate
Michael J. McPhaden, Agus Santoso, Wenju Cai (Eds.)
Dynamic Magma Evolution francesco Vetere (Ed.)

Large Igneous Provinces: A Driver of Global Environmental
and Biotic Changes Richard. E. Ernst, Alexander J. Dickson,
Andrey Bekker (Eds.)

Coastal Ecosystems in Transition: A Comparative Analysis
of the Northern Adriatic and Chesapeake Bay Thomas C.
Malone, Alenka Malej, Jadran Faganeli (Eds.)



Geophysical Monograph 257

Hydrogeology, Chemical Weathering,
and Soil Formation

Allen Hunt
Markus Egli

Boris Faybishenko
Editors

This Work is a co-publication of the American Geophysical Union and John Wiley and Sons, Inc.

VY ad |
AGU

DVANCING EARTH Wl I EY
AND SPACE SCIENCE



This Work is a co-publication between the American Geophysical Union and John Wiley & Sons, Inc.

This edition first published 2021 by John Wiley & Sons, Inc., 111 River Street, Hoboken, NJ 07030, USA and the American
Geophysical Union, 2000 Florida Avenue, N.W., Washington, D.C. 20009

© 2021 American Geophysical Union
All rights reserved. No part of this publication may be reproduced, stored in a retrieval system, or transmitted, in any form or by
any means, electronic, mechanical, photocopying, recording, or otherwise, except as permitted by law. Advice on how to obtain

permission to reuse material from this title is available at http://www.wiley.com/go/permissions

Published under the aegis of the AGU Publications Committee

Brooks Hanson, Executive Vice President, Science
Carol Frost, Chair, Publications Committee
For details about the American Geophysical Union visit us at www.agu.org.

Wiley Global Headquarters
111 River Street, Hoboken, NJ 07030, USA

For details of our global editorial offices, customer services, and more information about Wiley products visit us
at www.wiley.com.

Limit of Liability/Disclaimer of Warranty

While the publisher and authors have used their best efforts in preparing this work, they make no representations or warranties
with respect to the accuracy or completeness of the contents of this work and specifically disclaim all warranties, including
without limitation any implied warranties of merchantability or fitness for a particular purpose. No warranty may be created or
extended by sales representatives, written sales materials, or promotional statements for this work. The fact that an organization,
website, or product is referred to in this work as a citation and/or potential source of further information does not mean that the
publisher and authors endorse the information or services the organization, website, or product may provide or recommendations
it may make. This work is sold with the understanding that the publisher is not engaged in rendering professional services. The
advice and strategies contained herein may not be suitable for your situation. You should consult with a specialist where
appropriate. Neither the publisher nor authors shall be liable for any loss of profit or any other commercial damages, including
but not limited to special, incidental, consequential, or other damages. Further, readers should be aware that websites listed in
this work may have changed or disappeared between when this work was written and when it is read.

Library of Congress Cataloging-in-Publication Data

Names: Hunt, Allen G. (Allen Gerhard), editor. | Egli, Markus, editor. |
Faybishenko, Boris, editor. | John Wiley & Sons.

Title: Hydrogeology, chemical weathering, and soil formation / Allen Hunt,
Markus Egli, Boris Faybishenko, editors.

Description: First Edition. | Hoboken : Wiley, 2020. | Series: Geophysical
monograph series | Includes index.

Identifiers: LCCN 2020029283 (print) | LCCN 2020029284 (ebook) | ISBN
9781119563969 (Hardback) | ISBN 9781119563990 (Adobe PDF) | ISBN
9781119564003 (eBook)

Subjects: LCSH: Hydrogeology. | Chemical weathering. | Soil formation.

Classification: LCC GB1003.2 .H939 2020 (print) | LCC GB1003.2 (ebook) |
DDC 551.49-dc23

LC record available at https://lccn.loc.gov/2020029283

LC ebook record available at https://lccn.loc.gov/2020029284

Cover Design: Wiley
Cover Images: © Haupt Verlag, Bern

Set in 10/12pt Times New Roman by SPi Global, Pondicherry, India

100 9 8 7 6 54 3 21



DEDICATION

We dedicate this volume to Jeannie Dixon, who missed out on contributing due to illness. We hope that
she enjoys the book during her recovery and is contributing to our science again soon.






CONTENTS

LISt OF CONTEIDULOLS c..ceeeeeeeeiiiiiieteeereeeeeeteeieecisssnnsssseeeeessesssssssssssssssssssesssssssssssssssssssssssssssesssssssssssssssssssssssssssssssssane ix
PLEIACE .cciieiieeirrirtnereereeeeteeeeeesesrssseesseseeeeeeesesssssssssssssasessssessessssssssssnsssssssssesssssssssssssssssssesesesssssssssssssnsssssesssesssssssnsnne xi
Part I: SOl DefiNitioN.....cccccerrreeeeeeieeeeiiirteeeeeeeeeeesrsseeeeeeeeeesessssaseseeeesssssssssssasessessssssssssasssssssssssssssasssseens 1
1. Soil as a System: A History
RICAAIT J. HUZGELL ...ttt ettt sttt et sttt sttt e naeens 3
e Ll T LI T 0] o 21
2. Soils, Chemical Weathering, and Climate Change in Earth History
Steven G. Driese, Lee C. Nordt, and Gary E. SHNCRCOMD..........cccoviiiiiiiniiiiiiiiiiiiciiieeese e 23
Part 111: SOIl FOrMAtion PrOCESSES.......uuveeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeeseeeeeeessesseeessesssesssesssssssessssssssssssssssssses 67

3. Soil Formation, Vegetation Growth, and Water Balance: A Theory for Budyko
AN HUNT ...ttt ettt ettt ettt ettt ettt ettt 69

4. Earthworms, Plants, and Soils
Renée-Claire Le Bayon, Géraldine Bullinger, Andreas Schomburg, Pascal Turberg,
Philip Brunner, Rodolphe Schlaepfer, and Claire GUENAL ............c.cuceveiiiiiniiiienicitese e 81

5. Tephra for the Trees? Geochemical Constraints on Weathering and Tephra Inputs
to Soils on New Zealand’s North Island

Claire E. Lukens and KeVin P INOITON .......c..cccuieiuiiriiiiiiiiit ettt ettt 105

6. The Origin and Formation of Clay Minerals in Alpine Soils
Markus Egli and AlJO Mirabella...............cccoouiiiiiiiiiiiiii et 121
Part IV: Application of Chemical Weathering/Soil Formation in Other Disciplines............ccccccceueenen. 139

7. Weathering Rinds as Tools for Constraining Reaction Kinetics and Duration
of Weathering at the Clast-Scale
PEUET B SAK ...t e ettt e 141

8. Unraveling Loess Records of Climate Change from the Chinese Loess Plateau
Using Process-Based Models
Peter A. Finke, Keerthika Nirmani Ranathunga Arachchige, Ann Verdoodt, Yanyan Yu,
AN QUUZACN YN oottt ettt e e e e e e e e e e e e e e e e e e e e e e e 163

9. Relations Between Soil Development and Landslides
ATNAUA J A M. TOIMIMIC oo e et e e e e e e 177

10A. Soils in Agricultural Engineering: Effect of Land-Use Management Systems on Mechanical
Soil Processes
RaAINEI F HOM ..o e 187

10B. Soil Strength and Carbon Sequestration
RALEAN LA ... ettt et 201



vii CONTENTS

Part V: Integrated Studies of SOils..........cceoiiminiiniiniiniiniiiiiiiii e 205

11. Chemical Weathering in the McMurdo Dry Valleys, Antarctica
W. Berry Lyons, Deborah L. Leslie, and Michael N. GOOSEIf ............ccccccivviiiiciiiniiniiiiieieceeeeeec e 207

12. Carbon and Nutrient Fluxes Within Southeastern Piedmont Critical Zones
Todd C. Rasmussen, Maryam Foroughi, and Daniel MarkeWitz ..............c.cccccccovviiiiiniienicniiencieeneeen 217

13. Is This Steady State? Weathering and Critical Zone Architecture in Gordon Gulch,
Colorado Front Range
Suzanne P. Anderson, Patrick J. Kelly, Noah Hoffman, Katherine Barnhart,
Kevin Befus, and WillIAm OUIMET..................oouuuuueeeeeeeeeeeeeee ettt e e e e e e e e eaees 231

14. Where Are We and Where Are We Going? Pedogenesis Through Chemical Weathering,
Hydrologic Fluxes, and Bioturbation
Allen Hunt, Markus Egli, and Boris FaybDiShENKO ...............cccoiviiiiiiiiiiiiiii ettt 253



LIST OF CONTRIBUTORS

Suzanne P. Anderson

Institute of Arctic and Alpine Research and Department
of Geological Sciences, University of Colorado,
Boulder, Colorado, USA

Keerthika Nirmani Ranathunga Arachchige
Department of Soil Management, Ghent University,
Ghent, Belgium

Katherine Barnhart
Cooperative Institute for Research in Environmental
Sciences, University of Colorado, Boulder, Colorado, USA

Renée-Claire Le Bayon
Laboratory of Functional Ecology, Institute of Biology,
University of Neuchatel, Neuchatel, Switzerland

Kevin Befus
Department of Civil and Architectural Engineering,
University of Wyoming, Laramie, Wyoming, USA

Philip Brunner
Center for Hydrogeology and Geothermics, CHYN,
University of Neuchatel, Neuchatel, Switzerland

Géraldine Bullinger

Institute of Construction and Environmental Technology,
Haute école d’ingénierie et d’architecture, Fribourg,
Switzerland

Steven G. Driese
Department of Geosciences, Baylor University, Waco,
Texas, USA

Markus Egli
Department of Geography, University of Ziirich, Zirich,
Switzerland

Boris Faybishenko
Earth and Environmental Sciences Area, E. O. Lawrence
Berkeley Laboratory, Berkeley, California, USA

Peter A. Finke
Department of Soil Management, Ghent University,
Ghent, Belgium

Maryam Foroughi
Warnell School of Forestry and Natural Resources,
University of Georgia, Athens, Georgia, USA

X

Michael N. Gooseff

Hydrology, Water Resources and Environmental Fluid
Mechanics, Environmental Engineering, University of
Colorado, Boulder, Colorado, USA

Claire Guenat

Laboratory of Ecological Systems, ECOS & WSL,
Ecole Polytechnique Fédérale, Lausanne,
Switzerland

Noah Hoffman
INSTAAR and Dept. of Geography, University of
Colorado, Boulder, Colorado, USA

Rainer Horn
Institute for Plant Nutrition and Soil Science, Christian
Albrechts University, Kiel, Germany

Richard ). Huggett
School of Environment, Education, and Development,
University of Manchester, Manchester, UK

Allen Hunt

Department of Physics and Department of Earth &
Environmental Sciences, Wright State University,
Dayton, Ohio, USA

Patrick J. Kelly
INSTAAR and Dept. of Geography, University of
Colorado, Boulder, Colorado, USA

Rattan Lal
Carbon Management and Sequestration Center,
The Ohio State University, Columbus, Ohio, USA

Deborah L. Leslie
Department of Earth Sciences, University of Memphis,
Memphis, Tennessee, USA

Claire E. Lukens
Department of Life and Environmental Sciences,
University of California, Merced, California, USA

W. Berry Lyons

School of Earth Sciences and Byrd Polar & Climate
Research Center, The Ohio State University, Columbus,
Ohio, USA



x LIST OF CONTRIBUTORS

Daniel Markewitz
Warnell School of Forestry and Natural Resources,
University of Georgia, Athens, Georgia, USA

Aldo Mirabella
Piazza S. Nicolo 23, 95036 Randazzo, Italy

Lee C. Nordt
Department of Geosciences, Baylor University, Waco,
Texas, USA

Kevin P. Norton
Te Herenga Waka/Victoria University of Wellington,
Wellington, New Zealand

William Ouimet

Department of Geography and Center for Integrative
Geosciences, University of Connecticut, Storrs,
Connecticut, USA

Todd C. Rasmussen
Warnell School of Forestry and Natural Resources,
University of Georgia, Athens, Georgia, USA

Peter B. Sak

Department of Earth Sciences, Dickinson College,
Carlisle, PA, USA

Earth and Environmental Systems Institute and Dept. of
Geosciences, Pennsylvania State University, University
Park, PA, USA

Rodolphe Schlaepfer
Laboratory of Ecological Systems, ECOS & WSL, Ecole
Polytechnique Fédérale, Lausanne, Switzerland

Andreas Schomburg
Laboratory of Functional Ecology, Institute of Biology,
University of Neuchatel, Neuchatel, Switzerland

Gary E. Stinchcomb

Watershed Studies Institute & Department of Earth
and Environmental Sciences, Murray State University,
Murray, Kentucky, USA

Arnaud J.A.M. Temme
Department of Geography and Geospatial Sciences,
Kansas State University, Manhattan, Kansas, USA

Pascal Turberg
Laboratory of Ecological Systems, ECOS & WSL, Ecole
Polytechnique Fédérale, Lausanne, Switzerland

Ann Verdoodt
Department of Soil Management, Ghent University,
Ghent, Belgium

Qiuzhen Yin

Earth and Life Institute, Georges Lemaitre Center for
Earth and Climate Research, Université Catholique de
Louvain, Louvain-la-Neuve, Belgium

Yanyan Yu
Institute of Geology and Geophysics, Chinese Academy
of Sciences, Beijing, China



PREFACE

The soil is a nexus for water, chemicals, and biologically
coupled nutrient cycling; it is an upper bound of the sedi-
ment and rock cycle and constitutes a lower bound for water
and carbon recycling through the atmosphere. Our choice
of title, “Hydrogeology, Chemical Weathering, and Soil
Formation,” emphasizes the linkage of the topics of soil
formation and chemical weathering through water cycling.
Of course, biological processes are a foundation of all three
of these topics and work on many levels, from nitrogen fixa-
tion and soil zonation through bioturbation to large-scale
ecology. The importance of the chemical weathering of sili-
cate minerals to soil formation, the composition of the
atmosphere and Earth’s biological history, has been studied
for more than a century (e.g. Darwin, 1881; Dokuchaev,
1883) and extensively reviewed (e.g. Berner, 1992).

According to the Urey reaction, taken to represent a gen-
eral model of the carbonate-silicate cycle and weathering of
silicate minerals, calcium silicate (wollastonite) is converted
to calcium carbonate, while simultaneously gaseous CO, is
replaced by solid SiO,. Thus is atmospheric carbon dioxide
sequestered in the reservoir of carbonate rocks. Removal of
large quantities of atmospheric CO, by this reaction is the
basis of its relevance to climate change and the history of
Earth’s atmosphere, as well as to the evolution of life
(chapter 2 of this volume). In other words, without silicate
weathering, the Earth would likely have become a runaway
greenhouse with an unhabitable climate (Frings & Buss,
2019). No long-term effect on atmospheric CO, results from
subsequent weathering of carbonate rocks, which merely
triggers renewed sequestration of the same quantity of
carbon, even though a short-term CO, drawdown may result
from an increase in carbonate weathering rates.

The silicate weathering reaction is effective only in the
presence of water. While the role of water in kinetics is clar-
ified in the expression for the reaction of plagioclase, its typ-
ically even more important role in the actual rate of
weathering near the Earth’s surface is still largely hidden
from view. The rate at which chemical weathering of silicate
minerals actually occurs is proportional to the flux of water
through Earth’s surface, meaning that the reaction rate of
minerals such as plagioclase is often limited not by its reac-
tion kinetics but by transport of either the reacting species
into, or reaction products out of, the chemical weathering
zone (Blattler & Higgins, 2017, Maher, 2010). Thus, the
reaction rate is proportional to the water throughflow within
the Earth’s skin (i.e. the soil or regolith), and quantification
of the partitioning of the water at the interface between the
terrestrial surface and the atmosphere becomes key to under-
standing the rates of weathering around the world. Chemical
weathering and soil formation intersect in this way the cycles
of water and of carbon at the terrestrial surface.

Xi

The release of P as well as ions such as K* and Ca?* (or
likewise Mg?* and related species) turns out to be critical for
soil formation, as such mineral nutrients are essential for the
functions of vascular plants, whose respiration, for example,
provides a significant part of the CO, required to continue
the silicate weathering. The process by which plants are
established and form communities with microorganisms,
leading to the development of soil, is quite complex and is
the subject of a great deal of research. In any case, more
mature soils are differentiated in depth, with plant roots,
litter, and other organic material near the surface, a pri-
marily mineral layer rich in carbon (the A horizon) just
below, and a weathered layer with much lower organic
content (the B horizon) below that. The rate at which these
layers form and differentiate, together with the processes by
which they form, is important in a range of human activities
as well as geologic processes too wide to list here. The rate at
which predominantly the A horizon is lost to erosion is
important in agriculture, water quality, river management,
and geomorphology, as well as other areas. Most important
for the present volume is that the process of chemical
weathering appears to be water flow-rate limited overall. Yet
the history of the study of soil formation, tracing back to
Darwin and to Dokuchaev in the 19th century, has left an
imprint on the study of soils, even while modern under-
standing places the single process of chemical weathering at
the center of examination. While Dokuchaev emphasized
the soil formation factors, which can be related to silicate
weathering, Darwin’s emphasis was rather on bioturbation.
A contrasting approach to soil is discussed by Huggett in the
introductory chapter. Here, rather than focusing on rate-
limiting processes or controlling reactions, a unifying pic-
ture of a collection of mutually interacting constituents is
presented.

Looked at from a deep-Earth perspective, the formation
of soil feeds back into the deep rock hydrologic cycles,
potentially providing a limitation on the rate at which sedi-
ment can be transported from its source regions on the con-
tinents and islands to regions of deposition along rivers, in
lakebeds, and especially in oceans. Variable ranges of soil
formation in time and space relate to landforms and their
changes, as well as to the isostatic adjustments in the Earth’s
crust from erosion and deposition. The volume of sediment
subducted in trenches is closely related to its water content
through its porosity, described through porosity-depth rela-
tionships, linking the subaerial and subsurface water cycles.

Why should we wish to bring out this volume on soil
formation and chemical weathering now? Standard interpre-
tations of soil formation and chemical weathering have been
challenged in the 21st century. White and Brantley’s (2003)
summary of the chemical weathering of silicate minerals has
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shown that results of laboratory experiments often bear
little resemblance to field results, where silicate substrates
may be weathering at a rate as much as six orders of magni-
tude more slowly. These authors showed that the decline in
chemical weathering rates conformed to a power law for
periods from weeks to about 6 Myr. The decline in weathering
rates tracks rather closely the decline in soil formation rates,
which have been known for a long time to slow with time,
though no consensus had been reached regarding an associ-
ated time-dependence. Field studies (e.g. Blattler & Higgins,
2017; Mabher, 2010; White & Brantley, 2003) provide evi-
dence of the relevance of water fluxes to chemical weathering
rates and require development of a compatible theoretical
framework. Ultimately, interpretations of the development
of paleosols together with the evolution of the atmosphere
need to be revised accordingly, with possible relevance to
such far-flung topics as extinctions. Partitioning of carbon
between ocean, atmosphere, and biosphere has varied dras-
tically over glacial-interglacial cycles. The resulting swings in
atmospheric CO, and climate are particularly instructive for
learning how the weathering feedback works (Frings, 2019).

This volume attempts to place the problem of chemical
weathering and soil formation in its geological, climatolog-
ical, biological, and hydrological perspective. The way in
which this is approached is reflected in the organization of
the book, which, following Huggett’s defining chapter, con-
tinues with a perspective based on Earth’s history (Driese
and coauthors). The authors trace the evolution of soils over
3.25 billion years together with geology, paleoclimate and
atmospheric composition, and the evolution of life. The fol-
lowing section emphasizes that several basic processes com-
pete for importance in soil formation, namely soil production
with its relationship to chemical (and physical) weathering,
bioturbation, and aeolian deposition. Chemical weathering
and soil formation are related to water and energy fluxes
(Hunt), where theoretical approaches of the interactions
between the hydrological cycle, soil formation, and net pri-
mary production are provided. Le Bayon and coauthors
address some of the fundamental aspects of soil formation
and development associated with bioturbation, which harks
back to Charles Darwin’s initial hypothesis. Clay minerals
are important agents in providing nutrients and water to
plants. Egli and Mirabella discuss the evolution of clay min-
erals in alpine soils also in the light of kinetic limitation and
percolation. Lukens and Norton depict the role of aeolian
deposition in soil formation, as not only water and carbon
are transported through the atmosphere, but dust as well.
Related to this topic is the chapter of Finke and coauthors in
the next section, where loess records are shown to be impor-
tant climate indicators.

Weathering rinds are indicative of the exposure age of a
rock (Sak). In fact, rinds can be considered as microsoils
and obey the same weathering principles that also depend
on climate. Soil trajectories related to compression from

agriculture are discussed in the chapter of Horn and Lal.
The role of pedogenesis in geomorphology is discussed in
the example of landsliding (Temme). Finally, a cross-section
of integrative field studies is presented with results from sev-
eral critical zone observatories (CZOs). These include the
contribution of Lyons and coauthors on soil formation in
the Antarctic dry valleys, Rasmussen and coauthors on the
impacts of land-use change on soils in the southeastern
piedmont of the USA, and Suzanne Anderson and coau-
thors’ discussion of Gordon Gulch from the Boulder Creek
CZO. The book closes with a summary of the current state
of affairs.

Allen Hunt
Wright State University, USA

Markus Egli
University of Ziirich, Switzerland

Boris Faybishenko
Lawrence Berkeley National Laboratory, USA
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Soil as a System: A History

Richard J. Huggett

ABSTRACT

The idea of soil as a system is not yet a hundred years old. Its origins lie in Dokuchaev’s view of soil as an
independent object, an idea promoted so successfully and eloquently by Hans Jenny. It was Jenny who first
thought of soil as a system. His CLORPT equation focused on state factors (external drivers) of the soil system
and, later, ecosystems. His approach was largely statistical and empirical. Later, a few researchers investigated
energy as a soil-system driver. A different line of investigation, spurred by Milne’s catena concept, saw soil as a
spatial system. Research in this field began in earnest with Simonson’s concept of soil as an open system, which
at first involved one-dimensional soil profiles but was later extended to catenas and three-dimensional soil land-
scapes, all researched using a rich variety of statistical and deterministic models. Last came the recognition that
soil is part of an interdependent system. This line of enquiry began with conceptual models of the ecosphere.
Since the millennium it has made big advances from cross-disciplinary enquiries focusing on the Earth’s critical
zone and interactions between soils and geomorphology, soils and hydrology, soils and life, and soils and human:s.

1.1. INTRODUCTION

Ideas about soil have a long and rich history. It is per-
haps easy to dismiss older notions as outmoded, but the
foundations of soil science laid down by the creators of
the subject still have currency, even though later thinkers
have refined them and added new elements. Expanding a
metaphor, if Isaac Newton could see further by standing
on the shoulders of giants, then modern soil scientists can
see further by standing in the soil pits of their predeces-
sors. This chapter will explore the view taken by Hans
Jenny, a veritable giant among soil scientists, that soil
may be regarded as a system. Jenny mooted this idea in
1930, but soil concepts developed in the five decades
before that date provide an essential background and
they will be discussed first, before considering soil as a
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system, soil as a spatial system, and soil as an interdepen-
dent system. The chapter will end with a brief look at
prospects for the systems approach in pedology.

In developing ideas about soil and soil formation,
Jenny, his predecessors, and later researchers have put
forward various models that attempt to explain the struc-
ture and function of soil systems and their component
parts. Table 1.1 summarizes some of these models and
serves as a guide for the discussion that follows.

1.2. SOIL AS AN INDEPENDENT BODY

As a discipline in its own right, soil science emerged
and flowered during the second half of the nineteenth
century when a few researchers proposed the idea of soil
as an independent entity (Brevik & Cerda, 2016). This
radical idea was presaged by Friedrich Albert Fallou
(1862), who argued that soil was distinct from the under-
lying geology, and who also coined the term pedology.
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Table 1.1 Soil models with selected examples.

Subject of Model

Type of Model

Qualitative

Quantitative

Conceptual

Statistical and Empirical

Deterministic

Soil as an independent system

System drivers
(state factors)

Energy as a system
driver

Soil as a spatial system
1D soil profile

2D hillslope

3D landscape

Dokuchaev (1899)

Zakharov (1927)

Shaw (1930)

Jenny’s (1941) CLORPT
equation

Wilde (1946)

Stephens (1947)

Major (1951)

Lin (2011)

Runge (1973)

Lin (2011)

Simonson (1959, 1968)

Runge (1973)

Johnson and Watson-Stenger
(1987)

Milne (1935a, 1935b)

Ruhe and Walker (1968)

Conacher and Dalrymple
(1977)

Ruhe and Walker (1968)

Huggett (1975)

Soil as an interdependent system

Ecosphere
Critical zone

Biopedology

Geopedology and
topopedology

Hydropedology
Anthropopedology

Vernadsky (1926, 1929, 1998)

Cole (1958)

National Research Council
(2001) Chorover et al. (2007)

Darwin (1881)

Johnson (1990)

Johnson et al. (2005a) Johnson
and Schaetzl (2015)

Zinck et al. (2016)

Lin (2003)
Yaalon and Yaron (1966)
Amundson and Jenny (1991)

Climofunctions, biofunctions,
topofunctions, lithofunctions,
chronofunctions (Jenny 1946,
1958, 1980)

Yaalon (1975)

Birkeland (1999)

Volobuyev (1963)
Rasmussen et al. (2005)
Rasmussen and Tabor (2007)
Rasmussen et al. (2015)
Shepard et al. (2017)

Parton et al. (1987)

Huggett (1976)

Brown et al. (2004)

Grealish and Fitzpatrick (2014)

Brillante et al. (2017)

McBratney et al.’s (2003)
SCORPAN equation

Shepard et al. (2017)

Iticha and Takele (2018)

Banwart et al. (2017)
Peacock and Fant (2002)
Johnson et al. (2005b)

Brillante et al. (2017)

Pereira et al. (2018)

Kline (1973)

Huggett's (1991, 1995) BRASH
equation

Phillips (1993a, 1993b, 1998)

Regan (1977)
Quijano and Lin (2014)

Kline (1973)
Salvador-Blanes et al. (2007)
Finke and Hutson (2008)

Heimsath et al. (1997)
Minsany and McBratney (1999)
Yoo et al. (2007)

Wackett et al. (2018)

Ahnert (1967)

Huggett (1975)

Sommer (2006)

Vanwalleghem et al. (2013)

Huggett (1991, 1995, 1997)
Phillips (1993b)
Banwart et al. (2017)

Saco and Moreno-de las Heras
(2013)
Gabet et al. (2014)

Temme and Vanwalleghem
(2016)

Willgoose (2018)

Ma et al. (2017)

Barton et al. (2016) Leguédois
etal. (2016)

Source. Partly inspired by discussion in Hoosbeek and Bryant (1992) and discussion and tables in Minasny et al. (2008).
Note. The boundaries between the three types of model are often blurred, with some actual models having characteristics of
more than one type; the terms geopedology and so on are explained in Figure 1.2.



Arguably, Eugene Woldemar Hilgard recognized the
independent nature of soil in his Report on the Geology
and Agriculture of Mississippi published in 1860 (Jenny,
1961b). But it is undeniably the case that modern soil sci-
ence was born in the early 1880s when Dokuchaev pub-
lished his Russian Chernozem in 1883.

1.2.1. Dokuchaev’s Formula for Soil Formation

Vasilii V. Dokuchaev was a Russian geologist turned
pedologist who surveyed large stretches of the cherno-
zems underlying the Russian steppes. This work led him
to express the view that soil is an independent object and
not simply a geological formation; it is a surficial body of
mineral and organic substances produced by the
combined activity of animals and plants, parent material,
climate, and relief (Dokuchaev, 1880, 1883). In taking
this view, he rejected the then-prevalent agrogeological
definition of soil, the chemical approach to soil classi-
fication, and the agronomic view of soils (Krupenikov,
1992). In their place, he put forward two seminal ideas:
(1) that soil is an independent natural body worthy of
study in its own right and (2) that five soil-forming factors
determine the course of soil genesis.

Dokuchaev’s original formula for soil formation
appeared in an 1899 publication (Florinsky, 2011, 2012;
see also Stockman et al., 2011) and read

In=f(, O, T)B,

where I1 is soil or soil properties, K is climate, O is organ-
isms, I' is parent material, and B is age of the soil.
Topography was not included in the expression, most
likely owing to a stenographer’s mistake in the original
text, in which a discussion of the role of topography pre-
ceded the equation (Florinsky, 2012). Using English sym-
bols, Dokuchaev’s equation becomes

s=f(cl, 0,p)t.

This became known as the factorial or state-factor
approach to soil genesis (Table 1.1).

In 1927, Sergey Zakharov, building on Dokuchaev’s
work, presented a general soil formation equation in his
textbook on soils. In English, the equation reads

soil = f'(parent rock material, plant and animal organ-
isms, climate, age of the terrain, topography) or using
symbols:

s=f(p,o.cltr)

1.2.2. Shaw’s Elaboration

Another major elaboration of the state-factor approach
initiated by Dokuchaev was due to Charles F. Shaw
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(1930). Shaw argued that soils are formed by the modifi-
cation, and partial decomposition and disintegration, of
parent material owing to the action of water, air, temper-
ature change, and organic life. He expressed soil formation
according to the formula

S:M(C+V)T+D,

which states that soil, S, is formed from parent material,
M, by the work of climatic factors, C, and vegetation, V,
over a time, T, but the process may be modified by erosion
of, or deposition upon, the soil surface, D. Shaw noted
that each of the factors in soil formation is important in
determining the character of soil, though under local
conditions any one factor may exert a dominant influence.

1.2.3. Jenny’s CLORPT Equation

The most famous and lasting development of
Dokuchaev’s approach was the CLORPT equation given
by Hans Jenny (1941). This equation expresses any soil or
soil property, s, as a function of soil-forming factors:

s:f(cl, 0,7, t, ),

where ¢/ is environmental climate; o is organisms (the
fauna and flora originally in the system and that entering
later); r is topography, including hydrological features
such as the water table; p is parent material, defined as the
initial state of soil when pedogenesis starts; ¢ is the age of
the soil, or absolute period of soil formation; and the
dots are additional factors such as fire. In short, the state
of the soil or specific soil properties is a function of the
external environment.

It is clear that this CLORPT equation is the same as
Zakharov’s equation but with the soil-forming factors
appearing in a different order. For this reason, and given
the earlier date of Zakharov’s formulation, Igor V.
Florinski (2011, 2012) suggested it should be called the
Zakharov—Jenny equation. However, Jenny “framed and
expanded the existing theory and lifted it to a level that is
the accepted to the present day,” which explains his
influence (Hartemink, 2016, 88).

Several researchers proposed modifications of Jenny’s
original formula. Sergius A. Wilde (1946, 13) recast
Dokuchaev’s formula so that time was expressed as a
differential:

S:J(g, e, b)dt,

where s is soil, g is geological (parent) material, e is envi-
ronmental influences, and b is biological activity. This
model was further modified by Charles G. Stephens
(1947) who split environmental influences into climate, c,
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relief, r, and water table, w, and changed the g and b
factors into parent material, p, and organisms, o:

5= I(c, o,r,w,p)dt,

which is almost identical to the CLORPT equation except
time is seen to influence all factors and the factors can
have dependent and independent status.

Jack Major (1951) extended the CLORPT equation to
embrace the entire ecosystem: soils, vegetation, and
animal life. Jenny (1961a, 1980) offered his own extension
that included ecosystems (entire sections of landscapes).
He derived a general state-factor equation of the form

l’ S’ v’a:f(LO7 R’C’t)7

where [ is ecosystem properties such as total carbon
content, primary production, and respiration; v is vegeta-
tion properties such as biomass, species frequency, and
sodium content; a is animal properties such as size, growth
rate, and color; s is soil properties such as pH, texture,
humus content; L is the initial state of the system, that is,
the assemblage of properties at time zero when development
starts (the L stands for the ecosystem, or larger system as
Jenny styled it, of which the soil is part); P_are external
flux potentials; and  is the age of the system.

The state factors are groups of variables associated
with L and P . The initial state of the system is defined
by parent material, p, and by the original topography and
water table, r. The external flux potentials are environ-
mental properties that lead to additions and subtractions
of matter and energy to and from the system. They
include environmental climate, ¢/, a biotic factor, o, com-
prising fauna and flora as a pool of species or genes,
active or dormant, that happen to be in the ecosystem at
time zero or that enter it later. The biotic factor is thus
distinct from the vegetation that grows as the system
develops; this appears as a system property on the
left-hand side of the equation. Other external fluxes
would include dust storms, floods, and the additions of
fertilizers; these could be given symbols and entered sep-
arately in the equation if so desired. In an extended form,
the general state-factor equation becomes

l,s,v,a=f(cl,o,r p,t,...).

That brings us back to the CLORPT equation, only
this time it applies to ecosystems and not just soils. An
even later version of the CLORPT equation considered
the place of the human species in the state-factor theory
of ecosystems (Amundson & Jenny, 1991).

Henry Lin (2011) pointed out that climate, organisms,
relief, and parent material vary across geographical space

and all change with time, which in turn means that soil
environments change continuously through time, a point
stressed by Dokuchaev and others (e.g. Johnson et al.,
1990). To address this problem, Lin suggested an equation
for the total change of a soil profile over a pedogenic time
period t = ¢ — 1, (where ¢ is the current time and ¢ is the
beginning of pedogenesis) to capture the cumulative
effects of all four time-dependent spatial factors on
pedogenesis:

s= Tf[cl(l), o(1), r(t),p(t)}dt.

Grouping the spatial soil-forming factors into flux
factors (c/ and o) and site factors (p and r), Lin writes this
equation more succinctly as:

t,
s=[fel(t), 0(2)]dt 005

which specifies the cumulative effects of climate and
organisms on pedogenesis conditioned by parent material
and topography.

Jenny’s formulation has proved itself exceedingly
valuable, both as a conceptual and a research tool. It
has deepened understanding of soil variation across
individual state factors (see below), although attempts to
tackle the combined effects of all state factors using mul-
tivariate techniques have had little success (Yaalon, 1975;
Amundson & Jenny, 1997). Nevertheless, the CLORPT
equation is still cited and used, albeit in slightly modified
forms, by pedologists and, to a lesser degree, ecologists.
And it has acted as a springboard for later concepts
regarding the soil as a system, a development instigated
by Jenny himself.

1.3. SOIL AS A SYSTEM

Figure 1.1 depicts the soil system and its connections to
the other terrestrial spheres. It serves to illustrate the var-
ious concepts about the soil system that have appeared
since Hans Jenny first suggested that soil could be use-
fully conceived in that manner. Jenny’s earliest ideas seem
to have been first set down in 1930 when he approached
soils from a general theory of state, in which “soil prop-
erties, soil processes, and soil-forming factors are united
into a comprehensive system” (Jenny, 1930, 1053). Later,
in his classic book Factors of Soil Formation (1941), he
treated soil as a physical system to underline its status as
a natural body. He also recognized that the soil system is
an open system to which substances may be added or
removed, a point taken up by later pedologists.



1.3.1. Jenny’s Soil System

To characterize a soil system, Jenny used the symbols
8., 8,, 8;, and so forth to stand for soil properties (nitrogen
content, acidity, clay content, or whatever). In modern
parlance, these properties are state variables, a term
adopted by Jenny in his 1980 book. The soil properties
are interrelated, such that if one changes the others may
also change:

s=f(s1, 52, 83, ...).

In Jenny’s original discussion of the soil as a system, he
distinguished soil formers or soil-forming factors (climate,
relief, parent material, organisms, and time) and explored
their relationships to the soil system itself. He later styled
them state factors and stressed that they are “independent”
variables that condition the state of the soil system (e.g.
Jenny, 1980, 10). In Figure 1.1, these variables are shown as
atmosphere and hydrosphere (climate), biosphere (organ-
isms), toposphere (relief), and lithosphere (parent material);
the entire system changes through time. Jonathan D.
Phillips (1989) argued that the purpose and scope of Jenny’s
state factors is sometimes misunderstood: they are not
intended to describe pedogenetic processes or components
of the soil itself; rather, they provide the context and the
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boundary conditions within which soil formation and
development occurs. As Jenny (1961a, 385) put it, “The
factors are not formers, or creators, or forces: they are the
variables (state factors) that define the state of the soil
system.” Jenny made it clear that his factorial approach is
very much an ecological approach in which the soil compo-
nent cannot be considered in isolation from its physical and
biotic environment (Jenny, 1961a, 1980). However, it is true
to say that Jenny’s work tended to consider the effect of one
state factor on a single soil property, all other factors being
held constant, and then expressing the relationship as a
mathematical function of some kind, usually a linear or
curvilinear regression equation. In Figure 1.1, this means
that the arrows from the external or driving variables to the
soil system are investigated one at a time, and that no inter-
action between the driving variables or feedback from the
soil state variables to the driving variables is considered.
Given five state factors, Jenny proposed five broad groups
of functions or sequences: climofunctions or climose-
quences, biofunctions or biosequences, topofunctions or
toposequences, lithofunctions or lithosequences, and chro-
nofunctions or chronosequences. He also included dot-
functions and dotsequences to allow for the effects of other
factors such as fire. Subsequent work has established a host
of such functions and sequences (see Yaalon, 1975;
Huggett, 1998; Birkeland, 1999).

Atmosphere
and hydrosphere

Biosphere

Anthroposphere

¢ 1 v

i {1

Soil System

Soil processes

Transformations: within-soil
alteration of constituents
Examples: weathering,
neoformation, mineralization,
hardening, humification

Translocations: within-soil
transfer of energy and materials
Examples: eluviation, illuviation,
pedoturbation, decalcification,
salinization

Additions (inputs): energy

and materials

Examples: solar and geothermal
energy, precipitation, littering,
dust deposits, nutrient inputs

Removals (outputs):
energy and materials
Examples: long-wave
radiation, carbon in
oxidation, leaching

y, i

Soil forms

Constitution: chemical and physical
properties - material property variables
Examples: density, acidity, calcium content, Eh,
texture, CEC, colour, organic matter content

Configuration: size and form - geometry

and geographical variables

Examples: structure, pore space, peds, horizons,
pedons, polypedons, catenas, soil-landscapes

¢

Toposphere
Slopes, plains, mountains, and so forth

Lithosphere

Parent material, uplift, downwarping, volcanism,
weathering, erosion, deposition

Figure 1.1 The soil system.
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1.3.2. Simonson’s Soil System

Roy W. Simonson’s (1959) generalized theory of soil
genesis took a decidedly systems view of soils and elabo-
rated upon Jenny’s view of the soil as an open system. He
described four groups of physical, chemical, and
biological processes common to all soils: additions of
organic and mineral matter as solids, liquids, and gases;
their removal; their transfer or translocation; and their
transformation:

s = f (additions, removals, translocations,
transformations).

Simonson argued that the changing balances between
these processes differentiate one soil from another. For
example, mineralization and humification of plant litter
engage more or less the same processes of transformation
in all environments, but different process rates may lead
to different end products.

Stanley Buol et al. (1980) categorized processes of soil
formation using Simonson’s general scheme: enrichment,
deposition on the soil surface, and littering are additions;
leaching and surface erosion are removes; eluviation, les-
sivage, and pedoturbation are examples of transfers; and
humification, mineralization, and weathering involve
transformations. In Figure 1.1, Simonson’s model would
engage the internal soil processes and forms with energy
and material inputs from, and outputs to, the atmosphere,
hydrosphere, biosphere, and anthroposphere. For the
soil system to persist, incoming material must at least
replace outgoing material. This fact was recognized by
Constantin C. Nikiforoff (1959), who likened the
situation to a section of an aggraded stream between two
bends: water enters from upstream, water leaves down-
stream, but between the two bends nothing is lost and
work is done. The corresponding “stream” in the soil
system is the collection of surficial materials which con-
stitute the soil. In the words of Buol et al. (1980, 11), “A
soil is an evolving entity maintained in the midst of a
stream of geologic, biologic, hydrologic, and meteoro-
logic material.”

1.3.3. Soil Energy System

Coexisting with the material soil system is an energy
exchange and storage system (Lin, 2011). Thermal energy
(heat) is stored in the soil. The soil system gains heat from
incoming solar radiation, terrestrial radiation emitted by
the atmosphere, possibly from incoming soil materials
and from exothermic reactions; it loses thermal energy in
emitting radiation, by conduction out of the system, in
outgoing soil materials and in endothermic reactions.
Potential energy of a chemical or elevational nature is

also stored, imported, and exported. Energy transfers in
the soil are brought about by heat conduction, by
convection associated with water and air movements, and
by translocation of materials. Energy transformations in
the system occur in chemical alterations, biological
activity, wetting and drying, freezing and thawing, and
evaporation and condensation in the soil atmosphere.

The soil energy system is not as well studied as the soil
material system, but there are some interesting investiga-
tions (Table 1.1). A few researchers have developed
models that considered the energy involved in weathering
and soil formation, and in doing so quantify the climatic
factor of soil formation though such measures as organic
matter production and the amount of water available for
leaching (Runge, 1973); the energy expended in soil
formation (Volobuyev, 1963; Regan, 1977); a measure of
the effective energy and mass transfer to the subsurface
that accounts for local variations in topography, water
and energy balances, and primary production (Rasmussen
et al., 2005; Rasmussen & Tabor, 2007; Rasmussen et al.,
2015); a probabilistic approach for quantifying soil prop-
erty variability through integrating energy and mass
inputs over time (Shepard et al., 2017); and a review of
energy and entropy in near-surface Earth systems
(Quijano & Lin, 2014).

1.4. SOIL AS A SPATIAL SYSTEM

Soill may be viewed as a one-dimensional,
two-dimensional, or three-dimensional object. The soil
profile concept, introduced to western soil scientists by
Curtis F. Marbut in 1921 (see Tandarich et al., 2002;
Brevik et al., 2016), is one dimensional, defining soil as
the vertical cross-section from the surface downward
through all the soil horizons and into the parent material.
It was adopted as the basic unit for soil survey. During
the 1920s and first half of the 1930s, soil surveyors
mapped the spatial distribution of soils and in doing so
were assuredly aware that soils were part of landscapes,
but they did not consider soil as a three-dimensional
functional landscape unit. Concepts of that nature
appeared first with the two-dimensional soil catena and
later with the three-dimensional soil landscape, both of
which, along with the soil profile, were to lend themselves
to a systems approach.

1.4.1. Soil Profiles

As explained above, Simonson (1959) suggested the
concept of the soil profile asan open system. Quantitative
models of soil profile development followed. An
example was the CENTURY model used to simulate the
formation of soil organic matter (Parton et al., 1987). It
established statistical relationships between production



and decomposition rates of soil organic matter and four
driving variables (annual precipitation, temperature con-
trols on decomposition, soil texture, and plant lignin
content) and then predicted soil carbon and nitrogen
levels for 24 grassland locations in the Great Plains of the
USA. Donald Sasscer and his colleagues (1971) built a
deterministic model to study stable and titrated water
through an old-field system in Argonne, Illinois; the
system consisted of a vegetation compartment and 49
soil compartments, each 1 cm thick. Jerry Kline (1973)
used the same basic model to investigate soil-plant rela-
tionships and soil genesis.

Donald Lee Johnson (1985) devised an evolutionary
model of profile pedogenesis that considered soil thick-
ness changes:

T=f(D+U+R),

where T 'is soil thickness, D is profile deepening, U is soil
upbuilding, and R is soil removal. An important feature
of this model, and what makes it “evolutionary,” is that
soil thickness is dynamic and may ebb or flow over time.
This model formed the basis of Johnson and Watson-
Stegner’s (1987) comprehensive soil evolution model,
which suggested that phenomena such as erosion, deposi-
tion, and pedoturbation can influence the soil formation
processes. The model posited that soils may evolve along
either progressive or regressive pathways:

S=/(P,R),

where S is soil; P is progressive pedogenesis and includes
processes, factors, and conditions that promote differenti-
ated profiles; and R is retrogressive pedogenesis and
includes processes, factors, and conditions that promote
simplified profiles. This model was an attempt to allow for
the fact that soil evolves in an ever-changing environment
so that polygenetic soils are the norm. Its keynote is poly-
genesis and stands in antithesis to monogenetic models
and notions of zonal soils, normal soils, and climax soils.
Johnson and his colleagues (1990) developed a related
evolutionary model. In summary, it assumed that

i :f(D’ P, dD dpj’

i dr

where s is a soil property or the degree of pedogenesis, D
is a set of dynamic vectors and dD/dt their rate of change
through time, P is a set of passive vectors and dP/dt their
rate of change through time. The dynamic vectors include
energy fluxes, mass fluxes, the frequency of wetting and
drying events, organisms, and pedoturbation. The passive
vectors include parent material, the chemical environ-
ment of the soil, permanently low water tables, the

SOIL AS A SYSTEM: A HISTORY 9

stability of slopes, and pedogenetic accessions such as
fragipans, natric horizons, and histic horizons.

Jonathan D. Phillips (1993a) explored the idea of
progressive-regressive pedogenic changes in his own
numerical model that incorporated relative rates of pro-
gressive and retrogressive pedogenesis and feedbacks bet-
ween the rate and the degree of soil development:

ds dP dR

dt dt dt’

where s is soil development (degree of pedogenic
alternation and profile organization), P is progressive
pathways, and R is regressive pathways. The time differ-
entials of P and R are defined as follows:

where ¢, is the maximum rate of progressive pedogenesis
and k, a coefficient describing the decrease in P rates as
soil develops; ¢, is the maximum rate of regressive pedo-
genesis and k, a coefficient describing the decrease in R
rates as soil develops (negligible). Phillips’s analysis
revealed that soil development may display deterministic
chaos, with soil profile state at any time being unique to
the interplay of progressive and retrogressive soil-form-
ing processes and sensitive to initial conditions, rather
than simply the age of the deposit in which the soil is
formed. This possibility challenges the classic view of soil
developing unidirectionally to an increasingly differenti-
ated state. Rather, it shows that pedogenesis can proceed
in different directions due internal dynamics and thresh-
olds, a point first made by Daniel Muhs (1982, 1984; see
also Phillips, 1993b, 2001, 2013, 2017; Chadwick &
Chorover, 2001).

1.4.2. Soil Catenas

In 1935, Geoffrey Milne, inspired by an idea of his col-
league W. S. Martin (Brown, 2006), put forward the con-
cept of the catena as a unified framework within which to
study functional aspects of soils on hilly terrain. Milne
was based at the East African Agricultural Research
Station, Amani. A problem he faced was to map on a
small piece of paper the complex entanglement of soils in
a large piece of country. To surmount the problem, he
took advantage of the fact that in many parts of East
Africa, the topography over large tracts consists of little
else but a repetition of crests and hollows, and a transect
running from crest to hollow traverses very different soil
profiles. Mapping the individual soils along the transect
would be impossible in all but the most detailed of sur-
veys. Nor, he reasoned, would it be necessary to do so
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because “they are not, properly speaking, individual soils
at all, but are a compound soil unit of another kind in
which a chain of profile-differences occurs in a regular
manner” (Milne 1935a, 192).

Milne used the term catena (the Latin word for “chain™)
to describe the regular repetition of soil profiles on crest—
hollow topography. He considered adopting the word
suite, as used by Gilbert Wooding Robinson (1936) to
describe a range of differing soils related by topography
in Wales. Robinson confined his suites to soils formed in
the same parent material; he did not deal with such
extreme differences in soils on hills and in valleys as Milne
did. In summary, Milne proposed the term catena to
describe the lateral variation of soils on a hillslope and
reasoned that, owing to the agency of geomorphological
and pedological processes, all soils occurring along a hill-
slope are related to one another. He was quite explicit
that the topographic relationships of the soils were the
prime concern, and that the uniformity of parent material
was of subsidiary interest.

At the time of its inception, the idea of a soil catena
had a mixed reception, but it was generally hailed a
valuable, if radical, idea. Its radicality stemmed from
Milne’s contention that soils of the bottomlands are as
important as soils on the ridges and his conclusion,
shared by Sergei Neustruev (1915) before him, that soil-
climatic zones comprise zonal complexes rather than
zonal soil types. At the time, it was mainly the well-
drained soils of a region that were singled out as
characteristic zonal soil types and displayed on maps; the
ill-drained soils in valley bottoms were demoted to intra-
zonal status (see Gennadiyev & Bockheim, 2006).

The catena concept was embellished by Thomas M.
Bushnell (1942, 1946), who also identified precedents to
it, though the term catena was assuredly first adopted by
Milne. Bushnell (1942) argued that differences in soil
drainage classes along a catena create a hydrological
sequence, which suggestion led eventually to the idea of
the soil association in USA’s Soil Survey. Some researchers
believe that Bushnell narrowed the catena concept to
slopes on which all soils have formed in the same parent
material; however, that was only the case for his “simple
catenas,” in which all soil-forming factors were the same
except for drainage conditions; in his “multiple catenas,”
soil-forming factors, including parent material, could
vary. Even so, Bushnell’s emphasis on catenas as hydro-
logical soil sequences did lead to the playing down of the
role of slope-influenced transport and depositional
processes that had been held previously as important to
the explanation of soil development along slopes (cf.
Schaetzl, 2013, 146). Indeed, David Brown (2006, 79)
went as far as to say, ‘The U.S. soil survey community
distorted and confused Milne’s catena, and only through
the work of Robert Ruhe in the 1950s and 1960s,” which

re-energized thinking about connections and interactions
between soils and hillslope processes, “was the concept
saved from scientific obscurity.”

Topography was one of Jenny’s state factors of soil
formation, and he termed variations in soil properties
due to topography a toposequence (a contraction of
topographical sequence). Unfortunately, partly owing
to Bushnell, confusion surrounds the words topose-
quence and catena. Technically speaking, a toposequence
involves variations of soils and soil properties in relation
to topography (a state factor) with all other state factors
held constant, which means that parent material should
be uniform along the sequence; that would make a topo-
sequence equivalent to Bushnell’s narrower definition of
a catena. Jenny (1980, 280) suggested that a catena runs
from crest to crest across an intervening valley, with the
sequence from crest to valley bottom (what he called a
half catena) being a toposequence (on uniform parent
material). It seems helpful to use catena as originally
defined by Milne and distinguish it from roposequence,
where slope properties vary but parent material and all
other state factors are constant.

Back in Africa, a potent development that underscored
the connection between hillslope soils and hillslope
hydrology came from Cecil Morison (Morison et al.,
1948; Morison, 1949), then at the Department of
Agriculture, University of Oxford. Morison and his col-
leagues went on several expeditions to the Anglo-
Egyptian Sudan to investigate the soil-vegetation units.
Preliminary work suggested that the catena concept could
be usefully adopted as a framework of study in this area.
He found it helpful to distinguish three zones (he termed
them complexes) along a catena, each associated with a
broad topographic site: the eluvial zone, the colluvial
zone, and the illuvial zone. The eluvial zone is a high-level
site that loses water and soluble and suspended matter.
Material washed from it is used to build up the colluvial
and illuvial zones. The colluvial zone occupies slope sites.
It receives material from soils in the eluvial zone and loses
some of it to the illuvial zone. The illuvial zone occupies
low-level sites. In many cases it has very mixed parentage,
consisting of either a simple mosaic or else a mosaic of
zoned patterns, depending upon the amount and nature
of drainage. It has three distinguishing characteristics: it
receives more water than the climatic normal site, it
receives much dissolved and suspended matter, and water
is lost from it by surface movement, by drainage, or by
evaporation.

Interestingly, at around the same time as Milne pro-
posed the soil catena, Boris B. Polynov put forward the
notion of geochemical landscapes. Polynov believed in
the integrity of the landscape in producing, transporting,
and removing rock debris. Two ideas were central to his
thesis: first, that there are three basic landscape types



relevant to chemical migration and second, that each
chemical has a characteristic mobility in the landscape
(Polynov, 1935, 1937). His basic landscape types were elu-
vial, superaqual, and aqual. In eluvial landscapes, the
water table is always, or nearly always, below the ground
surface; in superaqual landscapes, the water table and the
ground surface coincide; in aqual landscapes, free water
rests on the land surface as in lakes. From Polynov’s pio-
neering studies have evolved several conceptual schemes
of geochemical landscapes. Notable contributions have
come from Mariya A. Glazovskaya (1963, 1968).

During the 1960s, researchers started to take up Milne’s
and Morison’s seminal ideas and investigate soil evolution
in the context of hillslopes. Indeed, Vance T. Holliday
(2006) argued that Milne’s unique contribution was actu-
ally in his linking of soil-catenary patterns to specific
slope-related processes: wetness, solute transport, and
erosion and deposition. A consensus grew that soils on
lower slopes are potential sumps for the drainage of soils
upslope of them (Hallsworth, 1965); that, on hilly terrain,
water movement connects soils with one another and dif-
ferentiates their properties (Blume, 1968); and that adja-
cent soils at different elevations are linked by a lateral
migration of chemical elements to form a single geochem-
ical landscape (Glazovskaya, 1968). A key point in this
work is that solution and water transport act selectively so
that, as vertical movement in soil profiles produces A and
B horizons, the lateral concatenation of soils leads to a
differentiation of soil materials along a slope: hill-top
soils are analogues of A horizons, and the valley-bottom
soils are analogues of B horizons (Blume & Schlichting,
1965; Sommer & Schlichting, 1997). Subsequently, the
burgeoning sophistication of hillslope hydrological inves-
tigations has prompted increasingly detailed and revealing
examinations of slope soils using statistical models (e.g.
Brown et al., 2004; Brillante et al., 2017) and deterministic
models (e.g. Heimsath et al., 1997; Minasny & McBratney,
1999; Yoo et al., 2007; Wackett et al., 2018), although
researchers now tend to extend their analysis to the third
dimension and consider soil landscapes.

1.4.3. Soil Landscapes

Soil catenas are two-dimensional transects along hill-
slopes. They form part of a geomorphic system, the flows
of material and energy within which are characteristically
three-dimensional. In moving down slopes, weathering
products tend to move at right angles to land-surface
contours. Flowlines of material converge and diverge
according to the curvature of contours. The pattern of
vergency influences the amounts of water, solutes, col-
loids, and clastic sediments held in store at different
landscape positions. Of course, the movement of
weathering products alters the topography, which in turn
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influences the movement of the weathering products;
there is feedback between the two systems.

As soil evolution takes place within a three-dimensional
mantle of material, the spatial pattern of many soil prop-
erties will reflect the three-dimensional topography of the
land surface. Indeed, according to the concept of soil-
landscape systems, the dispersion of all the debris of
weathering, solids, colloids, and solutes, is, in a general
and basic way, influenced hugely by land surface (and
phreatic surface) form and organized in three dimensions
within the framework imposed by the drainage network
(Huggett, 1975).

Investigating the effect of landscape setting on pedo-
genesis requires a characterization of topography in
three dimensions. Early attempts to describe the
three-dimensional character of topography was made by
Andrew R. Aandahl (1948) and Frederick Troeh (1964).
Later, geographers and geomorphologists explored
methods of terrain description (e.g. Moore et al., 1991).
Topographic attributes that appear to be important are
those that apply to a two-dimensional catena (elevation,
slope, gradient, slope curvature, and slope length), plus
those pertaining to three-dimensional landform (slope
direction, contour curvature, and specific catchment area).

In distilling previous work on digital soil models, Alex
McBratney and his colleagues (2003) proposed that soil is
a function of seven factors (the so-called SCORPAN
factors), as follows:

S=f(s,c,or pan),

where S is soil (Sc for soil classes or Sa for soil attributes
or properties) at a point; s is existing soil information; ¢
represents climate; o represents organisms or biological
activity; r represents topographic or landscape attributes;
p represents parent material; a represents age; n repre-
sents spatial position. Nathan Odgers et al. (2008)
emphasized the strong influence of topography on soil
characteristics and soil formation processes, noting that
such topographic variables (terrain parameters, topo-
graphic attributes) as slope, landscape curvature, and
flow direction are readily derived from a digital elevation
model. They demonstrated how toposequences can be
generated from such models.

Three-dimensional topographic influences on soil prop-
erties were considered in small drainage basins by the pre-
sent author (Huggett, 1973, 1975) and Willem J. Vreeken
(1973), while André G. Roy and his colleagues (1980) con-
sidered soil-slope relationships within a drainage basin.
Later work has confirmed that a three-dimensional topo-
graphic influence does exist, and that some soil properties
are very sensitive to minor variations in the topographic
field (e.g. Moore et al., 1991, 1993; Fissore et al., 2017; Li
et al., 2018; Iticha & Takele, 2018).
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1.4.4. Soil-Landscape Modeling

Soil-landscape models seek to integrate soils, parent
material, topography, land use and land cover, and human
activities with the aim of understanding the spatial distri-
bution of soil attributes, characteristics of soils, and their
behavior through time (Grunwald, 2006, 6). They build
on earlier soil models, starting with the factorial models
instigated by Dokuchaev, Zacharov, and Jenny, and the
later soil system models (Table 1.1).

Soil landscapes are complex, involving geomorpholog-
ical, biological, and hydrological processes acting over
hundreds, thousands, or even millions of years. For this
reason, understanding how soil landscapes function and
evolve demands an interdisciplinary holistic approach
and has benefitted hugely from the appearance of new
and powerful technologies over the last few decades:
satellite remote sensing, geographic information systems
(GISs), global positioning systems (GPSs), digital eleva-
tion models (DEMs), and landscape evolution models
(LEMs; cf. Brown, 2006). Pedologists have combined
these technologies to tackle questions about soil land-
scapes. The value of digital terrain modeling to hydrology,
geomorphology, and ecology was recognized by the early
1990s (e.g. Moore et al., 1991). More recently, pedomet-
rics has attempted to integrate knowledge from numerous
disciplines, including soil science, statistics, and GIS.

Early numerical models of landscapes in geomor-
phology included soil depth as a state variable (e.g.
Ahnert, 1967; Armstrong, 1980). Huggett (1975)
simulated the movement of solutes on slopes within a
drainage basin. The model of the soil-landscape con-
tinuum built by Kevin McSweeney and his colleagues
(1994) benefitted from technical advances made through
linking hydrology and land-surface form for terrain-
based modeling of hydrological processes. In their model
of soil-landscape systems, various sources of spatial data
(e.g. vegetation and geological substrate) and attribute
data (e.g. soil organic-matter content and particle-size
distribution) are integrated through GIS technology.
Four interrelated and iterative stages are applied in the
model: physiographic domain characterization; geomor-
phometric characterization; soil horizon characteriza-
tion; and soil property characterization. Many subsequent
models have appeared, each adding refinements (e.g.
Heimsath et al., 1997, Sommer, 2006; Vanwalleghem
et al., 2013; Willgoose, 2018).

1.5. SOIL AS AN INTERDEPENDENT SYSTEM

Ideas about the interdependence of environmental
factors were mooted in the late eighteenth century,
principally by Johann Reinhold Forster and Alexander
von Humboldt. Dokuchaev (1899) stressed the

importance of interactions between the zones of the
Earth, arguing a that a special discipline was needed to
study the integrity of the natural sciences (geology,
orography, climatology, botany, zoology) and offering
genetic soil science (pedology) as a candidate for such a
role (Bockheim & Gennadiyev, 2010). To be sure, his
categorical statement of the factors of soil formation
provided a basis for exploring in a formal way the con-
nections between ecosystems and their environmental
influences. The terrestrial spheres are not mentioned
specifically in this formulation, but they are there by
implication: climate involves the atmosphere and hydro-
sphere; animals and plants (plus the three kingdoms of
micro-organisms) are the biosphere; parent material is
connected to the lithosphere; and relief is part of the
toposphere.

Vladimir I. Vernadsky, a follower of Dokuchaev,
made explicit the interconnectedness of the terrestrial
spheres in his concept of the biosphere, a term he
adopted from Eduard Suess after having read Die
Antlitz der Erde (Suess, 1883-1909). Vernadsky (1926,
1929, 1998) developed original ideas on biogeochem-
istry and promulgated his own take on the biosphere,
suggesting that living organisms and all life and
life-support systems (living organisms and their
planetary environment) evolve together and form the
media in which they live (air, water, soil, sediment).
Some later workers argued that the biosphere should be
confined to living things and the totality of life and
life-support systems be called the ecosphere (Cole, 1958;
Gillard, 1969), a view to which the present author sub-
scribes (see Huggett, 1999).

In 1938, Sante Mattson (1938) considered all possible
interactions between the lithosphere, atmosphere, hydro-
sphere, pedosphere, and biosphere (Figure 1.2). Three
years later, Jenny listed the components of the ecosphere
in his CLORPT equation, but his focus was the influence
of environmental factors on soils and ecosystem prop-
erties rather than on the interrelationships between the
environmental factors themselves.

With the advent of Earth systems science and the
notion that “everything is connected to everything else,” a
new integrative ecosystem approach emerged that
addressed the interdependence of life, soils, climate,
rocks, and relief (Figure 1.3). The BRASH model was an
attempt to express these interdependencies as a general
dynamic systems equation (Huggett, 1991, 1995):

dx
—=f(x)+z,

o=/ (x)

where x is a vector of all state variables describing the
system considered, f{x) is a matrix defining interactions
between the state variables, z is a vector of driving
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Figure 1.2 Terrestrial spheres and their interaction as envi-
sioned by Sante Mattson. The shaded portion is the ecosphere,
a term unknown to Mattson. Source: Adapted from Mattson
(1938).
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variables, and ¢ is time. For the whole ecosphere, the state
variables are biosphere, b, relief, r, atmosphere, a, hydro-
sphere, 4, and z is external driving forces (geological or
cosmic). Adding the five state variables to the general
interaction matrix gives the BRASH equation:

dx
& f(b, r,a,s, h)+z.

Huggett (1995) argued that this approach reformulates
the factorial model into mathematically solvable
equations and models soil properties as a function of
processes. Applications of these system equations can be
found in Phillips (1993b), where it was shown in a
numerical example that changes in the initial condition
and parameter values can trigger the creation of chaotic
behavior of soil development (see also Phillips, 1998).

The rise of Earth system science has led to an evalua-
tion of the pedosphere’s role in the global system, both as
a vital component of what has become known as the
Earth’s critical zone and as a two-way interactor with the
other terrestrial spheres, the study of which has given rise
to some new pedologies (Figure 1.4). These topics will
conclude the chapter.

Rest of the
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\_and Barysphere '

Figure 1.3 A schema for the terrestrial spheres: their interactions and external influences. Before 1875, the only
terrestrial sphere given a special name was the atmosphere. Then the Austrian geologist Eduard Suess (1875),
in the last and most general chapter of a slim volume titled Die Entstehung der Alpen (The Origin of the Alps),
invented the eminently helpful terms hydrosphere, lithosphere, and biosphere, with the Swedish agricultural
chemist Sante Mattson adding the term pedosphere in 1938. The present author suggested the word toposphere
as substitute for Julius Biidel’s (1982) relief sphere, which Biidel used to describe the totality of the Earth’s topog-
raphy (Huggett, 1995, 1997; Huggett & Cheesman, 2002). The toposphere sits at the interfaces of the pedosphere
and atmosphere and the pedosphere and hydrosphere; it is a complex surface separating the predominantly solid
body of the Earth from its mainly gaseous and liquid outer envelopes. Source: Adapted from Huggett (1995).
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Figure 1.4 Research areas straddling the pedosphere and
individual components of the Earth system. The word topope-
dology is suggested here, although there is a precedence for its
use (Brillante et al., 2017).

1.5.1. The Critical Zone

As defined by the National Research Council (2001,
37), the critical zone is

a dynamic interface between the solid Earth and its fluid
envelopes, governed by complex linkages and feedbacks
among a vast range of physical, chemical, and biological
processes. These processes can be organized into four
main categories: (1) tectonics driven by energy in the
mantle, which modifies the surface by magmatism, fault-
ing, uplift, and subsidence; (2) weathering driven by the
dynamics of the atmosphere and hydrosphere, which con-
trols soil development, erosion, and the chemical mobili-
zation of near-surface rocks; (3) fluid transport driven by
pressure gradients, which shapes landscapes and redis-
tributes materials; and (4) biological activity driven by the
need for nutrients, which controls many aspects of the
chemical cycling among soil, rock, air, and water. [italics
in original]

Henry Lin (2011) rightly pointed out that soils can be
literally called the critical component of the Earth’s criti-
cal zone (see also Wilding & Lin, 2006).

A key feature of critical zone research is its integrative
nature. The multifarious components of the critical zone
have engaged scientists from distinct and often isolated
disciplines: vegetation by botanists, soils by soil scientists,
groundwater by hydrogeologists, and substrate by geolo-
gists. Important though such separate studies be,

predicting the overall behavior of the critical zone
demands a combined effort, not least because the
functional, emergent properties of such a complex system
are the result not only of its various parts but also of the
interactions among its parts (Chorover et al., 2007).
Recent publications point to the value of integrative
modeling (e.g. Banwart et al., 2017). Critical zone
research has gained enormously from National Science
Foundation funding, and it has led to the increased
inclusion of geochemical reaction models and concepts
in soil science.

1.5.2. New Pedologies

Biopedology, the oldest of the new pedologies, con-
siders interactions between soils and life. Its origins lie
with Charles Darwin and his work on earthworms (e.g.
Darwin, 1881). Darwin was also the first to recognize the
importance of faunal mixing in soil formation and the
textural sorting it can produce (Johnson, 2002; Brevik &
Hartemink, 2010). Biopedology has made a strong come-
back in the last few decades with research into bioturba-
tion and biomantle theory (e.g. Hole, 1961; Johnson,
1990; Peacock & Fant, 2002; Johnson et al., 2005a, 2005b;
Saco & Moreno-de las Heras, 2013; Gabet et al., 2014;
Fleming et al., 2014; Johnson & Schaetzl, 2015); it is also
benefitting from research in biogeomorphology (e.g.
Verboom & Pate, 2013; Pawlika & Samonil, 2018; see also
Huggett, 2017).

The second oldest of the new pedologies is geopedol-
ogy, which is short for geomorphopedology and focuses
on the interdependency between soils and geomor-
phology. The argument is that soils and vegetation seldom
develop in a totally inactive geomorphological environ-
ment: the landscapes in which soils and vegetation
develop normally change. Thus, the development of
terrestrial ecosystems and the geomorphological
development of landscapes take place at the same time
and influence one another. Pedologists were alerted to
this fact by Shaw (1930), Robinson (1936), and Milne
(1936), who discussed the role of erosion and deposition
in soil evolution (see above). Indeed, soil geomorphology
began in the USA in the 1930s with a spate of soil erosion
studies made under the auspices of the USDA (Effland &
Effland, 1992). In 1952, the USDA set up a Soil-
Geomorphology Group that included Robert V. Ruhe,
who championed the process dimension of Milne’s catena
concept (e.g. Ruhe, 1960), arguing that it is the clearest
general systems statement about soil geomorphology,
integrating the factors in explaining soil differences while
focusing on past history of the land surface, geohy-
drology, erosion, sediment transport, and pedogenic
processes (Ruhe, 1975; Birkeland, 1990; Johnson & Hole,
1994). Geopedology has blossomed over the last couple



of decades (see Zinck et al., 2016) and the advent of
sophisticated soilscape-landscape deterministic models
has given it a new impetus (e.g. Willgoose, 2018).

Hydropedology is one of the latest pedologies. It is “an
emerging intertwined branch of soil science and hydrology
that studies interactive pedologic and hydrologic processes
and properties in the Earth’s Critical Zone [and that]
aims to bridge disciplines, scales, and data, connect soils
with the landscape, link fast and slow processes, and inte-
grate mapping with monitoring and modeling to provide
a holistic understanding of the interactions between
the pedosphere and the hydrosphere” (Ma et al., 2017).
Unlike conventional soil science, it emphasizes in situ
soils in the landscape, which have distinct pedogenic fea-
tures and varying environmental settings (Lin et al.,
2012). In doing so, it yields a more realistic and integrated
understanding of real-world soil and hydrological
processes.

Anthropopedology is the study of the human impact
on soils. It has a long history. Dan Yaalon and Bruno
Yaron (1966) used the term metapedogenesis to cover
human-made soil changes; Ron Amundson and Jenny
(1991) considered the place of the human species in the
state-factor theory of ecosystems. But two-way interac-
tions between soils and the human sphere (anthropo-
sphere) have been the subject of increased research over
the last few decades owing to the recognition of soil as an
indispensable resource (e.g. Richter & Yaalon, 2011).
Topics investigated include coupled human-natural land-
scapes (Barton et al., 2016) and the evolution of techno-
sols (soils subjected to a strong human influence and
containing significant amounts of artefacts, characteristic
of the Anthropocene; Leguédois et al., 2016). Research in
anthropopedology becomes ever-more pressing as human
security comes to rely increasingly on Earth’s diverse soil
resources. As Amundson et al. (2015) point out:

Soil is the living epidermis of the planet. Globally, soil is
the medium through which a number of atmospheric
gases are biologically cycled and through which waters
are filtered and stored as they pass through the global
hydrological cycle. Soil is a large and dynamic reservoir
of carbon and the physical substrate for most of our food
production. Profound changes are on the horizon for
these interconnected functions—particularly sparked by
changes to climate and food production—that will likely
reverberate through society this century.

1.6. PROSPECT

Big gains have come from viewing the soil as a system.
From the early ideas on state factors, inputs and out-
puts, and transfers and transformation have evolved
sophisticated models of soil landscapes and soils as a
key component of the Earth system, and in particular
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of its critical zone. Of course, challenging questions in
pedology remain, and it may take fresh approaches to
answer them, but a systems approach still offers a pow-
erful method of investigation. Indeed, Henry Lin (2011)
demonstrates the value of such an approach in under-
standing spatial and temporal changes in soil systems
and advancing forecasts and plans for changes related to
critical societal needs. To do so, he brings together three
general principles of soil change and pedogenesis in
time and space (especially time):

First is the principle of conservation plus evolution,
which provides the reconciliation of fast and slow changes
in multiphase soil systems. Incomplete closure and partial
irreversibility of many cyclic processes involved in soil
functioning produce a range of residual solid products
that accumulate over time, meaning that soil profiles
record their own history, at least to an extent; this idea
was first put forward by Aleksei A. Rode (1947) and later
called “soil memory” (Targulian & Sokolova, 1996). Fast
and slow changes in complex soil systems thus require an
evolutionary and holistic approach to account for their
connections and to quantify structural and informational
accumulation alongside energy and matter conservation.

Second is the principle of dissipation plus organization,
which explains the simultaneous processes of dissipation
(that create the soil matrix) and organization (that create
soil structure) that occur in the formation and evolution
of natural soil systems. The idea is consistent with the
theory of dissipative structure and self-organization:
soil entropy changes provide potential indices for the
degree of soil weathering (residuals) and soil structural
development (fluxes) once appropriate quantification is
made. In addition to energy and mass changes, entropy
change and its link to a complex system’s orderliness and
information need to be quantified to gain a fuller under-
standing of soil complexity.

Third is the principle of space plus time, which high-
lights the fundamental differences and intimate links bet-
ween time and space. Space is reversible (you can return
to a location already visited), conservative in the sense
that energy and matter cannot be created or destroyed
but can be transformed and transferred, and structured
in three dimensions; time is irreversible, evolutionary, and
nonstructured (always moving in one direction); however,
time and space both share the common characteristics of
preferentiality (preference for different spatial locations
and preference for different stable states through time)
and thresholds (abrupt changes) that govern soil functions
and soil evolution.

Lin admits that there are many unknowns in the work-
ings of the soil system, but he argues that his three princi-
ples offer useful perspectives for modeling and predicting
soil change and pedogenesis. They are certainly areas
where the systems approach may provide new pedological
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insights that build upon the foundations laid by
Dokuchaev, Jenny, Simonson, and the other giants of
the discipline.
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Soils, Chemical Weathering, and Climate Change in Earth History
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ABSTRACT

Earth’s changing climates, landscapes, and atmospheres are recorded in paleosols, which form in the Earth’s
critical zone by interactions between the lithosphere/pedosphere, biosphere, atmosphere and hydrosphere.
Weathering during much of the Precambrian Eon was dominated by very high pCO, (10x to >20x present atmo-
sphericlevel, PAL) leading to acidic chemical weathering, with additional and very poorly constrained weathering
influences of primitive biota. The Great Oxidation Event at 2.0-2.2 Ga was marked by a major increase in pO,,
which was still very low compared to modern conditions. Towards the end of the Precambrian (Neoproterozoic)
at least two major Snowball Earth glaciations occurred, punctuated by rapid warming, which intensified
weathering processes, leading to releases of nutrients to oceans and the Cambrian Explosion and diversification
of life. By the early Paleozoic the first nonvascular land plants evolved; these were small in stature, lacked deep
root systems, were spore-reproducing, and were limited to wet soil environments. They were followed by the
arrival of invertebrate terrestrial soil organisms. By the Middle to Late Devonian, trees with deep-penetrating
root systems evolved that accelerated weathering and soil formation through the release of organic acids, which
enhanced clay production. Coincident with afforestation, a significant drop in pCO, (at or below PAL) and con-
comitant rise in pO, (for a time exceeding PAL) culminated at the end of the Paleozoic Era with widespread
Carboniferous coal swamps. Paleosols record the end-Permian mass extinction and the Cretaceous-Paleogene
mass extinction and complement the marine records of these events. The Paleocene-Eocene Thermal Maximum
(PETM), a transient 200 kyr warming spike attributed to release of methane hydrates, is considered the closest
ancient analog to modern climate change. Evolution of angiosperms (flowering plants) in the Cretaceous, and
C, grasses in the Miocene, record increasing diversification of land plant strategies and ability to occupy all
known major terrestrial ecological niches.

2.1. INTRODUCTION

2.1.1. Definition of Paleosols

Paleosols are “fossil” soils that have been buried and
preserved as part of the sedimentary rock record
(Retallack, 2001a). In Quaternary deposits, the paleosols
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are commonly referred to as “buried soils” and are
relatively soft and unconsolidated, with properties like
those of modern soils (Birkeland, 1999). For older (pre-
Quaternary) paleosols, the processes of burial compac-
tion and diagenesis (cementation and mineral alteration)
contribute to lithification, resulting in a paleosol with
rock properties. Retallack (1988) proposed that three pri-
mary criteria identify paleosols: root traces, soil horizons,
and soil structures (peds).

Root traces are the most unequivocal evidence for a
fossil soil (Retallack, 1988, 2001b). Such traces satisfy
even a soil scientist’s definition of soil as material that
supports, or once supported, plant life. However, roots
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are rarely preserved as fossil organic tissues. More com-
monly, “drab-haloed” root traces are preserved in paleo-
sols because of organic decomposition of root tissues
and redox changes occurring within the root pore.
Rhizoliths and rhizocretions composed of calcium car-
bonate have high preservation potential. Root casts are
infilled with soil/sediment due to preferential stages of
periderm and endoderm decay. Permineralization/petri-
faction of tissues is possible in some circumstances, as is
carbonization of organic tissues. Problems arise because
of secular changes in plants and plant root systems, and
the fact that many older paleosols must have formed
without vascular land plants. Pre-Devonian soils had no
true roots, as indicated by studies by Driese and Foreman
(1992), Driese and Mora (2001), and Driese et al. (1992,
1997, 2000), which have shown evidence for pre-Silurian
lichenous (or algal) mats (but no roots), and Silurian
rhizomatous structures (2-3 cm deep). The Devonian
exhibits the transition to “true roots,” with Early Devonian
paleosols showing evidence of roots 10-15 cm deep and
Late Devonian taproots 2-3 m deep.

Soil horizons are very diagnostic when identifiable,
because they indicate specific genetic processes of soil
formation (e.g. clay or carbonate accumulation); how-
ever, boundaries (and horizons per se) are commonly
quite obscure due to loss of organic matter during dia-
genesis, loss of original soil colors during burial diagen-
esis and loss of soil structures during cementation
(Retallack, 1988, 2001b). Soil horizons do not always
equate with changes in rock color nor with changes in
grain size.

Soil structures (peds) are diagnostic because parent
materials, such as mudrocks, are typically fissile or bio-
turbated when deposited, but ped formation imparts a
different weathering pattern that is distinctive in the field
(i.e., ped structures), which have different sizes and shapes
indicative of specific pedogenic processes (Retallack,
1988, 2001b). Peds commonly are the result of episodic
soil wetting and drying, as well as soil disturbance by
plant roots and soil animals. Peds appear to survive
physical compaction during burial diagenesis, but
secondary cementation may make peds very obscure.

Other supplementary criteria include micromor-
phology (thin-section analysis), geochemical patterns of
elemental gains or losses attributable to weathering,
stable isotopes of organic matter and carbonate, deposi-
tional or paleoenvironmental “context,” such as
association with paleocatenary relationships of a past
landscape, sequence-stratigraphic boundaries, exposure
surfaces, etc. (e.g. Atchley et al., 2013a; Birkeland, 1999;
Retallack, 2001b; Sheldon & Tabor, 2009; Stoops, 2003).
In particular, mineral weathering has been evaluated geo-
chemically using the Chemical Index of Alteration (CIA)
of Nesbitt and Young (1982): 100 x [(ALO,)/ (AlL,O, +

CaO + Na,O + K,0)], and a K-free version defined as the
Chemical Index of Alteration minus Potash (CIA-K) by
Maynard (1992): 100 x [(ALO,/ (AL,O, + Na,O + CaO).

2.1.2. Soil-Forming Factors

Very early work by the British naturalist Charles
Darwin and the Russian soil scientist Dokuchaev was
conducted to determine the relative importance of plants
versus animals in soil formation (Johnson & Schaetzl,
2015). These efforts were followed by development of the
Environmental Factor Model of Hans Jenny (1941),
written as: S = f (cl, o, 1, p, t). The original model states
the soil (S), is a function of the “soil-forming” factors of
climate (cl), organisms (o), relief (or topography/drain-
age) (r), parent material (p), and time (t). As it turns out,
Jenny did not consider these so much as variables and
factors of soil formation, but rather as “state factors”
whose interrelationships and fluxes define the evolution
of the soil system. Nevertheless, as a conceptual model,
the Jenny (1941) soil state factors concept is still very
useful, and changes in soils and weathering as functions
of changes in climate and organisms are the foci for our
discussion. If several of these factors can be isolated,
then one can be examined: for example, for climose-
quences the attempt is to try to isolate and hold constant
all the state functions except for climate. Similarly, for a
chronosequence, the attempt is to try to isolate and hold
constant all the state functions except for time. For a
toposequence, one isolates all the state functions except
for relief or landscape position/drainage. A lithose-
quence compares soils formed on different parent
material lithologies. For a biosequence, one would com-
pare soils in which all the state factors are constant
except for soil organisms (plants and animals). As should
also be apparent to the reader, identifying an ideal soil
system for study that isolates a single state factor (climo-,
bio-, topo-, litho- or chronosequence) is exceedingly dif-
ficult (Birkeland, 1999).

2.1.3. Paleosols as Potential Records
of “Paleo-Critical Zones”?

As originally defined by the National Science
Foundation (NSF) Geosciences Beyond 2000 Report, the
“Critical Zone” highlighted challenges to the Earth sci-
ences community to expand its capability to predict
future changes in the Earth climate system (NSF, 2000).
The National Research Council and National Academy
of Sciences subsequently identified integrative studies of
the critical zone as one of the six compelling opportu-
nities for earth scientists in the next decade (National
Research Council, 2001, 2003). In 2006 NSF created and
funded a national Critical Zone Observatory (CZO)
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program, which now consists of 10 active observatories
stationed throughout the US (http://criticalzone.org/).

Why is the critical zone (CZ) so important? The CZ is
defined as the near-surface environment in which com-
plex interactions involving rock, soil, water, air, and living
organisms regulate the natural habitat from the top of the
vegetation canopy to the groundwater table below
(Brantley et al., 2007; National Research Council, 2001).
Critical zones are actualistic environmental laboratories
designed to study the biogeochemical byproducts of the
interactions of the atmosphere (energy, gases) and hydro-
sphere (water flux, mineral weathering) acting on the lith-
osphere (chemical elements, physical substrate) to
produce the pedosphere (weathered lithosphere, nutrient
storage) and biosphere (floral/faunal, nutrient cycling).
Critical zone studies provide a framework for studying
the response of Earth systems to the effects of tectonic,
climatic, and anthropogenic perturbations at multiple
temporal and spatial scales. CZOs are designed to study
the interface of Earth systems within a defined area by
monitoring climate with weather stations and for water,
chemical, and gas flux; assessing vegetation dynamics
from the landscape to molecular level; and performing
thermodynamic and kinetic modeling of the integrated
system.

However, the sedimentary geology community, and the
smaller subset community interested in paleosols (i.e.
paleopedology), has largely been excluded from the CZ
discussion, which is unfortunate because it is the deep-
time sedimentary record that informs us about past CZ
systems and provides important information useful for
predicting future changes in the Earth climate system. An
NSF “Transitions” report (Parrish et al., 2011) argued
that the deep-time critical zone (DTCZ) concept is impor-
tant because future climate states will appear unlike
anything we have seen during the last glacial epoch (last 2
Ma years). Further, climates of the past are often exam-
ined using general circulation models (GCMs); however,
the only test of the validity of any proposed GCM is to
use actual data obtained from ancient geologic records of
climate preserved in rocks, including ancient soil deposits
known as paleosols. Geoscientists researching paleocli-
mate are thus positioning themselves to study critical
transitions of the past to better understand our future
(Montafiez & Isaacson, 2013; Parrish & Soreghan, 2013).
Nordt and Driese (2013) proposed to extend the CZ con-
cept to deep time, arbitrarily defined as pre-Quaternary
(>2 Ma).

The preservation potential of CZ properties in the deep-
time sedimentary record is under examination; however,
because of recent advances in the study of paleosols, and
especially in the development of refined geochemical
paleoclimate proxies and pedotransfer functions for
certain soil types, it is now possible to reconstruct

biogeochemical cycles from paleosols preserved in the
sedimentary record in deep time (Nordt et al., 2011).
Nordt and Driese (2013) presented a case study of a
DTCZ as investigated within the framework of a DTCZ
observatory. A broad compilation of geochemical
approaches to paleoclimate study using paleosols is
provided in Sheldon and Tabor (2009). Advances in inter-
pretations derived from modern soil geochemical data-
bases have greatly improved our understanding of the
geochemistry of weathering; in addition, better methods
for estimating mean annual precipitation (MAP) and
mean annual temperature (MAT) have been found using
the bulk geochemistry of paleosols (e.g. Gallagher &
Sheldon, 2013; Lukens et al., 2018; Nordt & Driese, 2010a,
2010b; Sheldon et al., 2002; Stinchcomb et al., 2016).

2.1.4. Paleosol Taxonomy

Taxonomic systems provide a means of consistent
identification, classification and communication of key
attributes of natural phenomena. The most commonly
used modern taxonomy is the US system that employs 12
soil orders at the highest categorical level (Soil Survey
Staff, 1999). This system has been applied more than any
other to paleosols, even though because of burial diagen-
esis it is difficult measuring some of the properties in the
same way as in modern soils. A commonly used alternative
system designed specifically for paleosols uses only observ-
able field properties, which is not as robust from an inter-
pretive standpoint, but easier to use (Mack et al., 1993).

To assist with referencing of paleosol types, and as a
proxy for the soil-forming factors, we refer to both taxo-
nomic systems in this chapter. Table 2.1 provides a sum-
mary of key properties for the modern US soil taxonomy,
and Table 2.2 key properties developed specifically as a
paleosol taxonomy.

2.2. PRECAMBRIAN EON (4.55-0.54 GA)

2.2.1. General History

The Precambrian comprises seven-eighths of Earth
history and ended circa 540 million years ago; it is gener-
ally subdivided into two formal geologic time units, the
Archean and Proterozoic eons, with the boundary at 2.5
Ga, and inclusion of a pre-Archean unit known as the
Hadean for time (not represented by preserved rock)
extending from the initial formation of the Earth at 4.55
Ga and ending at about 4.1 Ga (Figure 2.1). During this
vast interval of time, the first continental crust formed, as
well as the first water bodies and first atmosphere on
Earth. Paleosols, although commonly cryptic and meta-
morphosed, are routinely used to interpret the pO, and
pCO, of the Precambrian atmosphere, as well as providing
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Table 2.1 Summary properties of modern soil orders.

Soil Order Common Horizons  Diagnostics Interpretation
Entisols A Ochric surface horizon, no Weakly developed
subsurface diagnostics
Inceptisols Bw, Bk, By, Bg Cambic, calcic, gypsic horizons, Weakly to moderately developed subsoil (structure, salts)
differential drainage
Mollisols A Mollic surface horizon, variable  Grassland surface horizon, weakly to moderately
subsoil horizons developed subsoil (structure, salts)
Alfisols Bt, Btg, Btk, Bty Argillic horizon, differential Well-developed subsoil (silicate clay), hardwood forests
subsoil horizons or savannas
Spodosols  Bhs, E Spodic, albic horizons Sandy subsoil (sesquioxides), coniferous forests
Ultisols Bt, Btg, E Argillic, albic horizons Well developed (silicate clay), few weatherable minerals,
hardwood or coniferous forests
Oxisols Bo Oxic horizon Very well developed (sesquioxide/kaolinitic clay), tropical
forests/savannas
Vertisols  Bss, Bssk, Bssy, Bssg Shrink-swell properties Weak to well developed, slickensides
Andisols  Bw, (Bk, By) Andic properties Weakly to moderately developed, volcanic ash
Gelisols Bf, Bj Gelic properties Weakly developed, permafrost
Aridisols  Bw, Bk, By, Bz, Btn  Climate regime Weakly to well developed, arid
Histosols O Organic materials Bogs, swamps

Source. Data from Soil Survey Staff (1999).

Table 2.2 Paleosol orders, associated properties, and equivalents to the U.S. Soil Taxonomy.

Common

Soil Order Horizons Diagnostics Interpretive Equivalents

Protosols A No subsoil Entisols, some Inceptisols

Calcisols Bk Calcic (presence of pedogenic calcite) Aridisols, Inceptisols, Mollisols, Vertisols,
Alfisols, Andisols

Gypsisols By Gypsic (presence of pedogenic gypsum) Aridisols, Inceptisols, Mollisols, Vertisols,
Alfisols, Andisols

Argillisol Bt Argillic (increase in clay) Alfisols, Ultisols, and some Mollisols, Aridisols

Spodosols Bhs Spodic, albic (translocation of OM and Spodosols

Al/Fe complexes;

Oxisols Bo Oxic (highly weathered, mostly Al and Fe) Oxisols

Vertisols Bss Vertic (shrink-swell) properties Vertisols

Gleysols Bg Wetness (Fe reduction) Aquic moisture regime of most soil orders (e.g.
Aqualfs)

Histosols @) Organic materials Histosols

Source. Data from Mack et al. (1993).

evidence for the presence of terrestrial (generally micro-
bial) life on Earth (Rye & Holland, 1998). Although a
detailed summary of Precambrian history is outside the
scope of this paper, in what follows we touch upon a few
high points.

2.2.1.1. Plate tectonic “styles”

The traditional view is that Precambrian plate tectonics
was dominated by at least three “cycles” of supercontinent
formation associated with superplume formation and epi-
sodes of juvenile crust formation at 2.7, 1.9, and 1.2 Ga,
interspersed with supercontinent breakups (Condie, 1998,
2004). The Archean-Proterozoic 2.5 Ga boundary corre-
sponds to a major worldwide unconformity and was

accompanied by a change from a more primitive form of
plate tectonics (characterized by small plates dominated
by rapid subduction beneath trenches of island arcs) to
modern-style plate tectonics (characterized by large plates
that interacted more slowly) (Cawood et al., 2006;
Korenaga, 2013). Proterozoic plates had a wider “free-
board” and increased shallow-marine and terrestrial
deposits. However, recent work by Dygert et al. (2018)
suggests that plate tectonics could have been active from
the Earth’s very beginning.

2.2.1.2. Geology and sedimentary deposits
Archean rocks are dominated by (1) granite-gneiss ter-
rains (complexly deformed and metamorphosed granite
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Figure 2.1 Changes in climate, organisms, and atmospheric chemistry important to chemical weathering during
the Precambrian. Geologic timescale after Walker et al. (2018). Sources: Kasting (1987, 1993), Rye and Holland
(1998), Sheldon (2006), Mitchell and Sheldon (2010), Driese et al. (2011), Kanzaki and Murakami (2015, 2016),

Mills et al. (2019).

and gneiss, which are the oldest basement rocks dated on
Earth) and by (2) greenstone belts (less deformed
sequences of rocks composed of, from bottom to top:
ultramafic rocks such as peridotites, overlain by pillow
basalts, which are in turn overlain by deepwater (turbi-
dite) greywacke (dirty, clay-rich) sandstones and shales
(Wiemer et al., 2018). Paleosols are notably rare (Rye &
Holland, 1998). The formation of cratonic lithosphere
coincided with the initiation of plate tectonics deter-
mined as circa 3 Ga by Beall et al. (2018). Proterozoic
sedimentary rocks are more diverse and include shallow-
water sandstone, shale, and carbonate rocks; extensive
evaporite deposits; terrestrial red-bed deposits; banded
iron formations containing mainly oxidized Fe; and more
abundant paleosols. The amount of continental crust was
extensive by this time, and the Earth’s plates were
approaching the sizes of today.

Problems invariably arise when examining Precambrian
paleosols for use as paleoclimate proxies because of
metamorphism involving textural, mineralogical, and

chemical changes (Retallack, 1992). Nearly all
Precambrian paleosols have been metamorphosed to
varying degrees, some as high as garnet and sillimanite
grade, but most are greenschist grade or lower. Resulting
reconstitution of chemistry, new crystal growth, and new
minerals make it difficult to infer the original weathering
profile, and thin-section micromorphological assessment
of original pedogenic features is difficult. Potassium
metasomatism, which is the wholesale addition of large
quantities of K,O to the profiles by warm to hot burial
fluids, also presents a major problem. Most Precambrian
paleosols are enriched in K, and some are enriched in
Na,O as well. Therefore, chemical indices of alteration
(CIA) calculated from bulk chemical data must be
corrected before considering applications of weathering
or MAP proxies to the profiles (Driese et al., 2007; Fedo
et al., 1995). Finally, absence of body fossils is problem-
atic, and there may not even be any isotopic or biogeo-
chemical traces of organisms (microbes) that were
involved in the weathering processes.
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2.2.2. Paleosol Records of Atmospheric CO,

The early atmosphere of Earth originated by a
combination of volcanic exhalations, plus gases and ice
captured from passing comets. Precambrian atmospheres
were not identical to those of modern Earth’s (Canfield,
2005; Catling & Claire, 2005; Zahnle, 2006). Astronomic
constraints, referred to as the “faint young-sun paradox,”
are known from solar evolutionary models that predict
an early Archean sun that was 30% less luminous than
today. With a weaker sun and an atmosphere like that of
today, the entire surface of the Earth should have been
frozen (frozen oceans). The “paradox” is that the geolog-
ical record indicates that liquid water was abundant, that
weathering was occurring on the surface, and that there
were at least two major intervals of glaciation (2.3-2.5
Ga, 800-650 Ma) (von Paris et al., 2008), and possibly a
third at 2.9 Ga (Kopp et al., 2005). The solution to the
paradox is that Earth must have had an early atmosphere
that was enriched in greenhouse gases, such as CO,,
methane, and water vapor; early calculations by Kasting
(1993) suggested that CO, concentrations were as high as
50x—100x present atmospheric levels (PAL), which would
have provided the necessary greenhouse effect. More
recent modeling by Kanzaki and Murakami (2018a,
2018b) suggested that the Archean pCO, levels need not
have been nearly this high to maintain ice-free conditions,
which is also supported by estimates derived from paleo-
sols placing conditions at =10x-20x PAL during the
Archean and between ~1x and 10x PAL during the
Proterozoic (Driese et al.,, 2011, 2018; Kanzaki &
Murakami, 2015; Mitchell & Sheldon, 2010; Sheldon,
2006, 2013).

2.2.3. Paleosol Records of Atmospheric Oxygen

Rye and Holland (1998) examined published reports of
more than 50 Precambrian paleosols described in the lit-
erature, ranging in age from the 2.75 Ga Mt. Roe paleosol
in Australia to the 1.1 Ga Sturgeon Falls paleosol from
Michigan. Paleosols were classified as definite, likely,
possible, or unlikely, depending on whether they satisfied
what the authors proposed to be five diagnostic criteria:
(1) The paleosol must be developed on homogeneous
parent rock and have been preserved in place (not on
transported material). (2, 3, 4) The paleosol must exhibit
changes in mineralogy (2), texture (3), and chemical com-
position (4) from the parent material to top of paleosol
that are consistent with soil-forming processes. (5) There
must be identifiable soft-sediment features along the
contact between the paleosol and immediately overlying
rocks, indicating that it was initially unlithified.

Rye and Holland’s (1998) interpretations were that
the chemical profiles in the 15 identified “definite”

paleosols clearly indicated that atmospheric pO, rose
between 2.75 and 2.0 Ga. The X Fe/Al ratio profiles
suggest that atmospheric pO, rose from < 8 x 107 atm
to >0.03 atm by around 2.2 Ga, termed the Great
Oxidation Event. Kanzaki and Murakami (2016), in
contrast, have estimated lower pO, levels for four previ-
ously published Archean and Proterozoic paleosols:
10771-107%* atm at ~2.46 Ga, 107°°-1072° atm at ~2.15
Ga, 1072-107"7 atm at ~2.08 Ga, and more than 1074°-
107209 atm at =1.85 Ga. Comparison of their calculated
PO, levels to the previously proposed quantitative pat-
terns of oxygen rise in the literature suggests that a
drastic rise of oxygen would not have occurred at
~2.4 Ga, instead supporting a slightly rapid rise of
oxygen at =2.4 Ga and a gradual rise of oxygen in the
Paleoproterozoic over the long term. Two case studies
are mentioned here: (1) the 2.2 Ga Hekpoort paleosol
at Waterval Onder, South Africa, which is the youngest
Precambrian paleosol for which Fe is mainly reduced,
which would seem to indicate lower oxygenation
(Driese, 2004; Retallack, 1986a; Rye & Holland, 2000),
and (2) the 1.8 Ga Mt. Isa paleosols of Queensland in
northeastern Australia, for which the Fe in the paleosols
is completely oxidized (Driese et al., 1995). The Mt. Isa
paleosols contain prominent redoximorphic features that
suggest warm to cool temperate paleoclimate (mean
annual soil temperature 5-20 °C) characterized by
seasonal saturation, with a minimal concentration of
organic C (at least 1 wt%, possibly of microbial or bacte-
rial origin) to allow for Fe reduction.

2.2.4. Neoproterozoic “Snowball Earth” Events,
570-680 Ma, and Paleosols

The “snowball Earth” hypothesis posits that the Earth’s
surface became entirely or nearly entirely frozen at least
once, sometime earlier than 650 Ma (Hoffman et al.,
1998; Hoffman & Schrag, 2002). Proponents of the hypo-
thesis argue that it best explains sedimentary deposits
generally regarded as of glacial origin at tropical paleo-
latitudes, and other otherwise enigmatic features in the
geological record. Opponents of the hypothesis contest
the implications of the geological evidence for global gla-
ciation, the geophysical feasibility of an ice- or slush-cov-
ered ocean, and the difficulty of escaping an all-frozen
condition. There are several unanswered questions,
including whether the Earth was a full snowball or a
“slushball” with a thin equatorial band of open (or sea-
sonally open) water. The geological time frames under
consideration come before the sudden multiplication of
life forms on Earth known as the Cambrian explosion,
and the most recent snowball episode may have triggered
the evolution of multicellular life on Earth. Another,
much earlier and longer, snowball episode, the Huronian
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glaciation, which occurred 2400 to 2100 Ma, may have
been triggered by the oxygen catastrophe.

One well-studied paleosol formed between Cryogenian
glaciations is the Baltic paleosol of Estonia (Driese et al.,
2018; Liivamagi et al., 2014, 2015). The Neoproterozoic
record of paleosols is generally sparse; however, the
weathering intensity as well the depth of the weathering
of the Baltic paleosol is remarkably higher/deeper com-
pared to about 570 Ma weathering profiles described in
the Gaskiers Formation, Newfoundland, Canada
(Retallack, 2013c), which are thin and weakly developed,
with maximum CIA values of 60 and clay content bet-
ween 30% and 40%. In contrast, the 980 Ma sub-Torrido-
nian Group weathering profile in Scotland more closely
resembles the Baltic paleosol and is characterized by
significant oxidation and pedogenic clay formation
(including smectite) at the expense of primary silicate
phases, indicating formation in a subhumid and probably
seasonal temperate to tropical environmental setting
(Retallack & Mindszenty, 1994). Also, well-preserved
Mesoproterozoic paleosol profiles (Sturgeon Falls and
Good Harbor Bay, Michigan, USA) described by
Mitchell and Sheldon (2009; 2010) have lower CIA values,
up to 50 in Good Harbor Bay and 58 in Sturgeon Falls, as
compared to the higher values of the Baltic paleosol.

The climate during Neoproterozoic time was character-
ized by episodic “snowball Earth” cooling events
(Harland, 2007), whereby the cool climate states were
punctuated by warm-humid periods (Pierrehumbert
et al., 2011). It has been suggested that highly cyclic CO,
levels accumulated over the glacial periods triggered
intense continental weathering “consuming” the elevated
atmospheric CO, (Ridgwell et al., 2003). Effects on paleo-
sol development should have been pronounced: for
example, periglacial paleosols representing the oldest
paleo-Gelisols that are evidence for a cold Cryogenian
paleoclimate were reported near Adelaide, South
Australia, by Retallack et al. (2015), and these paleosols,
which clearly formed in a much colder paleoclimate, are
quite unlike the Baltic paleosol. MAP estimates of circa
1500-1600 mm/yr for the Baltic paleosol are based on the
CIA-K geochemical proxy of Sheldon et al. (2002) and
MAT estimates of 13-15 °C based on their Na/K salini-
zation model (Driese et al., 2018; Liivamaigi et al., 2015).
The duration of paleoweathering for the Baltic paleosol
could not be constrained except to <40 million years.

2.2.5. Primitive State of Terrestrial Biotic Conditions
and Cryptic Preservation

The traditional view of Precambrian life on land has
been described by some as a microbial “slime-world”
dominated by cyanobacteria, bacteria, and fungi. But
this is perhaps too simplistic, and what if we are

underestimating the role of terrestrial biota in
Precambrian weathering processes? Arbuscular mycor-
rhizal fungi are the most ancient of the mycorrhizal fungi,
with fossil evidence going back to the Ordovician period
(Redecker et al., 2000). However, molecular clock studies
indicate that they may have originated much earlier, pos-
sibly 1.2-1.4 Ga (Heckman et al., 2001). Increasing evi-
dence points to the origin of eukaryotes after the Great
Oxidation Event of 2.0-2.2 Ga (Beraldi-Campesi, 2013).
Modern studies in South Africa show a diverse biosphere
that consists of microbes and eukaryotes (Eukaryota,
Bacteria, and Archaea), which occupy fractures and
other micropores at great depths below the current sur-
face (1-2 km) under conditions of elevated temperature,
unusual water chemistry, and in which the organisms are
either sulfur-reducing bacteria (under low oxygen) or
eukaryotes that mainly feed on fungal mycelia coating the
fractures and mineral surfaces (Borgonie et al., 2011,
2015). The estimated biomass in these deep terrestrial
systems must be significant. Documentation of such eco-
systems in the paleo (rock) record is currently lacking.
But is it because of lack of preservation, or because
researchers have not been looking hard enough?

Biotic enhancement of weathering and changes in
atmospheric oxygen and carbon dioxide across the
Neoproterozoic (1000-544 Ma) were proposed by Lenton
and Watson (2004) and linked to selective weathering of
phosphorus from rocks. Kump (2014) hypothesized a link
between Neoproterozoic “greening” of the land surface
and formation of a more oxygen-rich paleoatmosphere,
starting at circa 850 Ma, which reflected the establish-
ment of the first terrestrial fungal-lichen ecosystems.
Mitchell and Sheldon (2010) used the chemical composi-
tion of the ~1.1 Ga Sturgeon Falls profile in Michigan to
calculate an atmospheric pCO, value of 4-6x PAL, which
is like previous estimates for the 980 Ma Sheigra paleo-
sols in Scotland (Sheldon, 2006). A new study links the
rise in atmospheric oxygen in the Precambrian to cooling
mantle and crystallization temperatures, which also lead
to the rise of crystallization of igneous rocks with
increasing P; phosphorus is an essential nutrient that
became increasingly available to organisms in the
Precambrian (Cox et al., 2018).

Examining the Earth system more broadly, the appear-
ance of eukaryotic macrofossils, according to Beraldi-
Campesi’s (2013) compilation, could have been as early as
the Paleoproterozoic, which was well after the preserva-
tion of paleosols, terrestrial microfossils, and paleosol
organic matter. Raman spectroscopy has been shown to
be very useful for interpreting types of organic matter in
geologic materials. In a recent study by Homann et al.
(2018) kerogen was identified in 3.2 Ga terrestrial organic
mats. Molecular-clock studies by Heckman et al. (2001)
suggested that among eukaryotes, nematodes were likely
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the first soil animals, appearing in the late Proterozoic at
1.2 Ga, before arthropods and vertebrates, and coinci-
dent with fungi and early plants such as green algae.
Interestingly, nematodes have been filtered by Borgonie
et al. (2011, 2015) from water pumped or seeping out of
fractures in gold mines in South Africa, at depths of 1-2
km, and thus they are clearly able to survive under
extreme environmental conditions of elevated tempera-
tures and unusual water chemistries.

2.3. PHANEROZOIC EON (540 MA TO PRESENT)

Boucot et al. (2013) provided a comprehensive analysis
of Phanerozoic paleoclimate in the form of an atlas of
lithologic indicators of climate. It utilized geophysical
data to establish the paleo-positions of the Earth’s tec-
tonic plates through geologic time, at the same time using
the spatial distributions of sedimentary lithologies indic-
ative of specific climate conditions, some of which are
paleosols or related materials (e.g. coal, laterite, bauxite,
kaolinite, calcretes, etc.). Mack and James (1994) pro-
posed a global relationship between paleoclimate and
paleosols, using the Mack et al. (1993) paleosol taxonomy

(described previously) for the Phanerozoic. Retallack
(2001b, 1986b) predicted changes in paleosols
corresponding to changes in climate as well as in biota
(flora and fauna) over Earth history. For example, prior
to the Devonian, he predicted that only Entisols,
Inceptisols, Vertisols, Aridisols and Oxisols were present,
but after the Devonian-Carboniferous transition,
Histosols (the dominant soil type of modern swamps),
Alfisols, Ultisols, and Spodosols (soil types associated
with modern forests) appeared; the last major change was
the appearance of Mollisols in the Cenozoic associated
with the appearance of grasses and grassland ecosystems
(see Tables 2.1 and 2.2). In what follows, we present a
brief overview of changes in weathering as related to evo-
lutionary changes in biotic (flora, fauna) conditions, as
well as changes in climate and paleoatmospheric pCO,
and pO, (summarized in Figures 2.2-2.5).

2.3.1. Early Paleozoic Era

2.3.1.1. Early life on land
The early Paleozoic era was the time of the origination
of terrestrial plant and animal life on Earth. The
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Figure 2.2 Changes in climate, organisms, and atmospheric chemistry important to chemical weathering during
the Paleozoic. Geologic timescale after Walker et al. (2018). Sources: Veizer et al. (1999), Berner and Kothavala
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conventional wisdom is that (1) aquatic life migrated out
of the oceans and out of freshwater bodies into the ter-
restrial environment, and that (2) land plants were fol-
lowed, temporally, by land animals, because the animals
would have utilized plants as a food source (Beerbower,
1985; Gray & Boucot, 1978; Gray & Shear, 1992; Morris
et al., 2018). Soils and paleosols have been used exten-
sively to evaluate the evidence for the presence of early
terrestrial life on Earth; Retallack (1985, 1986b, 2000)
has proposed that paleosols provide an important archive
of terrestrialization in the early to mid-Paleozoic.

Molecular phylogeny suggests that land plants had a
common ancestor in aquatic green algae, and that there
are four major groups of plants: the liverworts, horn-
worts, and mosses comprise the bryophytes, or so-called
“nonvascular” plants, and the fourth group includes
the tracheophytes, or “vascular” plants. The transition
from the aquatic realm to the terrestrial realm was a diffi-
cult one and involved the following adaptive innovations:
(1) development of a waxy outer coating, or cuticle, to
prevent loss of water, (2) development of pores, called
stomata, to allow for gas exchange, (3) development of
reproductive structures and strategies that could function
on land, such as spores and seeds, that could be dispersed
by wind or later by animals, (4) development of a water
and food conducting system, and the ability to stand
erect and thereby overcome the Earth’s gravity field, and
(5) progressive differentiation of specialized parts, such
as stems, leaves, and roots, that each served different
functions (Gensel & Andrews, 1987). The search for evi-
dence of the timing of these disparate developments in
the geologic record has been challenging.

2.3.1.2. Timing and sequence of terrestrial coloniza-
tion by plants

Gray (1985) proposed that terrestrial plants without
vascular tissue, or bryophytes, were present by the mid-
Ordovician, as evidenced by terrestrial spores with a
tetrad morphology identified in terrestrial and nearshore
marine deposits, which was confirmed by later work by
Steemans et al. (2009) and Salamon et al. (2018). Gensel
and Andrews (1987) were more conservative and sug-
gested Late Ordovician to Early Silurian time, based on
both coexisting fossil spores and plant cuticle. Early land
plants with vascular tissue, or tracheophytes, bore trilete
spores and are subdivided into four major groups. Gensel
and Andrews (1987) and Stewart and Rothwell (1993)
proposed that the major morphological radiation of
vascular land plants occurred in Early Devonian time, as
follows. Gensel and Andrews (1987) and Hotton et al.
(2001) developed detailed reconstructions of Early
Devonian landscapes in the Gaspé region of Québec,
Canada, that suggest an affinity for water and wet soil
environments.

Rhyniophytes are the oldest line of vascular plants and
appear in the mid-Silurian, represented by the genus
Cooksonia, which was very small (2-3 cm tall), had simple
dichotomous branching, no leaves, no true roots (only rhi-
zomes), true xylem and phloem, and reproduced by spores
borne on terminal sporangia (E. Edwards & Wellman,
2001). Renalia is a related rhyniophyte that was larger than
Cooksonia, measuring 20-30 cm in height, and was distin-
guished by a main axis with branches bearing kidney-
shaped sporangia. Renalia had no leaves but was covered
by spiny or thorny emergences. This plant had rhizomes
with unicellular rhizoids but still lacked true roots.

Zosterophyllophytes first appear in the Early Devonian
and are exemplified by the genus Sawdonia, which was
up to 50 cm tall and had both trailing and upright stems
as well as a very thick and resistant cuticle; sporangia
were borne on the sides of the stem, and leaves were
spines attached to the stems (Hotton et al., 2001).
Zosterophyllopytes in the Early Devonian gave rise to the
Lycophytes. The Devonian genus Baragwanathia was a
Lycophyte characterized by the presence of abundant
microphyllous leaves, which are usually small in size,
exhibiting one unbranched vein, and sporangia that are
borne either on the leaves or on the axils. Microphyllous
leaves evolved through the enlargement and progressive
vascularization of thorns or other emergences, such as
occur on the related Renalia. By Middle to Late Devonian
time, Lycophytes bore leaves with 2-3 forks, and by Late
Devonian time they had become arborescent, with trunks
up to a half meter in diameter and heights of 8-10 meters.
By Carboniferous (Mississippian-Pennsylvanian) time,
some Lycophytes achieved heights of 30 m, and they were
a dominant element of coal swamps, represented by
Lepidodendron (trunk) and Stigmaria (roots).

The third major line of early land plants, the
Trimerophytes, is important for its possible role in the
evolution of megaphyllous leaves (seen in modern ferns)
and as the probable ancestor of both ferns and seed
plants. Psilophyton best characterizes this group; it grew
up to 30 cm high, with many branches terminating in
masses of paired sporangia producing large numbers of
spores, and with needle-like, spine-like, or forked emer-
gences. Pertica is an excellent example of an advanced
Trimerophyte, with a very complexly branched 3-D struc-
ture, standing 1-2 m tall, with sporangia borne on
terminal axes, and with thorny leaves. The genus Chaleuria
is exceptional in its preservation of evidence of hetero-
spory; that is, it bore two types of spores that were of
different sizes and sexes. This was antecedent to the
development of sex cells in plants and to the formation of
the first seeds. The heterosporous Progymnosperm line of
plants apparently arose from the Trimerophytes and was
important as the first plants exhibiting arborescence or
tree-like body plan (Gensel & Andrews, 1987).
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2.3.1.3. Origin of roots

Roots are one of the three fundamental organ systems
of vascular plants, serving functions involving anchorage,
water and nutrient uptake, and important symbiosis with
mycorrhizal fungi (Hetherington & Dolan, 2018). The
oldest true roots are in Asteroxylon, an Early Devonian
lycophyte from the Rhynie Chert of Scotland (D. Edwards
etal., 2017; Kidston & Lang, 1920, 1921), which has been
interpreted as silicified peat and thus potentially repre-
sents the oldest paleo-Histosol. Root evolution appears
to have paralleled other plant innovations but has been
largely ignored by paleobotanists because actual fossil-
ized root tissues preserved in paleosols are relatively rare
(Gensel et al., 2001). Algeo et al. (1995, 2001) provided an
excellent overview of this transformation of soils and ter-
restrial weathering processes as related to advances in the
size and depth of rooting coinciding with plant evolution.
Driese et al. (2000) and Driese and Mora (2001) proposed
a “pedological signature” of root evolution, character-
ized by progressive increases in rooting depth and mor-
phological complexity from the Silurian through the
Devonian, as evidenced by root traces and root casts
observed in Appalachian basin paleosols. By Late
Devonian time, trees with taproots exhibiting a very
modern aspect are common, and there appear to be fewer
morphological changes in roots since that time (Driese
et al., 1997).

2.3.1.4. Environments of colonization

A major question is whether early land plants were
bound by their poor root systems, lack of efficient
vascular tissues, and poor reproductive strategy (namely
spores) to life in wet, soggy soil environments? A problem
with addressing this issue is that plant fossils are typically
best preserved in greenish-gray, reduced sedimentary
deposits, rather than in red, oxidized paleosol deposits.
Indeed, many of the plants appear to have been trans-
ported some distance from where they might have lived.
However, paleosols and plant fossils preserved in the
Gaspé region of northeastern Québec show unusually
large numbers of plants preserved in growth position in
paleosols and buried by event deposits. This relationship
is documented in papers by Elick et al. (1998) and Hotton
et al. (2001), which suggest that some plants were water-
loving and lived in saturated soils near water bodies,
whereas other plants were adapted to drier and better-
drained soil conditions.

2.3.1.5. Early animal advances within the terrestrial
realm

The problems faced by aquatic animals in making the
transition to dry land were like those faced by aquatic
plants (Beerbower, 1985; Gray & Boucot, 1978; Gray &
Shear, 1992; Shear & Selden, 2001). Special environmental

problems that needed to be solved included (1) the need to
convert from water breathing with gills to air breathing
with primitive lungs or other adaptive structures and (2)
the need to overcome drying out, which was solved by
growing an exoskeleton made of organic-mineral mix-
tures such as cuticle or scleratin. Gray and Shear (1992)
proposed that plants did, indeed, precede land animals, at
least based on the fossil record for each. Retallack and
Feakes (1987), Feakes and Retallack (1988), and Retallack
(2000) presented evidence for the presence of trace fossils
of soil animals, such as millipedes and centipedes, in the
Juniata Fm. (Upper Ordovician) of central Pennsylvania.
Driese and Foreman (1991, 1992) examined an approxi-
mately time-equivalent paleosol succession (also Juniata
Fm.) in eastern Tennessee and found no evidence of soil
animals, only marine Glossifungites trace fossils that pen-
etrated the top of the paleosol after marine flooding and
transgression. A more conservative interpretation is that
the earliest body fossil record of invertebrate soil animals
are the trigonotarbids, which first appear in the Middle
Silurian and go extinct by the Early Permian (Gray &
Shear, 1992; Shear & Selden, 2001). They were 1-14 mm
predatory animals that were encased in armor and bore
distinctive fangs. Though spider-like, they did not have
any specialized structures for spinning silk to make webs.

Fossil centipedes first appear in Upper Silurian deposits
of the Old Red Sandstone at Ludford Lane, Ludlow, in
the Welsh Borderland. Fossil millipedes first appear in
Lower Devonian Rhynie Chert deposits of Scotland.
Being herbivores, both organisms were undoubtedly
important to soil-forming processes, as they fed upon
microbes and plant detritus. If Retallack and Feakes
(1987), Feakes and Retallack (1988), and Retallack (2000)
are correct in their trace fossil interpretations, then these
types of organisms may have been present in Late
Ordovician soils as well. Middle Devonian deposits at
Gilboa, in upstate New York, have yielded fossils of non-
flying insects, such as earwigs, as well as true fossil spiders
with preserved spinnerets (Gray & Shear, 1992; Shear &
Selden, 2001). Land scorpions and flying insects do not
appear in the fossil record until the Carboniferous Period,
often exquisitely preserved in carbonate concretions
known as coal balls, such as in the famous Mazon Creek
site in Illinois. Interestingly, the oldest fossil oligochaetes,
or earthworms, are Carboniferous, but the fossil record is
very poor. So it is likely that soft-bodied soil animals are
seriously underrepresented in the geologic record due to
poor preservation potential.

An interesting case study on early Paleozoic terrestrial-
ization includes the Vertisol paleosols in the Bloomsburg
Formation (Upper Silurian) of central Pennsylvania
(Driese et al., 1992). No vascular plant body fossils have
been recovered, and there is very poor spore preservation
in redbed paleosols. Cryptic pedogenic carbonate deposits
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with peculiar horizontal, branching, rhizomatous struc-
tures that are either a rhizome structure or the actual
body parts themselves (Driese et al., 1992; Driese &
Mora, 2001). They have moderately negative 8'*C values
ranging from —4 to —6 %o PDB, as compared with coeval
marine calcite that ranges from —0.5 to +1.5 %0 PDB. Soil
organic matter is sparse but averages about —26.5 %o
PDB. The pCO, estimates based on these carbon isotope
values suggest elevated levels of CO, that are as much as
10-12 times present atmospheric level (Mora et al., 1996).
The animal traces that are present are large, up to 2 cm in
diameter, and are deeply penetrating, to over 50 cm. They
could be soil animal traces of large millipedes and centi-
pedes, as proposed by Retallack (1986b), or possible
marine invertebrate traces.

2.3.2. Middle Paleozoic Paleosols and Interpretations
of Early Forest Ecosystems

2.3.2.1. The dawn of arborescence

The Middle Devonian was marked by the appearance
of arborescence in plants, and thus the appearance of the
first true forest ecosystems. Arborescence only became
possible as plants developed woody tissue, known as
secondary xylem, as a means of rigidifying the trunk and
allowing the plant to be large and still stand upright to
resist the effects of gravity. There are apparently physical
limitations as to how large a plant can be and be able to
hold itself upright by relying solely on turgor, or water
pressure maintained through vascular tissue. Development
of deeper and stouter root systems occurred concomi-
tantly with development of arborescence, and this per-
mitted plants to occupy progressively drier and
better-drained soil environments in more upland geomor-
phic settings. Miagdefrau (1952) provided an intriguing
series of hypothesized paleoecosystem reconstructions
for the Lower, Middle, and Upper Devonian that show
remarkable changes in the additions of forests to what
were herbaceous-dominated paleocommunities.

2.3.2.2. Innovative new plant groups

The innovation of arborescence in terrestrial commu-
nities arose in at least several plant groups derived from
ancestral trimerophytes, simultaneously in the Middle to
Late Devonian. The earliest true trees are likely repre-
sented by the cladoxylaleans, as exemplified by the genus
Eospermatoperis from the Gilboa Formation of upstate
New York. Driese et al. (1997) described sandstone-filled
stump casts of these large trees up to 50 cm in diameter
and over 1 m tall, preserved rooted in drab, gleyed, pyritic
siltstone and silty claystone paleosols that represent a
wet, poorly drained swamp environment. The trees were
buried by a rapid influx of sand associated with crevasse
splay or avulsion processes. Their root systems were

surprisingly shallow and strap-like, extending to several
meters from the base of the stump, which was probably
an adaptation to living in a wet soil environment.

Progymnosperms are the most widespread arborescent
group in the Late Devonian fossil record and are exempli-
fied by the genus Archaeopteris of the Catskill Formation
of upstate New York and Pennsylvania. This tree is
reconstructed to have had trunk diameters of up to 1 m
and heights of up to 30 m. It had very well-developed
woody tissue, differentiated leaves and stems, and was
heterosporous, meaning that it bore two sizes and sexes
of spores. This was antecedent to the development of sex
cells and sexual reproduction via seeds in later groups
such as the seed ferns and conifer-type seed plants. Driese
et al. (1997) described sandstone-filled stump casts of
Archaeopteris, up to 50 cm in diameter and 1 m tall, with
attached deep primary and secondary taproots up to 1.5
m deep, from fluvial channel-margin or levee deposits in
the Upper Devonian Catskill Fm. of Pennsylvania. The
soils were sandy and well drained, as evidenced by the red
colors and lack of redoximorphic features. Snigirevskaya
(1988) described permineralized stumps and root masses
of Callixylon from the Upper Devonian of the Donetz
region of Russia that measured 40-50 cm at the base, and
which were very morphologically like the sandstone-filled
stump casts from the Catskill Fm. described by Driese
et al. (1997) and Mintz et al. (2010).

Lycophytes, as mentioned earlier, were spore-reproduc-
ing plants that had humble beginnings in the Late Silurian
to Early Devonian. By Middle to Late Devonian time,
Lycophytes bore leaves with 2-3 forks, and by Late
Devonian time they had become arborescent, with trunks
up to a half meter in diameter and heights of 8-10 meters.
By Carboniferous (Mississippian-Pennsylvanian) time,
some Lycophytes achieved heights of 30 m and were a
dominant element of coal swamps, represented by
Lepidodendron (trunk) and Stigmaria (roots) (Gensel &
Andrews, 1987; Stewart & Rothwell, 1993). These plants
probably constituted the main biomass of coal deposits
(Histosols) formed in Pennsylvanian coal swamps in the
eastern US.

Conifers and conifer-bearing seed plants had their ori-
gins during the Mississippian period (Gensel & Andrews,
1987; Stewart & Rothwell, 1993). The development of a
seed was a significant adaptation for plants for two rea-
sons: (1) it allowed plants to recombine genes during sexual
reproduction, thereby permitting more evolutionary inno-
vations, and (2) it allowed plants to extend their range into
drier soil environments because their seeds were more
viable than spores, which must be shed onto moist sub-
strates to germinate. Unfortunately, the fossil and trace
fossil record for early conifers preserved in paleosols is
exceedingly poor, and we know of no good examples in the
literature or from rocks that we ourselves have examined.
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2.3.2.3. Ramifications of the emergence of early
forest ecosystems

2.3.2.3.1 Drawdown of atmospheric pCO, and
acceleration of rates of silicate weathering. Berner
(1994, 1997, 2001) addressed the geochemical signifi-
cance of developing forests on the long-term mass-bal-
ance carbon model for the Earth using his GEOCARB
model. Ibarra et al. (2019) examined the consequences
of land plant evolution on silicate weathering. The activ-
ities of trees and forests should have resulted in enhanced
silicate weathering and thus enhanced removal of atmo-
spheric CO,. There are several reasons for this enhance-
ment: (i) Rootlets (plus symbiotic microflora) with high
surface area secrete organic acids and chelates, which
attack minerals in order to gain nutrients; (ii) organic
litter decomposes to H,CO, and organic acids, providing
additional acid for weathering; (iii) on a regional scale,
forests recirculate water by means of transpiration fol-
lowed by rainfall, and thereby increase water-mineral
contact time; and (iv) forests anchor clay-rich soil,
retarding erosion and allowing for retention of water
and continued weathering of primary minerals between
rainfall events (Algeo et al., 1995, 2001). The model pre-
dicts a sevenfold drop in pCO, during the Devonian
period, which coincides with afforestation of the land
surface. Mora et al. (1991, 1996), Mora and Driese
(1993), Driese et al. (1992, 2000), and Driese and Mora
(2001) provided independent estimates for the Silurian-
Devonian to Permian pCO, reduction using the 8"°C
values of pedogenic carbonate sampled from a variety of
paleosols from the Appalachian Basin of the U.S. and
Canada. Their data showed that Late Silurian pCO, was
10-16x PAL, declining only slightly to 8-14x PAL by the
Early Devonian, and by early Late Devonian time had
declined to 2-6x PAL. There is a marked step drop at
about the Middle Devonian/Late Devonian boundary,
which may relate to the propagation of forests and C
sequestration in biomass. By Mississippian and
Pennsylvanian time, pCO, had dropped to 2-4x PAL,
and by Permian time was at or below PAL. The stomatal
density data of Chaloner and McElwain (1997) are in
general agreement with these interpretations; high sto-
matal densities reflect times when plants were CO,
starved because of low atmospheric pCO,, whereas low
stomatal densities correlate with times of CO, surplus
because of high pCO,.

2.3.2.3.2. Fuel source for wildfires. Cressler (2001)
considered evidence of the earliest known wildfires in
the Upper Devonian Catskill Fm. exposed near Red Hill
in north-central Pennsylvania. The presence of the char-
coal indicates that the Late Devonian paleoatmospheric
O, level was at least 13%, the lower limit for combustion.
Oxygen levels in the atmosphere may have reached this

level earlier in the Paleozoic Era or possibly in the
Proterozoic Eon, but the fuel source for combustion may
only have reached enough biomass by the Late Devonian
for charcoal to be readily evident. Charcoal fragments of
a zygopterid fern, Rhacophyton, are abundant, but there
are no burned fragments of the progymosperm tree
Archaeopteris. Apparently, the ferns composed the
understory of the forest and were ignited by lightning,
but the open structure of the forest, combined with the
deep root structure of the trees, precluded a substantial
burn of the forest canopy. The charcoal thus generated
was then washed into an oxbow lake, where saturation
prevented decay of the organic matter. There are some
thin coals (with enough organic matter to qualify as
paleo-Histosols) as early as Frasnian age in Canada and
thicker ones in West Virginia by Famennian time
(Retallack et al., 1996).

2.3.2.3.3. Oceanic anoxic events and biotic
crises. Algeo et al. (1995, 2001) proposed that the rise of
early land plants, and especially trees with deep rooting
systems, also had drastic consequences for marine organ-
isms and ecosystems. The higher degree of weathering on
land (i.e. intensified pedogenesis) associated with arbo-
rescence and the seed habit had both transient as well as
long-term effects, such as (1) increased fine-grained clay
sediment yields as more feldspars weathered to clay min-
erals and (2) increased nutrient flux to the world’s oceans
as more organic matter was generated, which resulted in
eutrophication and development of oceanic anoxia
(these, in turn, caused extinction events and widespread
black shale deposition, which increased Core burial and
enriched 8'3C marine carbonate values, and increased sul-
fide burial, which enriched sulfate 8*S values); (3)
increased development of modern soil profiles, with
attendant increased kaolinite and smectite abundances
and compositional maturity of sand and silt deposits
coming off of the continents; and (4) decreased atmo-
spheric and oceanic CO,, which increased global cooling,
leading to Permo-Carboniferous glaciation, and changed
oceanic chemistry affecting calcite solubility and dolo-
mite abundances. Retallack and Huang (2011) presented
an alternative interpretation, proposing that the wide-
spread black shales were due to enhanced weathering
caused by greenhouse spikes from Large Igneous Province
(LIP) volcanic processes.

2.3.2.3.4. Sequestration of organic C. Although forests
represent an enormous organic C sink, second only to
modern grasslands in terms of total biomass, the
Devonian forests did not give rise to formation of
Histosols and extensive coal deposits. There was appar-
ently a lag time until the Carboniferous before organic C
sequestration in coals became widespread. This may have
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to do with plants developing organic compounds more
resistant to microbial degradation. This is discussed next
when the Pennsylvanian coal swamp floras and soils are
described and characterized.

2.3.3. Carboniferous Coal Swamps and Glaciations,
Gondwana Supercontinent

2.3.3.1. Coal and clastic swamp and fluvial-deltaic
environments

The Pennsylvanian was marked by the appearance of
two major kinds of tropical swamps, as described in
DiMichele et al. (1986): (1) coal swamps, or paleo-Histo-
sols, represented by most thicker coal seams, and (2)
clastic swamps, represented by mineral paleosols.
Controlling the tempo of environmental change driving
ecosystem change were advances and retreats of
Gondwana glaciers, which affected global sea level, which
in turn controls base level. Gastaldo et al. (1996) provided
an important assessment of these conditions in relation
to modern changes in flora.

Coal swamps were described morphologically as either
planar (filling topographic lows on landscape), topoge-
nous (which are higher in ash and sulfur, and formed dur-
ing drier climate phases), or domed (forming topographic
highs on landscape); ombrogenous coal swamps are lower
in ash and sulfur and formed during wettest climate
phases. Coal swamps were semienclosed ecological
islands limited in species exchange with non-peat-form-
ing habitats, had low pH, low-nutrient and low-oxygen
availability, had low species diversity due to biotically
stressful conditions, and were distributed in a broad
equatorial belt, extending from the eastern half of the US
into Europe and China. The floral components are best
known from “coal balls,” which are permineralized
masses of plants preserved in carbonate concretions, with
exquisite preservation of cell structure, tissues, and repro-
ductive organs. Five major groups of plants comprise
95% of the biomass of coals (described later).

Clastic swamps were composed of broad ecological
bands with much greater species exchange than peat-
forming habitats and were better drained than coal
swamps, with moderate pH, moderate to high nutrients,
and moderate to high oxygen availability. They had a
higher species diversity than coal swamps due to less
stressful conditions. Floral components are best known
from “compression flora,” which are flattened masses of
plants preserved as coalified masses, carbonized films, or
as sandstone-filled tree stump and root casts; plant distri-
bution was controlled by subtle changes in topography
and nutrient supply: Lepidophiolos in swampy lows,
Lepidodendron was slightly higher, and Sigillarial
Calamites/ferns and pteridosperms grew on channel-
margin levees (Gastaldo, 1987).

2.3.3.2. Important floristic components

Lycopods were dominated by tree-like forms such as
Lepidodendron with Stigmaria root systems. The major
tissues were a very thick bark (periderm) and parenchyma
(rootlets and stems). They dominated poorly drained
habitats and may have had deterministic growth (one
cycle or season of reproduction, followed by death)
(DiMichele & DeMaris, 1987; Gastaldo, 1986). Psaronius
tree ferns produced mainly parenchymous tissues and
roots with abundant air chambers, which were very com-
pressible upon conversion to peat, so an abundance of
plants was needed to form an accumulation of organic
matter. Their “cheap tree construction” was characteristic
of an opportunistic “weed” species that took advantage
of physical or climatic disturbances to produce openings.
Pteridosperms, also known as seed ferns, consisting
mainly of medullosans, produced parenchyma that was
highly compressible and subject to decay, therefore not
contributing much to peat formation. These species
tended to live in better-drained habitats of the clastic
swamps. Sphenopsids are represented by “giant horse-
tails” such as Calamites and by sphenophylls. These two
major groups produced mainly woody tissues. Cordaites
are ancestors of the modern gymnosperms, or coniferous
plants, and produced mainly woody tissues. These tended
to live in better-drained habitats of the clastic swamps.

2.3.3.3. Major floral patterns

Basic patterns in tropical wetland mires were established
in the Early Pennsylvanian; coal swamps were lycopod
dominated during the Early and Middle Pennsylvanian,
and secondarily by Cordaites; ferns then took over
remainder of the Late Pennsylvanian, as lycopods
severely declined (Gastaldo et al., 1996). In tropical
clastic wetlands, pteridosperms dominated initially but
were replaced by tree ferns and gymnosperms, at about
the same time that the lycopods turned over and declined
in the coal swamps. There was also a Northern Temperate
Angaran Flora and a Southern Temperate Gondwana
Flora, with slightly different floral components. By
Permian time, and especially into Triassic time, there is a
tremendous floral turnover in favor of gymnosperms and
especially conifers (Kerp, 2000). Seed reproduction
apparently won out over spore reproduction, and coni-
fers could endure the better-drained, drier conditions on
the new paleolandscapes.

2.3.3.4. Carboniferous climate patterns interpreted
from mineral paleosols

Cecil (1990) proposed predictable sedimentological
responses to Mississippian, Pennsylvanian, and Permian
climate changes, and that these should be recorded by
both the distributions of coal and by paleosols through
time and space. Clastic sediment transport is low for both
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arid and tropical rainy climate regimes but is maximized
under seasonal wet-dry climates. Pedogenic carbonates
and evaporates form under lower precipitation and
humidity, clastics under intermediate conditions, and peat
and coal under the highest precipitation and humidity.
Domed peat swamps dominate during the wettest condi-
tions, whereas planar peat swamps dominate during drier
phases. Cecil (1990) showed that the long-term patterns of
sparsely developed coals during the Late Devonian to
Late Mississippian, with abundant redbed paleosols, indi-
cating semi-arid to wet-dry tropical conditions, was fol-
lowed by a dramatic shift in the Early Pennsylvanian to
wet-dry tropical to tropical rainy climates, marked by
well-developed coals and gleyed paleosols. Kahmann and
Driese (2008) documented the abrupt paleosol transition
from drier, better-drained, highly calcareous red paleosols
of the Pennington Formation (Upper Mississippian) to
the wetter, reduced, and coal-bearing basal Pennsylvanian
paleosols at Pound Gap in eastern Kentucky, USA.

Early and early Middle Pennsylvanian siliciclastic
paleosols were dominated by low-chroma, gleyed,
strongly chemically leached, kaolinitic “seat earths,” or
“paleo-Oxisols,” which were characterized by Gardner
et al. (1988) as mineral soils formed beneath peat swamps
in poorly drained environments. Driese and Ober (2005)
later determined that many of these seat-earth paleosols
began as well-drained reddish Vertisols that later became
poorly drained and saturated because of rising sea-level
or rising groundwater table; hence, paleosols are mostly
gleyed paleo-Vertisols with “sphaerosiderite” (sensu
Ludvigson et al., 1998) formed after pedogenic calcite
and typically preserved beneath Histosols (now coal
seams). These paleosols commonly also contain siderite-
rich rhizoconcretions and root masses, indicating poorly
drained, moderately low Eh conditions. Coal seams are
very thick and are correlative over large areas (Cecll,
1990). Paleoclimate was interpreted as wet tropical, with
high water table and a very short dry season. Middle and
Late Pennsylvanian siliciclastic paleosols are dominated
by high-chroma, well-drained, slickensided, smectitic-
illitic paleo-Vertisols or paleo-Aridisols that may be
gleyed at paleosol tops but red in the middle and base,
due to a rising water table associated with climate change
to wetter conditions, or to rising sea level, or both
(Joeckel, 1995, 1999). These paleosols are calcite rich,
with well-developed rhizoliths and rhizocretions, indi-
cating moderately high Eh conditions and high evapo-
transpiration. Coal seams are very thin, or absent, and
therefore are not correlative over large areas. The paleo-
climate was interpreted as drier, with lower water table,
and strong wet-dry seasonality.

By Late Pennsylvanian time, the climate shifted back to
one that was drier and not favoring coal development but
favoring red paleosol formation. Heckel (1995) and Cecil

(2013) discussed how glacial-eustatic sea-level changes
were likely the driving mechanism for climate changes of
various types during the Late Pennsylvanian. Heckel
(1995) presented paleogeographic reconstructions and
general circulation models (GCMs) that indicate that the
megacontinent Pangea was prone to a megamonsoonal
seasonal circulation. The Appalachian basin region,
though predicted to receive 550-730 mm yr~! MAP, would
have had summer temperatures greater than 30 °C, and a
seasonal soil moisture deficit of 30—50 mm yr™! due to high
evapotranspiration. The predominance of paleo-Vertisols
during this time is consistent with the climate models.
Montafiez et al. (2007) analyzed the carbon isotopic
values from mature and well-drained late Paleozoic
paleosols using pedogenic calcite and soil organic matter
as well as shallow-water gastropods (8'*0) to reconstruct
paleoatmospheric pCO, and tropical marine surface tem-
peratures during the Late Paleozoic Ice Age (LPIA).
Terrestrial samples were obtained from the Midland,
Pedregosa, Anadarko, and Paradox basins and the
Grand Canyon embayment of western paleoequatorial
Euramerica. Overall, they showed a strong CO,-climate-
glaciation linkage during the Permian, which is consis-
tent with generally accepted deglaciation of continental
masses and warmer climatic conditions. Their results also
show short-lived periods of glaciation during an overall
warming climate, raising the importance of under-
standing greenhouse/icehouse dynamics and linking it to
the climatic challenges we are facing today. Montafiez
et al. (2016) used soil carbonate-based and fossil leaf-
based proxies to reconstruct paleoatmospheric pCO, for
a 16 myr duration period during the late Paleozoic. Their
model showed substantial fluctuations in paleoatmo-
spheric CO, ranging from 200 to 700 ppm and reflecting
alternation of glacial/interglacial periods in very different
climatic and environmental conditions as we know them
today. They also correlated these fluctuations with expan-
sion and recession of the largest paleotropical wetland
forests on Earth and posited on the impact that this might
have had on atmospheric pO, and the soil carbon pool.

2.3.4. End-Permian Extinctions and Climate Changes,
Pangea Supercontinent

By the end of the Permian Laurasia and Gondwana
had collided and sutured to form a single large landmass,
termed Pangea. This land mass extended from the
extreme southerly latitudes, through the equator and into
high northerly latitudes, with a large region characterized
as arid to semiarid based on paleosols, estimates of MAP,
GCMs, and fossil assemblages (Poulsen et al., 2007;
Tabor et al., 2017). The extinction event termed by some
“the mother of all extinctions” resulted in major losses
(up to 90% of species) of both terrestrial and marine
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biodiversity (Erwin, 1994, 1996). These extinctions have
been attributed by some authors to abrupt climate change
and severe losses of shallow-marine habitats, and in
marine carbon isotope records there is an abrupt shift in
heavier 63C values that record this event. The paleosol
record includes numerous sites in the Karoo Basin in
South Africa (Smith, 1995) as well as the Dunkard Group
(Lower Permian) rocks preserved in the US Appalachian
Basin (Fedorko & Skema, 2013). Overall, the terrestrial
record is of drying and warming climate, and of dimin-
ished habitat (Veevers et al., 1994). A global “coal gap”
exists between the Permian-Triassic extinction and the
Middle Triassic recovery of peat-forming plants
(Retallack et al., 1996). Krull and Retallack (2000)
described a profound carbon isotope excursion of up to
10%o across terrestrial successions in Antarctica, which
they attributed to methane release.

2.4. MESOZOIC

The Mesozoic Era encompasses the Triassic, Jurassic,
and Cretaceous Periods, which range in age from ~250 to
66 Ma (F. M. Gradstein et al., 2012; Skelton et al., 2003;
Sues & Fraser, 2006) (Figures 2.3 and 2.4). The Mesozoic
represents a continuum of biogeochemical weathering
processes from the late Paleozoic, although with some
differences. Mass extinctions, massive basalt flows, the
rifting of the supercontinent Pangea, the rise and fall of
the dinosaurs, diversification of gymnosperms, and the
appearance of angiosperms all define this important
interval of geological time. Gondwana and Laurasia had
merged to form the supercontinent Pangea by the
Permian Period of the Paleozoic, which persisted until
Cretaceous times when continental rifting accelerated (G.
O. Klein, 1994; Scotese, 2001). Pangea was also migrating
slowly northward during most of the Mesozoic. There
were relatively narrow mountain chains across some
continental margins of Pangea, and sea level was relatively
low during the Triassic and Jurassic because of the presence
of the large land mass. Sea level increased substantially
from sea floor spreading during the greenhouse world of
the Cretaceous (Haq et al., 1988).

The Mesozoic is bracketed by two of the greatest mass
extinctions of the Phanerozoic. The end-Permian event
was a response to the massive Siberian Traps basalt flows
that led to the destruction of vast terrestrial ecosystems
from elevated atmospheric CO, concentrations and
greenhouse warming. The K-T bolide impact is believed
to have ended the Mesozoic Era and the age of the
dinosaurs. Within the Mesozoic, the Triassic-Jurassic
boundary chronicles another mass extinction possibly
related to basalt flows and elevated pCO, from rifting in
the Newark Basin (Central Atlantic Magmatic Province).
Paleogeographically during the Mesozoic, Pangea began
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Figure 2.3 Geologic timescale for the Mesozoic in association
with relative climate shifts and frequency of documented
and predicted paleosol types. (Modified from F. M. Gradstein
etal, 2012)

to break apart, first into Laurasia and Gondwana
and then into multiple terrestrial continents during the
Cretaceous, which led to one of the great greenhouse cli-
mates of the Phanerozoic because of escalating pCO,.
After the flourishing of gymnosperms during the Triassic
and Jurassic, the Cretaceous saw the arrival of the angio-
sperms and new ecosystems, shifting weathering rates
and carbon turnover rates, and the coevolution of insects
and flowering plants.

The evolving continents, climates, and ecosystems
shaped the formation and distribution of the soilscape in
new ways during the Mesozoic. The temporal and spatial
magnitude of the different soil-forming factors during
the Mesozoic is critical to understanding the kinds and
distributions of paleosols preserved during this interval.

2.4.1. Atmospheric Gases

After the end-Permian extinction, atmospheric CO,
concentrations during the Triassic dropped to near 1000
ppmV based on both geochemical modeling and proxy
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estimates of the earliest Triassic (Royer et al., 2014), in
large part because of low carbon sequestration from
disturbed terrestrial and marine ecosystems and the
absence of glaciers (Figure 2.3). As terrestrial ecosys-
tems, including swamps, began to recover, pCO, slowly
declined in the Middle to Late Triassic as more carbon
was sequestered in terrestrial environments. After a
brief increase near the Triassic-Jurassic boundary in
response to widespread tectonic activity and incipient
continental plate rifting, atmospheric CO, concentra-
tions decreased to 400-700 ppmV. During the Cretaceous,
pCO, increased again from accelerated tectonic forcing,
although it remained between 500 and 1000 ppmV.
Global temperatures generally followed the concentration
of pCO, as a key greenhouse gas. Because of the emer-
gence of volcanic rocks, silicate weathering rates may
have increased and kept pCO, at modest levels during the
Cretaceous (Berner, 20006).

According to the GEOCARBSULF model (Royer
etal., 2014) and the work of Lenton et al. (2018), pO, was
approximately 20% to 25% during the Triassic before
declining to 13% to 15% during the Jurassic and then
back to nearly 25% during the Cretaceous. This is sup-
ported by long-term changes in Corg:P ratios (Algeo &
Ingall, 2007). Oxygen concentrations were near

modern-day levels during most of the Triassic, in part
because so little carbon was stored on land from the eco-
system collapse at the end of the Permian and because of
arid conditions (Lenton et al., 2018). Oxygen was high
enough to support wildfires but not so high as to limit
photosynthesis through excess photorespiration during
this time interval (Berner, 2009).

2.4.2. Megamonsoon

The climate during the maximum expression of the
monsoon during the Triassic and much of the Jurassic is
characterized as a hothouse world with low latitudinal
temperature gradients in the absence of polar ice. The
extreme climate seasonality during much of the Triassic
and much of the Jurassic governed the distribution of
weathering phenomena across the Pangean superconti-
nent where MATs were relatively high and MAP variable
(Parrish, 1993). The megamonsoon intensified during the
Middle to Late Triassic as the continental mass in its slow
migration northward became divided equally on either
side of the equator. For example, north westerlies in the
equatorial tropics of the southern hemisphere originated
on land in the winter, but upon entering warm tropical
waters off the western coast of Pangea, they would
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eventually be drawn back to the northeast and onto land
north of the equator in response to extremely low atmo-
spheric pressure (Dubiel et al., 1991; Wilson et al., 1994).
Consequently, seasonal rainfall during the megamon-
soons of the Late Triassic was as high as 1200 mm (Nordt
et al., 2015). The tropical to subtropical megamonsoon
began to breakdown during the Jurassic as continents
continued moving northward, and in the case of western
equatorial Pangea where monsoon winds were blocked
by an emerging coastal volcanic belt (Nordt et al., 2015).

2.4.3. Biota

The deleterious effects of the end-Permian mass
extinction of plants and animals significantly altered and
even destroyed many terrestrial ecosystems (Retallack,
2013a). During the Early Triassic, there were remnants of
the low-diversity lycopod and fern communities in low-
land settings that had flourished during the late Paleozoic,
which eventually led to the radiation and spread of gym-
nosperm forests during the Middle Triassic when the
tropical to subtropical megamonsoon emerged (S. R.
Gradstein & Kerp, 2012; Greb et al., 2006). By the Middle
Triassic, peatlands had appeared, particularly in
Antarctica, and were dominated by gymnosperms, ferns,
seed ferns, ginkgos, and cycads. Gymnosperm forests
reached their peak global extent during the Jurassic and
were accompanied by savannas and deserts in drier
regions (Parrish et al., 2004). The rise and then domi-
nance of angiosperms occurred during the middle to late
Cretaceous. After this time, angiosperms dominated all
regions except polar, where gymnosperms still flourished
(Royer, 2010).

Forests, savannas, mangrove, desert, and woodland
plant formations were widespread during the Mesozoic.
These ecosystems reflected the regional climates and dis-
tribution of paleosols and associated biological features.
Much of the Triassic was characterized by cosmopolitan
vertebrates with the advent of the first crocodiles, turtles,
a new breed of mammals, and of course the arrival of
dinosaurs (Hasiotis, 2004). Trace fossils in paleosols
reflected environments of deposition and facies within
related to hydrolytic tiering (Bedatou et al., 2008; Genise
et al., 2000; Hasiotis, 2004) when many of the soil fauna
became tillers. Examples include adhesive meniscate and
back-filled burrows, beetle traces, ant trails, bee nests,
and burrows in sediment and on plant debris, large and
small vertebrate burrows, and large to small root traces as
burrows, casts, and infills (Buatois & Mangano, 2011;
Genise et al., 2000; Hasiotis, 2002; Hasiotis & Dubiel,
1993, 1994). These burrows contributed to soil infiltra-
tion, ped structure, and nutrient cycling, with contribu-
tions from the spread of crayfish and lungfish in palustrine
terrestrial settings.

2.4.4. Paleosols

2.4.4.1. Triassic

Weathering rates accelerated across the Permian-
Triassic boundary based on marine strontium and
osmium isotopes and marine sedimentation (Algeo et al.,
2011; Sedlacek et al., 2014). Sun et al. (2018) show
through marine lithium isotopes that the emission of CO,
from the Siberian Traps led to abrupt global warming in
the Early Triassic and that for a time excessive continental
weathering from exposure of basalts led to additional
runoff and pulses of ocean anoxia delaying the response
of ecosystems on both land and in water (Zhang et al.,
2016). These observations are supported by advanced
weathering indexes of sedimentary rocks during this
interval (Cao et al., 2018) as many Paleozoic forests
shifted to herbaceous cover and warmer temperatures
(Berner, 2005, 2006).

The paleosol record of this remarkable event is spotty, in
part because of associated erosional events, but also
because the actual Permo-Triassic crisis was relatively
short in terms of soil-forming intervals (Figure 2.4).
However, for the first 10 Ma of the Triassic, terrestrial eco-
systems were so disrupted that coal deposits never formed,
creating the well-documented “coal gap” (Retallack et al.,
1996). Afterward, but still within the Early Triassic, Boucot
et al. (2013) mapped much of Pangea as hot and arid from
the presence and distribution of evaporites and calcretes
throughout most of the continental interior. Aridisols,
calcic Inceptisols, and calcic Vertisols dominated, as sup-
ported by widespread documentation of paleosols with
aridic properties in the western interior (Lawton & Buck,
2006; Mack & Cole, 2005). However, a few coal deposits
formed (Histosols) in the warm temperate subpolar regions
of the north and along the equatorial island chain on the
more humid east side of Pangea (Retallack & Alonso-
Zarza, 1998). The mapping of a few bauxite and laterite
deposits in the eastern tropics also suggests that other
weathered soils such as Oxisols, Ultisols, and Alfisols may
have been present. It is unclear whether the kind of conif-
erous vegetation to support Spodosols was present at this
time, although acid, sandy substrates in humid regions
were likely present. Donnadieu et al. (2009) mapped a 5°
latitudinal swath of tropical broadleaf forest and herba-
ceous vegetation during the Early Triassic, needleleaf
evergreen in subpolar temperate regions above 70° N and
S, and vast arid regions between.

During the middle to Late Triassic, arid lands were
shrinking as warm-temperate climates expanded into
high latitudes (Boucot et al., 2013). The east coast of
Pangea contained some coals (Histosols) in low-lying
areas likely interspersed with tropical to subtropical gym-
nosperm forests. Peat-forming plants that eventually
recovered were mainly lycopods, equisetalians, and
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conifers, as forests persisted in polar latitudes. As the
trade winds strengthened in response to the intensifying
megamonsoon, subhumid conditions emerged in the
tropics along the west coast of Pangea. Overall, weath-
ered Inceptisols, Vertisols, and possibly Alfisols and
Ultisols spread at the expense of Aridisols (Nordt et al.,
2015; Trendell et al., 2013a, b). Here Donnadicu et al.
(2009) modeled the expansion of tropical evergreen for-
ests from 10° to 15° latitude on either side of the equator
reflecting maximum expression of the tropical monsoon.

However, from field studies of the western equatorial
region and the Newark Basin of Pangea, the monsoon
climate of the Middle to Late Triassic (Blodgett, 1988;
Hubert, 1977; LeTourneau & Huber, 2006; Nordt et al.,
2015; Prochnow et al., 2006; Retallack, 1997; Tabor et al.,
2004; Therrien & Fastovsky, 2000) began to accelerate
near the end of the Triassic as more soils became enriched
in carbonate and in some cases evaporites (Blodgett,
1988; Cleveland et al., 2008; Driese & Mora, 2002;
Hubert, 1977; Nordt et al., 2015; Prochnow et al., 2006;
Retallack, 2009; Schaller et al., 2015; Tanner, 2000;
Tanner & Lucas, 2012). In contrast, subpolar regions
remained warm and temperate supporting humid to sub-
humid soils. The cause of the shift in the western interior
is inconclusive, as some believe Pangea had shifted far
enough to the north by this time to break the monsoon
cycle (Dubiel, 1994; Dubiel et al., 1991; Parrish, 1993),
whereas others provide evidence that tectonic uplift along
the west coast (Sonoma orogeny) may have blocked
warm, moist tropic air from penetrating inland (Atchley
et al., 2013b; Nordt et al., 2015).

The end-Triassic mass extinction was apparently brought
on by increasingly warm temperatures accompanied by an
increase in pCO, associated with initial rifting of Pangea,
i.e. the Newark Basin, producing the Central Atlantic
Magmatic Province (CAMP) (Huynh & Poulsen, 2005;
McElwain et al., 1999; Schaller et al., 2011). Accelerated
continental weathering and runoff based on osmium
isotopic ratios (i.e. ratio of radiogenic influxes of fluvial
sediment vs. weathering of juvenile basalts) may have led to
anoxia similar to the Triassic-Jurassic transition (Percival
et al.,, 2016; Them et al., 2017). Many faunal clades,
including species of tetrapods (reptile and amphibian),
went extinct, as well as many kinds of megaflora. The
imprint of this event on soils at the time was probably more
in their geochemistry, such as stable carbon isotopes, than
other properties that might have shifted development of
one soil type into another (e.g. Inceptisol to Alfisol).

2.4.4.2. Jurassic

The Jurassic soilscapes and weathering zones were an
extension of the Late Triassic because Pangea was still
largely intact, the distribution of monsoonal and non-
monsoonal climates persisted, plant and animal

evolution was gradualistic, and glaciers were absent
(Figures 2.3 and 2.4). But because the supercontinent,
although still largely intact, was migrating northward
through the latitudes, and some plate rifting was
beginning, some climate changes were beginning to occur.

According to paleogeographic maps (Boucot et al.,
2013), Jurassic climate indicators were similar to the Late
Triassic except that the western equatorial monsoon system
had shifted northward by some 10° latitude because of
continental drift. For example, the continental interior in
the tropical to subtropical latitude of the Newark Basin
(northeastern North America) consisted of intercalated
eolian deposits and calcic paleosols attesting to seasonal
climate extremes (Gierlowski-Kordesch, 1991; Hubert,
1977; LeTourneau & Huber, 2006; Suchecki et al., 1988),
consistent with observations in large areas of the western
interior of Pangea and in the southern margins of
Gondwana associated with sand dunes and Aridisols
(Parrish et al., 2004; Smith & Kitching, 1997; Smith et al.,
2009). However, in northern subpolar latitudes of the Early
Jurassic, as during the Late Triassic, Histosols, Alfisols,
Ultisols, and poorly drained counterparts (Gleysols) likely
occurred, and leached basalts were present in persistently
warm and temperate climates of both subpolar regions
(Petersen & Nielsen, 1995; Rees et al., 2004; Retallack,
2009; Singer et al., 1994). Included in the northern
temperate zone and its counterpart in the subpolar southern
hemisphere were a few bauxites and kaolinite beds (Boucot
et al.,, 2013), also suggesting the presence of Alfisols,
Ultisols, and Oxisols. Ahlerg et al. (2003) showed that in
Sweden on Laurasia, smectitic clays turned to kaolinites in
deep weathering profiles, in part because of plate migration
northward from the arid tropical zone to the temperate
warm and humid zone. Donnadieu et al. (2009) mapped
similar ecosystems during the Early to Middle Jurassic that
were present in the Late Triassic.

The Late Jurassic was accompanied by an escalation of
rifting of Pangea and the breakdown of the tropical to
subtropical megamonsoon as aridlands in the continental
interior persisted. Arid to semiarid climates remained in
the tropical to subtropical region of Gondwana in
Argentina based on the presence of calcic and gypsic
paleosols (Myers et al., 2014). Late Jurassic paleosols
with carbonate in the western interior of the Colorado
Plateau indicate arid to subtropical wet/dry climates as
remnants of the megamonsoon persisted, consistent with
observations in similar latitudes of China, Patagonia,
Spain, and central Africa based on the presence of
Aridisols, calcic to gypsic Inceptisols, and calcic Vertisols
(Cabaleri et al., 2005; Currie, 1998; Demko et al., 2004;
Demko & Parrish, 1998; Gutierrez & Sheldon, 2012;
Kirkland, 2006; Liu et al., 2018; Myers et al., 2011; Roca
& Nadon, 2007; Tanner et al., 2014; Vincent & Allen,
1999). Further, soils in the western interior supported
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authigenic illites and smectites in association with car-
bonate nodules interpreted as having formed in a semi-
arid climate (Jennings & Hasiotis, 2006). However, the
warm temperate subpolar northerly latitudes still sup-
ported gymnosperm forests (Matthewman et al., 2012),
and southern high latitudes supported forests in flood-
plains that were carbonate free, indicative of a continua-
tion of seasonally humid to subhumid climates (Liu
etal., 2018; Pole, 2001). The Late Jurassic climate became
progressively more humid towards the Cretaceous
boundary as tectonic activity increased and interior arid-
lands began to shrink in favor of a greater distribution of
Inceptisols and Alfisols (Demko et al., 2004; Gutierrez &
Sheldon, 2012; Myers et al., 2014; Parrish et al., 2004).
Whereas Histosols began to spread during the Late
Jurassic, organic carbon sequestration rates were like the
Late Triassic. Gymnosperm forests were spreading in the
polar regions of the island arc and there were some baux-
ites, suggesting the continuation of true tropical condi-
tions that included Oxisols, Ultisols, and Alfisols in eastern
Pangea and in both polar hemispheres (Bata, 2016).

2.4.4.3. Cretaceous

During the Cretaceous, intensified rifting of Pangea
and the formation of the continental plates as we now
know them brought forth a greenhouse world that
reduced the distribution of arid climates across the globe.
Even so, soil distributions were similar to what we see
today, except for the absence of Gelisols (permafrost tun-
dras) and Mollisols (grasslands). During this time,
Donnadieu et al. (2009) modeled the breakup of Pangea,
the breakdown of the megamonsoon, the migration and
proliferation of tropical evergreen ecosystems around the
equator, the spread of boreal forests into subpolar
regions, and the shift of arid zones from the tropics to
zones of persistently high pressure at 30° N and S lati-
tude. Because of the greenhouse climate and rising sea-
level inundating shallow coastlines, the early Cretaceous
preserves vast coal deposits that were accompanied by
bauxites, laterites, and kaolinites in stable interior land-
scapes. The greenhouse climate reached its maximum
extent during the middle Cretaceous in response to ele-
vated pCO, from tectonic activity, which also increased
the hydrological cycle (Berner & Kothavala, 2001; Gibbs
et al., 1999; White et al., 2001). As weathering of newly
exposed silicate substrates from mountain building by the
latter part of the Cretaceous intensified, pCO, and tem-
peratures began to decline.

Early Cretaceous paleosols across Canada, Alaska,
and northern Europe in ancient fluvial settings are typi-
cally carbonate free and with coal seams (Histosols)
interbedded with paleosols having slickensides, sphaero-
siderites, and mottles from differential hydromorphic
conditions (Leckie et al., 2004; Wright et al., 2000). Most

of these soils are classified as Alfisols (cutans) dominated
by smectite and illitic clay minerals, and possibly Ultisols
(kaolinites) in association with Entisols, Inceptisols,
and Vertisols, with many preserving aquic conditions
(McCarthy et al., 1999; Ufnar et al., 2001, 2005). These
soil types extended down into more southerly latitudes of
central to north-central North America where Alfisols
and Ultisols with E horizons containing an abundance of
kaolinite were present (Joeckel, 1995). Vitali et al. (2002),
in mid-Cretaceous interfluve soils of British Columbia,
described carbonate-free paleosols with detrital kaolinite
and illite in association with clay skins, indicating the
presence of Alfisols and Ultisols. The Albian of
Antarctica contains fluvial paleosols with in situ tree
stumps and surface horizons that are somewhat organi-
cally enriched A (melanic like) over B horizons with
blocky peds, clay cutans, and mottling (cambic or argil-
lic). These decalcified Alfisols and Inceptisols formed
in a temperate high-latitude warm climate under a
broad-leaved evergreen forest (Howe & Francis, 2005).

However, seasonal climates producing soils containing
pedogenic carbonate nodules were still common across
much of the globe during the early Cretaceous in the
regions of the newly formed subtropical high-pressure
gyres. Thus, many paleosols in fluvial paleosols of Spain
(Clemente & Pérez-Arlucea, 1993), south-central China,
Japan, and Korea (Eberth et al., 2001; C. Huang et al.,
2013; Lee, 1999; Lee & Hisada, 1999; Lee et al., 2003; Li
et al., 2016; Pan & Huang, 2014) classify as Inceptisols
(Calcisols), Vertisols, and Aridisols with carbonate nod-
ules. Nevertheless, there is some evidence for Alfisols
(clay cutans) because these climates were still seasonal in
some areas. Argentina at the time was also in the subtrop-
ical high-pressure cell of the southern hemisphere
recording similar soil types typical of seasonally dry cli-
mates formed in fluvial sediments (Paredes et al., 2007).
As a testament to the presence of tropical wet climates
during the early Cretaceous, Suarez et al. (2010) docu-
mented paleosols formed in alluvium of Columbia as
Entisols, Inceptisols and Alfisols, with the possibility that
some soils contained very few weatherable minerals. Most
of the karst bauxites of Europe and the deep weathering
profiles of Alabama are early Cretaceous paleo-Oxisols
(Bardossy, 1982; Sigleo & Reinhardt, 1988).

By the middle to late Cretaceous, the continents had
separated sufficiently that zonal climate patterns had
emerged, with tropical wet regions along the equator
from merging trade winds, subtropical gyres promoting
aridity at 30° N and S latitude, warm temperate regions
between 40° and 60° N latitude, and temperate climates
reaching into polar regions consistent with the absence of
glaciers. Fricke et al. (2010) modeled climate and biome
types for the late Cretaceous, showing open-canopy
mixed forests in North America and Canada, deciduous
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broadleaf forests in the mid-continent, and moist
savannas in the southern regions, reflective of a lingering
monsoonal-type climate. Consistent with this modeling
effort, deep weathering profiles occurred up to 60° N and
S, based on the presence of bauxites, laterites, and kaolin-
ites (Bata, 2016) because climates were hot and humid
(Follmi, 2012). In general, paleosols in mid- to high-lati-
tude North America were decalcified and often poorly
drained along the western interior seaway in the form of
Inceptisols, Histosols, and a few Vertisols and Alfisols
(Flaigetal., 2011; Flood & Hampson, 2014; McCarthy &
Plint, 2003; Retallack, 1994). In Alberta, Canada, paleo-
sols were mainly well to poorly drained and decalcified
Inceptisols with smectite and illite as the dominant clay
minerals, some with overlying Histics and some with
coals thick enough to classify as Histosols (Fanti &
Miyashita, 2009; Quinney et al., 2013). Jaramillo et al.
(2015) identified one of the few Andisols during this time
in Alaska because of Fe-Al humus complexes and low
bulk densities together with evidence of volcanic ash. In
central Utah during the latest Cretaceous, Famubode and
Bhattacharya (2016) documented carbonate-free Entisols,
Inceptisols, Vertisols, and Alfisols in floodplain succes-
sions based on slickensides and clay cutans, interspersed
with coals. In southern Italy extending into the tropical
zone at the time, red ferruginous paleosols with kaolinite,
goethite, hematite, and quartz formed in tropical wet cli-
mates (Oxisols) (Vacca et al., 2012).

Along the southern margins of Texas where the sub-
tropical gyre was located similar to today, soils accumu-
lated carbonate nodules in these subhumid to semiarid
climates (Buck & Mack, 1995; Nordt et al., 2003; Nordt
et al., 2011). Mack (1992) and Mack and Cole (2005)
reported paleosols in New Mexico ranging from arid to
subhumid during the early to late Cretaceous tracking
Aridisols (various Inceptisols and Calcisols) to woodland
Alfisols and Inceptisols without carbonate. These obser-
vations are consistent with the subtropical gyre (Hadley
cell) of China, Korea, Japan, Nepal, Thailand, and Iran
during the late Cretaceous (Buck et al., 2004; Horiuchi
et al., 2009, 2012; Kim et al., 2009; Leier et al., 2009;
Moussavi-Harami et al., 2009; Paik et al., 2001, 2012;
Zhang et al., 2016) and in the southern hemisphere of
Brazil (Dal’'Bé et al., 2010; Fernandes & Basilici, 2009;
Hong & Lee, 2012), as soils ranging from Aridisols and
calcic Inceptisols and Vertisols were interspersed in some
areas with Alfisols. Therrien (2005) and Therrien et al.
(2009) in Romanian rocks of Maastrichtian age showed
paleosols mainly with carbonate nodules and red beds
with slickensides, indicating the presence of Vertisols and
probably Inceptisols in a seasonally semiarid to sub-
humid climate. In France, Cojan and Moreau (2006)
interpreted subhumid intervals forming calcareous
Vertisols with illite-smectite. Ghosh (1997) mapped calcic

Inceptisols and Aridisols in arid to semiarid climates in
India at the time it was still in the southern hemisphere
but located on the margins of the subtropical high. Also,
in the southern hemisphere of Brazil during late
Cretaceous, floodplains intercalated with dunes show a
dominance of sandy soils enriched in carbonate and
sometimes with silica in association with other regions of
northeastern Brazil having calcic Vertisols (Batezelli &
Ladeira, 2016; Nascimento et al., 2017).

Although angiosperms were believed to have increased
weathering intensity and carbon turnover rates during
the Cretaceous, recent work indicates that their influence
may not have been that great, especially in terms of pCO,
drawdown (M. Y. Andrews et al., 2008). However,
weathering intensity may have increased because of the
increased hydrological cycle.

2.4.5. Weathering Rates

Pangea during the Triassic and Jurassic is known for
low weathering rates because of continental aridity,
limited tropical wet climates, low outgassing, and low
chemical and sediment erosion fluxes to groundwater and
oceans (Figures 2.3 and 2.4). For example, the weathering
potential was reduced as evidenced by the low abundance
of lateritic bauxites and kaolins (Mindszenty, 2016) and
the overall decrease in clay production during this time
(Weaver, 1989). Even though pCO, was relatively high
during the Early Triassic, weathering rates were relatively
low because of the slow ecosystem recovery from the
Permo-Triassic extinction event. Arid conditions discour-
aged biogeochemical weathering and nutrient flux and
promoted less runoff and more evaporation. Inorganic
carbon sequestration was particularly high during this
time because of vast arid regions. By the Middle Triassic,
however, organic carbon sequestration increased as gym-
nosperm forests spread across many landscapes and as
bogs and other organic deposits spread.

Organic acid production increased with the return of
peatlands and the continued spread of angiosperm and
gymnosperm forests in response to rising pCO, from reac-
tivated tectonic activity during the Cretaceous (Figure 2.3).
Not only had arid climates decreased in areal coverage by
about 6% (see Boucot et al., 2013, maps), they had shifted
largely from the tropics to subtropics with the breakdown
of the megamonsoon. Last, whereas the temperate regions
remained about the same geographically overall during the
Cretaceous, the warm temperate climates became split bet-
ween warm and cool temperate with the drawdown of
atmospheric CO, from silicate weathering. Because of
these differences in climate regime, Histosols and advanced
carbon sequestration occurred through the Mesozoic, as
did the distribution of Oxisols, Ultisols (Argillisols), and
Alfisols (Argillisols). During the Cretaceous there was
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greater overall weathering and runoff of ions to ground-
water, rivers, and the oceans than at any other time during
the Mesozoic (Nordt et al., 2011). In contrast, Aridisols
(Calcisols), although more abundant in the early Mesozoic,
declined in distribution during the Cretaceous, thereby
reducing the sequestration of inorganic carbon. Vertisols
and Inceptisols are cosmopolitan soil orders in thick sedi-
mentary basins, and Andisols likely increased somewhat
during the Cretaceous with accelerated volcanic activity.

2.5. CENOZOIC

The Cenozoic (66 Ma to present) marks the most recent
geologic era, which includes the current Holocene Epoch
(F. M. Gradstein et al., 2012) (Figure 2.5). Modern critical
zones and critical zone observatories monitor weathering
phenomena occurring in the Cenozoic. Compared to the
more distant geologic past, more Cenozoic Era geologic
deposits and their details are preserved, due to their young
age and thus higher likelihood of preservation. More geo-
chronological techniques are available for dating and cor-
relating these younger deposits. This enhanced preservation
and the fact that the Cenozoic deposits as archives of
information about past biota and climate change are from

a tectonic configuration similar to that of the present day
has made it an ideal era for testing and comparing modern
atmospheric gas levels, climates, biota, and weathering
rates (Beerling & Royer, 2011; Hansen et al., 2008; Maher
& Chamberlain, 2014; Willenbring & von Blanckenburg,
2010; Zachos et al., 2008).

The Cenozoic is divided into three geologic periods:
Paleogene (66 to 23.03 Ma), Neogene (23.03 to 2.58 Ma),
and Quaternary (2.58 to 0 Ma). These periods are divided
into several geologic epochs in which the plate tectonic
configuration, paleoatmosphere, paleoclimate, and pale-
obiota are more well known compared to previous
geologic eras (Scotese, 2001; Zachos et al., 2001; Zachos
et al., 2008).

2.5.1. Plate Tectonics

Cenozoic cooling resulted in large global continental
ice sheet growth. This cooling coincided with the collision
of India and Asia and the development of the Tibetan
plateau uplift, along with other high-altitude plateaus
and mountainous areas. The Tibetan uplift is thought to
have attained its current elevation during the mid-Eocene
(Rohrmann et al., 2012; Wang et al., 2008) and may have
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initiated a positive feedback whereby this uplift drove
increased chemical weathering and consumption of pCO,
during the past 40 million years (Raymo & Ruddiman,
1992). Thermochronometric ages from 18,000 bedrock
samples suggest an increase in global sediment flux asso-
ciated with increased cooling during the Pliocene and
Pleistocene epochs (Herman et al., 2013). However,
increased denudation related to global cooling has been
called into question for the Late Cenozoic because more
recent work showed a stable weathering flux (Willenbring
& von Blanckenburg, 2010). Alternatively, Molnar and
England (1990) argued the inverse of tectonic-induced
cooling, namely, that the expansion of glaciers led to
scouring of mountainous areas, which facilitated glacio-
isostatic uplift. In Molnar and England’s scenario,
cooling precedes uplift. More recent work showed that
extensive growth of the Maritime Continent since 5 Ma
contributed to Plio-Pleistocene cooling and the recur-
rence of Ice Ages. Basic calculations showed that result-
ing climate change and CO, consumption during basalt
weathering of Maritime Continent rocks would have
affected pCO, and lowered global temperatures by
0.25 °C (Molnar & Cronin, 2015).

Ocean currents during the Oligocene Epoch began to
resemble modern ocean currents. The opening of the
Tasmanian Gateway during the Eocene-Oligocene
transition and Drake Passage during the early Oligocene
triggered the Antarctic Circumpolar Current flow, facili-
tating the formation of permanent ice sheets on Antarctica
(Lyle et al., 2008; Mackensen, 2004). The collision of India
and Asia resulted in significant closure of the Tethys
Seaway (Lyle et al., 2008), and subsequent plate movement
and shrinkage of the Tethys amplified the response of the
Middle Miocene climate transition to pCO, drawdown
(Hamon et al., 2013). The closing of the Tethys is also
thought to be a key driver in the onset of aridification and
formation of the Sahara (Zhang et al., 2014).

Although uplift of the Tibetan Plateau occurred dur-
ing the Eocene and continued into the Neogene, a major
pulse and significant increase in altitude occurred during
the late Miocene (10-8 Ma) (Zhisheng et al., 2001). This
event triggered the intensification of the East Asian
summer and winter monsoons, enhanced dust transport
to the northern Pacific Ocean, and is linked to the
development of Northern Hemisphere glaciations
(Zhisheng et al., 2001). An alternative interpretation by
Retallack et al. (2018) suggests an earlier monsoon onset
at 20 Ma, based on paleosols, that is apparently not
linked to cooling by Himalayan uplift.

One of the most pronounced oceanic changes in the
past 20 million years was the complete desiccation of the
Mediterranean that occurred during the Messinian (5.96
to 5.33 Ma), known as the Messinian salinity crisis
(Krijgsman et al., 1999). This desiccation event is thought
to have been driven by a combination of tectonic,

glacio-eustatic sea-level and processional changes, where
the complete desiccation of the Mediterranean drove bio-
geographic change in Northern Africa (Flecker et al.,
2015; Van der Made et al., 20006).

The connection of the North and South American
continents by means of the Isthmus of Panama during
the Pliocene (O’Dea et al., 2016) blocked warm Pacific
currents from flowing into the Atlantic and intensified
the Gulf Stream, which delivered warm waters to high
northern latitudes (Haug & Tiedemann, 1998). By the
Pleistocene Epoch, the continents were in a position very
similar to today. Plio-Pleistocene glaciations and con-
comitant sea-level fall created land bridges between
Africa and Eurasia and Eurasia and North America,
which affected the genetic structure of floral and faunal
populations (Hewitt, 2000; Rohling et al., 1998).

2.5.2. Atmospheric Gases

Atmospheric pCO, declined over the course of the
Cenozoic Era to modern-day values of ~300-400 ppmV,
whereas, pO, increased slightly over the Cenozoic Era
to modern-day values of 210,000 ppmV (Berner, 2006).
Current model estimates of pCO, during the early Cenozoic
underpredict concentrations when compared to proxy
records that document pCO, from 1000 to 2500 ppmV,
whereas boron proxies indicate up to 4000 ppmV (Royer,
2006; Royer et al., 2014; Zachos et al., 2008).

Overprinted on the long-term Cenozoic decline of
pCO, are short-term fluctuations, most notably the
Paleocene-Eocene Thermal Maximum (PETM), when
more than 2,000 Gt of C as CO, entered the ocean and
atmosphere, triggering a global temperature increase of
5 °C in less than 10,000 years (Zachos et al., 2001, 2008).
The pCO, fluctuations during the latter part of the
Cenozoic, even though well below 1,000 ppmV, are
significant and coincide with notable climate transitions.
For example, stomatal frequency data show pCO, fluctu-
ations during the Miocene ranging from 300 to 600 ppmV,
whereas Miocene Climatic Optimum (18 to 14 Ma) CO,
levels were 500 ppmV (Kiirschner et al., 2008). Kiirschner
et al. (2008) showed that intervals of lower pCO,
(~300 ppmV) coincide with major glaciations, and inter-
vals of high pCO, (~500 ppmV) coincide with the climatic
optimum. Ice cores from the middle and late Pleistocene
document CO, variability ranging from 180 ppmV during
glacial and 280-300 ppmV during interglacial stages
(Liithi et al., 2008).

2.5.3. Environments, Climates, and Weathering during
the Cenozoic

The Cenozoic climate cooled from greenhouse to ice-
house conditions, ice sheets developed and expanded,
and mammals and other biota evolved into modern
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forms. The diversity of mammals increased in the
Cenozoic due in part to extinction of nonavian dino-
saurs. These long-term trends of the Cenozoic are marked
by more prominent short-term events, notably: the
Cretaceous-Paleogene extinction event, the Paleocene-
Eocene Thermal Maximum, the Early Eocene Climatic
Optimum and associated hyperthermals, the Eocene-
Oligocene transition, the Miocene expansion of grass-
lands and the Middle Miocene Climatic Optimum,
Plio-Pleistocene glaciations, abrupt and millennial-scale
climate changes, and anthropogenic effects.

2.5.3.1. Cretaceous-Paleogene extinction event (66 Ma)

The Cretaceous-Paleogene extinction (K-Pg) event
coincided with a large asteroid impact at Chicxulub,
Mexico, and enhanced effects of volcanism associated
with the Deccan flood basalts (Schulte et al., 2010).
Catastrophic environmental effects included prolonged
darkness (nuclear winter), cooling, and acid rain (Kring,
2007). Three-quarters of plant and animal life went extinct
during the K-Pg, some 66 Ma (Barnosky et al., 2011).

Retallack et al. (1987) noted changes from Late
Cretaceous lowland forest soil ecosystems to early
Paleocene swampy soil ecosystems that are consistent
with the catastrophic change in biota that coincided with
the K-Pg. However, in a later, more detailed pedotype
analysis, Retallack (1994) noted little change in paleosol
types from the latest Cretaceous to earliest Paleogene in
the Hell Creek Formation of northern Montana. Most
paleosols in the lower Paleocene were characterized as
Histosols, gleyed Inceptisols, or Entisols that formed
under cypress in swamp environments in a humid climate
with MAP exceeding 1200 mm (Retallack, 1994). This
subtle variation in paleosols is in stark contrast to the
more marked transition in floral and faunal communities
(Kring, 2007; Labandeira et al., 2002; Schulte et al., 2010).
These more marked changes in faunal communities are
consistent with recent work that showed a reduction in
soil-dwelling insect body size observed in Paleogene
deposits from Texas, USA, suggesting that continental
ecosystems, like marine, experienced a reduction in body
size following a mass extinction event (Wiest et al., 2018).
Significant changes in vegetation were also documented in
the 8C of soil carbonates across the K-Pg boundary (C.
Huang et al., 2013; Nordt et al., 2002).

2.5.3.2. Paleocene and Eocene hothouse conditions

2.5.3.2.1. Paleocene-Focene thermal maximum:
Climate and biota. The early Paleocene Epoch (66 to
56 Ma) of the Paleogene Period was cooler and drier
than the previous Cretaceous Period, but temperatures
increased to 5 to >8 °C warmer than the current global
mean annual temperature. Short-lived increases in tem-
perature and precipitation are documented in Inceptisols
from South America during the mid-Paleocene (Hyland

et al., 2015). The general warming during the Paleocene
culminated in an abrupt increase in pCO, and MAT,
known as the Paleocene Eocene Thermal Maximum
(PETM) (MclInerney & Wing, 2011; Zachos et al., 2001,
2008). This transient 200,000 yearlong warming event is
attributed to the sudden release of methane hydrates
(Dickens et al., 1995). More recent work shows two large
and rapid releases of C during the onset of the PETM
(Bowen et al., 2015). Following the PETM, warm
greenhouse conditions prevailed during the Paleocene
with cool and temperate poles and warm-humid midlati-
tudes, i.e. equitable climate of the early Eocene, 53 to 51
Ma (Hyland et al., 2018; Zachos et al., 2008). The PETM
coincided with a mass extinction of benthic foraminifera
and the evolution of land mammals in the form of dis-
persal events and short-lived decreases in body size (Clyde
& Gingerich, 1998; Gingerich, 2003; Koch et al., 1992;
Zachos et al., 2001).

2.5.3.2.2. Paleocene-Eocene thermal maximum:
Weathering. Direct paleosol evidence of the PETM is
largely constrained to midlatitude settings. Warming dur-
ing the PETM coincides with a significant carbon isotope
excursion (CIE) in the marine record, whereas CIEs doc-
umented in soil-forming carbonates in northern midlati-
tudes are consistently ~3%o more negative than
age-equivalent marine records (Bowen et al., 2004). This
was explained as a 20%—-25% increase in soil and atmo-
spheric moisture and a near-doubling of the rate of ter-
restrial carbon cycling. This increase in humidity,
promoting a prolonged wet climate state, would have
enhanced silicate weathering. Paleosols from North
Dakota and Texas, USA, Argentina, and central China
show an increase in weathering from pre-PETM to
PETM time (E. Andrews et al., 2017; Z. Chen et al., 2016;
Clechenko et al., 2007; White & Schiebout, 2008). This
increase in weathering, as documented using CIA, is con-
sistent with the clay mineralogy, which transitions from
smectite dominated to more kaolinite, the occurrence of
Oxisols (and some calcic Vertisols) and increase in clay
translocation and CaCO, leaching (Clechenko et al.,
2007; Do Campo et al., 2018).

Several paleosols studied in the northern midlatitudes
show less chemical weathering and evidence of water
stress when compared to pre- and post-PETM paleosols
(Bowen & Bowen, 2008; Kraus et al., 2013; Kraus &
Riggins, 2007). Work in the Bighorn Basin shows CaCO,
accumulation and drying related to pre-CIE warming,
where evidence of this drying continues up-section into
the body of the PETM (Kraus et al., 2013). Consistent
with this trend in the Bighorn Basin, enhanced kaoliniti-
zation is followed by intense pedogenesis (lateritic mate-
rials) manifested during the PETM by an “orange zone”
of the Golden Valley Formation from the Williston
Basin in North Dakota (Clechenko et al., 2007). The
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kaolinitization is thought to relate to an early drying
phase in the Williston Basin during the onset of the
PETM, similar to the Bighorn Basin (Kraus et al., 2013;
Kraus & Riggins, 2007). Evidence of wetter soils occurs
during the recovery phase of the PETM and persists into
post-PETM time. These observations led some to suggest
that an increase in the seasonality of precipitation, rather
than an increase in total precipitation, characterized
midlatitude continental settings during the PETM
(Mclnerney & Wing, 2011). Simultaneous with the
PETM, shifts towards enhanced transport and storage of
sediment from upland catchments are documented in
western Colorado and northern Spain, consistent with
modeling that shows increased sediment flux related to
rapid vegetation turnover and increased monsoonal pre-
cipitation (Colombera et al., 2017; Foreman et al., 2012).
Modeling efforts suggest that discharge increased up to
14x normal Paleocene discharge and extreme flooding
and channel mobility eroded nearby soils, leading to a
large export of terrigenous sediment to the ocean (C.
Chen et al., 2018). An erosional event of this magnitude
would have exposed large areas of fresh rock, which
would have potentially facilitated silicate weathering and
long-term CO, drawdown.

2.5.3.2.3. Early Eocene climatic optimum and hyper-
thermals: Climate and biota. The Early Eocene Climatic
Optimum (EECO) is a period when temperatures were
significantly warmer than modern, especially at higher
latitudes. In addition to the PETM, several short-lived
warming events (hyperthermals) occurred during the
early Eocene (Cramer et al., 2003; Lauretano et al., 2015;
Littler et al., 2014; Nicolo et al., 2007; Slotnick et al.,
2012), which likely aided in the poleward transfer of heat.
The PETM and early Eocene hyperthermal events are
considered potential analogs for modern and near-future
warming (Anagnostou et al., 2016; Zachos et al., 2008;
Zeebe et al., 2016). More recent work showed evidence of
increased continental runoff (John et al., 2008; Nicolo
et al., 2007; Slotnick et al., 2012). Some have suggested
that extreme precipitation events occurred during hyper-
thermal events and may be decoupled from mean annual
precipitation trends, which has important implications
for how we interpret hydrological proxies during the
PETM and early Eocene (Carmichael et al., 2018).

Unlike today’s polar deserts, warm climates promoted
conifer-broadleaf rain forests in high latitudes, where
Metasequoia are found in Eocene swamp deposits in the
Canadian Arctic (Eberle & Greenwood, 2012; Kumagai
et al., 1995) and tropical mangroves in Tasmania and
England (Carpenter, 1994; Macphail et al., 1994). Fossil
wood in Antarctica shows cool-wet and warm climates
during the Paleocene and Eocene, with MAT estimates
ranging from 7 to 15 °C (Francis & Poole, 2002). Biota

in these arctic environments included alligators,
turtles, primates, tapirs, and brontotheres (Eberle &
Greenwood, 2012).

2.5.3.2.4. Early Eocene climatic optimum and hyper-
thermals: Weathering. The prevalence of warm-wet
climates during the EECO enabled the development of
highly weathered kaolinitic soils that include bauxites
and laterites (Mindszenty, 2016; Retallack, 2010). Early
Eocene bauxitic and lateritic paleosols (Oxisols and
Ultisols) from the Monaro succession in southeastern
Australia document warm-wet climate conditions and are
thought to be associated with the short-lived EECO
hyperthermals (Retallack, 2008). These Monaro paleo-
sols weather basalt flows and are largely devoid of bases
and enriched in Al and Fe. Mineralogy from a coeval fer-
ralitic paleosol, the Ngaiur paleosol, in Australia is dom-
inated by gibbsite and kaolinite, typical of Oxisols
weathering in modern-day perhumid climates (Zhou
et al., 2015). Lateritic paleosols have been documented in
northern high latitude Late Paleocene rocks in Ireland
(Tabor & Yapp, 2005). Detrital laterites were documented
in Central Oregon (Bestland et al., 1996), where saprolitic
rhyolites are overlain with conglomeratic ironstones,
where the latter are thought to be detrital laterites from
eroded Ultisols. In contrast, multiple proxies from calcic
paleosols and paleoflora of the Green River Basin
(Wyoming, USA) document amplified seasonality during
early Eocene hyperthermal events (Hyland et al., 2018),
which may confirm signals like those found in PETM
paleosols in the continental interior of the US (Kraus
et al., 2013).

2.5.3.3. Eocene-Oligocene transition into the
icehouse world

2.5.3.3.1.  FEocene-Oligocene transition: Climate
and biota. The hothouse to icehouse transition, and thus
global climate cooling, followed the EECO, when pCO,
declined and mountain and sheet glaciers developed in
Antarctica. The middle Eocene saw the extinction of
archaic forest-dwelling mammals (Prothero, 1994). The
Eocene-Oligocene transition (E-O) (33.9 Ma) is marked by
a prominent change in marine oxygen isotopes that record
a change in water temperature, Oi-1 (Zachos et al., 2001),
and a large temperature drop in the continental interior of
the US (Zanazzi et al., 2007). This isotope event coincides
with the occurrence of several glacial deposits in the rock
record and a large-scale extinction event and floral and
faunal turnover, where broadleaf forests declined and
mammals adapted to eating tough vegetation thrived
(Prothero, 1994; Zachos et al., 2001). More recent terres-
trial isotope geochemistry shows pronounced ~7 °C cooling
in air temperature in the continental interior of the US
(Fan et al., 2018).
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The Oligocene Epoch (33.9 to 23.03 Ma) marks this
continued transition from the greenhouse conditions of
the Eocene to more modern conditions and ecosystems
of the Miocene Epoch (23.03 to 5.33 Ma). Cooling and
drying during the Oligocene resulted in the development
and expansion of desert grasslands in central Oregon and
the North American Great Plains (Retallack, 2001a). The
upper boundary of the Oligocene is less prominent than
the Grand Coupoure of the lower boundary, simply
marking cooler conditions approaching the Miocene.

2.5.3.3.2. FEocene-Oligocene transition: Weathering.
The terrestrial transition from warm-wet hothouse con-
ditions during the Paleocene and Eocene to cool-dry con-
ditions and ice sheets during the latter Cenozoic is
perhaps nowhere better documented than in North
America (Bestland, 2000; Bestland et al., 1996; Fan et al.,
2018; Retallack, 2007; Sheldon et al., 2002; Sheldon &
Retallack, 2004; Terry Jr, 2001). This transition to cooler-
drier conditions on land coincides with the appearance
and expansion of C, grasslands during the late Eocene
and E-O, and C, grasses during the Miocene (Sheldon &
Retallack, 2004; Stromberg, 2004). The North American
paleosol record of Cenozoic weathering is consistent
with a gradual transition towards cooler-drier climates.
Eocene paleosols from central Oregon and southwestern
South Dakota are characterized as well-developed
Ultisols and Oxisols weathering in humid forests, and in
some cases tropical forests (Retallack, 1983; Retallack
et al., 1999). Paleosols from northwestern Nebraska,
which include Alfisols, Mollisols, and petrocalcic hori-
zons, document a change from humid forested environ-
ments during the late Eocene to semiarid and seasonal
open-range environments during the early Oligocene,
33.2 Ma (Terry Jr, 2001).

Paleoprecipitation data from the E-O in Montana show
no long-term precipitation change, whereas the Oregon
and Nebraska records show long-term drying trends
associated with the transition (Sheldon & Retallack,
2004). Rain shadow expansion due to the Cascade and
Laramide orogenies was implicated as the long-term
driver of the east and west drying trends during the E-O
in Oregon and Nebraska (Sheldon & Retallack, 2004).
However, these orographic rain shadows do not explain
the short-term paleoclimate variability observed in the
North American paleosols records, such as the Middle
Miocene warm-wet spikes (Retallack, 2007).

Unlike most paleosol studies, Bestland (2000) calcu-
lated weathering flux estimates for the Central Oregon
E-O paleosol succession and considered the record as a
reservoir of both upland (hinterland) soil weathering and
erosion and alluvial system sedimentation and weathering.
Bestland (2000) showed that although the degree of
weathering decreased from the Eocene to the Oligocene,

the rate of sediment accumulation increased, which sug-
gested increased aggradation due to changes in sediment
supply from the uplands. Because of this state change in
sediment accumulation, the calculated weathering flux
increased into the Oligocene because greater erosion of
soils contributed freshly deposited and more chemically
reactive sediment. From this, Bestland (2000) inferred
that drier climate and sparser vegetation during the
Oligocene caused higher sediment yields in the lowlands
and thus more reactive sediments for weathering and CO,
sequestration. These inferences seem consistent with
modern work showing that increased mountain building
can deliver more reactive sediment to the lowlands, which
would facilitate weathering and CO, sequestration
(Bouchez et al., 2012; Maher & Chamberlain, 2014; West
et al., 2002).

2.5.3.4. Miocene Epoch and the expansion
of grasslands

2.5.3.4.1. Miocene Epoch: Climate and biota. The late
Oligocene was characterized by warming and reduction in
ice volume. This warming continued into the Miocene and
peaked during the Middle Miocene Climatic Optimum (17
to 15 Ma) (Zachos et al., 2001). The Middle Miocene
Climatic Optimum (MMCO) was a global warming event
where the MAT was ~3 °C higher than modern-day MAT,
which is similar to worst-case IPCC projections of pro-
jected long-term warming by the year 2100 (Solomon et al.,
2007; You et al., 2009). Although the cause(s) of warming
during the MMCO and pCO, concentrations are heavily
debated, proxy records from the Miocene suggest a warmer
climate than modern, despite having pCO, similar to prein-
dustrial concentrations (Knorr et al., 2011). The climate
gradually cooled following the MMCO, and major ice sheet
development resumed in Antarctica (Zachos et al., 2001).

Vegetation structure studies (fauna, phytoliths, paleo-
sols, isotopes, tooth wear) show that canopies opened
and C, grasslands expanded during the Oligocene-
Miocene transition and during the early Miocene (23 to
16 Ma) (E. J. Edwards et al., 2010; Stromberg, 2004). This
C, grassland expansion preceded the worldwide expan-
sion of C, grasses during the late Miocene and Pliocene
(8 to 3 Ma) (Cerling et al., 1997). This forest-to-grassland
transition was likely driven by some combination of tec-
tonically driven aridification (Y. Huang et al., 2007,
Sepulchre et al., 2006) and disturbance mechanisms (e.g.,
fire, increased herbivory) (Retallack, 2001a). However, as
noted by E. J. Edwards et al. (2010), scenarios used to
explain forest-to-grassland transition during the late
Miocene and Pliocene rely on modern mechanisms found
in C,-dominated systems. The earlier forest-to-grassland
transition involved mostly C, grasses, and it is not clear
whether processes responsible for the rise of C,-dominated
systems were responsible for this expansion.
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2.5.3.4.2. Miocene Epoch: Weathering. Several
paleosol studies document evidence of the forest-to-
grassland transition and its attendant effects on
weathering. Early Miocene deposits near Lake Victoria,
Kenya, have a polypedogenic Vertisol that likely weath-
ered under a tropical seasonal forest and retains oxisolic
characteristics, including very high Fe, and evidence of
laterization and extreme kaolinitization (Driese et al.,
2016). Paleosol geochemistry suggests that this oxisolic
paleo-Vertisol weathered under a humid, tropical climate
with MAP of ~1800 mm yr~! and a MAT of up to 25 °C
(Stinchcomb et al., 2016). Intriguingly, this interval of
intense pedogenesis coincides with relatively high pCO,
(500-600 ppmV) during the earliest Miocene (Kiirschner
et al., 2008). This oxisolic Vertisol is overlain by less well-
developed paleosols, where the morphology, isotopic geo-
chemistry from soil carbonates, and microcharcoal and
microvertebrate fauna suggest open-canopy conditions
during the early Miocene in western Kenya (Lukens,
Lehmann, et al., 2017), consistent with previous interpre-
tations (Bonnefille, 2010; Kingston et al., 1994).

Neogene Siwalik paleosols from Pakistan record the
emergence and expansion of C4 grasses during the late
Miocene (Quade & Cerling, 1995). Prior to 7.3 Ma, the
paleosols are characterized as Alfisols or Mollisols sup-
porting C, vegetation, whereas after 7.3 Ma, Mollisols
supported C,-dominated vegetation. Subsequent work
on lateral Siwalik paleosol variability showed that during
the transition to a C,-dominated ecosystem, C, and C,
plants occupied different environments in the Siwalik
valley bottom, largely a function of local topography and
moisture dynamics (Behrensmeyer et al., 2007). Late
Miocene paleosols from the Texas Panhandle range from
Entisols and Inceptisols to Vertisols, included pedogenic
carbonate and yield a mean annual rainfall reconstruc-
tion that is notably wetter than today’s average annual
rainfall. These data suggest that the Late Miocene cli-
mate was not sufficiently arid to select for grasses uti-
lizing C, photosynthesis (Lukens, Driese, et al., 2017).
This could suggest that another mechanism (herbivory
or fire) was a primary driver of C, expansion in North
America.

Long-term aridification as documented in the
continental interior of North America facilitated the
development and expansion of desert grasslands during
late Oligocene to short- and tall-sod grasslands and
paleo-Mollisols in the Miocene (Retallack, 2001a). The
development of these sod-forming grasslands, which
includes near-mollic to mollic epipedons, led to the
development of deep crumb-structured C-rich soil
matrix. These sod grasslands would have increased
albedo, soil-water retention and the storage of C. As a
result, the evolution and expansion of these sod grass-
lands has been invoked as a driver of climate cooling dur-
ing Cenozoic (Retallack, 2001a). More recent work shows

that a worldwide increase in 8'%0 in paleosol carbonates
and fossil teeth from the Neogene is consistent with an
increase in soil-water evaporative and transpirative flux
(Chamberlain et al., 2014), which is consistent with
Retallack’s (2013b) hypothesis that the widespread expan-
sion of grassland soils altered the albedo and soil water
retention properties on large spatial scales.

2.5.3.5. Pliocene-Pleistocene glaciations

Plio-Pleistocene  paleosol archives of climate,
hydrology, and weathering are extensive. Paleosol archives
that have been the subject of decades of research are suc-
cessions of loess and paleosols found in the mid-conti-
nent of North America (Grimley et al., 2003; Mason
etal., 2008; Muhs et al., 2003, 2008; Ruhe, 1965), Eurasian
Steppe (Bronger, 2003; Buggle et al., 2014; Fitzsimmons
etal., 2012; Markovi¢ et al., 2009), Chinese Loess Plateau
(Bronger & Heinkele, 1989; Gallet et al., 1996; Kemp,
1995; Kemp et al., 1995; Maher & Thompson, 1995) and
the Chaco-Pampean plains of Argentina (Kemp et al.,
2006; Zarate, 2003). Space does not permit discussion of
each of these regions; however, some review of the
Chinese Loess Plateau (CLP) is pertinent.

One of the more significant advances in paleosols,
climate, and hydrology was the linking of terrestrial
paleoenvironmental and paleoclimate records of the CLP
to marine and ice core records (Heller & Liu, 1982; Kukla,
1987). This work, and many more subsequent studies,
showed that variations in loess and paleosol development
archived in the CLP track orbital and shorter-term
millennial-scale changes in intensity of the East Asian
Monsoon (An, 2000). These records also match orbital
variations in ice sheet growth and ocean temperatures as
inferred from oxygen isotopes from ice- and marine-core
records. Loess deposition at the CLP coincided with
glacial times and a stronger winter monsoon, and these
deposits have massive to weakly developed ped structure
and primary carbonates. Weathering, and paleosol
formation, at the CLP dominated interglacial times and
stronger summer monsoon, whereby these fossil soils
have Ah horizons with spongy microfabrics and pedo-
genic carbonates. Paleosols older than 0.374 Ma in the
Louchuan section of the CLP have argillic subsoil hori-
zons in addition to pedogenic carbonates (Bronger &
Heinkele, 1989). These associations highlight the connec-
tions between long-term atmospheric pressure differences
driven by ocean vs. land temperatures (monsoon) which
drove hydroclimatic variability and silicate weathering
and calcification in the CLP during the Plio-Pleistocene
(An, 2000). Recent model simulations of soil development
on calcareous European loess showed that late glacial
(0.013-0.01 Ma) bioturbation affected topsoil decarbon-
ization rates and clay migration (Finke & Hutson, 2008).

Also notable are the many paleosol studies from East
Africa, largely driven by paleoanthropological and
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archaeological studies of hominin evolution. Many of
the Plio-Pleistocene paleosol records from East Africa
document increasing aridity, C, vegetation and opening
of canopy (Cerling et al., 2011; Cerling & Hay, 1986;
Levin et al., 2011; Wynn, 2004). However, there is consid-
erable variability in these paleoclimate proxies for any
given time interval, which has been attributed to pedofa-
cies, where the physical, biogeochemical, and mineralog-
ical properties of paleosols change systematically with
proximity to the paleo-channel (Bown & Kraus, 1987).
This concept of paleosol diversity as a function of depo-
sitional environment, groundwater effects, geomorphic
position, and parent material has been documented in the
Plio-Pleistocene rocks from Tanzania and Ethiopia
(Ashley et al., 2014; Levin et al., 2004).

Wynn (2000) documented a range of Pliocene paleo-
sols and environments associated with Australopithecus
anamensis in the Turkana Basin of northern Kenya.
These types include Vertisols, Inceptisols, Entisols, and
Aridisols that weathered in semiarid to arid seasonal
climates under low tree-shrub/savanna vegetation. A
later, more extensive, Plio-Pleistocene paleosol record
from western and eastern Turkana showed evidence of
aridification events at 3.58, 3.35, 2.52-2, and 1.81-1.58
Ma that coincided with bovid and hominin turnover
events, suggesting that evolution of these mammals was
driven by climate and habitat instability (Wynn, 2000).

2.5.3.6. Late Pleistocene and Holocene transition:
The Younger Dryas

The transition from the Late Pleistocene to the
Holocene Epoch (0.0117 Ma) marks a geologically rapid
(103 years) change from cold glacial to warmer intergla-
cial conditions. The warming interval leading up to this
boundary, the Allered oscillation, 0.0139 to 0.0129 Ma,
was interrupted by an abrupt return to glacial conditions
between 0.0129 and 0.0117 Ma (Alley, 2000). This cold
interval is known as the Younger Dryas (YD). Although
the YD was first recognized in Europe, it has now been
documented in marine and ice records worldwide (Bard
et al., 1993; Fairbanks, 1990; Taylor et al., 1993). The
triggers for this abrupt climate change event are complex
and likely consisted of a shutdown of the Atlantic
Meridional Overturn Current caused by meltwater dis-
charge into the North Atlantic, more negative radiative
forcing and a changing atmospheric circulation (Broecker
et al., 1988; Fairbanks, 1989; Renssen et al., 2015).
Although some have advocated an asteroid impact that
triggered YD cooling (Firestone et al., 2007), this hypo-
thesis has been met with resistance and remains contro-
versial (Holliday et al., 2016; Pinter et al., 2011).

These abrupt YD climate changes in the Northern
Hemisphere had a global impact on Earth’s surface.
Black mats from the southern Great Basin and throughout
much of the Northern Hemisphere were once wet

meadow and shallow pond environments (wetlands)
likely formed in response to YD-age recharge (Haynes,
2008; Quade et al., 1998). These black mats have also
been classified as Aquolls, Mollisols that formed in aquic
soil moisture regimes. The parent material for these
Aquolls was eolian silt or fine sand (Haynes, 2008). A
micromorphological analysis of these organic-rich sedi-
ments and soils showed remnants of humic acids, plant
fragments, diatoms, phytoliths, and gastropods (Harris-
Parks, 2016). These paleosols varied as a function of
topography and relation to the water table, ranging from
organic horizons, moist soils, or ponded sediments and
suggest that during the YD this environment had greater
effective moisture than the modern desert climate of
Arizona and Nevada (Harris-Parks, 2016). Younger
Dryas black mat paleosols, interpreted as paleo-Molli-
sols, weathered and were buried by eolian sediments and
therefore document a brief interval of mesic conditions.
The YDs interval also corresponds with notable changes
in human adaptation during the Clovis-to-Folsom
transition, notably a decline in mammoth hunting and
increased regionalization (Ballenger et al., 2011).

This type of abrupt climate change impact on Earth’s
surface is perhaps nowhere more dramatic than in one of
the driest places on Earth today: the Atacama Desert.
Paleowetlands were mapped throughout the central
Atacama Desert and document elevated groundwater
levels during two periods: 0.0159 to ~0.0138 and 0.0127
to ~0.0097 Ma (Quade et al., 2008). These wet intervals
are likely related to the strengthening of the South
American Monsoon, whereas links to the YD effects in
the North Atlantic are not firmly established.

2.5.3.7. Anthropocene

Although the Anthropocene is not a formal geologic
time unit and there are controversies associated with this
proposed boundary (Autin & Holbrook, 2012; Gale &
Hoare, 2012), its approximate delineation is useful when
discussing human impacts on Earth’s surface and the sed-
imentary record (Zalasiewicz et al., 2008, 2015). Evidence
suggests that A.D. 1610 or 1964 (e.g. atmospheric fallout
from nuclear tests) may serve as useful geochronological
markers for the beginning of the Anthropocene; however,
human impacts to climate, biota, and weathering are
documented several thousand years earlier (Ruddiman,
2003; Smith & Zeder, 2013; Stinchcomb et al., 2011).
Anthropogenic soil horizons and the modern pedosphere
have been considered as ideal candidates for delineating
the “golden spike” of the proposed Anthropocene (Certini
& Scalenghe, 2011), where some have also advocated the
implementation of an anthro-pedostratigraphy (Richter
et al., 2015). Furthermore, lithologic discontinuities have
been proposed as a useful concept for delineating anthro-
pogenic deposits (and soil) overlying older, possibly
preanthropogenic soil because these discontinuities are
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defined by marking the boundary between two geologic
layers in a soil profile (Ahr et al., 2016; Stinchcomb
et al., 2013).

2.5.3.7.1. Anthropogenic effects on climate and
biota. Recent Anthropogenic impacts on climate have
caused global temperatures to increase, especially
northern polar regions where temperature increases are
twice the global average from AD 1965 to 2005 (Solomon
et al., 2007). In addition to these temperature changes,
snow cover has declined for many regions, arctic sea ice
extent has decreased, and temperatures at the top of
permafrost have increased by 3 °C since the 1980s
(Solomon et al., 2007). Associated human impacts on
Earth’s surface have resulted in a significant loss in range
area for several mammals, which is a threat to species
diversity (Ceballos & Ehrlich, 2002) and also related
generally to biodiversity decline (Butchart et al., 2010).
Recent estimates show that this rapid loss in biodiversity
is sufficiently severe to be called the “sixth mass
extinction” (Ceballos et al., 2015) and suggest that biodi-
versity will continue to decline over the 21st century
(Pereira et al., 2010).

If the most recent anthropogenic impacts are any
indicator, then evidence of earlier anthropogenic impacts
would lead one to surmise that these effects also altered
earlier climates and biota (Ruddiman, 2003, 2013).
Middle Holocene changes in pCO, and pCH, have been
linked to land-use practices like forest clearance and rice
agriculture (Ruddiman, 2003, 2013), and so in this regard,
humans already altered the surrounding biota millennia
prior to the present. Between 0.011 and 0.009 Ma, animal
domestication arose independently in many parts of the
world and this would have also directly affected biota
(Smith & Zeder, 2013).

2.5.3.7.2. Anthropogenic effects on weathering.
Human impacts on Earth’s surface and sedimentary
record are time-transgressive, and therefore, soils may
record these multiple impacts as polypedogenesis (Richter
et al., 2015). Technosols, a soil group in the World
Reference Base for Soil Resources (FAO, 1998), are soils
characterized by human creation, where pedogenesis is
operating on reactive human discard (i.e. artifacts) and
kinetics of reactions are rapid (Leguédois et al., 2016).
This latter observation is related to the fact that humans
can quickly create or transfer reactive materials to the
soil. It has been proposed that the addition of these arti-
facts to soil could be quantified to an approximate degree
through human history using a simple mass-transfer
equation (Stinchcomb, 2018).

The degree of anthropogenic effects on soil can vary
widely and may range from the addition of industrial
aerosols concentrated in heavy elements (e.g. Mn, Pb, Zn)

(Herndon et al., 2010; Ma et al., 2014; Stinchcomb et al.,
2014), to the addition of human-altered organic matter
and artifacts (e.g. Terra Preta) (Glaser et al., 2001; Lima
et al., 2002; Mann, 2008), to complete removal or
manipulation of the soil surface by large-scale machinery
or labor practices (Hooke, 2000; Wilkinson, 2005).
Compiling these observations into a pedostratigraphy in
order to more systemically document human impacts on
soil is an ongoing effort (Richter et al., 2015).

2.6. SUMMARY AND CONCLUSIONS

2.6.1. Climate, Terrestrial Biota, and Weathering Are
Inextricably Linked

The preceding review of weathering over Earth his-
tory, as elucidated by paleosols, clearly demonstrates
that climate, biota and weathering are inextricably
linked. Availability of water and warmer temperatures
enhance rates of weathering. Land plants with deeply
penetrating root systems advance the depth and rates
of weathering as plants excrete organic acids, weather
mineral grains, and physically mix weathered rock and
soil material (e.g. Ibarra et al., 2019). Likewise, soil ani-
mals function importantly in mixing weathered rock
and soil material through bioturbation. Atmospheric
chemistry, especially pCO, and pO,, are important
chemical constituents affecting hydrolysis and silicate
weathering in general, as well as oxidation-reduction
reactions. The fact that these controlling factors of the
Earth system have changed significantly over time,
through changes in plate tectonic processes, such as
subduction, sea-floor spreading and volcanism, and
through biological and botanical evolution, are
expressed as variable weathering conditions over Earth
history and recorded in paleosols.

2.6.2. Paleosols Are Important for Inferring
Changes in Climate, Terrestrial Biota,
and Weathering Over Time

Because paleosols form in the critical zone, at the inter-
face between the biosphere-atmosphere-hydrosphere,
lithosphere, and pedosphere, they are a primary record
of these processes. Paleosol recognition requires
identification of specific features and properties through
the veil of diagenesis and deep-time, and it is up to
paleopedologists to use the identified paleosols to recon-
struct paleoclimate, paleolandscape, and paleoatmo-
spheric chemistry. The majority of paleosol studies
(reviewed here) were aimed at reconstructing past cli-
mates and environments. Few of these studies attempted
to more directly reconstruct variations in weathering flux
through time. More work like this could help modern CZ



SOILS, CHEMICAL WEATHERING, AND CLIMATE CHANGE IN EARTH HISTORY 51

research by providing longer term view of weathering
flux and potential drivers (tectonics, climate, biota).
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Soil Formation, Vegetation Growth, and Water Balance:
A Theory for Budyko

Allen Hunt

ABSTRACT

Percolation theory can be used to generate expressions for solute transport distances and velocities as a function
of time. Previous studies have shown that the solute velocity can be used to predict soil production rates. Steady-
state conditions allow prediction of a soil depth nearly proportional to the ratio of the infiltration rate, 7, and
the erosion rate. Other results from percolation theory have been used to find the dependence of the net primary
productivity, NPP, on transpiration, 7. In Budyko theory, the two relevant fluxes, evapotranspiration, E7, and
runoff, Q, are different from 7 and 7, but it is nevertheless reasonable to approximate / as Q and T as ET. Here
it is argued that NPP is also proportional to the soil depth. Since the water fluxes (Q) that produce soil and cor-
respond to transpiration (E7) are complementary to each other, i.e. add up to the precipitation, P, the new result
allows an optimization of NPP with respect to ET. The predicted result, using the percolation prediction for
root fractal dimensionality, is ET = 0.623 P, which compares very well with the global average, variously given
as between 0.63P and 0.65P. Using 55 published values of the root fractal dimensionality of forbs and grasses
grown under ideal conditions of moisture and energy (i.e. aridity index ET,/P = 1, where ET, is the potential

evapotranspiration) maps out the spread of observed values of ET/P at aridity index 1.

3.1. INTRODUCTION

3.1.1. Water Partitioning at the Terrestrial
Earth Surface

When water falls as rain on the continents, some may
evaporate directly back to the atmosphere, some may be
used by plants, some runs off along the surface, and some
infiltrates deeply into the subsurface, only to re-emerge
in, for example, streams, and flow to the ocean (e.g.
Manabe, 1969). The sum of the surface and subsurface
components of the runoff is typically denoted by Q.
Finally, some of what goes into the ground increases
subsurface water storage, including reservoirs that have
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been drawn down, often to satisfy human requirements.
Although any changes in underground water storage will
be ignored in the following, each of these water pathways
has consequences for a wide range of scientific disci-
plines, such as ecology, hydrology, climate studies, geo-
morphology, and soil science, as well as for society, such
as water power from rivers, flooding, future water
reserves, agriculture, and soil loss.

How to predict the partitioning of water (water balance)
that lands on the terrestrial Earth surface is a question of
central importance (Budyko, 1958; Milly, 1994; Williams
et al., 2012). Plant productivity clearly depends on how
much water the plants use (Lieth, 1972; Rosenzweig,
1968), and it has recently also become clear that the
formation of the soil requires the passage of water through
the solid Earth surface (whether bedrock or unconsoli-
dated materials) and on into stream flow (Maher, 2010).
Indeed, both observation (Maher, 2010) and theory
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(Hunt & Ghanbarian 2016) indicate that the rate of
chemical weathering as well as of soil formation should be
proportional to the fluid flow rate. Predicting what
fraction of precipitation, P, goes into soil formation and
how much into vegetation growth (i.e. the water balance),
however, has presented difficulties. Because the first useful
description of this process is due to Budyko (1958, 1974),
it is also often referred to as the Budyko problem and its
solution as Budyko theory. In his work, Budyko clearly
identified the limiting behavior of the evapotranspiration,
ET, in both hydrologic limits: (1) water-limited ecosys-
tems and (2) energy-limited ecosystems.

Water balance models have appealed to the water usage
strategies of plants and the physical properties of soils
(Porporato et al., 2004; Rodriguez-Iturbe et al., 1999), a
system driven by the vagaries of climate and the details
of the precipitation. Shortages of either precipitation or
solar energy will hinder the use of water by plants, for
example. Some of these models are quite simplified and
yield general curves of ET as a function of potential
evapotranspiration, ET,, which measures how much
water could be evaporated by the incoming radiation.
Porporato et al. (2004) predicted a dependence of ET on
soil depth which is linear, or close to it. Some models are
more complex, requiring substantial characterization of
any particular ecosystem. Other methods to generate the
water partitioning include optimization principles from
energy and entropy (Milne & Gupta, 2017; D. Wang
et al., 2014), the balance of carbon cost and water benefit
(Guswa, 2008, 2010), or optimal vegetation growth from
maximum water content (Eagleson, 1978a, 1978b).

Budyko generated an ad hoc function that describes
the fraction of water returned to the atmosphere by E7,
which has proved reasonably reliable and, indeed, the
more accurate the longer the period of observation con-
sidered (Gentine et al., 2012). Finally, Sposito (2017)
has emphasized the interrelatedness of combinations of
variables of water and radiation within a framework
of homogeneous functions, a set of guidelines from
statistical and thermal physics. The above discussion con-
stitutes a brief overview of existing general strategies for
estimating water partitioning at the terrestrial surface.

The present Budyko treatment falls into the category of
optimization strategies. It exploits new results on soil
formation rates (Egli et al., 2018; Hunt & Ghanbarian,
2016; Yu & Hunt, 2017a, 2017b), as well as of plant
growth rates and net primary productivity, NPP (Hunt,
2017). Use of predictive relationships for soil formation
and NPP allows optimization of productivity with
respect to the actual water partitioning, as long as energy
is not the limiting factor. Combined with existing argu-
ments regarding the behavior of E£7 in the energy-limited
regime, we generate a reasonable upper bound on ET
throughout the spectrum of environments. The relevance

of this upper bound becomes clearer when compared
with datasets compiled over longer periods of time. That
many points nevertheless fall below the predicted curve,
but very few above, is at least consistent with the assertion
that we generate an optimal ET. Failure to reach the
upper bound suggests that the theoretical optimization
has not been achieved in a basin with its particular plant
community and existing soil characteristics.

3.1.2. Water and Energy Conservation Foundation:
The Budyko Approach

In its fundamental partitioning, Budyko theory
(Budyko, 1958, 1974; Sposito, 2017; D. Wang et al., 2014)
does not distinguish between the various evaporation
pathways, nor even between evaporation and transpira-
tion, which become linked into evapotranspiration, ET.
Further, the water flow, called runoff, can travel either on
the surface or through the soil and bedrock. This latter
consideration is somewhat problematic for the present
treatment, based on steady-state soil formation rates (Yu
& Hunt, 2017a), since only the subsurface component of
Q contributes to soil formation, while both contribute to
soil erosion. We remind also that changes in storage are
considered to be negligible over longer periods of time
(Budyko, 1958, 1974). With these definitions and approx-
imations, water conservation requires that

P=ET+0Q. (1

Radiation, R, impinging on the Earth’s surface can
contribute either to sensible heat flux, H, or to latent heat
flux through ET. Regardless of whether water changes
phase through direct evaporation or through transpira-
tion, the water flux, ET, must be multiplied by the latent
heat, L, of water to generate an energy flux, and energy
conservation then requires that

R=LET+H. )

Division through both sides of this equation by L
leads to

E%E£=ET+£. (3)
L L

ET, is how much water vapor would be released if all
incoming radiant energy were converted to latent heat,
and it is thus termed potential evapotranspiration. When
ET = ET,, H = 0, and such systems are designated
“energy limited.” When Q = 0, however, increases in
ET with increasing radiation cannot occur, since there
is no additional water to evaporate, and these systems
are termed “water limited.” The analogous forms of
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equation (1) and equation (3) inspired Budyko’s original
formulation (1958) as well as the thermodynamic basis
proposed by Sposito (2017).

3.1.3. Fundamental Relationships Between ET and ET ;
Climate Influences

In climate zones where there is ample water but little
solar radiation, transpiration of plants may be limited by
very low evaporation rates, a situation called energy
limited. In the opposite extreme, where there is a great deal
of solar radiation but limited precipitation, as is common
in arid regions, ecosystems are called water limited. In the
water-limited case, £7 cannot exceed P, but in the energy-
limited case, ET cannot exceed ET,. In the energy-limited
case, if plants are utilizing energy optimally for growth and
productivity is a monotonically increasing function of
transpiration, then ET will equal E7 and H = 0. In the
water-limited case, at sufficiently high E7,, ET will equal
P and there will be no water left for surface or subsurface
flow, making Q = 0. Specific advances beyond this point
are, as yet, uncertain, even though many approaches have
been tried. This is partly a result of the wide range of
experimental results reported, including the conditions of
their measurement, but indicates as well an uncertainty in
the best way to approach a problem of such high com-
plexity and potential variability. The latter uncertainty is
exacerbated by our limited knowledge of which secondary
variables control the variability in data. Significantly,
Budyko’s original guess as to the functional form of ET
(ET,/P) appears to work as well as later modifications
made to increase flexibility (Gentine et al., 2012).

3.2. HYPOTHESIS

Our working hypothesis: NPP has a complex and
potentially optimizable dependence on ET and Q.
Ecosystems that exploit this relationship to maximize
productivity will have an adaptive advantage.

NPP depends sensitively on ET (Rosenzweig, 1968).
But ET depends on soil depth (Porporato et al., 2004),
while soil depth depends on Q (Maher, 2010). Recent
research has shown it is possible to express soil formation
rates (Egli et al., 2018; Yu & Hunt, 2017a, 2017b) and
vegetation growth rates (Hunt, 2017) as proportional to
the fundamental fluxes of deep infiltration (the major
part of Q) and transpiration (the major part of ET),
respectively. Both faster growth rates and deeper soils will
contribute to greater primary productivity of the plants.
Thus, how the water is partitioned at the Earth’s surface
controls the rates of plant growth and soil formation. The
more water that plants take from the earth, the faster they
can grow, but the slower soil will form. Such a competi-
tion for water can be optimized.

Should our hypothesis be satisfied, we will have demon-
strated that the soil/vegetation system is not merely a
passive responder to climate, topography, and parent mate-
rials; rather, it exploits its advantages in controlling water
fluxes to optimize productivity. This result would provide a
theoretical basis for the view expressed in the report
(National Research Council, 1991) on hydrologic sciences
(HS) that triggered the establishment of the HS program at
NSF: “The more we learn about our desiccated, and appar-
ently barren, neighboring planets, the more we wonder if
our good fortune is not a result as well as the cause of life
on the earth,” which echoes early statements from Eagleson
(1978a, 1978b) and from Eagleson and Tellers (1982).

Thus, we assert that a knowledge of the fundamental
spatiotemporal scaling behavior of plant growth and soil
formation allows a first estimate of the partitioning of
the water in the hydrologic cycle, making Budyko theory
an output of the models for vegetation and soils rather
than merely an input factor. This coupling adds an impor-
tant facet of relevance to the discussion of the principle
hydrologic fluxes in the context of a volume on hydroge-
ology, chemical weathering, and soil formation. As
pointed out by Dietrich and Perron (2006) (and reiterated
by Gentine et al., 2012), soil, topography, vegetation, and
climate are intimately interconnected. The relevance of
water balance at the Earth’s surface can be used to couple
these processes theoretically.

3.3. THEORETICAL APPROACH AND STEADY-
STATE RESTRICTIONS

Application of Budyko theory is usually restricted to
steady-state conditions, such that year-to-year (and inter-
annual) variations in water storage can be ignored. The
restriction on time scales of observation introduced by
this constraint has been assumed to be 50 years (Gentine
et al., 2012), though an argument based on climate vari-
ability might also be made, in which case a better choice
could be the corresponding definition of climate as an
average over weather, i.e. ca. 30 years. Variations in average
weather (thus climate) over longer periods would then be
considered climate change and could trigger steady-state
changes in vegetation. Either way, decades of data should
be used. A yet longer time scale may be introduced by
adaptation of vegetation to climate change. In some cases,
it may take centuries, or even millennia, before local vege-
tation can adapt to new climates, such as required by the
expanding deserts at the beginning of the Holocene (Hunt
& Wu, 2004). Limitations in plant adaptation are placed
by the efficacy of seed dispersal mechanisms. More perti-
nently, similar complications may arise from human
impacts on climate in the Anthropocene today. Rates of
poleward migration of climate zones today may exceed
the ability of ecosystems to follow. To the extent that soil
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depth influences vegetation productivity, it also becomes
necessary to consider the impact that changing climate or
vegetation properties exerts on soil depth. Times to reach
steady-state soil depth vary but can reach a million years,
depending on what erosion rates are, as the time required
to reach steady-state is inversely proportional to the
erosion rate (Yu & Hunt, 2017a). In regions of active tec-
tonics, where erosion rates reach mm/yr, this equilibration
time may be 100 years or less, but in continental interiors
with three orders of magnitude slower erosion rates, such
times can easily exceed 100,000 years. Under such extreme
conditions, steady-state assumptions may not be relevant
to calculations.

Porporato et al. (2004) cite Knapp et al. (2002) and sum-
marize: “There is growing evidence that the predicted
changes in rainfall regime due to climate change will reduce
ecosystem net primary productivity and possibly induce
shifts in community composition.” Finding a reliable opti-
mization of NPP that describes an upper bound of ET,
and thus NPP, across climate zones would be a good start
in developing a predictive treatment of the effects of cli-
mate and land-use change on plant-related productivity.
Further advances will also be possible if any discrepancies
between the predicted upper bound of E7 and observation
can be interpreted in terms of specific failures of actual
behavior of the biosphere to reach optimality.

The strategy for solution is as follows: (1) Use the first
of the two Budyko equations, equation (1), to write ET
= P - Q. (2) Import the equation for NPP as a function
of ET. (3) Modify the equation by multiplying by the
soil depth as a function of Q. (4) Optimize NPP as a
function of Q.

3.3.1. Percolation Theory, Solute Transport,
and Chemical Weathering: Relevance to Soil
Formation

Although soil formation is certainly a very complex
process, an increasing body of research (Anderson &
Anderson, 2010; Burke et al., 2006, 2009; Dixon et al.,
2009a, 2009b; Egli et al., 2014; Maher, 2010) suggests that
chemical weathering of the substrate is the component
that most commonly limits the rate of formation of soil.
At the same time, evidence has been accumulating that
field measured values of the chemical weathering rate
are consistent with the assumption that the weathering
process is solute transport limited. Solute transport
limitations are introduced by the tendency of chemical
reactions to go to equilibrium if the reaction products
are not removed efficiently. Thus, it has been proposed
that it is possible to calculate weathering rates from (non-
Gaussian) solute transport rates. Because solute trans-
port velocities diminish with time, under field conditions
solute transport will always become limiting after

sufficient time has passed. If chemical weathering is also
the limiting component of soil formation, then the solute
transport velocity should generate the rate of soil
formation. Egli et al. (2018) investigated the world’s larg-
est relevant soil database, finding that in Mediterranean
sites soil formation rates were given by solute transport
rates at all timescales. At alpine sites, reaction kinetics
could dominate at timescales up to 100 years or so, but at
larger timescales, solute transport was found to control
chemical weathering and soil formation rates.

Since soil formation rates decay with time (or increasing
depth), if soil erosion rates remain constant, eventually
soil formation and erosion rates can coincide, at which
point a steady-state soil production has been achieved. In
the large majority of the soils considered by Egli et al.
(2018), steady-state conditions were reached by a few tens
of thousands of years. The equation derived for the
steady-state soil depth, x, was

1

115
} : 4)

Here d is the median particle diameter, @ the porosity,
E the erosion rate, and 7 the deep infiltration rate. The
numerical constants D, = 1.87 and 1/(D, — 1) = 1.15 relate
to the fractal dimensionality of the percolation back-
bone, D, = 1.87. The value 1.87 is appropriate for both
saturated and wetting conditions with 3D connectivity
(Hunt & Sahimi, 2017), a degree of universality sufficient
for most soil development, though questionable for
development within fractures, for which pore-space con-
nectivity is more likely 2D. We will use equation (4) for
the soil depth but with the substitution of Q for /. This is
not entirely justified for two reasons: (1) It assumes that
the entire runoff is through the subsurface, and (2) it
takes the erosion rate, E, as an input value independent
of I (or Q). The first assumption is consistent with zero
runoff by overland flow. The second is generally consis-
tent with erosion rates that are slope controlled and less
sensitive to minor changes in precipitation, P. In any
case, erosion rates do depend less sensitively on the
fraction of Q given by 7; increases of infiltration at the
expense of overland flow increase erosion by chemical
weathering (removal of the products in solution) at the
expense of physical erosion. The direct physical source of
this constraint can be analyzed through a comparison of
the ratio of the hydraulic conductivity with the porosity
and the rainfall rate, a detail which we prefer to neglect in
this initial investigation. Using Q for /, we find
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A number of problems in soil formation and geomor-
phology are amenable to solution using the described
approach (Egli et al., 2018; Yu & Hunt, 2017a, 2017b),
while a wide range of data (Hunt, 2017) have been found
consistent with equation (4). Although the depth evolu-
tion of some soils was, at short timescales (less than 100
years), shown to be limited by reaction kinetics (Egli
et al., 2018) rather than solute transport, this timescale
was considerably less than the time required to reach
steady state, which was typically 10,00 to 100,000 years.

Here we compare soil depths obtained from equation (4)
using typical values of particle sizes, erosion rates,
porosity, and infiltration rates with the results of Gentine
et al. (2012) for rooting depth. Thus, we check to see if
the magnitudes of x using known values of Q are reason-
able. Later, we check to see if known values of Q are gen-
erated from an optimization of our results for soil depth
and vegetation growth.

For comparison with rooting depth, it is important that
estimates of the actual depth of the soil do not use the
value for Q = 0.377 P, derived below, but only that por-
tion which actually infiltrates rather than running off on
the surface, which is closer to 0.22 P (Lvovitch, 1973).
Estimates (Yu et al., 2017) of typical global soil depths
using equation (4) and /¢ = 0.22P/¢p approximately 0.5,
ranged from about 0.45 m to 1.67 m. In those estima-
tions, d,, was taken to be 0.00003 m, a typical porosity of
0.4 was chosen, and the typical erosion rate was given as
0.000029 m/yr (Montgomery, 2007). Mean precipitation
rates from the literature varied from a little over 800 mm/
yr to approximately 1100 mm/yr, while there was an even
greater range in approximate fractions of P that infil-
trated deeply. For comparison, consider that the rooting
depths obtained by Gentine et al. (2012) ranged from
0.32 to 0.8 m (their Figure 2). In our calculation below,
62% of the water transiting the root zone returns to the
atmosphere. In accord with this effective water content,
one could define an equivalent depth of nearly full satu-
ration, but which is only 62% as deep, as the source of
water for transpiration. Using this factor of 0.62, the
range of values from Yu et al. (2017) for the soil depth are
transformed to 0.30 to 1.03 m, rooting depths which are
roughly equivalent to those of Gentine et al. (2012).

3.3.2. Vegetation Growth and Net Primary
Productivity (NPP)

Here it is important to state at the outset that we have
not developed a steady-state expression for NPP. Rather,
it was shown that NPP is proportional to a specific, non-
integral power of ET at any time scale (Hunt, 2017).
Elsewhere it will be shown that both NPP and ET
decrease with increasing mean age of vegetation.
However, it is presumed that in natural ecosystems, at

least, barring such events as fire, a steady state in
population has been reached, i.e. that the number of
woody plants entering any specific age class in a given
time period due to increasing individual age is equal to
the number removed from that age class, either by death
or further aging.

Hunt (2017) showed that data support the theoretical
proposition that NPP is proportional to 7 (transpiration)
to the 1.9 power, i.e. NPP = C T '°, with C a constant of
proportionality, which was at that time undiagnosed. The
argument for this choice of power was that roots were
following optimal paths (least resistance and maximum
nutrient and water fluxes) near the surface that were con-
strained to a medium that was effectively two-dimensional
(2D). Thus, the mass fractal dimensionality of the root
systems should be equal to the mass fractal dimension-
ality of large clusters near the percolation threshold in
2D. This argument was influenced by descriptions of
forest systems. However, particularly in arid systems, it
has been suggested that the root mass can be more iso-
tropic, and it is possible that the appropriate mass fractal
dimensionality is actually 2.5, the percolation value asso-
ciated with a 3D medium. One data set by Seeley (1978),
as described in Hunt (2017), may support this suggestion
at the far dry end of the transpiration range in the
Namibian desert.

Some variability in NPP values at a given transpiration
existed (the constant C) and was not accounted for (Hunt,
2017). The present hypothesis may supply some of the
source of variability in a dependence on soil depth, but
part might be traced to simply to constants required by
dimensional analysis. Dimensional analysis, since NPP is
measured in grams of carbon in the dry weight of vegeta-
tion that has developed over 1 year in a specified area, 4
(1 m square), requires the additional presence of a density
factor, which we have not explicitly included. Thus, a
volume per unit area, 4, must be multiplied by the density
to generate the carbon content. Not all plant matter has
the same carbon density. In addition, volume is not gener-
ated by the horizontal root development alone but also
through multiplication by the rooting depth, suggested to
be roughly a constant and equal to the soil depth. Equating
the soil depth with the rooting depth arose in combination
with the result that the soil depth, as calculated from
equation (4), is usually about 1 m, whereas most roots are
confined within the top meter or two of the surface.
Additional support is provided by a range of authors
(Hillel, 2005; Jenny, 1941), who describe the world’s soils
as being typically about 1 m in depth. As explanation, we
cite the argument (Lynch, 1995) that roots seek nutrients
in the top ~1 m of soil, which tends to lie in the vadose
zone above the water table. This portion of the subsurface
is also where water contents tend to change most drasti-
cally. In fact, the rooting depth is the focus of other studies
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of Budyko theory (Yang et al., 2016), who state explicitly,
“In terrestrial ecosystems, the plant rooting depth (Z) pri-
marily determines the active soil zone that has potential to
return water back into the atmosphere via plant transpira-
tion.” The rooting depth is typically restricted to a
maximum of 1 to 2 meters (Fan et al., 2017), except in
highly water-limited environments.

The quoted result for NPP (ET) is based on below-
ground productivity and the assumption of equivalence
between below-ground and above-ground productivity.
Differences in above- and below-ground productivity can
also account for some of the variability in the NPP (ET)
relationship.

We now write the net primary productivity, NPP, as

dy
NPP = XEAT : (6)

Although A, as stated, represents a reference surface
area (1 m square), its interpretation becomes important
when, for large aridity index, plant separation becomes
very large. The proportionality of NPP to soil depth
in equation (6) corresponds closely to the result of
Porporato et al. (2004). Equation (6) applies the assump-
tion that d, the mass fractal dimensionality of percola-
tion theory, is appropriate for the root mass. The value
of d. depends only on whether the percolation cluster is
constructed in 2D or in 3D; in the former case d, = 1.9;
in the latter, d, = 2.5 (and the density factor is still
neglected). The choice depends on the degree of con-
finement of the root mass to a shallow soil layer. The
below-ground productivity is confined mostly within
the soil with depth x. Owing to the relatively small thick-
ness of soil compared with the heights and root radial
extent of most plants, we use the value d, = 1.9 appro-
priate for 2D, except when we formulate alternate
hypotheses. Dimensional analysis requires, in addition
to a length scale to the d, power, also a length scale (or
scales) to the power 3 — d. Since we chose x', we point
out that equation (6) is missing a factor proportional to
a length scale to the 3 — (1 + 1.9) = 0.1 power.

3.3.3. Optimization of NPP and Result for ET (P)
for Steady-State Soil Conditions

The first step towards optimization of NPP with
respect to the water partitioning is substitution of the
result for x as a function of Q from equation (5) into
equation (6). Then use P = Q + ET to represent NPP as a
function of only Q, rather than ET and Q:

1 1
NPP=KQPETY =KkQP'[P-0]".  (7)

Here K is another constant, independent of the fluxes.
In order to optimize NPP (Q), the derivative of
equation (7) with respect to Q may be set equal to zero,
generating the equation

1
Dy -1

(P-Q)=d,Q. (8)

The solution of equation (8) is

P

Q:1+df(Dh—1).

)

Ford,=1.9and D, = 1.87, as in the published predictions
of NPP and soil depths, equation (9) yields Q = 0.377 P
and ET = 0.623 P.

Start from equation (7), but apply the assumption
that roots spread equivalently in all directions (d, =
2.5). Now, dimensional analysis does not allow a root
mass to be proportional to the product of the root
radial extent to the 2.5 power and the rooting depth,
since the combination of powers of lengths is greater
than 3. Thus, the factor x is replaced by x*¢ and the
optimization procedure analogous to that performed
on equation (7) yields

3-d,

= P=0.187P.
3—df +(Db—1)df

0 (10)

The result ET = 0.813 P follows for d. = 2.5. Isotropic
root systems are thus more effective at removing water
from the soil, enhancing ET. In arid regions, applicability
of either equation (5) or equation (10) is likely restricted
to the immediate subsurface beneath plants, where soil
and the rooting depth is greater than the average value
(Yang et al., 2016).

Two special cases of equation (10) may be considered.
In one case, d, = 3, making Q = 0, leaving ET = P. In the
second case, D, = 1 (Gaussian conditions, where solute
transport and water flow velocities are the same). Then
Q = P and ET = 0. This latter condition, however, is not
relevant, since in that case solute transport is so rapid
that it does not limit chemical weathering and soil
formation. Indeed, soil formation is then reaction kinetics
limited (Yu & Hunt, 2018).

3.3.4. Optimization for the Case of Transient Soil
Development

In many areas in the world, nascent soils are forming in
regions where ice sheets or glaciers have retreated (e.g.,
Mavris et al., 2010). In the first few hundred years (Egli
et al., 2018), soil depths increase rather rapidly and
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according to the following equation (Yu & Hunt, 2017a,
2017b; Egli et al., 2018):

1

xzdso[ (11)

t D,
Ddso 11|

Note that requiring equivalence of the time derivative
of equation (11) (rate of increase of soil depth is the soil
production function) and the denudation rate generates
equation (5) for the steady-state soil depth (Yu & Hunt,
2017a, 2017b; Egli et al., 2018). In other regions, where
erosion rates may be very small, the relevance of such a
relationship to much longer timescales has also been doc-
umented (Yu & Hunt, 2017a). Examples include central
Australia.

Carrying through the analogous optimization of NPP
(Q) as with equation (7) leads to the result

= L (12)
1+ deb
The validity of equation (12) is restricted to areas with
vegetation. Choosing the 2D value, d, = 1.9 leads to O =
0.22 P and ET = 0.78 P. Using the analogous procedure
in 3D (following the modifications in the derivation of
equation [10]), one finds

3-d,

Q: 3—df +D/,df

(13)

Equation (13) yields Q =0.097P and ET = 0.903 P. The
larger fractions of the precipitation that go into ET reflect
the more efficient soil formation at shorter times, consis-
tent with the smaller fraction of P represented by Q.
Thus, it is possible for vegetation to extract more water
from young soils without hindering the soil development
so strongly, since the soil production rates are higher. It is
important that even surfaces that have been exposed for
100,000 years or more may not reach steady-state soil
depths if climates are sufficiently arid, such as in central
Australia.

3.3.5. Predicted Variability in ET

One can address the observed variability ET with our
formulation, even though it allows, in principle, vari-
ability only in a single variable parameter, the mass fractal
dimensionality of the root system. Thus, one can use the
observed variability in root fractal dimensionality for the
parameter d, rather than the optimal value from percola-
tion theory, in order to estimate variability in ET, rather
than the optimal value of ET.

3.3.6. Variation of ET(P) with Dryness Index

The result from equation (9), ET = 0.623 P, does not
account for constraints on evaporation due either to
water limitations or energy limitations. Williams et al.
(2012) found that 62% of the variability in ET values
could be attributed to variations in the ratio of ET/P,
but only about 13% was due to climate. Thus, it is
necessary at least to develop a means to treat the varia-
tion of ET with ET,.

In the limit of ET,/P << 1, Budyko (1958) found that
ET = ET,, while in the limit P/ET, << 1, ET = P. Below,
we develop a framework to address the variability of ET
with solar radiation in terms of the so-called dryness
index for water-limited conditions, expanding the range
of conditions that we can consider.

In arid regions, roots may extend vertically as easily
as horizontally. Rooting depths are deeper (Fan et al.,
2017), and examples of root fractal dimensionality sim-
ilar to 2.5 are not infrequent for grassland plant species
(Levang-Brilz & Biondini, 2002). Substitution of d, =
2.5 into equation (11) yields Q = 0.187 P, implying
ET =0.813 P. However, in water-limited environments,
particularly warm deserts, separations between plants
can be very large. In such cases, Yang et al. (2016) have
emphasized the need to account for the plant separa-
tion in an “effective rooting depth.” In between plants,
where soil can be virtually absent (Yang et al., 2016), we
suggest that evaporation is simply equal to P and no
water goes into soil formation. Such an assumption is
in general accord with both adaptive behavior of
plants, which may grow best in regions with higher
infiltration, such as along fractures (Stothoff et al.,
1999), or the result of surface armoring by small clasts
(rocks) between plants, which strongly inhibits water
infiltration (Wells et al., 2014). A quick estimate of the
aerial density of dominant vegetation yields the quo-
tient of P and ET,. Then one could write the total ET
as equal to (0.817) P (P/IET)) + P (1 - P/ ET)) = P —
(0.183) P (P/ET,). Division by P yields ET/P =1-0.183
(PIET,).

A reasonable approach to defining a predicted upper
bound for optimization of vegetative capacity for tran-
spiration is to combine the two results, ET = ET, for
values of ET/ET, < 0.623 and P — 0.183 P/ET, for dry-
ness index greater than or equal to 1. However, this would
leave a region of dryness index between 0.62 and 1
without any predicted upper bound. A second possible
strategy is to continue the approximation for water-lim-
ited systems down to a dryness index value where the
large ET/P prediction coincides with the small ET/P
result (ET = ET,), thereby ensuring continuity of the
ratio of ET/P everywhere, although not of the slope.
Nevertheless, the result for the intermediate dryness
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regime, 0.623 < ET /P < 1, is not specifically justifiable,
and a better treatment might well differ from our predic-
tion in this region.

3.3.7. Qualitative Modeling of NPP Across
Climate Zones

At low aridity index, the optimal ET of ecosystems is
ET,, since all radiation can be utilized without any limita-
tions from water. Given the modeled, and observed,
power-law dependence of NPP on ET, one should expect
that, in this range, NPP = x! ET"® would generate the
same dependence on ET, i.e. NPP = x' ET,'°. In con-
trast, at high values of ET/P one would expect the areal
density of plants to control NPP in conjunction with E7.
This areal density was assumed to be P/ET; thus, one
finds an ecosystem productivity proportional to ET*ET,
or ET 35, In the water-limited regime, however, ET
becomes very nearly P, so that to a good approximation,
NPP is expected to be proportional to P33,

The behavior of NPP for a given P but increasing E7
can now be addressed. The prediction is that for low ET,
NPP increases as ET,' through aridity index 1 but
diminishes as 1/ET, as ET, continues to increase. Consider
next the same transit of the aridity index, from small to
large, but for ever-increasing P values. NPP can rise to
ever-larger values for increasing P as the aridity index
approaches 1. Eventually, the maximum NPP, reached at
PIET, = 1, will equal 3500 gC/m’yr, which is recognized
as (approximately) the maximum possible NPP for the
largest solar radiation available at the Earth’s surface (de
Wit, 1965; Krause-Jensen & Sand-Jensen, 1998). Further
increases in P will not produce greater values of NPP,
even at aridity index of 1. According to the present theo-
retical construct, they will thus also not produce larger
values of ET. Yet ET/ET, will not change, simply because
ET, has reached its maximum. Thus, as revealed by the
concept of the aridity index and the reality of the Budyko
curve, such further increases in P will simply translate
ecosystems to smaller aridity indices, for which the
approximation ET = ET, becomes more precise.

3.4. COMPARISONS WITH DATA

3.4.1. Global Terrestrial Mean Value of £T

The global average for ET in terrestrial ecosystems is
given by various sources as 0.633 P (vegetation mean) or
0.635 P (climate mean, with two additional sites)
(Williams et al., 2012), 0.64 P (Schlesinger & Jasechko,
2014) or 0.65 P (Lvovitch, 1973). Our numerical result of
0.623 P differs from these three quoted results by 1%, 3%,
and 5%, respectively.

3.4.2. Variation in ET with Aridity Index

We have digitized the data from Gentine et al. (2012)
and compare our predicted functional form to the
results. We maintain their distinctions of “in phase,”
when the precipitation maximum is simultaneous with
the maximum in irradiance, “out of phase,” when these
maxima are not simultaneous, and “non-seasonal,” when
precipitation is not principally defined by the season but
spread out over much of the year. The comparison with
our prediction is shown in Figure 3.1.

Over most of the region of aridity index values, we pro-
vide an excellent upper bound, but in areas of large
aridity, we tend to underestimate the actual ET. It is pos-
sible that the discrepancy is due to our underestimation
of the ability of plants to adapt to arid environments,
including extraction of water from sources not consid-
ered (such as dew or fog). It is also possible that, particu-
larly in very arid environments, soils are continuing to
deepen (Yu & Hunt, 2017a) and the optimization
procedure for transient, rather than steady-state, soil con-
ditions is appropriate. When soils are still deepening, our
derivation implies that a greater fraction of P is lost to
ET. Whether measurement error can contribute to the
discrepancy is not clear. Certainly, measured values of
ET > ET,, when they occur, do not appear to fit with the
Budyko framework.

Budyko Curve for ET

]
0.8 o Out of Phase
In Phase
0.6 2 Non-Seasonal
% Theoretical Bound
W o Grasses
04 o Forbs
0.2
0
0 1 2 3 4
Avridity Index

Figure 3.1 Plot of data compiled by Gentine et al. (2012) for
ET/P as a function of aridity index, ET/P. Theoretical upper
bound derivation for large aridity index uses the steady-state
result for soil depth and 3D root fractal dimensionality of 2.5.
“Grasses” and “Forbs” represent the fraction of ET/P predicted
using all experimentally determined values (Levang-Brilz &
Biondini, 2002) of the root fractal dimensionality in grasses
and forbs. Experimental parameters are compatible with an
aridity index of 1, since either the water-limited or energy-
limited regime would preclude the optimal growth conditions
described in Levang-Brilz and Biondini (2002).
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3.4.3. Variability in ET for Specific Aridity Index

In a greenhouse study of Great Plains vegetation,
Levang-Brilz and Biondini (2002) planted 38 species of
forbs and 17 of grasses in large pots and allowed them to
grow over a season. One half the studied plants were
given a prescribed drip irrigation regimen with fertiliza-
tion and adequate light. In the second half, all parameters
were adjusted to generate a “maximum growth rate.” Our
interpretation is that a maximum growth rate implies that
the plants were neither energy limited nor water limited
(or even nutrient limited), and we therefore suggest that
the appropriate experimental aridity index for this
experiment is 1 (P = ET). Even in the first case, optimal
conditions were likely approached, since adequate light
was guaranteed and drip irrigation was used. Although
by far the dominant vegetation type in the Great Plains is
grass (e.g. Barker & Whitman, 1988), we reproduce both
results for forbs and grasses here. Levang-Brilz and
Biondini (2002) measured the root fractal dimensional-
ities of each species using multiple individuals under each
range of experimental conditions. This fractal dimen-
sionality was measured by determining the exponent in
the relationship between root mass and root radial extent,
exactly as defined here. We used all their species of both
forbs and grasses, as shown in Figure 3.1. The observed
variability in ET is predicted almost exactly by the vari-
ability in d, for the steady-state thin soil (2D) case
(equation (9); assumed to be the most common), as
shown in the figure.

3.4.4. Climate Dependence of NPP(ET)

Above, it was suggested that at the very dry end of the
spectrum, NPP should be proportional to P>* P!, or P*3,
rather than P'’. Here the first factor in P reflects
individual plant transpiration, whereas the second factor
accounts for the plant density. Evidence for such a cross-
over from a lower exponent to a higher exponent with
increasing aridity is seen in Figure 3.2, although the
extracted powers in the two data sets, 3.14 and 1.64, are
about 15% and 50% smaller, respectively, than the pre-
dicted values of 3.5 and 2.5, respectively, and may be
more easily reconciled with the 2D predicted exponents
of 2.9 and 1.9.

Note that the transition to a more rapid reduction of
productivity with decreasing precipitation has some sim-
ilarity to the complementary principle of Bouchet (1963)
discussed in Carmona et al. (2016), that as E7, increases,
soil water content decreases, producing a decrease in ET.
In the present case, a transition from P > 100 mm yr~! to
P <100 mm yr~! produces such a decrease in NPP, that
ET decreases faster than would be anticipated from
extrapolating the Chihuahuan desert to lower P values,
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Figure 3.2 Dependence of net primary productivity, NPP, on
precipitation, P, in arid ecosystems. The data from the Namib-
ian desert are from Seeley (1978) and from the Chihuahuan
desert from Muldavin et al. (2008). Note that, at precipitation
values approaching 100 mm/yr, the dependence on P of NPP
in the Namib may be compatible with that of NPP(P) in the
Chihuahuan desert, which would imply that the spatial sepa-
ration of growing plants only becomes significant at very low
precipitation values, significantly less than 100 mm/yr.

meaning that £7/P may be a function of the actual values
of ET, and P, and not just their ratio. In the study of
Carmona et al. (2016), this eventuality is also anticipated,
and the authors define three relevant ratios.

3.5. DISCUSSION AND POTENTIAL STRATEGIES
FOR IMPROVEMENT

A potentially important result of this study relates to
using the observed values of the root fractal dimension-
ality, d, as a means to predict the fraction of P repre-
sented by ET, which can be defined as a, i.e. ET = aP.
This was represented graphically in Figure 3.1. It is also
useful to give the mean and standard deviation of a. For
grasses, the predicted value turns out to be @ = 0.63 *
0.07, while for forbs, @ = 0.58 £ 0.09. It is perhaps no sur-
prise, given their dominance, that grasses appear to have
more nearly attained the optimal a of approximately 0.63
to 0.64, and with a smaller variance than that of the forb
species. What the larger variance of o implies, from
Figure 3.1, is that forbs show up more at both small and
large ET values, making it appear as though they are
capable of exploiting conditions that deviate more from
the norm. But since their predicted mean ET is lower
than that of the grasses, and since NPP depends so
strongly on ET, one can surmise that grasses have an
important overall advantage in growth and productivity.
Nevertheless, our comparison with the variability in ET
at aridity index 1 in terms of the variability of d; does not
constitute a proof that the variability in observed d, is the
cause of the variability in E7. More studies are needed
for greater confidence.
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Our predictions for ET as a function of ET/P are
mostly for steady-state conditions, with vegetation
adapted to soil conditions after having contributed to its
development. In the large ET regime, we have also used
non-steady-state conditions for soil development. This
adaptation takes place under specific conditions of
topography, aspect, and climate. Since conditions of
steady state may not, for example, be reached during any
intervals between landslides, regions susceptible to land-
sliding cannot be expected to conform closely to the pre-
dictions here. Other important conditions that may be
expected to invalidate the assumption of a steady-state
optimization of NPP by ecosystems include locations
degraded by human impacts or those for which fire pro-
duces periodic disturbances. During periods of rapid cli-
mate change, perhaps no place on Earth could be
considered to be in steady state. Nevertheless, it is not the
focus of this work to trace discrepancies to conditions
out of steady state. Other factors may also be responsible.
We have considered one such factor, that vegetation may
not always be able to take advantage of the optimal
strategy for growth and carbon conversion. Other possi-
bilities are addressed more quantitatively next.

Our full derivation (Egli et al., 2018) for soil depth, for
example, clearly takes into account that both surface
runoff and infiltration contribute to erosion, whereas
only infiltration contributes to soil formation. However,
this distinction is not preserved in Budyko formulations.
Nevertheless, it is important to distinguish between sur-
face (Q,) and subsurface (Q,) runoff, with chemical
weathering losses in solution proportional to Q,, and
(primarily) physical erosion proportional to Q.. (Even
with this increase in care in treating water and erosional
fluxes, aeolian deposition and erosion are neglected!)
Neglecting aeolian inputs, the soil depth should thus be
proportional to (Q /[aQ, + bQ,])""*, with a an b constants
of proportionality, rather than a simple ratio of (Q,/E)"".
In the case that surface runoff is a relatively small fraction
of Q, but b >> q, the approximation that we chose here
can be accurate. For most of the world’s rivers, sediment
in suspension greatly exceeds sediment in solution,
supporting such an approximation. But in areas where
chemical weathering is particularly important, our
approximation would be expected to break down. There,
greater infiltration leads simultaneously to a greater
denominator as well as a larger numerator in the expres-
sion for soil depth, and the importance of soil in the opti-
mization of NPP is reduced. Indeed, the soil thickness is
reduced as well, which should be expected to lead to a
reduction in NPP as well as a reduction in ET. One
situation where one might expect to see such effects is in
karst topography. B. Wang et al. (2009), for example, iso-
lated substrate as a variable and found that the NPP of
drainage basins in nonkarstic regions in Guizhou

province in China was 13.3% higher than in karstic
regions. This implies a 7% higher value of ET (propor-
tional to the 0.53 power of NPP) in nonkarstic regions, in
view of the proportionality of NPP to ET'°. A variation
of 7% is about half the typical variation of ET over long
periods of time, as shown in the data of Gentine et al.
(2012) (Figure 3.1).

Just as the Budyko framework does not distinguish
adequately between surface and subsurface runoff, nei-
ther does it distinguish sufficiently between evaporation
and transpiration. It is true that Rosenzweig (1968) also
did not distinguish between these two fluxes in his original
work addressing the dependence of NPP(ET). However,
logic dictates that the water lost through evaporation
directly from the ground surface, rather than through
plant transpiration, does not contribute to plant produc-
tivity. Thus, the assumed equivalence between NPP and
ET values is not sound. A variability in the fraction of ET
represented by the transpiration would complicate the
entire derivation. We have, to some degree, taken such a
variability systematically into account in desert climates,
but any fluctuations in adaptability that could lead to a
variable ratio of transpiration to ET would introduce
variability into the fraction of P represented by ET, since
the purely evaporative component would not directly
influence the optimization of ET except by its absence.

The current results may help to resolve a puzzle noted
by Egliet al. (2018), namely that the model of equation (5)
and equation (10) appeared to overpredict soil depths
for alpine surroundings, particularly at early times, by
approximately 40%. The predicted fraction of P given by
ET increases from approximately 0.62 for steady-state
conditions (equation [5]) to 0.78 for transient conditions
(equation [10]), thus implying a reduction in Q from
0.38P to 0.22P. The corresponding reduction in soil
depth would be approximately 25%.

3.6. CONCLUSIONS

We have developed a theoretical approach to find the
fraction of precipitation, P, falling on the continents that
is returned to the atmosphere as evapotranspiration, £7.
This approach is based on percolation theoretical results
for soil depth in terms of runoff, and net primary produc-
tivity as a function of transpiration. Our prediction for
the global average ET (P) = 0.623 P appears to be within
1%-3% of observed values. Our prediction for the vari-
ability of ET (P) for a single value of the aridity index
(ET/P = 1) is nearly identical to the observed variability.
In this case, the variability in ET relates to the variability
of a single parameter, the root mass fractal dimension-
ality. Our prediction for the variation of the maximum
value of ET with aridity index appears to bound relatively
well the actual dependence of this variable when only
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long-term averages of ET as a fraction of P are consid-
ered. At this time, evidence suggests that our framework
for the Budyko problem may have wide applications in
future studies.
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Earthworms, Plants, and Soils
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ABSTRACT

The importance of engineers is increasingly recognized in soil science because of their implication in most
important pedological processes. Furthermore, they contribute to ecological functions provided by soils in both
natural and human-modified environments. In this review, we focus on the role of two ecosystem engineers: (1)
plants, their root system, and associated microorganisms and (2) earthworms. First, we explain why they are
considered as major soil engineers, and which variables (texture, porosity, nutrient, and moisture dynamics) con-
trol their activities in space and time (hotspots and hot moments). Then, their roles in three processes of soil
formation are reviewed, namely, rock and mineral weathering, soil structure (formation, stabilization, and disin-
tegration), and bioturbation. For each of them, the involved mechanisms that occur at different spatial scales
(from local to landscape) are presented. On one hand, tree uprooting plays a key role in rock weathering and soil
profile bioturbation. In addition, living and dead roots also contribute to rock alteration and aggregation. On
the other hand, earthworms are mainly involved in the formation of aggregates and burrows through their bio-
turbation activities and to a less extent in weathering processes. The long-term effects of such mechanisms on
soil heterogeneity, soil development, and pathways of pedogenesis are discussed. Finally, we show how these two
main ecosystem engineers contribute to provisioning and regulating services. Through their physical activities of
burrowing and soil aggregation, earthworms and plants increase plant productivity, water infiltration, and cli-
mate warming mitigation. They act as catalysts and provide, transform, and translocate organic matter and
nutrients throughout the soil profile. Finally, due to inter- and intraspecific interactions and/or symbiosis with
microorganisms (arbuscular fungi, bacteria), they enhance soil fertility, decrease parasitic action, and bioreme-
diate some pollutants. Future research is, however, still needed for a better understanding of the relationships
between adequate soil management, agricultural practices, and soil biota in a perspective of relevant mainte-
nance and durability of ecological services.

4.1. PLANTS AND EARTHWORMS
ARE ECOSYSTEM ENGINEERS
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4.1.1. Why Are Plants and Earthworms Called
Ecosystem Engineers?

Ecosystem functioning and stability mainly depend on
living organisms (biocenosis) being in equilibrium with
their abiotic environment (biotope). The higher
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biodiversity is, the greater are resistance and resilience of
ecosystems facing disturbances. Organisms themselves
affect their own habitat through their activities and then
modulate species richness and heterogeneity of the envi-
ronment, and thus the ecosystem functions at several spatio-
temporal scales. Such ecological interactions are usually
distinguished in (1) trophic relationships encountered in
ecological networks such as food webs (Ings et al., 2009)
and (2) nontrophic relationships implying organisms
that affect others by creating, modifying, maintaining, or
destroying habitats, called “ecosystem engineers” (C. G.
Jones et al., 1997, 1994; Wright & Jones, 2006).
Independently from their origin and their location, eco-
system engineers initiate habitat formation in the abiotic
environment, therefore creating a modified structural
state. Environmental heterogeneity is then enhanced with
new ecological niche opportunities and increased biodi-
versity (C. G. Jones et al., 2010). Moreover, ecosystem
engineers contribute not only to structural changes but
also to abiotic and biotic changes, processes that are
interdependent with feedback effects (C. G. Jones et al.,
2010). Allogenic engineers thus modify living or non-liv-
ing materials from one state to another, whereas auto-
genic engineers modify their own structure and
morphology; some engineers are both allogenic and auto-
genic at the same time (Berke et al., 2010; C. G. Jones
et al., 1994, 1997).

Focusing on terrestrial ecosystems, soils play a central
role in major global biogeochemical cycles and host the
largest diversity of organisms (Smith et al., 2015). Among
these organisms, plants and invertebrates are key compo-
nents of soil genesis, functions, and properties, and their
occurrence in the pedon is crucial, focusing on their engi-
neering activities. This is particularly the case in the
so-called “humipedon,” the upper soil layers enriched in
organic matter (mainly O and A) that experience interac-
tions between vegetation and soil (Zanella et al., 2018).
The activity of soil organisms is particularly high in
humipedons and is strongly involved in organic matter
recycling and provisioning, as well as the formation of
biogenic structures such as burrows and aggregates.
Earthworms and plant roots are particularly involved in
these processes that result in aggregates of different size,
shape, and water stability. They act mainly as allogenic
engineers and are responsible for physical modifications
but may also be involved in biological and biochemical
processes (see sections 4.1.2 and 4.1.3). Plants and earth-
worms also share common features regarding their engi-
neering activities. For instance, both contribute to
aggregate and burrow formation, especially in the top 30
cm of soil. In temperate ecosystems, they are thus the
main soil engineers creating habitats for other organisms,
such as small arthropods like springtails or mites
(Cameron et al., 2013; Eisenhauer, 2010; Liu et al., 2013).

Both plants and earthworms produce also chemical
substances: exudates (Bais et al., 2006) and mucus, respec-
tively (Salmon, 2001), which are enriched in water, carbon
(C), and nitrogen (N). These secretions are major drivers
of bacterial diversity and activities (Wu et al., 2017) and
contribute to enhanced enzymatic activities (Gianfreda,
2015; Le Bayon & Binet, 2006) but also modulate the
attraction of small arthropods (Salmon, 2001). Plant
roots interact with earthworms, and their concomitant
activity increases aggregate stability (Fonte et al., 2012;
Schomburg, Schilling, et al., 2018; Schomburg,
Verrecchia, et al., 2018).

4.1.2. Relationships Between Selected Soil Properties,
Plants, and Earthworms

4.1.2.1. Soil texture

Texture is one of the main soil properties driving the
general behavior of ecosystem engineers. For plants, the
optimum spatial distribution of roots depends mainly on
soil water and nutrients, whose retention is largely influ-
enced by soil texture. Higher clay fractions promote reten-
tion of water and sorption of nutrients, whereas a high
sand content tends to enhance drainage (Weil & Brady,
2017). On the other hand, high clay contents can lead to
soil compaction and prevent root development, or even
access of water, whereas sharp sand grains may cause
abrasion of fine root tips (Coleman et al., 2004). Lipiec
et al. (2016) showed that rough sand increases the tortuo-
sity of wheat roots and decreases root length, diameter,
and even root dry weight. Whereas most cultivated plants
require soil with balanced proportions of silt, sand, and
clay, some plants tolerate more severe constraints, such
as shrubs living in desert or coastal dunes, where sand is
predominant. In northern California, a native shrub
(Ericameria ericoides) is well adapted to its sandy environ-
ment by developing an efficient root network that helps to
retain coarse organic matter and decreases aeolian
erosion. In a coastal dune system, shrub species (Lupinus
chamissonis and Ericameria ericoides) serve also as eco-
system engineers acting at multiple levels of biological
organization through both positive and negative effects on
richness and biomass of herbaceous plants (Cushmann
et al., 2010). Phalaris arundinacea is also well known to
grow up in alluvial sandy soils. This pioneer herbaceous
species is especially resistant to drought conditions and
has an efficient root system that protects riverbanks from
erosion (Schomburg, Schilling, et al., 2018). In these
alluvial ecosystems with regular erosion and/or deposits
of sediments during flood events, riparian trees act both
as allogenic and autogenic engineers. By trapping sand
and organic matter, they can modulate soil moisture and
accelerate landform formation, particularly island growth
(Gurnell & Petts, 2006).
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Figure 4.1 Ecological categories of earthworms. (a) Epigeic species, Lumbricus rubellus. (b) Endogeic species,
Allolobophora chlorotica (c) Anecic species, Lumbricus terrestris (sometimes also classified as epi-anecic). Photos
a and b, Claire Le Bayon; photo ¢, Géraldine Bullinger.

Soil texture also directly influences pedofauna. Indeed,
soil macrofauna need material to construct biogenic
structures (Bardgett, 2005; Coleman et al., 2004; Edwards
& Bohlen, 1996; Lavelle et al., 1997, 2016), and through
their selective choice of building components they often
create gradients of organic and mineral particles in their
living space (Edwards, 2004; Frouz et al., 2003; Jouquet
et al., 2014, 2018; Véle et al., 2011). Earthworms select
mainly both fine organic and mineral particles that they
ingest and usually avoid soils with a high proportion of
sand due to potential skin damages (Blouin, Hodson,
et al., 2013; Blouin, Sery, et al., 2013; Curry & Schmidt,
2007; Lee, 1985). However, earthworms may also select
sand grains that improve the grinding of leaf litter in
their muscular gizzard (Marhan & Scheu, 2005;
Schulmann & Tiunov, 1999). Depending on their ecolog-
ical category, epigeic, endogeic, or anecic species as
defined by Bouché (1977), earthworms differ in their
habitat, not only in relation to soil depth but also to tex-
ture distribution in the soil profile.

Epigeics (Figure 4.1a) usually live in holorganic humus
layers, dead wood, or composts, consuming and digesting
organic matter without mixing it with mineral particles.
They increase organic matter decomposition rates and
act as ecosystem engineers by strongly affecting other
litter-inhabiting organisms such as microfauna and
microorganisms (Edwards, 2004). Endogeic species
(Figure 4.1b) are mostly located in the shallow part of the
soil and feed on soil and associated organic matter. To
satisfy their dietary requirements, they actively move into
the soil profile and build up long and dense horizontal
branching burrows filled with their casts (Edwards &
Bohlen, 1996). Endogeics prefer silty-clay soils, and their
burrows and casts serve both as nutrient and habitat
resources for plant roots (Lee, 1985). Anecic earthworms
(Figure 4.1c) dig large vertical burrows that may extend

several meters into the soil profile and thus prefer deep
soils with fine texture (Bullinger-Weber et al., 2012;
Salomé et al., 2011). These worms are especially efficient
at burying fresh organic matter into their burrows using
the strong muscles of their prostomium. By doing this,
they largely contribute to the incorporation and the
storage of organic materials in the subsoil. Through their
bioturbation activity, and like endogeics, anecic earth-
worms excrete casts inside their permanent burrows,
lining their walls with C-enriched mineral-organic
material, but they may also seal their burrow openings
with surface casts (middens). All these biogenic struc-
tures (burrows, casts, and middens) may serve as habitats
for plant roots (and vice versa, as previously mentioned),
but also for microfauna (springtails, mites, enchytraeids)
and microorganisms (Eisenhauer, 2010). Besides these
three ecological categories of earthworms, intermediate
situations exist as epi-endogeic (Lumbricus rubellus) or
endo-anecic ones (Aporrectodea longa), increasing the
complexity of their role as ecosystem engineers.

4.1.2.2. Soil porosity

Soil porosity is the ratio between the volume of pores
and the total soil volume. This porosity depends on seve-
ral factors, including the size, shape, and arrangement of
primary particles, as well as their cementing (Nimmo,
2004). Both burrowing by soil-dwelling animals and
expansion of the root network create the largest biopores
in soil. Soil aggregates also contribute to generating
spaces into the soil; the intimate mixing of organic matter
and mineral particles occurs either in the digestive system
of animals, in particular earthworms, or by enmeshment
of soil particles by roots, hyphae, and their exudates
(Coleman et al., 2004; Milleret, Le Bayon, & Gobat,
2009; Milleret, LeBayon, Lamy, et al., 2009; Six et al.,
2002; Tisdall & Oades, 1982). Consequently, vegetation



84 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

and earthworms largely contribute to forming porosity in
the humipedon, where their activities prevail.

Roots influence the soil pore system, but they are
controlled by both soil and root characteristics. Bodner
et al. (2014) showed that coarse root systems increase
macroporosity by 30%, whereas plants with dense, fine
root systems heterogenize the pore space and increase
microporosity. Therefore, not only plants but also their
lifetimes (perennial versus annual) influence the formation
and the permanence of root systems (Yunusa & Newton,
2003). After root decay, which varies according to plant
communities, several size classes of biopores are freed
up, becoming then available for air and water transport
(Bodner et al., 2014; Horn & Smucker, 2005; Mitchell
et al., 1995).

Earthworms are well known to enhance porosity as
they move through the soil, thus decreasing soil density
(Johnson-Maynard et al., 2007) and improving soil aera-
tion (Edwards & Bohlen, 1996) and water infiltration
(Capowiez et al., 2014; Shipitalo & Le Bayon, 2004).
The number of burrows, as well as their length, diame-
ter, and above all their connectivity, are essential to
ensure an efficient hydraulic conductivity (Johnson-
Maynard et al., 2002; Péres et al., 2010). The amount of
organic matter, the diet type of the worms, and the soil
texture are the main components that drive length and
branching of earthworm burrows (Amossé, Le Bayon,
et al., 2015; Amoss¢, Turlberg, et al., 2015; Lavelle &
Spain, 2001). These burrow systems then depend on soil
features but also on earthworm species that construct
burrows of different length, diameter, and branching
(Amossé, Le Bayon, et al., 2015; Amossé, Turlberg,
etal., 2015; Bastardie et al., 2005; Capowiez et al., 2014).
Moreover, Felten and Emmerling (2009) showed that
species interactions may occur between anecic and
endogeic earthworms. For instance, the burrowing
activity of the endogeic Octolasion tyrtaeum is signifi-
cantly reduced in the presence of the anecic Lumbricus
terrestris compared to the specific single treatment,
revealing potential interspecific competition and trophic
niche separation (Felten & Emmerling, 2009).

4.1.2.3. Soil nutrient balance

In the vicinity of roots. The soil directly in contact with
roots (i.e., the rhizosphere, see section 1.3) has very differ-
ent physical, chemical, and biological properties com-
pared with the bulk soil. Through their multiple activities
of ecosystem engineering, plants create a gradient of soil
water content and nutrient availability around their root
system (Gilad et al., 2007; Guttierez & Jones, 2006).
Moreover, carbohydrates formed by photosynthesis are
transferred into rhizospheric soil where they stimulate
microbial activity; in turn, microbial enzymes decompose

soil organic matter, thus releasing nutrients through
priming effects (Bengtson et al., 2012; Finzi et al., 2015).
Huang et al. (2014) showed that plant exudates modulate
fungal and bacterial activities, which also influence root
exudation. Consequences on soil nutrient balances are
obvious, and Finzi et al. (2015) showed that root-accelera-
ted mineralization and priming effect can account for up
to one third of the total C and N mineralized in temperate
forest soils. As most of the plants have symbiotic rela-
tionships, arbuscular mycorrhizal fungi also contribute
to nutrient availability by facilitating interplant nutrient
transfer (Le Bayon & Milleret, 2009; Wilson et al., 2006).
Mimmo et al. (2018) focused on how chemical,
biochemical, and physical interactions occurring in the
rhizosphere affect nutrient availability. They showed that
qualitative and quantitative composition of root exu-
dates depends on many factors (plant species, plant age,
environmental conditions, etc.) and influences the mobi-
lization of nutrients.

In casts and burrows. The selective ingestion of organic
material contributes to the concentration of organic
matter in casts compared to the surrounding soil (Edwards
& Bohlen, 1996; Le Bayon et al., 2017; Lee, 1985; van
Groenigen et al., 2019). The addition of mucus during
the gut transit stimulates microorganisms and conse-
quently enzyme activities, which enhance organic matter
mineralization (Blouin, Hodson, et al., 2013; Chapuis-
Lardy et al., 2011; Shipitalo & Le Bayon, 2004). A meta-
analysis on cast fertility (van Groenigen et al., 2019)
highlighted that nutrient availability is higher in casts
than in bulk soil (total elemental concentrations increased
by 241% and 84% for mineral N and available P, respec-
tively). In addition, pH, cation exchange capacity, and
base saturation are also increased. Earthworm burrow
linings are also enriched in organic matter and nutrients
compared to non-ingested soil (Jégou et al., 1998).
Mucus, composed mainly of water, C, and N, serves as a
lubricant to improve the displacement of earthworms.
This resource enrichment leads to the presence of specific
and active communities of microflora and microfauna
directly located in the burrow walls (Jégou et al., 1998;
Savin et al., 2004; Tiunov & Scheu, 1999), and enzyme
activities are enhanced over 2-3 mm all along the linings
(Le Bayon & Binet, 2006). Consequently, casts and bur-
rows are major sources of bio-avaiblable nutrients that
could directly be absorbed by plant roots (Milleret, Le
Bayon, & Gobat, 2009; Hoang et al., 2016). As an example,
roots of Achillea millefolium preferentially occupy burrows
of the anecic Lumbricus terrestris (Cameron et al., 2014).
Moreover, earthworm burrows provide interconnected
channels that make easier the penetration of roots into the
soil and serve as a regeneration niche for plants in grass-
land ecosystems (Milcu et al., 2006).



4.1.3. Hotspots, Hot Moments in the Soil: Rhizosphere
and Drilosphere

The soil biota modulates physical, chemical, and
biological properties of soils in several ways (Blouin,
Hodson, et al., 2013; Coleman et al., 2004; Lavelle et al.,
1997). Five areas in the soil with specific properties were
thus defined by Beare et al. (1995): (1) the rhizosphere in
the vicinity of plant roots, (2) the detritusphere in the
organic layers, (3) the aggregatusphere encompassing
soil aggregates, (4) the porosphere considering voids,
and finally (5) the drilosphere, e.g. the soil under the
influence of earthworms. Such “hotspots” of intense
biological activity, also called “hotspheres,” may repre-
sent more than 90% of the total biological activity con-
centrated in less than 10% of the total soil volume
(Beare et al., 1995). Kuzyakov and Blagodatskaya (2015)
underlined that hotspots located in rhizosphere and dri-
losphere can be associated with “hot moments” defined
as short-term events or sequences of events inducing
accelerated process rates, as compared to average rates.
Hot moments induce successions in microbial commu-
nities and intense intra- and interspecific competition,
thus affecting C use efficiency, microbial growth, and
turnover. Consequently, the intensification of fluxes
increases and such hot moments result in priming
effects localized in microbial hotspots (Kuzyakov &
Blagodatskaya, 2015).

4.1.3.1. Rhizosphere

The rhizosphere is the soil volume that interacts directly
and immediately with living plant roots, from nanometers
to centimeters in radial distance from the root surface
(Richter et al., 2007). Organisms found in the rhizosphere
include bacteria, fungi, nematodes, protozoa, algae, and
microarthropods (Lynch, 1990; Raaijmakers et al., 2009).
This diversity is mainly due to rhizodeposits released by
plant roots, and these deposits are the main food source
for microorganisms that modulate population density and
activities of other organisms. Rhizodeposition is a mix-
ture of several compounds such as lysis products of root
cells, insoluble mucilages, soluble root exudates, and
volatile organic C (D. L. Jones et al., 2009). Soil microor-
ganisms are chemotactically attracted to these spots
enriched in C and tend to proliferate in this particular
environment (Lugtenberg & Kamilova, 2009). In return,
microbial activity in the rhizosphere is essential for plant
functioning, as it assists plants in nutrients uptake and
offers protection against pathogen attack (Berendsen
et al., 2012; see section 4.3.2). Therefore, the rhizosphere is
a zone of communication between soil microorganisms
and roots that occurs and changes continuously due to
nutrient solubility, soil transport, or plant uptake (Mimmo
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et al., 2018). Huang et al. (2014) reviewed interactions bet-
ween plants and rhizosphere microbes, focusing on how
root exudates are involved in these processes. Regarding
soil structure at a smaller scale, Foster (1998) and Bruand
et al. (1996) showed the importance of bacteria and roots
in rearranging and stabilizing soil properties. Feeney et al.
(2006) discovered that soil microbes and plant roots
modify their habitats by changing size and clustering
properties (i.e. spatial correlation) of soil pores.
Consequently, the rhizosphere is not only a hotspot of
biochemical processes and fluxes but also a hotspot and a
hot moment regarding aggregate formation.

4.1.3.2. Drilosphere

The drilosphere is the part of soil the influenced by
earthworm burrowing and casting activities (Blouin,
Hodson, et al., 2013; Johnson-Maynard & Strawn, 2016).
Earthworm burrows, surface casts, and casts produced
within the soil profile belong to the drilosphere, but also
earthworm gut contents, as well as symbionts (Ojha &
Devkota, 2014). Hence, the drilosphere displays a high
degree of relationship between microorganisms and
micro-, meso-, and macroinvertebrates. Generally, anecics
and endogeics are involved in the drilosphere formation
due to their ecological behavior and selective ingestion of
particles (Curry & Schmidt, 2007). The permanent burrow
system of anecic species (about 2 to 3 m depth) is an impor-
tant network of root growth activity and microbial dis-
persal, while endogeic species are more located around the
rhizospheric region (Hirth et al., 1998). As a consequence,
soil biogeochemical properties within the drilosphere dif-
fer from those of the bulk soil, similar to the rhizosphere
(Lipiec et al., 2016). Linking drilosphere and rhizosphere
functioning is then obvious. Earthworms enhance plant
growth and plant quality (van Groenigen et al., 2014) that
is closely linked to drilosphere-rhizosphere interactions.
Kim et al. (2017) also showed that some combinations of
earthworm-mediated soil aeration, modification of mois-
ture conditions in the rhizosphere and drilosphere, and
comminution of organic matter modify microbial commu-
nities and significantly affect the N cycle.

4.2, PLANTS AND EARTHWORMS ARE IMPLIED
IN SOIL FORMATION

Among biota, plants and earthworms mainly con-
tribute to pedogenetic processes as ecosystems engineers.
According to Blum et al. (2018), pedogenesis is defined as
“the processes of formation and development of soils,
resulting in many different soil bodies. Soils with common
particular characteristics form a distinctive soil group
or soil type or soil unit.” Processes of soil formation are
subdivided into two main groups: transformation and
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translocation. Transformation (weathering and formation
of new minerals, decomposition and stabilization of
organic matter, development of soil structure, ion
exchange and redox processes, etc.) operates in situ and
may involve some movement of substances over a very
short distance (microns to millimeters). Translocation
processes (transport of salts, organic and mineral sub-
stances, turbation, etc.) lead to displacement, sorting and
mixing of solid matter within the soil profile (centimeters
to meters). Both transformation and translocation are
controlled by five main factors: climate, parental material,
relief, biota, and time, resulting in the development of
distinctive soil horizons with particular properties. These
soil-forming factors determine both direction (pathways)
and speed of pedogenesis.

In this section, we analyze the role of biota, in particular
plants and earthworms, in key transformation and trans-
location processes during pedogenesis, namely, weathering
of rocks and minerals, structure formation, and biotur-
bation. Although these processes can occur simulta-
neously and interact with each other, they are presented
successively to facilitate understanding. In addition, for
each process, the main impacts of earthworms, plants,
roots, and their associated microorganisms are discussed.
Nevertheless, the interactions between these two eco-
system engineers are not detailed.

4.2.1. Rock and Mineral Weathering

Weathering is a process involving both the breakdown
of rocks and minerals and the formation of new secondary
products. This cascade process creates continuous
changes in the environment and gathers physical or
mechanical disintegration, but also chemical alteration.
The contribution of soil organisms is widely recognized,
but it is difficult to disentangle the effects of purely
mechanical from chemical weathering because they fre-
quently act synergistically.

4.2.1.1. Plants

4.2.1.1.1. Mechanical weathering. Mechanicalweathering
is mainly due to root growth in length and girth, which
causes axial and radial pressures during rock penetration.
Swelling of roots, promoted by water absorption, can exert
a huge pressure, slowly splitting a rock apart (Gabet et al.,
2003). Fine roots penetrate joints and fractures of rocks,
widen them, and contribute to the conversion of bedrock to
regolith (fractured soil parental material), or to deepening/
thickening regolith. However, the efficiency of this mecha-
nism remains unclear because the tensile strength of most
unweathered rock exceeds the pressure that growing roots
can reach. Pawlik et al. (2016) reported that maximum
radial pressures of root growth range from 0.51 to 0.9 MPa,
while the tensile strength of crustal rocks ranges from 1 to

25 MPa. Tree uprooting also contributes to rock weathering
and soil formation at different spatial scales, from landscape
to fine scales such as pits and mounds (Samonil, Kral,
et al., 2010; Samonil, Tejnecky, et al., 2010). Mechanical
and biochemical weathering processes are also closely
linked because when roots have entered rocks, moisture
fluxes along roots are then modified, and physiological
functions of plants (respiration, nutrition, transpiration)
immediately induce chemical weathering. Roots subse-
quently play a role of transmission pathways for moisture,
nutrients, microorganisms, and heat. There is also an
indirect input of water, organic matter, and bioconstruc-
tions in places presently or previously occupied by roots
(Pawlik et al., 2016).

4.2.1.1.2. Chemical weathering. Soil organisms (lichens,
mosses, plants, fungi, bacteria) greatly accelerate chemical
weathering and mediate the formation of secondary min-
erals, but their relative in situ contribution is difficult to
identify (Taylor et al., 2009). According to Pawlik et al.
(2016), biochemical weathering prevails on mechanical
weathering for two reasons. First, the main microorgan-
isms implied in this process are widespread, can survive
under extreme conditions, and can colonize niches unat-
tainable by other organisms. Second, the fungal hyphal
network associated with roots highly increases the space
potentially subjected to biochemical weathering. Soil
organisms act both directly and/or indirectly on
weathering, either by producing compounds (organic
acids, phenolic compounds, and protons) and/or by stim-
ulating the activities of microorganisms that further
accelerate weathering. Five key mechanisms of weathering
exist: (1) root exudates containing protons and organic
acids, (2) CO, release from root respiration, (3) organic
acids and chelators from organic matter decomposition,
(4) evapotranspiration that increases the flow of water
bearing base cations and other nutrients to plants, and (5)
reduction of erosion that also allows further soil
development (see section 4.2.2).

Focusing on exudates, Landeweert et al. (2001) reported
that low molecular weight organic acids produced by
plant roots, bacteria, and fungi are considered to be the
most important biological weathering agents in soils,
driven by their acidifying and complexing capacities. Due
to their high acid strength, citrate, malate, and oxalate are
the strongest chelators of metals, including Al**, a central
element in most mineral crystal lattices. All these organic
acids are largely produced by fungi, bacteria, and roots,
especially proteoid roots (Weisskopf et al., 2008). By con-
trast, medium- to high-molecular-weight organic acids,
such as humic substances, are less effective for the disso-
lution of minerals.

Schulz et al. (2013) underlined that most of the studies
on the role of microorganisms in weathering were



obtained through laboratory experiments and do not
allow predicting the rates of weathering under field
conditions. The rare field researches were conducted in
pioneer stages of soil formation, as for example in the
forefields of retreating glaciers, where biofilms of bacteria
dissolve the siliceous bedrock by exuding organic acids
(Schulz et al., 2013). Lichens also enhance the transfor-
mation of feldspars to clay, and mosses generally produce
a great abundance of expandable clay minerals. Finally,
Pawlik et al. (2016) suggested that mycorrhizal and sap-
rotrophic fungi participate in weathering of feldspars and
hornblends in granitic bedrocks and E horizons of pod-
zolic soils.

4.2.1.2. Earthworms

4.2.1.2.1. Mineral weathering. The mean grain size of
minerals in aggregates produced by earthworms is gener-
ally smaller than in the surrounding soil. This difference
results from (1) a mechanical breakdown of mineral grains
during their passage through the earthworm gut, or (2) a
selective ingestion by earthworms (Curry & Schmidt,
2007; Edwards & Bohlen, 1996; see section 4.1.2). Actually,
several experimental studies have shown the ability of
earthworms to mediate mineral weathering. Suzuki et al.
(2003) showed that pellets produced by epigeic earth-
worms (FEisena fetida) contain smaller and rounder grains
than noningested grains. Moreover, due to its hardness,
the disintegration of quartz is slower than that of
K-feldspath. The mechanism of mineral weathering is,
however, still unclear. It is unlikely due to proton dissolu-
tion because the earthworm’s gut is at near neutral pH,
probably promoted by a ligand produced by a digestive
enzyme of the earthworm or by microbes contained in the
earthworm’s gut (Carpenter et al., 2007). However, earth-
worm species may play a role as demonstrated by Hodson
et al. (2014). In this study, the anecic Lumbricus terrestris
seems not to affect mineralogy, whereas both the epigeic
Eisenia veneta and the endogeic Allobophora chlorotica
clearly accelerate mineral weathering, especially on pri-
mary silicates (anorthite, biotite, and olivine) compared to
secondary minerals (kaolinite, illite, and smectite).

4.2.1.2.2. Calcium cycling. Several authors underlined
the role of earthworms in the biogeochemical cycling of
calcium in soil. Many species secrete granules of calcium
carbonate ranging from single calcite crystals to agglom-
erated granules up to 2.5 mm in diameter (Canti &
Piearce, 2003). The rate of granule production differs bet-
ween species and varies according to physico-chemical
properties of the surrounding soil. Under suitable condi-
tions, such granules are often preserved from dissolution,
remain in soils for decades to thousands of years, and
constitute a small but significant component of calcium
storage in soil (Lambkin et al., 2011).
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4.2.2. Soil Structure Formation, Stabilization,
and Disintegration

Soil structure relates to the spatial arrangement of
mineral and organic particles and their associated pores
into groupings called aggregates or peds (Oades, 1993).
Churchman (2010) considers that aggregation is a specific
feature of soils and plays a fundamental role in terms of
soil functioning. In fact, a well-developed structure can
improve biodiversity in ecosystems; positively affect
water storage capacity, infiltration, and aeration in soil;
promote plant uptake and root growth; and increase the
resistance to soil erosion.

There is a long history of research about aggregation
processes (Six et al., 2004). In 1982, Tisdall and Oades
proposed the concept of aggregate hierarchy that distin-
guishes primary particles (< 20 microns), microaggre-
gates (20-250 microns) and macroaggregates (> 250
microns). This hierarchical concept is used worldwide
(Totsche et al., 2018; Lehmann, Leifheit, et al., 2017;
Lehmann, Zheng, et al., 2017), but soil aggregation is still
a complex process that is controlled by an interplay of
physical processes affecting the ecosystem, soil physico-
chemical parameters (texture, amount of organic matter,
calcium carbonate content, etc.), soil organisms, and
interrelated factors: physical (drying-wetting, freezing-
thawing), chemical (binding agents), and biological
(fauna, roots, and microorganisms).

4.2.2.1. Soil structure and biota The chemical,
physical, and biological effects of different key organisms
(earthworms, termites, fungi, plant roots) in the
formation, stabilization, and disintegration of soil struc-
ture has been recognized for decades. Biochemical mecha-
nisms include particle adhering and orientation, surface
sealing, and particle surface hydrophobicity. Biophysical
mechanisms refer to soil compaction and compression,
particle grinding and remolding, changes in water
content, and particle entanglement by fungal hyphae.

4.2.2.2. Plants and soil aggregation Aggregation
processes can be divided into five mechanisms that can
interact and are dependent on the size of aggregates,
namely, (1) root penetration, (2) changes in soil water
regime, (3) agglutination, (4) dead root decomposition,
and (5) root entanglement (Six et al., 2004). Several
reviews discuss root-related processes that affect soil
structure formation, stabilization, and disintegration
(Angers & Caron, 1998; Degens, 1997; Six et al., 2004).

4.2.2.2.1. Root penetration. Root growth in pores and
the soil matrix generates compressive and shear stresses,
which can reach up to 2 MPa (Angers & Caron, 1998).
Radial compression may reorient clay particles in the close
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(b)

Figure 4.2 Two different root systems. (a) Well-branched roots of Lolium sp. (b) Taproot system of Taraxacum sp.

Photos: Claire Le Bayon.

vicinity of roots, mostly in a 50-200 pm zone. These clay
particles are then bound together by extracellular poly-
saccharides secreted by roots that induce the formation
of microaggregates. By contrast, root penetration into
relatively unstable macroaggregates may divide them in
small units, thus decreasing the proportion of large aggre-
gates. Depending on the type of vegetation, and espe-
cially root architecture (Figure 4.2), the overall influence
of root penetration on aggregation may vary (Six et al.,
2004). Similarly, the growth of fungal hyphae exerts a
pressure on the surrounding soil and can potentially push
and move particles and aggregates. However, there is still
no report on this mechanism in either mycorrhizal or
nonmycorrhizal fungi (Lehmann, Leifheit, et al., 2017).

4.2.2.2.2. Changes in soil water regime. Variations in
frequency and amplitude of dry-wet cycles generally pro-
mote the formation of aggregates in soils. Six et al. (2004)
cited a decrease (in the order of 10% to 20%) in
aggregation due to changes in soil water status, for in-
stance: (1) the water absorption by plants induces local-
ized drying effects, which can promote bonds between
root exudates and clays; (2) root exudates reduce the
wetting rate by occluding pores or increasing pore tortu-
osity; (3) a preferential water flow occurs along living
roots. Consequently, the shape of aggregates may differ;
hence, physicogenic macroaggregates formed under ster-
ilized, moist (20% of water holding capacity) conditions
appear planar and angular at both macro- and micro-
scales (Blankinship et al., 2016). In contrast, biogenic
macroaggregates formed under live, dry (10% of water
holding capacity) conditions are spherical with rounded

edges. Lehmann, Leifheit, et al. (2017) hypothesized that
mycorrhizal fungi may also affect the aggregation process
by changing the soil water status. Water fluxes between
the host plant and its symbionts can alternatively result in
dampening or drying the soil of mycorrhizosphere.

4.2.2.2.3. Agglutination of particles and aggregates.
Many products act as agents capable of gluing, or aggluti-
nating, particles or aggregates. Transient (e.g. organic mate-
rials), temporary (e.g. roots, hyphae, and bacteria), and
persistent compounds (e.g. amorphous iron and aluminum,
aromatic humic material, complexes of clay-polyvalent
metal-organic matter) perform as binding agents for aggre-
gates (Tisdall & Oades, 1982). Anyway, their composition
and origin have not yet been fully established.

According to Totsche et al. (2018), “gluing agents
include all organic substances (e.g. polysaccharides, pro-
teins, extracellular polymeric substances) responsible for
the agglutination of subunits forming a micro-aggregate
or a composite building unit”. Fungi and bacteria secrete
mucilaginous products containing polysaccharides and
root exudates, which stimulate microbial activity and
tight interactions between roots and microbes in the
rhizosphere.

4.2.2.2.4. Dead roots. The decomposition of dead roots
also promotes both aggregation and macropores, which
can significantly influence moisture dynamics. Six et al.
(2004) reported that most of the stable aggregates are
formed after the senescence phase and not during the veg-
etative one. The magnitude of this effect depends on both
the amount and decomposability of organic material.



4.2.2.2.5. Entanglement by root and fungal hyphae.
Lehmann, Leifheit, et al. (2017) underlined that despite
the evidence of this mechanism for both formation and
stabilization of macroaggregates, entanglement by roots
and fungi is still very poorly documented. One of the rea-
sons is the difficulty of disentangling the influence of
entanglement from other associated processes, in
particular exudation promoted by roots and fungi. The
mycelial meshwork helps to stabilize enmeshed soil and
aggregates, and hyphae confer shear resistance and tensile
strength to soil units. In addition, the regenerative
capacity and longevity of mycelia increase their resis-
tance against disturbances. With time, soil structure
changes and unstable macroaggregates can thus disinte-
grate into microaggregates due to the penetration of
roots. In addition, vesicular arbuscular mycorrhizae
(VAM) could also participate to degrade mucilages and
thus destabilize aggregates. However, data measuring the
turnover of aggregates are still rare.

4.2.2.3. Implication of plants in organic matter
stabilization

According to traditional viewpoints, organic matter per-
sists in soil for a longer or shorter time depending on its
chemical complexity and composition. New models about
the persistence of organic matter in soil have recently
emerged (Schmidt et al., 2011). Indeed, molecular struc-
ture alone does not control C residence times, as C stability
mainly depends on the physicochemical and biological
environment (water availability, pH, presence of degraders,
etc.). The key role of roots and rhizosphere in the dynamics
of organic matter is also emphasized. First, plant roots
and rhizosphere inputs make a large contribution to soil
organic matter. Second, root-derived C would be more
retained than aboveground inputs (leaves or needles).
Third, root and mycorrhizae are very efficient in physico-
chemical interactions with soil particles. Finally, the fresh
root inputs could be considered as primers leading to a
more rapid decomposition of older organic matter.

4.2.2.4. Earthworms and soil aggregation

By moving in the soil matrix and mixing, ingesting, and
excreting soil and organic matter particles, earthworms
create biogenic structures, such as burrows and casts
(Lavelle et al., 1997). Through their selective feeding
behavior, earthworms ingest fine organic and/or mineral
particles and contribute to organic matter degradation
and intimate incorporation to clay and silt (Brown et al.,
2000). Casts and burrows thus form new habitats usually
enriched in organic matter and nutrients that act as
hotspots of biological activity. Endogeic and anecic
earthworms are particularly implied in aggregate and
burrow buildup, whereas epigeic species localized in hol-
organic layers create mainly organic pellets (Bouché,
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1977; Lee, 1985). Earthworm activity depends on both
soil temperature (Uvarov et al., 2011; Whalen et al., 2004)
and moisture (Edwards & Bohlen, 1996; Kanianska et al.,
2016), and they tend to decrease their activity substan-
tially in summer (Potvin & Lilleskov, 2017). However,
species such as Lumbricus terrestris may remain active
throughout winter.

4.2.2.4.1. Mucus and gut processes. At the body sur-
face and in the forepart of the gut, earthworms secrete
polysaccharide compounds called mucus (Chapuis-Lardy
et al., 2011; Lee, 1985). The amount or quality of the
epidermal mucus may vary according to ecological earth-
worm categories and ingested substrates (Trigo et al., 1999).
The mucus of Allolobophora chaetophora is, for instance,
composed of 69% proteins and peptides and 31% carbo-
hydrates (Cortez & Bouch¢, 1987). Zhang et al. (2016)
demonstrated that mucus samples from three earthworm
species (Eisenia fetida, Aporrectodea trapezoides, and
Amynthas pingi) may contain 16 amino acids that could
activate microorganisms (Bityutskii et al., 2012; Blouin,
Hodson, et al., 2013; Chapuis-Lardy et al., 2011; Shipitalo
& Le Bayon, 2004). The exoenzymes produced by ingested
microorganisms enhance the degradation of complex
organic matter during its passage through the gut and
thus enhance the capacity of the worm to assimilate nutri-
ents (Edwards, 2004). Moreover, Lumbricus terrestris has
its own enzyme pool, independent from the microorgan-
isms present in the ingested soil; this is notably the case for
alcaline phosphatases implied in organic phosphorus min-
eralization (Le Bayon & Binet, 2006).

4.2.2.4.2. Cast production. According to Lee (1985),
earthworms can process up to 25% of the A horizon in 1
year through the production of casts within the soil pro-
file and onto the surface (often called surface casts or
middens when particularly enriched in organic matter
debris; see Figure 4.3). Most of the studies focused on
surface casts whose amount of production may reach a
mean of 40,000 kg/ha/yr (based on 19 studies; Feller
et al., 2003). In a maize plot, Le Bayon and Binet (1999)
calculated that surface-cast production may reach 34 kg
dwt/yr per kg of earthworms (fwt) in the presence of ane-
cic Lumbricus terrestris and the endogeic Aporrectodea
caliginosa as the dominant species. In a grassland in
Luxembourg, a total amount of 195.6 ton/ha of casts was
measured, 58% from endogeic earthworms and 42% from
anecics (Zangerlé et al., 2016). According to Zorn et al.
(2008), endogeic species may deposit up to 95% casts
underground. Therefore, earthworms act as a living bio-
reactor, and the duration of digestion probably affects
the first step of microaggregate disruption before being
remoulded in larger aggregates (Six et al., 2002, 2004). As
example, the pressure applied to soil may reach 259 Pa in
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Figure 4.3 Surface-casts of anecic earthworms. (a) Different colors of structures indicate the variable organic
matter content. (b) Casts constitute hotspots of available nutrients for plant growth, here beneficial for a seedling

of Fagus sylvatica. Photos: Claire Le Bayon.

the gut of Aporrectodea rosea (McKenzie & Dexter, 1987)
and, concomitant to the addition of mucus, can lead to
the disruption of existing interparticle water and cation
bridges within aggregates (Shipitalo & Protz, 1988, 1989).
Consequently, the soil fabric is reorganized in the intes-
tines of earthworms (Barois et al., 1993), and this remold-
ing, combined with the high water content, may explain
why fresh, moist casts are usually less water-stable than
non-ingested soil (Le Bayon & Binet, 2001; Le Bayon
et al.,, 2002; Marinissen & Dexter, 1990; Shipitalo &
Protz, 1988). With time, casts are stabilized by a
combination of physical (thixotropic hardening),
chemical (secretion of amorphous calcium carbonate as a
binding agent), and biological processes (microbial poly-
saccharides). This stabilization also depends on earth-
worm species, and Schrader and Zhang (1997) noted that
water-stable aggregation is significantly higher in casts of
Lumbricus terrestris than in casts of Aporrectodea caligi-
nosa. They also noticed that the tensile strength of casts
is positively correlated with the clay and carbonate
content of the parent soil, while for water-stable
aggregation the correlation is inverse. The initial soil tex-
ture also plays a major role in cast content (see section
4.1.2). In pioneer environments such as floodplains with
regular sediment deposits, epigeic earthworms (mainly
Lumbricus rubellus) are the first engineers involved in soil
structure in the short term. If the texture is favorable
(mostly silt dominated), anecic and endogeic earthworms
may then colonize the different soil layers, improving
physical and nutrient conditions and creating long-term
stable aggregates (Bullinger-Weber et al., 2007).

4.2.2.4.3. Burrowing. Burrows (Figure 4.4) result from
two main processes: (1) the soil is crumbly enough to
allow earthworms to dig into it without ingesting it or (2)
the soil is so compact that they have to ingest it before

excreting casts. Through peristaltic movements (Lee, 1985),
earthworms exert a strong lateral pressure to push parti-
cles aside during burrow construction, and anecic species
such as Lumbricus terrestris and Aporrectodea nocturna
but also the endogeic Aporrectodea caliginosa are
especially efficient in this process (Edwards & Bohlen,
1996). The speed of burrowing depends on soil texture, a
silty texture being more favorable than a clayish one
(Edwards, 2004), but also on temperature, water content,
and topography, as well as on ecological categories
(Bastardie et al., 2005; Perrecault & Whalen, 2006).
Capowiez et al. (2015) showed that endogeic earthworms
make more extended burrow systems, which are more
highly branched, less continuous, and of smaller diam-
eter than those of anecic earthworms. Three main chara-
cteristics significantly influence water infiltration: burrow
length, burrow number, and bioturbation volume, but the
connectivity of galleries seems also essential to ensure
efficient hydraulic conductivity (Péres et al., 2010).
Estimations of the number of burrows in temperate
regions range from 100 to 800 per square meter (Lavelle,
1988), with a mean ranging between 50 to 200 burrows
per square meter (Edwards & Bohlen, 1996). Some species
such as Lumbricus terrestris make nearly vertical
permanent burrows up to 12 mm in diameter and 2.4 m
deep in which they can live over several years (Edwards &
Bohlen, 1996; Lavelle & Spain, 2001; Lee, 1985).
Lumbricus terrestris intensively reuses its continuous,
vertical burrows (Grigoropoulou & Butt, 2012; Nuutinen,
2011). These burrows can have several entrances, as they
are directly underneath surface casts, which can block the
entrance. Earthworm burrows function as soil macro-
pores, improving soil aeration (Knight et al., 1992), infil-
tration (Stockdill, 1966), and water-holding capacity,
especially in casts and burrow linings. Quantifying the
number of burrows or soil macropores might thus be a
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Figure 4.4 Burrows of anecic earthworms. (a) Burrow openings of anecic earthworms. (b) Burrow linings when
the soil clod is cut in two parts. (c) Coarse fragments of organic matter are clearly visible inside worm galleries.
Photos: Claire Le Bayon.

good indicator of current or past earthworm activity
(Péres et al., 2010).

4.2.2.4.4. Aggregate disintegration. When polysaccha-
rides and other organic gluing agents are mineralized,
the breakdown of soil macroaggregates increases over
time (Ge et al., 2001; Guggenberger et al., 1996). Surface
casts are primarily disrupted by climatic events, such as
raindrop impacts and wet-dry cycles (Binet & Le Bayon,
1998; Le Bayon et al., 2002), by cattle trampling
(Decaéns, 2000), when small earthworms such as
Eudrilidae and enchytraeids dig burrows into the casts
(Blanchart et al., 1997; Topoliantz et al., 2000), or if
casts themselves come unstable as soon as they are pro-
duced. The case of belowground casts of Metaphire
posthuma was highlighted by Botinelli et al. (2010). As
they disintegrate, these weak casts are more susceptible
to dispersion and may lead to a rapid compaction of the
soil after rainfall events, especially in Asia due to the
high intensity of monsoon rainfall. This subsequent
formation of a compact and impermeable layer was well
studied in tropical regions by Blanchart et al. (1997,
1999) and Chauvel et al. (1999). Blanchart et al. (1997)
and Rossi (2003) also showed the existence of “com-
pacting” earthworm species versus “decompacting”
species that play a key role in the regulation of savannah
soil structure. Compacting species produce large
globular casts that are expected to compact the soil,
whereas decompacting species produce fine granular
casts that can decrease soil bulk density (Blanchart
et al., 1993, 1997). Guéi et al. (2012) demonstrated that
despite the presence of both, soil water infiltration rate
may increase. Thus, the preservation of earthworm
species belonging to contrasting functional groups
appears essential for the maintenance of stable soil
structure in agro-tropical ecosystems (Guéi et al., 2012).

4.2.3. Bioturbation due to Plant and Earthworm
Activities: Impacts on Soil Differentiation
and Development

The concept of bioturbation in soil was initially intro-
duced by Darwin (1881) for earthworms and Schaler
(1891, in Wilkinson et al., 2009) for plants. Bioturbation
by terrestrial organisms generates the physical displace-
ment of materials and results in a redistribution and reor-
ganization of these components, as well as a dissemination
of organisms in soil. Wilkinson et al. (2009) classified
bioturbation into primary processes (soil production, soil
mixing) and secondary processes (mounding) resulting
from previous ones. Soil production occurs both directly
by mass displacement and indirectly by weathering of
parental material. Soil mixing refers to material move-
ments within or between soil horizons, and mounding to
depositions on the soil surface (Wilkinson et al., 2009).
Moreover, abiotic processes (aeolian and water erosion)
and biotic ones (dismantlement of mounds by predators
or by cattle trampling) affect redistribution of soil in
mounds. In addition, secondary fabric features (burrows,
root channels) result from recent and/or past bioturba-
tion within or between horizons (Wilkinson et al., 2009).

Present at different spatio-temporal scales, bioturbation
can contribute to a progressive or a regressive pathway of
soil development (Gobat & Le Bayon, 2013), but until
now only few models integrate the calculation of soil
development rates. Alexandrovskiy (2007) applied such a
turbational model to Chernozems, soils in which horizon
mixing by burrowing animals is particularly remarkable.

For each ecosystem engineer (first plants and then
earthworms), we describe in the following sections (1) the
mechanisms of bioturbation taken in consideration, (2)
the effects of bioturbation on soil heterogeneity at differ-
ent spatial scales, and (3) the effects of bioturbation on



92 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

soil development. Finally, a discussion about their effects
on pedogenesis pathways (trajectories) is tackled.

4.2.3.1. Bioturbation by plants: Mechanisms

Gabet et al. (2003) identified five mechanisms of bio-
turbation performed by plants: (1) root expansion during
growth, (2) decay and infilling of former root channels,
(3) settling of the soil due to water extraction by roots, (4)
agitation of the plant during storms, and (5) uprooting.
The first three mechanisms occur within a horizon at dif-
ferent spatial scales, ranging from mineral particles to
aggregates (see sections 4.2.1 and 4.2.2). While agitation
is poorly known, uprooting is better understood. This
mechanical process is due to wind, snow overload, root
decomposition, or fall of adjacent trees. The probability
that trees are uprooted is a function of soil depth, and is
maximum for shallow soils (about 35 cm depth), and then
decreases to nil for soils over 1.5 m depth (Gabet et al.,
2003). This phenomenon has been especially studied in
Podzols, whereas little research was conducted on
Cambisols or on soils with hydromorphic features (Kooch
et al.,, 2015; Kooch, Hosseini, et al., 2014; Kooch,
Zaccone, et al., 2014; Samonil et al., 2015; Samonil, Kral,
etal., 2010; Samonil, Tejnecky, et al., 2010; 2015; Schaetzl
et al., 1990). The uprooting and fall of a tree usually crea-
tes a pit where the roots were previously located and an
adjacent mound resulting from slumping of the displaced
and decaying root plate (Figure 4.5). Slump and erosion
of material from the root plate are known as bioturbation
processes. The paired pit/mound system is highly variable
in size and longevity and the study of its chronosequences
provides a good understanding of the effects of uproot-
ing over time (Bormann et al., 1995; Coyle et al., 2017,
Kooch et al., 2015; Kooch, Hosseini, et al., 2014; Kooch,

Figure 4.5 Tree uprooted following a wind event two years
ago. Soil (Cambisol) and calcareous stones are still attached to
the roots (east of France). Photo: Claire Guenat.

Zaccone, et al., 2014; Pawlik et al., 2016; Samonil et al.,
2015; Samonil, Kral, et al., 2010; Samonil, Tejnecky,
et al., 2010; Schaetzl et al., 1990; Valtera & Schaetzl,
2017). Moreover, cross-sectional drawings of pit/mound
pairs describe changes in spatial patterns. Depending on
climatic conditions and site characteristics, this system
covers from 0.1% to 90% of the forest area and its total
disintegration can be very rapid (5 to 10 years in humid
tropics) or can exceed 500 to 1000 years in many other
environments. Consequently, the effects of uprooting on
soil heterogeneity and soil development are thus highly
variable (Schaetzl et al., 1990).

4.2.3.2. Bioturbation by plants: Effects on soil het-
erogeneity and soil development

According to Pierret et al. (2007), root growth reorients
and packs particles, and enhances macroporosity. By (re)
using paths of less mechanical resistance, including
former root channels, root growth leads to the formation
of a specific environment, which significantly differs both
chemically and biologically from the bulk soil. Water
uptake by plants can also induce moisture gradients that,
depending on soil texture and mineralogy, contribute to
increase soil heterogeneity. These in situ mechanisms
generate transformations leading to displacement of
materials over a very short distance (Blum et al., 2018).
At the pedon scale, tree uprooting can change the spatial
arrangement of soil, from single horizons to the entire
soil profile, which can be completely reversed or even
destroyed. Moreover, the heterogeneity of the soil profile
is increased by the displacement of stones, brought to the
soil surface and then buried under deposits produced by
collapse of the root plate and erosion (Schaetzl et al.,
1990). Uprooting may also modify chemical and
biological properties, especially in pits and mounds that
differ compared to adjacent and undisturbed soils. For
example, in a beech forest in northern Iran, Kooch,
Hosseini, et al. (2014) showed that organic C, total N,
water content, microbial respiration, texture, density, and
biomass of earthworms are significantly greater in pits
than in mounds and undisturbed soils.

4.2.3.3. Postuprooting pedogenesis

The effects of uprooting diminish over time and new
sequences of horizons, reflecting the process of postu-
prooting pedogenesis, are gradually developed. According
to Samonil et al. (2015), progressive soil development is
generally observed, whereas regressive development is
rare, but pedogenetic processes in pits and mounds can
show diverse evolutionary trajectories. The evolution is
nonlinear, and postuprooting pedogenesis is more rapid
in pits because weathering is generally more efficient
(Samonil et al., 2015; Schaetzl et al., 1990). In podzolic
soils, postuprooting pedogenesis is determined by C



dynamics (accumulation versus decomposition) driven by
the frequency of disturbance (Bormann et al., 1995).
Similar divergences of pedogenetic trajectories are also
reported by Schaetzl et al. (1990) for other types of soils
(Inceptisols instead of Podzosols) and extrapolations, as
well as simulations of soil development, thus remain
challenging (Samonil et al., 2015).

4.2.3.4. Bioturbation by earthworms: Mechanisms
and rates

All processes of bioturbation are carried out by earth-
worms relative to ecological activity, species, and also
abundance and biomass. The first assessments come from
Darwin (1881) in the United Kingdom, with annual rates
(ton/ha) of 1940 for mounding, 26 for mixing, and 2-152
for burial of soil. Also in the United Kingdom, Evans
(1948) estimated mounding rates from 3 to 63 tons/ha/yr
and mixing rates from 5 to 53 tons/ha/yr. In France, Bouché
(1981) obtained equivalent rates (20 tons/ha/yr) for mound-
ing and mixing. Finally, in Australia, under humid sub-
tropical conditions, mixing rates reach 127 tons/halyr,
while mound rates are very low (5-6 tons/ha/yr).

4.2.3.5. Bioturbation by earthworms and pedogenesis

According to Cunha et al. (2016), earthworms affect
pedogenesis in two main ways: first by modifying soil pro-
file through bioturbation and second by their effects on
decomposition and nutrient cycling. Earthworms need
from 5 to 20 years to turn over once the topsoil (0-30 cm) in
grasslands under temperate climate. For the same climate
conditions, Feller et al. (2003) suggested that earthworms
can potentially move about 40 cm of soil to the surface each
century. As burrows facilitate the transfer of water, air, and
nutrients, earthworm bioturbation enhances organic matter
incorporation and microorganisms’ redistribution, which
in turn enhances the homogenization of the soil’s profile
and properties. However, material movements by earth-
worms is greater in the uppermost layers than in deeper soil
layers (Muller-Lemans & van Dorp, 1996). Consequently,
both structuration and accumulation of organic matter
occur mainly in topsoil. Besides, the composition of casts
differs from the surrounding soil, increasing thus soil het-
erogeneity (Pierret et al., 2007). Finally, as coarse materials
(gravels, stones) cannot be ingested by earthworms, they
tend to be gradually buried under topsoil casts and may
thus form a stone layer, increasing soil profile differentiation
(Wilkinson et al., 2009).

4.3. PLANTS AND EARTHWORMS CONTRIBUTE
TO SOIL ECOSYSTEM SERVICES

The notion of ecosystem service (ES) is increasingly
used in the evaluation of environmental sustainability.
ESs are commonly defined as the “benefits people obtain
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from the ecosphere and its ecosystems” (MEA, 2005) and
are listed in four broad categories: provisioning (e.g. pro-
duction of food and water), regulating (control of water,
climate and disease, C sequestration), cultural (spiritual
and recreational benefits), and supporting services (e.g.
habitat, biodiversity, nutrient cycles). The first three cate-
gories directly affect people, whereas the supporting ser-
vices are there to maintain the other services (Dominati
et al., 2010).

4.3.1. Provisioning Services

There is a strong link between soil and agricultural pro-
ductivity, and therefore most studies about soil-related
ESs include an assessment of provisioning ES such as
biomass production (da Silva et al., 2018). Many compo-
nents of biodiversity affect ES delivery. For example,
earthworms act as catalysts in improving crop yield, but
their performance depends on the amount of crop resi-
dues, earthworm density, and rate of fertilization (Sharma
et al., 2017). On their side, plants influence soil by the
vast majority of organic matter upon which the rest of
soil life depends, and they also deform the soil under the
mechanical action of roots by elongation or radial growth
(Briat & Job, 2017).

In a meta-analysis about the effect of earthworms on
plant production across the globe, van Groenigen et al.
(2014) showed that earthworms favor the availability of
N from crop residues that stimulate plant growth. In this
case, organic fertilizers prevail over inorganic ones. In
another study reporting an inoculation of Lumbricus ter-
restris, the effect on plant productivity was increased by
20% to 60% of both plant cover and biomass (Forey
et al., 2018). van Groenigen et al. (2014) also mentioned
that in pastures with presence of plants capable of
symbiotic N, fixation such as legumes, the positive effect
of earthworms was smaller, and their influence on pas-
ture productivity disappeared. Earthworms are also
known to increase phosphorus availability in their casts
and burrows (Le Bayon & Milleret, 2009). Earthworm
density also has a significant effect on aboveground plant
biomass, particularly at high densities (> 400 individuals
per m?; van Groenigen et al., 2014). In pots containing
homogenized and repacked soil, the earthworm effect on
aboveground biomass was almost twice as high as in
undisturbed soils, meaning a positive effect on plant
growth and thus on productivity (van Groenigen et al.,
2014). Management practices with objectives of sustaina-
ble intensification of agriculture should be encouraged to
maintain earthworm populations in good health. For
example, low-input farming systems in the tropics, and to
a lesser extent organic farming systems, vary in terms of
habitat quality for earthworms (van Groenigen et al.,
2014), and large application rates of organic manure of
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high-quality crop residues provide excellent conditions
for bioturbation. Tillage can also have detrimental effects
on soil life, especially when the soil is inverted, leading to
strong effects on soil organisms such as epigeic earth-
worms (Orgiazzi et al., 2016). No-till systems may thus
support larger and more diverse earthworm communities.
Epigeic and anecic species particularly benefit from
no-till, as endogeic ones may support tillage systems that
incorporate crop residues. Earthworms are also affected
by tillage frequency: physical injuries or death by tools,
exposure to predators and/or desiccation or frost by soil
inversion, destruction of burrows, changes in soil physical
conditions, and soil compaction (Orgiazzi et al., 2016).

Plants also contribute meaningfully to provisioning ESs
because they are the major source of C inputs into the soil
through litterfall and whole-plant senescence, as well as
root-derived C loss by living plants (Bowsher et al., 2018).
In fact, root exudates and sloughed-off cells influence N
availability (mainly nitrates) and thus plant growth
(Jackson et al., 2008). Therefore, when N supply and access
is high through nitrification, N losses may be lower, thereby
increasing the provisioning services provided by plant-
microbes-soil transformations without any application of
fertilizers (Jackson et al., 2008). Moreover, plant roots in
up to 80% of plant families may establish symbiotic inter-
actions with VAM that not only improve the growth of
plants through uptake of available soil phosphorus and
other mineral nutrients but also prevent erosion by stabi-
lizing aggregates (Gianinazzi et al., 2010). However,
management practices as soil tillage negatively affects
VAM through different mechanisms such as propagation,
extraradical hyphae, and colonized root segments. Tillage
also destroys the mycelial network and affects nutrient
acquisition, especially during early stages of crop growth
(Orgiazzi et al., 2016). In this context, future prospects on
sustainable management have to be considered. In fact, by
2050, the global population is projected to be 50% larger
than now with a global grain demand that follows this
trend. Further increases in agricultural yields are essential
but not at the cost of losing important ecosystem functions.
Due to their great diversity, soil organisms such as earth-
worms and plants offer many resources, but this natural
capital must be further investigated in order to preserve
them and evaluate the range of possible strategies.

4.3.2. Regulating Services

4.3.2.1. Health and soil fertility

According to FAO (2015), “healthy soils are a basic pre-
requisite to meeting varied needs for food, biomass
(energy), fiber, fodder, and other products and to ensuring
the provision of essential ecosystem services in all regions
of the world.” In this context, biodiversity is among the
main factors responsible for the provision of regulating

and supporting ESs. Earthworms and plants are impor-
tant in maintaining soil health, and higher plants are the
major primary producers of biomass, C, and energy
released into the soil. According to FAO (2015), earth-
worms could give general indications of relative changes in
soils and may thus be considered as indicators and should
be included in the global soil health monitoring scheme.
Moreover, they have been shown to enhance soil fertility
through a variety of mechanisms including increased
nutrient availability, enhanced soil aggregation, and water
availability, as well as improved stress tolerance and pest
regulation (Fonte et al., 2019). Earthworms also degrade
and decompose dead organic matter through mineraliza-
tion that takes place in their guts, thus enhancing natural
stocks of nutrients available for soil biota for chemical
reactions, which enables humans to live in a stable, healthy,
and resilient environment (Dominati et al., 2010).

4.3.2.2. Water infiltration

Plant roots and earthworms greatly influence soil
formation and maintenance by the creation of soil struc-
ture (see section 4.2), particularly at the very first stages
of pedogenesis, providing physical support to plants, ani-
mals, and human infrastructures. Pioneer plants allow
accumulation of organic matter from their dead mate-
rials essential for the development of a first soil horizon,
the A layer, and contribute to soil stabilization through
the physical action of very fine roots. Earthworm bur-
rows in the upper layer are suitable for root growth. With
their foraging activity, earthworms create preferential
flow paths for water, thus decreasing propensity for over-
land flow, which leads to a reduction of erosion risk,
especially in mature soils where large amounts of water
infiltrate and are retained in the pore spaces.

However, due to continuous alteration and erosion
processes, new soils are formed while old ones are slowly
disaggregated by erosion. The notion of inherited and
newly formed soils can be illustrated through floodplains
submitted to perturbations such as flood events. Plants in
particular are very efficient at agglutinating organic and
mineral particles and thus increasing topsoil structural
stability (Schomburg, Schilling, et al., 2018; Schomburg,
Verrecchia, et al., 2018). This is of crucial importance in
the case of floodplain restoration projects that aim to
rehabilitate water flow regulation, meaning attenuation
of runoff and discharge rates, water storage for flow
regulation, and mass flow regulation (i.e. erosion protec-
tion). For example, Schindler et al. (2016) indicated that
renaturation has strong positive impacts on other regula-
tion services such as lateral floodplain reconnection and
creation of natural habitats, which is of particular impor-
tance in biodiversity conservation.

In fact, earthworms and plants have a great influence
on flood mitigation. Soil structure and more precisely



macroporosity play a major role in soil water infiltration
and processes related to the control of drainage runoff
(Pelisek, 2018). Earthworms also interact with plant
species composition, and certain plant functional groups
could significantly alter variations in soil hydraulic prop-
erties. According to Fischer et al. (2014), soil infiltration
capacity increases with legumes but decreases with
grasses, probably due to roots that modify the pore struc-
ture. Further, legumes enhance earthworm activity while
grasses suppress it. Functional groups of plants may thus
affect earthworm and root activities.

The role of plants in soil hydraulic properties is also
important for water extraction from deeper layers through
roots. Plants adapt to drought by rapidly developing fine
roots or by increasing the activity and efficiency of deep
roots, which are responsible for water uptake (Teuling
et al., 2006). Transpiration is also a key to understand
ecosystem functioning and particularly the efficiency of
plants to use and store water. Models are usually preva-
lent (Guderle & Hildebrandt, 2015) with assumptions to
determine the sink term for root water uptake in soil
water flow models. In this way, standard measurements
(e.g. soil water content profiles) are used for the estimation
of evapotranspiration and root water uptake. Through
transpiration, plants act as a natural regulator of water
fluxes between soil and atmosphere, and these fluxes
allow as much as 60% of whole land precipitation to
return to the atmosphere (Javaux et al., 2013).

4.3.2.3. Tritrophic interactions

Soils provide habitat for thousands of species that reg-
ulate pest control and dangerous disease vectors
(Dominati et al., 2010). This regulating ES is principally
related to soil properties and the biological processes
driving inter- and intraspecific interactions (symbiosis,
competition). As an example, Blouin et al. (2005) empha-
sized the importance of belowground interactions in
plant ecophysiology. In a controlled experiment, the
decrease in rice growth caused by a parasitic nematode
was suppressed in the presence of earthworms.
Earthworms thus enhanced the tolerance of roots to
nematodes, and the expected inhibition of photosyn-
thesis was suppressed. It has also been shown that earth-
worms are also able to generate hormones and
subsequently may render a plant tolerant to parasitic
nematodes by inhibiting the gene responsible for the
repair of damaged roots, preventing plant death after all
leaves have shrivelled (Orgiazzi et al., 2016). More gene-
rally, the preservation of existing natural enemies by
choosing cultural, mechanical, or selective chemical con-
trols that do not harm beneficial species should be favored
(Orgiazzi et al., 2016). With their capacity for creating
plant-microbe interactions, plants also present benefits in
terms of disease reduction. They may specifically attract
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microbes for their own benefit as, for example, through
the recruitment of different groups of plant-associated
microbes that promote plant growth. These microbes
then undergo host-specific adaptations, such as highly
specialized mutualism leading to a better tolerance to
pathogens (Orgiazzi et al., 2016).

4.3.2.4. Pollution control

Soil invertebrates can also be used as indicators of land
use, soil fertility, or soil pollution. Their size, limited
rapidity in soil displacement, and slow recolonization
make them attractive as bioindicators (Paoletti, 1999).
Indeed, earthworms are currently considered good envi-
ronmental indicators or biomarkers of pollution exposure
(Péres et al., 2011).

Earthworms have been applied to the bioremediation
of heavy metal pollution. Indeed, some earthworm
species are tolerant to heavy metals and can perform their
ecological functions and complete their life history in
contaminated soil (Mo et al., 2012; Xu et al., 2018). For
instance, Amynthas gracilis allowed evaluating the bio-
availability and ecotoxicity of many soil pollutants
(Parelho et al., 2018). Actually, earthworms provide a
realistic indication of pollution as they are exposed to
soil pollutants in both the soil surface and the deeper top-
soil layers through their epi-endogeic activity. This per-
mits an integrated overview of the biological effects of
livestock soil pollutants on soil organisms.

When plants perform bioremediation, this cleaning ser-
vice is called phytoremediation. First, some plants remove
pollutants from soil and concentrate them in harvestable
part. This phytoremediation is possible because soil orga-
nisms increase the heavy metal solubility (Lone et al.,
2008). Strong retention is observed in some plants, such as
white lupin roots for cadmium pollution, while transloca-
tion occurs in wheat (Page et al., 2006). The translocation
process may be due to a response of plants that recognize
cadmium as a toxic compound. This leads to the activation
of defense mechanisms (sequestration in the vacuole or in
the cell walls). Plants can then be harvested and materials
can be incinerated. Second, phyto-stabilization may be
achieved through a suitable zone that plants provide
around their roots. In this case, pollutants are stabilized
and immobilized by roots that use different mechanisms,
such as the production of specific substances, to render
heavy metals harmless (Orgiazzi et al., 2016).

4.3.2.5. Climate warming mitigation

Climate change is one of the most important challenges
that humans will have to face in the next decades (Orgiazzi
et al., 2016). By creating large pores and tunnels, earth-
worms influence gas permeability and the activity of the
microbiota responsible for the natural emission of
greenhouse gases (CH, and N,O). Through heterotrophic
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respiration, earthworms release CO,, but reduced-tillage
practices support the activities of earthworms and then
promote C sequestration and N cycling in soils. Storage of
C also increases through the conversion of croplands into
permanent pastures and the management of plant diver-
sity. Plants also have an impact on the C cycle by converting
CO, and light energy into chemical energy (sugars).
However, the release of CO, into the atmosphere is cur-
rently higher than fluxes into C sinks, leading to an unbal-
anced global C budget. Concerning the N cycle, chemical
engineers such as bacteria convert the organic N into
mineral forms that may be absorbed by plants. Earthworms
also influence the N cycle by their structures particularly
rich in nutrients and then become preferred sites for a
number of soil processes, such as N fixation (Orgiazzi
et al., 2016). Both earthworms and plants are part of com-
plex interactions that lead to the decomposition of organic
matter, releasing C and N in the soil. They are conse-
quently crucial to biogeochemical cycles and therefore to
the regulation of atmospheric composition and climate.

ESs are needed because they meet a human need.
However, this vision remains an anthropocentric concept
of ESs, and relatively few studies specify how and what
human needs are potentially and actually fulfilled by ESs,
particularly by ecosystem engineer services. The contri-
bution of earthworms and plants to soil services is now
clearly proven. However, further investigations are
needed. For example, Bertrand et al. (2015) noted that
the impact of pesticides on earthworms was not com-
pletely understood because of lack of field data on the
exposure of earthworms to currently used molecules.
Additional long-term field studies are essential to under-
standing the impact of earthworms on crop production
(Bertrand et al., 2015). Moreover, major gaps remain in
understanding the identification of all the ESs provided
by each ecological group of earthworms to other soil
biota. Finally, a cost-benefit analysis to assess the
monetary values generated by earthworm populations at
local or regional scale for economic evaluation should be
taken into consideration (Sharma et al., 2017).

4.4. CONCLUSIONS AND FUTURE PROSPECTS

Ecosystem engineers, especially plants and earthworms,
are strongly involved in pedogenesis and ecosystem
functions. Their bioturbation activities as autogenic and
allogenic engineers are at the core of humipedon formation
and dynamics, with wide-reaching consequences on provi-
sioning and regulating services at the ecosystem level. Soils
as habitats for ecosystem engineers constitute an environ-
ment of high spatial and temporal heterogeneity, both in
terms of physical properties as well as biological activities.
This creates complex interactions, resulting in hotspots
and hot moments. The understanding of these temporal

and spatial processes is in its infancy. Gaps of knowledge
still exist regarding the relationships between soil food
webs and engineering processes. In this way, Sanders et al.
(2014) underlined that ecosystem engineering species con-
stitute potentially the most important bridges between
trophic and nontrophic interactions. Therefore, there is
considerable potential for advancing our understanding of
engineer and food web dynamics areas via their integration.
This approach is crucial to improve our knowledge about
soil management in order to better predict the impact of
changes in human practices and/or climate warming on
ecosystem services.
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Tephra for the Trees? Geochemical Constraints on Weathering
and Tephra Inputs 1o Soils on New Zealand’s North Island

Claire E. Lukens? and Kevin P. Norton'

ABSTRACT

Weathering turns rock into soil and has profound impacts on soil production and biogeochemical cycling. It is
typically quantified in soils using a mass-balance approach and immobile trace element analyses under the
assumption that the parent material for soils is primarily the underlying bedrock, with small or negligible
amounts of windblown dust. Here we present geochemical data from soils and saprolites that clearly violate
these basic assumptions. Our results suggest (1) deep weathering in saprolite, which means that underlying
material arrives at the soil-saprolite boundary substantially preweathered, and (2) substantial input of exoge-
nous material to these soils. We use trace element geochemistry to identify the exogenous material as tephra from
the Oruanui eruption of the Taupo Volcanic Center, though no visible tephra layer was apparent in soil pits. We
use a simple forward mixing model to determine the relative contributions of local saprolite and tephra to the
weathered soil. We find that these soils comprise >40% tephra, and that tephra provides most of the weathering-
derived nutrients in soils. Along with soil production rates measured with cosmogenic nuclides, the presence of
the 26.5 ka tephra suggests at least 85 cm of recent soil erosion, likely precipitated by deforestation associated
with human arrival in the region. At a broader scale, this work shows that weathering and nutrient release in
volcanically active regions may be dominated by volcanic inputs rather than underlying bedrock, particularly in

areas where deep saprolite weathering is substantial.

5.1. INTRODUCTION

The balance between chemical weathering and physical
erosion defines the character of most landscapes, from
steep, rocky mountains to rolling hills with rich agricul-
tural histories. Weathering turns rock into soil, setting
soil production rates and providing important nutrients
to biota (e.g. Drever, 1994; Likens et al., 1967). Over
geologic timescales, the weathering of silicate rocks is
also a net carbon sink (Berner et al., 1983). This
observation has led to widespread recent interest among

"Te Herenga Waka/Victoria University of Wellington,
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of California, Merced, CA, USA

the geomorphic community to understand spatial pat-
terns in weathering rates and intensity. The result of this
ongoing work is a better understanding of how weathering
rates are affected by climate (e.g. Dixon et al., 2016; Egli
et al., 2003; Kump et al., 2000; Riebe et al., 2004; White
& Blum, 1995), mineral supply via tectonic uplift (e.g.
Jacobson et al., 2003; Norton & von Blanckenburg, 2010;
Riebe et al., 2001; West et al., 2005), underlying parent
material (e.g. Hartmann & Moosdorf, 2011; Ibarra et al.,
2016; Stallard, 1988; White & Blum, 1995), and topog-
raphy (e.g. Heimsath et al., 1999; Yoo et al., 2007, 2009).

The magnitude and pace at which these factors affect
weathering rates depend heavily on parent material
(Brantley, 2008; Chadwick et al., 1999), highlighting the
importance of constraining all inputs to the soil system,
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including aeolian deposition (e.g. Porder et al., 2007,
Ferrier et al., 2011; Arvin et al., 2017). The overall con-
sensus is that for a given parent material, weathering rates
scale with increased precipitation and temperature (White
& Blum, 1995; Norton et al., 2014), while mineral supply
rate can result in either supply limits or kinetic limits on
weathering (West et al., 2005; Dixon & von Blanckenburg,
2012; Ferrier & West, 2017). The presence of kinetic
limits in particular is important at the global scale, as
they imply decreased weathering fluxes in rapidly eroding
settings, confounding the potential silicate weathering
control on global climate (i.e. Berner et al., 1983).

5.1.1. Conceptual Framework and Previous Work

We employ the commonly used framework of a steady-
state weathering profile to quantify weathering using a
mass-balance approach (Figure 5.1; e.g. Brimhall &
Dietrich, 1987; Anderson et al., 2002; Brantley & White,
2009). In this framework, material from the bottom of
the profile moves up towards the surface over time. Soil,
which we here define as the mobile regolith layer, develops
atop saprolite (defined here as weathered bedrock that
maintains its physical structure), which in turn sits atop
unweathered rock. The parent material for the saprolite is
the underlying bedrock, and the parent material for the

L_>> Erosion

= Wsoil

Increasing weathering :>

Wsap

ﬁUplift

Figure 5.1 Weathering intensity should increase from fresh
bedrock towards the surface in a weathered profile. At steady-
state thickness, mass inputs from uplift and dust deposition will
equal mass outputs via erosion and weathering in saprolite
(W_ ) and soil (W__)

sap) soil”*

soil is the saprolite, plus any windblown particles that are
deposited on the surface (e.g. Ferrier et al., 2011; Porder
etal., 2007). Mass is lost via physical erosion (£) from the
surface and chemical weathering from both the saprolite
and soil layers (me and W,_, respectively; Figure 5.1).
Assuming steady-state thickness of the weathering zone,
mass inputs (uplift, U, and dust, d) are equal to outputs
via erosion and weathering.

U+d:E+VVmp+Wmil (1)

Within this geochemical mass-balance approach,
immobile elements should be enriched relative to parent
material as weathering progresses and weatherable species
are removed as solutes (Brimhall & Dietrich, 1987,
Chadwick et al., 1999; Riebe et al., 2003). The weathering
intensity, as indicated by immobile element profiles
(Riebe et al., 2003), should decrease gradually with depth
if unmixed, or exhibit a sharp contact at some mixing
depth (e.g. Roering et al., 2002). Hillslope diffusion (e.g.
by soil creep) should also result in changes in weathering
intensity along slopes, corresponding to local slope cur-
vature (Yoo et al., 2007, 2009; Yoo & Mudd, 2008).

Aeolian inputs may fundamentally change the observed
relationships between weathering and climate or topog-
raphy by providing additional parent material for soils.
While many weathering studies have assumed neglible
input from dust, a number of recent studies recognize the
potential consequences of dust inputs to estimates of
erosion, weathering, and nutrient fluxes (e.g. Arvin et al.,
2017; Ferrier et al., 2011; Porder et al., 2007). In New
Zealand, there are multiple sources of dust to consider,
including far-traveling Australian dust (Marx et al., 2005),
Pleistocene loess deposits (Eden & Hammond, 2003), and
volcanic tephra (Cronin et al., 1996; Gehrels et al., 2006;
Hopkins & Seward, 2019; Lowe et al., 2008; Wilson, 2001).

Here we present geochemical data from soils and sapro-
lites along two short hillslope transects from New Zealand’s
Wairarapa region. Along with a simple forward mixing
model, these data suggest that the underlying bedrock is
moderately weathered before it becomes part of the mobile
soil layer, and that substantial tephra inputs contribute to
soils. When combined with '°Be-derived soil production
rates measured in saprolite, these data allow us to con-
struct a history of deposition and erosion for this landscape
over the past 27,000 years, including an estimate of the
magnitude of soil stripping associated with human modifi-
cation of the landscape. Our results have important conse-
quences for understanding deep weathering and solute
transport in groundwater, nutrient sources, and tephra
inputs to soils in this agricultural region. These observa-
tions also reiterate how profoundly long-term landscape
histories can affect modern soils; while recent work by
Marshall et al. (2015) documented the effects of Pleistocene
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climate (“frost for the trees”), we suggest that on New
Zealand’s north island, nutrient cycling may be signifi-
cantly influenced by volcanic inputs: tephra for the trees.

5.2. FIELD SITE

The Wairarapa Valley lies at the southern end of New
Zealand’s North Island (Figure 5.2). The region consists
of rolling hills and floodplains and is bounded to the east
by the Tararua Mountains, which create a local rain
shadow. Mean annual rainfall in the region is ~950 mm,
and mean annual temperature is ~13 °C (Masterton
Climate Report, NIWA). The field site, Rocky Hill, lies
25 km southeast of Masterton at an elevation of 410 m
above sea level. The topography locally enhances
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precipitation to ~1500 mm per year (Masterson Climate
Report, NIWA) with slightly drier summers than winters.
Annual temperature at the field site is ~11 °C, with mean
summer temperatures of 21 °C and mean winter temper-
atures of 4 °C. The field site is underlain by the Cretaceous
Mangapokia Formation of the Pahaoa Group. The
Mangapokia Formation consists primarily of quartz-
ofeldspathic sandstones and mudstones with centimeter
to decameter-scale bedding. The bedrock has been exten-
sively fractured (Lee et al., 2002).

Sampling was undertaken on a small, gently curving
hillslope to the east of Rocky Hill Road (41.17927°S,
175.79006°E). The hillslope loses 22 m of elevation over
its ~40 m length. The hillslope was surveyed using a
Trimble GeoHT differential GPS and a 1m DEM was

(a)

—41.1805°

I 175.7804°

B2 Concave

L B

0 Meters 10

Ph3.5

Ph3.4

Figure 5.2 Study site at Rocky Hill, in the Wairarapa region of New Zealand. Inset map also shows the location
of the Taupo Volcanic Center (TVC). Soils and saprolite were sampled across two transects along a convex nose
(pits Ph3.1-3.5) and a planar hillslope (pits Ph3.4, Ph4.1-4.3) (a). Pits in which saprolite was not reached are
denoted with white outlines; saprolite was reached in all other pits. The pit from which saprolite was sampled for
19Be-derived soil production rates is shown in yellow. Surface curvature and relative soil pit depths along each

transect are shown in (b).
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Table 5.1 Cosmogenic nuclides. Brackets denote concentrations.

Sample Mass Mass °Be  [°Be carrier] Blank-corrected ["°Be] 1°Be production  Depth
name  CAMSID quartz (g) carrier(g) (ppm) 1%Be/Be (x107')  (at/g, x10°) + (at/g/yr) (cm)
PhO2R  BE45406 12.0933 0.9026 305 1.79396 0.27326  0.01868 3.76 55

produced (Figure 5.2). Five soil pits were dug to saprolite
at ~7 m intervals along the crest of the convex hillslope
nose (samples Ph3.1-3.5). A second transect of four soil
pits (including Ph3.4, where the two transects overlap)
was collected at an acute angle to the hillslope crest, into
a hollow with roughly planar curvature (samples Ph4.1—
4.3). The maximum soil pit depth on the planar transect
was 80 cm, and saprolite was not reached in most of these
pits (Ph4.1, Ph4.2, and Ph4.3). Data from pit Ph3.4 are
plotted as part of the convex transect in the figures that
follow. In order to constrain the composition of unweath-
ered bedrock, samples were collected from exposed rock
in a road cut next to the sample site and from a rock
quarry <300 m from the sampling transects. Saprolite
from the bottom of pit Ph3.4 was also collected for °Be
analysis in order to calculate a soil production rate. This
sample was 3-4 cm thick and was collected from the soil-
saprolite interface. Given the proximity of samples to
each other, we take this soil production rate to represent
the average soil production for the site.

5.3. METHODS

The local soil production rate was determined using in-
situ °Be in saprolite, sampled from the soil-saprolite
interface at a depth of 55 cm. Saprolite was crushed to
monomineralic grains, and quartz was isolated using
standard magnetic and gravimetric methods. The quartz
was then dissolved, spiked with °Be carrier, and BeO was
isolated using standard chemical methods (e.g. Kohl &
Nishiizumi, 1992; von Blanckenburg et al., 2004). The
'Be/’Be ratio was measured via accelerator mass spec-
trometry at Lawrence Livermore National Laboratory.
The process blank 18CLB01 (CAMSID BE45408) had a
1'Be/’Be ratio of 4.65 = 0.58 x 10713 at/g.

Chemical compositions of soil, saprolite, and bedrock
samples were determined using a combination of neutron
activation analysis and X-ray fluoresence (XRF). Soils
were dried, sieved to <2 mm, and soils and saprolites
were heat treated at 550 °C to remove organic material.
Soils, saprolites, and rocks were powdered and homoge-
nized using an agate or tungsten carbide ring mill.
Concentrations of Zr and Ti in soils and saprolites were
measured via neutron activation analysis on the OPAL
reactor at the Australian Nuclear Science and Technology

Organization (ANSTO; Kruger, 1971; Pollard & Heron,
1996). Bedrock samples were analyzed via XRF, using an
Olympus Vanta XRF spectrometer.

5.4. RESULTS

5.4.1. Cosmogenic Nuclides and Soil Production Rate

The concentration of °Be measured in saprolite
(Table 5.1) can be used to determine the soil production
rate, averaged over the timescale needed to erode
roughly 1.4 m of soil or 0.6 m of rock (the attenuation
length scale of the dominant production pathway from
cosmic radiation; Dunai, 2010; Gosse & Philips, 2001).
In active landscapes where this timescale is generally on
the order of thousands of years, we can ignore the
radioactive decay of !°Be (half-life = 1.387 £ 0.012 Ma)
(Chmeleff et al., 2010; Korschinek et al., 2010) and cal-
culate soil production using equation (1) (Heimsath
et al., 1997):

SPR = i (2
Np

The soil production rate is a function of the °Be pro-
duction rate at the top of the saprolite (P)), the attenua-
tion length of cosmic radiation with depth (A, 160 g cm™2),
the density of underlying bedrock (p), and the measured
""Be concentration (). Here, P, is calculated using an
exponential decrease in °Be production with depth
through the soil with a density of 1.16 g cm™ (the average
density measured in soils). The underlying bedrock
density (p) is 2.54 g cm™, based on a compilation of den-
sities from the same lithologic unit measured in the region
(Petlab, 2018; Strong et al., 2016). Assuming a steady-
state soil thickness through time, we calculate an apparent
soil production rate of 86.7 + 6.0 m My,

5.4.2. Bedrock, Saprolite, and Soil Geochemistry

Bedrock provides parent material for saprolite and
soils. Concentrations of Zr and Ti measured in bedrock
samples average 195 = 8 ppm and 3186 £ 219 ppm,
respectively (Table 5.2; Foley, 1984), consistent with
previous measurements from similar Cretaceous
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Table 5.2 Bedrock geochemistry.

sample name Zr (ppm) + (To) Ti (ppm) + (To)
17CLOO3RH 213 5 3846 162
17CLO04RH 216 5 4086 165
17CLO12RH 177 4 2812 150
17CLO14RH 161 4 2586 148
17CLO15RH 208 5 3283 155
17CLO17RH 202 4 2942 151
17CLO21RH 189 4 2746 149
mean 195 8 3186 219

greywackes around the region (196 * 3 ppm Zr, 2958 *
51 ppm Ti; n = 221) (Petlab, 2018).

Concentrations of Zr and Ti in saprolite (Table 5.3) are
higher than in the underlying bedrock, consistent with
enrichment of immobile elements as solutes are removed
by weathering. Weathering intensity in saprolite is calcu-
lated as the chemical depletion fraction (CDF; Riebe
et al., 2003), which varies from 0 (no weathering) to 1
(complete weathering):

C;
3

iw

CDF =1-

where C, is the concentration of an immobile element
(e.g. Ti, Zr) in the parent material (bedrock), and C, is
the concentration of the same immobile element in the
weathered material (saprolite or soil). On average, sapro-
lite CDF calculated with Zr as the immobile element is
0.25 + 0.06; using Ti as the immobile element, CDF is
0.12 £ 0.09. Though they differ, these mean values are
within two standard errors of each other and reflect
moderate amounts of weathering in saprolite relative to
the underlying parent bedrock.

The observed soil geochemistry is not consistent with
spatial patterns shown in previous work (e.g. Yoo et al.,
2009), where immobile elements were enriched at sites
with higher slope curvature and increasing distance from
ridgelines. Here, there is no apparent trend in immobile
element concentrations between sample pits, either with
local curvature or distance along the slope (Table 5.3).
The patterns in measured Zr and Ti concentration with
depth are also unexpected. Neither element follows the
expected pattern of enrichment from saprolite towards
the surface, which would reflect increasing intensity of
weathering in material with longer residence time in the
soil (gray arrows in Figure 5.3). Measured Zr concentra-
tions are similar in saprolite and soil and are relatively
uniform throughout soil profiles. Ti concentrations in
soil are depleted relative to saprolite and bedrock, and
depletion increases from the soil pit bottom towards the
surface. These patterns do not reflect weathering of bed-
rock below, which should enrich soils in both Zr and Ti.
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Rather, these observations suggest that the underlying
bedrock is not the only parent material for soils; there
must also be exogenous (e.g. windblown) inputs contrib-
uting mass to the soil.

5.4.3. Possible Dust Inputs

Both Tiand Zr are typically immobile in soils (Brimhall
& Dietrich, 1987; Dawson et al., 1991; Harden, 1987,
Johnsson et al., 1993; White et al., 2001), so the ratio of
these two elements should remain the same in weathered
and unweathered material originating from the same par-
ent material. We can use the Ti:Zr ratio in bedrock (16.3)
and in possible dust sources to identify the most likely
dust source(s) contributing to soils. We expect increasing
weathering to produce increasing Ti and Zr concentra-
tions from rock to saprolite to soil, continuing along the
same trend as weathering intensity increases (Figure 5.4a;
arrow shows expected path of Ti and Zr enrichment).
Instead, we observe the expected enrichment from bed-
rock to saprolite, but soils fall off the expected trend,
averaging similar Zr and lower Ti concentrations (Ti:Zr =
12.3) than saprolite and bedrock.

Several possible dust sources may provide additional
parent material, which would alter the Ti:Zr ratio in
soils. Far-traveling dust from Australia has a high Ti:Zr
ratio (33.9) (Marx et al., 2005); mixing of this dust
source into soils would tend to pull soil compositions
towards higher Ti:Zr ratios, so it seems an unlikely candi-
date for dust additions to our soils. Loess deposits from
the nearby Wairarapa valley have a slightly lower Ti:Zr
ratio (11.2) than soils, but Ti and Zr concentrations are
both higher in loess than in soils (Eden & Hammond,
2003), so loess is also an unlikely candidate. Recent
eruptions from the Taupd Volcanic Center produced
significant ash fall and present two options for tephra
inputs: the ca. 232 AD Taupd eruption and the 26.5 ka
Oruanui tephra. Both tephras have similar Zr and lower
Ti concentrations than bedrock and soils (Froggat, 1982;
Petlab, 2018; Sutton et al., 2000; Wilson, 2001, Wilson
et al., 2006) and provide likely geochemical candidates for
additional parent material to soils in the Wairarapa
region (Figure 5.4a). Secondary electron images from a
JXA-8230 electron microprobe confirm the presence of
rhyolitic volcanic glass in these soils (Figure 5.4 b—e),
some of which appear to be highly weathered (Figure 5.4¢).
Semiquantitative analysis on unpolished surfaces yields
major element oxides SiO, (65.9%-82.0%), ALO, (9.6%—
16.4%), Na,O (1.0%-5.8%), K,O (0.7%-9.5%), and CaO
(0.5%-6.0%), which fall within the range of values
reported for both Taupd and Oruanui eruptions (Froggat,
1982; Petlab, 2018; Sutton et al., 2000; Wilson et al.,
2006). However, the ca. 232 AD Taupd eruption pro-
duced ash fall that was deposited directly east of the



Table 5.3 Saprolite and soil geochemistry measured by neutron activation analysis. Saprolites were sampled from the soil-
saprolite interface at the bottom of each soil pit. In pits 4.1-4.3, saprolite was not reached. Brackets denote concentrations.

Sample Ph3.1 (italics) is excluded from the analyses that follow as an outlier, based on both geochemical and physical

observations.

Saprolites:

Sample pit  depth (cm)  distance from ridge (m) elevation (m) density (g cm™) [Til (ppm) =+ (16) [Zr] (ppm) = (T0)
Ph3.1 15 29.2 408 1.03 4441 213 305 20
Ph3.2 35 22.2 410 1.20 3009 182 226 18
Ph3.3 45 15.3 413 1.39 3126 234 234 16
Ph3.4 55 8.2 416 0.98 3728 268 268 21
Ph3.5 65 0.0 417 1.21 3780 202 262 29
mean 3617 258 259 14
Soils - convex transect:

Sample pit  depth (cm) distance from ridge (m) elevation (m) density (g cm=) [Ti] (ppm) =+ (16) [Zr] (ppm) = (T0)
Ph3.1 3 29.2 408 0.77 4089 208 184 29
Ph3.2 5 22.2 410 0.92 3165 188 234 16
Ph3.2 15 22.2 410 1.17 3437 191 282 21
Ph3.2 25 22.2 410 1.14 3744 279 233 17
Ph3.3 5 15.3 413 1.17 2896 160 240 15
Ph3.3 15 15.3 413 1.26 2921 167 242 17
Ph3.3 25 15.3 413 1.25 2785 159 230 15
Ph3.3 35 15.3 413 1.44 2807 175 262 17
Ph3.4 5 8.2 416 0.71 2888 235 235 16
Ph3.4 15 8.2 416 0.98 3324 258 258 17
Ph3.4 25 8.2 416 0.99 3075 305 305 20
Ph3.4 35 8.2 416 1.15 3530 274 274 21
Ph3.4 45 8.2 416 1.11 3567 269 269 16
Ph3.5 5 0.0 417 0.79 2878 162 257 21
Ph3.5 15 0.0 417 0.98 3246 170 258 15
Ph3.5 25 0.0 417 0.78 3540 187 303 21
Ph3.5 35 0.0 417 1.15 3750 184 258 16
Ph3.5 45 0.0 417 1.12 3590 191 302 18
Ph3.5 55 0.0 417 1.23 3710 188 245 19
Soils - planar transect:

Sample pit  depth (cm) distance from ridge (m) elevation (m) density (g cm=) [Til (ppm) =+ (16) [Zr] (ppm) = (10)
Ph4.1 5 28.4 401 1.08 2609 166 260 20
Ph4.1 15 28.4 401 1.23 2681 170 304 23
Ph4.1 25 28.4 401 1.31 2882 183 252 19
Ph4.1 35 28.4 401 1.18 2829 180 317 24
Ph4.1 45 28.4 401 1.27 2999 190 282 21
Ph4.1 55 28.4 401 1.30 2721 173 332 25
Ph4.1 65 28.4 401 1.11 3199 284 272 20
Ph4.1 75 28.4 401 1.34 3259 185 306 34
Ph4.2 5 19.0 406 1.16 2911 245 267 20
Ph4.2 15 19.0 406 1.13 3115 154 240 20
Ph4.2 25 19.0 406 1.20 2923 275 250 19
Ph4.2 35 19.0 406 1.35 3492 193 280 20
Ph4.2 45 19.0 406 1.27 3650 197 293 21
Ph4.2 55 19.0 406 1.39 3521 289 301 20
Ph4.2 65 19.0 406 1.11 3708 188 249 18
Ph4.2 75 19.0 406 1.35 3709 192 230 19
Ph4.3 5 10.1 410 1.05 2857 161 240 18
Ph4.3 15 10.1 410 1.05 3456 270 224 18
Ph4.3 25 10.1 410 1.04 3133 177 248 19
Ph4.3 35 10.1 410 1.39 3401 186 257 19
Ph4.3 45 10.1 410 1.31 3584 189 312 25
Ph4.3 55 10.1 410 1.56 3676 337 263 18
Ph4.3 65 10.1 410 1.37 3929 203 234 20
Ph4.3 75 10.1 410 1.35 3992 208 273 21
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Figure 5.3 Concentrations of Zr (left side) are relatively uniform with depth in pits from both the convex (blue)
and planar (red) soil transects and are similar to the average concentration in saprolite (green). Ti concentrations
(right side) decrease from the saprolite (green) towards the surface. Neither Zr nor Ti concentrations follow the
expected pattern of enrichment from saprolite towards the surface with increasing weathering (gray arrows). In

both panels, the open blue circle represents concentrations measured in pit Ph3.1, which is excluded from the
analysis that follows as an outlier.
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Figure 5.4 In (a), weathering of bedrock should enrich Ti and Zr in saprolite and soil (green arrow); soil compo-
sition falls off this expected trend. Based on their Ti and Zr compositions, tephras from the Taup Volcanic Zone
(red and magenta) provide the best candidates for additional inputs to soil, and local loess (violet) and Australian
dust (orange) are poor candidates. Errors shown in (a) are one standard error, and where absent are smaller than
the markers. Volcanic glass extracted from soils (b—e) is abundant and sometimes appears to be highly weathered
(e). Glass is visually distinguished from bedrock-derived grains based on its glassy texture, sharp edges (b—e), con-
choidal fracture (b—d), bubbly textures (c), and fresh weathering pits on smooth surfaces (d).
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Taupo Volcanic Center and is not known to extend as far
south as our field site (Wilson & Walker, 1985). In con-
trast, the 26.5 ka eruption was much larger, and the
Oruanui tephra is roughly 50 cm thick in ashfall deposits
~40 km northwest of our field site (Wilson et al., 2006).
The Oruanui tephra is thus the most likely source of
additional parent material in soils at our field sites.

Using the geochemical composition of bedrock and the
Oruanui tephra as two parent materials, we can calculate
the fraction of soils that originate from the tephra (f_
tephra). Here we follow the approach of Ferrier et al.
(2011), who used Ti and Zr concentrations in rock (r),
soil (s), and dust (d) to calculate the fraction of dust in
soils from Idaho, USA. As Ferrier et al. note, this
approach is appropriate for settings in which chemical
mass losses to weathering are ongoing during regolith
development, rather than assuming negligible mass loss
to weathering or requiring direct measurement of dust
fluxes as in previous approaches.

Ti, 7, ]{Ti, ~Tiy  Zr,—Zn }1 @

tephra = -
Step [Tis Zr, Ti Zr,

Here we have averaged elemental compositions with
height above the soil pit bottom across the pits from each
transect, and we plot the convex and planar transects sep-
arately. In both transects, we calculate f_tephra to be at or
near 0 in the bottom 15 cm of the soil profile, and ~0.5 for
depths >15 cm above the pit bottom (Figure 5.5). This
observation, that tephra comprises roughly half the soil,
is consistent with a large ashfall volume that is incorpo-
rated into a well-mixed soil profile. The near-0 values at
the base of each pit also imply that the regolith remains
essentially unmixed near the saprolite boundary.

5.5. FORWARD MODEL AND MODEL RESULTS

The observations in the previous sections constrain the
most likely origin of tephra in the Wairarapa soils using
geochemistry, and equation (3) allows us to calculate how
much tephra is present in soils. In order to understand
weathering and nutrient fluxes in these soils, however, we
must assess the impact that a weathering tephra may have
on the overall weathering profile. To quantify the relative
contributions of tephra and bedrock to total weathering
in the soil column, we employ a simple forward model.

Our soil model follows the “vertical conveyor belt”
framework introduced in Figure 5.1, with the addition of
tephra from above that is deposited in a single event.
Because of this “bottom-up” framework in which
weathering intensity should increase from the bottom of
the pit towards the surface, we reference soil depth to the
base of the soil pit rather than the surface. The intensity
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Figure 5.5 The fraction of tephra calculated using equation (4)
(Ferrier et al., 2011) in soils from both planar (red) and convex
(blue) transects is near zero at the bottom of soil pits. Tephra
makes up roughly 50% of the soils >15 cm above pit bottoms,
implying a significant volume of tephra input and effective soil
mixing to these depths. Note that soil depths from Table 5.3
have been scaled as height above the bottom of the pit.

of chemical weathering is quantified by the chemical
depletion fraction (CDF, equation [2]) and is defined at
the soil-saprolite boundary by the average CDF mea-
sured in saprolites (Table 5.3). Inputs to the model are
allowed to vary with height above the pit base, and
include the CDF of bedrock-derived material, the CDF
of tephra, and the fraction of tephra present in the soil
(f_tephra). The CDF of bedrock-derived material must
increase linearly towards the surface, as expected for soils
with longer residence time in the soil. The modeled
maximum CDF of rock-derived material is allowed to
vary between the saprolite value and 1. Based on the
fraction of tephra in the soil (f_tephra) calculated in the
previous section (Figure 5.5), f_tephra is assumed to
follow a step function with depth. The step change is
assigned a height above the pit base of 15 cm, and a value
of f_tehpra = 0 is assumed for soils below this depth, indi-
cating no soil mixing below that depth. As an independent
check against the Ferrier et al. (2011) approach, the mod-
eled value of f_tephra is allowed to vary for soils more
than 15 cm above the pit base. We assume that all tephra
has the same CDF since it was deposited at the same
time; this value is allowed to vary between 0 and 1.
Varying each of these parameters across the specified
ranges, we predict Ti and Zr concentrations in the soil
with height above the pit base (Figure 5.6).

We calculate the misfit between predicted and mea-
sured concentrations of Ti and Zr, normalized to mean
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Figure 5.6 Tunable parameters in the mixing model (a) include the chemical depletion fraction (CDF) of tephra
(black solid line), the maximum CDF of rock-derived material at the surface (dashed black line), and the fraction
of tephra in soils >15 cm from the bottom of the pit (green line). The fraction of tephra below 15 cm is assumed to
be 0, and the CDF of rock-derived material at the bottom of the pit is the average saprolite CDF. The model pre-
dicts Zr and Ti concentrations through the soil column (b), which can be compared to measured concentrations.
Predicted concentrations are here shown as solid lines (Zr in purple, Ti in orange), with 95% confidence intervals
(shaded) based on a bootstrapping approach using the uncertainties from bedrock and tephra measurements.

measured concentration for each element across the tran-
sect. By normalizing the misfits to Ti and Zr, respectively,
we can use both elements to find the best-fit model, giving
equal weight to each element. We find the best-fit model
by minimizing the total sum of squared errors (SSE) bet-
ween the modeled and predicted concentrations in both
elements. The 95% confidence interval for modeled Ti
and Zr concentrations is determined using a bootstrap-
ping approach that incorporates the uncertainties in bed-
rock and tephra elemental compositions. In this approach,
the elemental composition of each parent material is
determined randomly from a normal distribution defined
by the mean and standard error of Ti and Zr in each
material (bedrock, tephra), and the best-fit parameters
for weathering and f~_tephra are employed in the model.
The analysis is then repeated 10,000 times. The modeled
Ti and Zr concentrations that fall within the 97.5th and
2.5th percentiles at each soil depth are taken to represent
the 95% confidence interval (Figure 5.7).

Each transect (convex and planar) is modeled sepa-
rately, but the best-fit models for each transect agree quite
closely. In the best-fit model, the maximum CDF of bed-
rock-derived material in soils is the same as the CDF of
the underlying saprolite; in other words, weathering of
rock-derived material in the soil profile is neglible. The
best-fit CDF of tephra is 0.45 in the convex transect and
0.47 in the planar transect. The modeled fraction of
tephras in soils more than 15 cm above the pit base is 0.47
in both transects, which is consistent with f_tephra calcu-
lated using Ferrier et al.’s approach (Figure 5.5).

5.6. DISCUSSION

5.6.1. Weathering Trends

Immobile element concentrations from bedrock and sap-
rolite show that the parent rock arrives at the soil/saprolite
boundary already moderately weathered. The Cretaceous
greywacke that underlays much of New Zealand is domi-
nated by quartz, feldspar, and altered lithic and volcanic
fragments (Barnes, 1990). These rocks are also typically
highly fractured from intense tectonic activity, which pro-
vides pathways for surface water to penetrate deep into
bedrock. High rainfall rates and rapid infiltration along
fractures may mean that deep saprolite weathering prog-
resses rapidly and leaves relatively few minerals available to
weather in soils. In this case, solutes may be leaving the
system in deep groundwater, never circulating up into soils.

Our results show no discernable difference in weathering
intensity with depth and no difference between pits along
the convex and planar transects. This is contrary to expec-
tations from literature (e.g. Dixon et al., 2009; Yoo et al.,
2009). This discrepancy from previous work likely arises
because of the large fraction of tephra, which was all
emplaced at the same time and is well integrated into the
soil column. It is also consistent with very little weathering
of material incorporated from underlying saprolite,
which is already weathered by the time it gets to the soil-
saprolite boundary.

The conclusions summarized above are predicated on
the immobility of Ti and Zr. While Ti and Zr are
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Figure 5.7 Predicted Zr (purple) and Ti (orange) concentrations from best-fit models (solid orange and purple
lines) with 95% confidence intervals (shaded areas), plotted with measured trace element concentrations across
the convex (blue, panel a) and planar (red, panel b) transects. Measured concentrations are the mean + standard
error of the samples at a given sample depth from each transect.

considered to be highly immobile, there is evidence of Ti
mobility in some settings (Gardner, 1980). Observations
of Ti mobility are, however, limited to mafic rocks or
highly acidic soils (pH < 4), so it seems unlikely that Ti is
mobile at our field sites. We have not directly measured
pH in our soils, but pH measured in 26 soils in the
northern Wairarapa valley range from 4.8 to 7.5, with a
mean value of 6.3. Due to similar underlying bedrock,
vegetation, and climatic conditions, we expect our soils to
have similar pH values. Ti and Zr have also been shown
to be immobile in more acidic New Zealand soils (Dawson
et al., 1991). If Ti were mobile, the fraction of tephra pre-
sent in soils would be lower than calculated here. However,

rhyolitic glass is certainly present in relatively high abun-
dance in soils (Figure 5.4 b—¢), and the low Zr concentra-
tions still suggest very little weathering in the soil profile.
Therefore, our main observations and conclusions would
remain the same, and we consider them to be robust.

5.6.2. Local History of Tephra Deposition, Soil Mixing,
and Deforestation

Based on our observations, the Oruanui eruption (26.5
ka) is the only likely candidate to provide large amounts
of tephra for these soils; a 50 cm ashfall layer from this
eruption has been documented 40 km to the northwest of
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our site (Wilson, 2001). If these soils are old enough to
contain Oruanui tephra, they must have once been much
thicker than they currently are. Using our measured
soil production rate for the site and a minimum age of
26.5 ka, the expected steady state soil thickness would be
2.3 m, while the measured soils are only 30-80 cm thick.
This implies significant erosion since 26.5 ka, and likely
much later, since the tephra is well mixed into the soils.
Deforestation coincident with either human arrival
(burning) or colonial-era land clearing has caused
significant erosion from steep slopes in New Zealand.
This pulse of erosion has been observed in lake cores as a
sharp increase in charcoal at 750 yrs BP, coincident with
increase in sediment accumulation rates and median
grain size (McWethy et al., 2010, 2014; Trodahl et al.,
2016). Human-induced erosion is also compatible with
our data since, if it was quite recent, it will not be reflected
in the average long-term soil production rate. In this case,
the previous soil thickness would be the dominant
influence on the production rate of °Be at soil-saprolite
boundary.

If soil depth has recently changed, we must account for
this change when calculating °Be-derived soil production
rates because overlying soil shields the saprolite from
cosmic radiation. Using an iterative approach, we can
solve for a corrected soil production rate and minimum
previous soil depth. For a given hypothetical soil depth,
we calculate the '°Be production rate at soil-saprolite
boundary and the soil production rate predicted by our
measured °Be concentration. With this new soil produc-
tion rate, we calculate the thickness of soil generated over
26.5 ka. We then repeat this process with different soil
depths until the depth equals the soil thickness generated
over 26.5 ka. Since 26.5 ka is a minimum age for these
soils, this approach yields a minimum previous soil depth
and therefore a maximum soil production rate. The
resulting soil production rate, 49 £ 3 m/Myr, is quite slow
but is similar to soil production rates measured elsewhere
in the region. The modeled soil thickness of 130 cm sug-
gests ~85 cm of soil erosion occurred since human modi-
fication of the landscape.

While we have calculated these rates and depths using a
“bottom-up” approach, this estimate of soil thickness
also agrees with “top-down” models of soil production,
wherein soil develops with a downward-advancing
weathering front from the surface. Such models depend
on water infiltration rates, porosity, and grain size (Egli
et al., 2018; Yu et al., 2019). Using a timescale of 26.5 ka
as a minimum estimate of the time over which the soil has
developed and average values of infiltration, porosity,
and grain size from humid sites (1 m/yr, 0.4, and 41 pm,
respectively), the percolation model of Yu et al. (2019)
predicts a soil production rate of 80 m/Myr and a steady-
state soil thickness of 1.0 m. If we include deposition of
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50 cm of tephra, the resulting soil production rate (SPR)
is about 40 m/Myr and the steady-state soil thickness is
~150 cm (A. Hunt, pers. comm.). While the percolation
model-derived SPR and soil thickness are only estimates
based on average values, they provide an independent
estimate that agrees well with our revised soil thickness
and SPR based on !“Be and geochemical observations.

Our data also show that the tephra is well mixed into
the soil to within 15 cm of the soil-saprolite boundary.
This would have required mixing of soils down to ~1.1 m.
Mass movements and colluvial processes, particularly in
the absence of vegetation, might have mixed tephra-rich
material into soils in localized areas. Bioturbation would
provide more spatially uniform mixing (e.g. Roering
et al., 2002), though to our knowledge it has not been
documented to depths over a meter. Most native New
Zealand trees are more shallowly rooted, and there are no
burrowing mammals. Kouka, New Zealand cabbage trees
(Cordyline australis), however, are deeply-rooted (up to
2 m or more for mature trees; Czernin & Phillips, 2005)
and are abundant in native forests across the region,
providing a plausible mixing mechanism.

Taken together, these observations allow us to con-
struct a history for Rocky Hill over the last ~27 ka
(Figure 5.8). Prior to 26.5 ka, soil developed atop sapro-
lite and accumulated to depths of at least 80 cm. At
26.5 ka, the Oruanui tephra was deposited to a depth of
about 50 cm, burying the landscape. Reforestation by
deep-rooted trees and/or shallow landsliding and soil
creep mixed the soils to within ~15 cm of the saprolite;
and finally, soil stripping coincident with anthropogenic
deforestation and burning removed ~85 cm of soil from
much of the landscape.

5.6.3. Implications for Deep Weathering
and Nutrient Cycling

Our geochemical data suggest that saprolite arrives at
the soil-saprolite boundary already moderately weath-
ered, and that little to no weathering of bedrock-derived
material occurs in the soil profile. These data have impor-
tant implications for deep weathering and nutrient cycling
in these soils, and by extension to sites underlain by sim-
ilar bedrock all over New Zealand.

Deep saprolite weathering is likely enabled because of
the high rainfall rates and fractured bedrock, which
should facilitate high rates of groundwater flow and asso-
ciated weathering. It is possible that this groundwater
flow never recirculates back to the surface, and any rock-
derived nutrients are never circulated into soils. Tephra
may thus be an important nutrient source, as it provides
the bulk of the material that is actually weathering in
soils. This is particularly important for this agricultural
region given that the bedrock is relatively poor in
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Figure 5.8 Summary of the landscape history of Rocky Hill over the last 27 ka.

rock-derived nutrients like P (average 0.07%; Petlab,
2018). Rhyolitic tephras are also low in most important
nutrients that are supplied from rocks (P, Mg, Na, Ca,
etc.). However, because weathering of bedrock-derived
material in the soil is minimal and rapidly weathering
tephras contribute the bulk of the solute flux, even nutri-
ent-poor volcanic glass may be an important source of
nutrients for biota.

By removing mass as solutes in groundwater, deep sap-
rolite weathering may be one way to exceed proposed
kinetic limits on weathering and soil production (e.g.
Dixon & von Blanckenburg, 2012). Kinetic limits to soil
production are proposed in settings with rapid erosion
rates, where mineral residence times in soils are too short
for weathering to keep pace with erosion. If, however,
deep weathering in saprolite brings material into the
active soil in a preweathered state, weathering in the mo-
bile soil layer need not keep pace with erosion. The soil
production rate we measure at Rocky Hill is certainly not
fast enough to imply kinetic limitation, but our observa-
tion of deep saprolite weathering may provide insight
into rapid soil production rates measured elsewhere in
New Zealand (i.e. Larsen et al., 2014).

While we argue that the airfall deposits in these
Wairarapa soils are dominated by tephra rather than
loess, Pleistocene loess deposits are observed in the
region. The geochemical data presented here also point
to the source of these regional loess deposits. The Ti:Zr
ratio of the measured loess deposits follows the expected
weathering trend from rock to saprolite (Figure 5.4). This

suggests that the loess deposited during glacial-intergla-
cial transitions in the Wairarapa region was originally
eroded from bedrock with a similar Ti:Zr ratio as the
underlying greywacke at our field site. This same and sim-
ilar Cretaceous greywacke units make up much of the
region, including the nearby Tararua Mountain Range.
While we cannot definitively rule out other sources, the
composition of loess is more consistent with local origins
in the Tararuas rather than far-traveled Australian dust.
If loess is indeed dominated by weathered local material
rather than exogenous dust, it may not be a significant
source of nutrients for biota; this highlights the relative
importance of tephras as possible nutrient sources across
New Zealand’s North Island.

5.7. CONCLUSIONS

Trace element geochemistry and soil production rates
from the Waiararapa region on New Zealand’s North
Island reveal a complex history of weathering and erosion
over the last 27 ka. Geochemistry suggests that 47% of
the extant soil was deposited as tephra, most likely the
Oruanui tephra erupted from the Taupé Volcanic Center
at 26.5 ka. The underlying bedrock is delivered to the
saprolite-soil boundary already moderately weathered.
This deep weathering of bedrock provides a mechanism
to bypass kinetic limits on chemical weathering that
should exist in rapidly eroding settings. However, we sug-
gest that the solutes released from this weathering will be
flushed out by groundwater, leaving the saprolite relatively
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weathered and nutrient-poor. At our field site, further
chemical weathering of the bedrock-derived material in
soils is negligible, while tephras undergo substantial
chemical weathering in the soils. In such cases, weathering
inputs to soil from dust (volcanic ash in this case) can
supply the majority of rock-derived nutrients to soils.
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ABSTRACT

Clay minerals are among the most chemically active components and are a bridge between the inorganic and
organic parts of a soil. The clay minerals influence pedogenetic processes by interacting with cations and inor-
ganic and organic compounds, influencing the nutrition of the plants and the structure of the soils. Clay min-
erals are phyllosilicates and can in soils be either inherited from the parent material, neoformed, or transformed
from precursor minerals. Relatively shortly after exposure of the parent material to atmospheric conditions,
important mineral transformation reactions can occur, even in cold alpine climates. In alpine environments, the
soil system reacts in a particularly sensitive way at the beginning of soil formation, i.e. during the first c. 3000
years. With time, the formation and transformation rates, and thus changes, decelerate. Smectitic components,
and therefore 2:1 mineral structures, are the weathering steady-state products. Although weathering conditions
are particularly intense close to the timberline and on pole-facing sites, 2:1 minerals strongly prevail over kao-
linite or gibbsite, which are most often encountered as a weathering steady-state product in tropical regions.
Smectitic components enrich under conditions of high percolation rates, cool climates (close to the treeline),
high amounts of organic ligands, low erosion, stable conditions, and thus low soil production rates. Smectite
formation therefore relates not only to the paradigms of the percolation theory, but the type and presence of

vegetation and the production of organic ligands are additional driving factors.

6.1. THE ORIGIN OF CLAYS IN SOILS

6.1.1. Introduction

Soils are complex bodies formed by several constitu-
ents, which can be subdivided into two main categories:
organic and inorganic. Clay minerals, the most abundant
and chemically active part of the surface mineral world
from a chemical and biological point of view, are the key
to understanding the links between nature (life) and its
substrate (Velde & Meunier, 2008). In most cases, clays
are a weathering product of the near surface. The
formation, transformation, and stability of clays are

'Department of Geography, University of Zirich, Zirich,
Switzerland
2Piazza S. Nicolo 23, 95036 Randazzo, Italy

dependent on the precursor minerals and the surround-
ing environmental conditions.

Clay minerals in soils usually have a large surface.
In addition, clay minerals are often charged electrically
(isomorphic cation substitution); they are chemically
very active and provide a major driving force for the
behavior of many elements and thus pollutants and life-
essential nutrients. They respond to changes in vegeta-
tion and create the necessary qualities for soil fertility.
Soil structure (aggregation and capillary retention of
water) is largely dominated by clay mineral interaction
with organic matter (Velde & Meunier, 2008). Cation
exchange and retention (concerning essential elements
for plant growth) are dominated by clay minerals and the
organic matter present in the soils. This provides suitable
conditions for plant growth. Furthermore, almost 80%—
90% of the micro-organisms inhabiting soil are on solid
surfaces, particularly on clay minerals. Mechanisms by
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Figure 6.1 Structural elements of clay minerals.

which these microorganisms interact with soil surfaces
have been much studied. Some bacterial cells produce
extracellular polysaccharides that interact with clay
particles, extracellular enzymes may absorb on clay min-
erals, or DNA may be protected by clays from degrada-
tion. On one hand, the adsorption of organic compounds
on a clay mineral surface retards their microbial degra-
dation (Nannipieri et al., 2017). On the other hand, the
surfaces of clay minerals can themselves catalyze many
reactions. Clay minerals and Mn (III and IV) and Fe
(IIT) oxides catalyze electron transfer reactions, such
as the oxidation of phenols and polyphenols. Other
abiotic reactions catalyzed by soil minerals include
deamination, polymerization, polycondensation, and
ring cleavage (Nannipieri et al., 2017).

Operationally, clays are defined most commonly as
particles having a diameter of <2 pm; consequently, they
are minerals having a very small size that are barely visible
to the naked eye. Specifically, clay minerals are consti-
tuted from hydrated silicates having Al, and to a lesser
extent, Mg and Fe. In the clay fraction, clay minerals can
be found together with quartz, feldspar, carbonates,

%

Octahedron O

e.g. Al;(OH)g = dioctahedral
or Mg3(OH)g = trioctahedral

1:1 clay mineral
e.g. kaolinite

0.7 nm (d-spacing)
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O eg.ilite
T

e.g. K* (as interlayer-cation for charge balance)

1.0 nm

2:1:1 clay mineral
e.g. chlorite
1.4 nm

additional octahedral-like interlayer

oxides, hydroxides, and hydrated oxides of iron, alu-
minium, manganese, and organic matter. However, with
decreasing size, the relative surface area of minerals
becomes increasingly important. Clay minerals have
more surface area than other minerals of the same grain
size, due to their particularity of being sheet shaped.

Clay minerals are phyllosilicates. Their structure is
defined by a combination of tetrahedral layers that are
composed of SiO, and octahedral layers (e.g. ALO,;
Figure 6.1). Depending on the sequence of tetrahedral
and octahedral layers, 1:1, 2:1, and 2:1:1 clay mineral
types are identified.

The origin of clays in soils may be geological (inheri-
tance) or due to weathering (hydrolysis) and transforma-
tion of primary minerals. For most clays, stability is in
fact only attained at the very surface of the Earth (Velde,
1995). They are hydrated, having interacted with water,
and consequently have a physical structure that is differ-
ent from the pre-existing minerals. In some species of
clays, the activity of the surface (surface charge) is
increased by an internal surface into which charged ions
or molecules can find their way (Velde, 1995).
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Until 1929, clay minerals had been considered amor-
phous, because they were indistinct in optical micro-
scopes. Thanks to the advent of X-ray diffraction and its
use in the study of soil clays, it was possible to determine
that the clay-sized inorganic material in soils was com-
posed of crystalline components (Cady & Flach, 1997).
Ever since, XRD diffraction analysis has been the major
tool in the identification of clay minerals and the refine-
ment of their crystal structure, even though other instru-
mental techniques have also been developed and are used
for specific purposes.

Clay minerals and clays are of fundamental impor-
tance in the study of weathering and genetic processes
that lead to different types of soils, starting from the par-
ent rock. Their peculiarity is due to their important
chemical and physical properties. In fact, they are affected
by soil formation but also influence nearly all pedoge-
netic processes by interacting with cations and inorganic
and organic compounds; they thus also have an effect on
the nutrition of plants and the structure of the soils.

6.1.2. Inheritance, Transformation, and Neoformation

Siliceous rocks are formed beneath the Earth’s surface
and are unstable when raised to the surface. Soil is a
transition phase as the rocks change to more stable
chemical states (Bohn et al., 1985). Weathering is the pro-
cess of this transformation and is a nearly ubiquitous
process on the Earth’s surface. The processes and rates of
alteration of rocks and minerals from their original state
to phases that are more stable at the Earth’s surface are
basic to Earth science research.

Soils form by the weathering of the bedrock (parent
material) through physical, chemical, and biological
processes. Soils inherit the clays and clay minerals,
including primary clay minerals that were liberated dur-
ing the disintegration of the rock. The primary clay min-
erals (geological inheritance) in a pedogenic environment
are unstable and give rise to the formation of secondary
minerals. This is because the rock formation has occurred
under much higher temperature and pressure conditions
than those found at the soil surface.

In turn, over geological time, clays may undergo distinct
transformations, e.g. those caused by erosion, sedimenta-
tion, deep burial, or hydrothermal processes. Different
natural environments of clay formation and transforma-
tion exist (Wilson, 1994). Following wind and water
erosion, the weathered rock material and soils can be
transported from where they were formed and deposited in
a sedimentary environment. Following their burial, these
sediments can undergo further deep burial, where they are
subjected to medium pressures and temperatures and
endure chemical and biological transformations; thus, this
is a diagenetic process. When the altered material interacts

123

with water at conditions below the earth surface, clay min-
erals can form under the influence of hydrothermal action.
Upon burial and heating, dioctahedral smectite, for
example, reacts in the diagenetic environment to yield
mixed-layered illite-smectite and finally illite (Eberl, 1984).
If the sediments undergo a deep burial, in which they can
also encounter igneous rocks, the process of alteration is
much stronger and the sedimentary rocks are subject to
metamorphic alterations or even can melt to produce
igneous rocks. When these rocks rise to the surface, they
enter again into the described cycle of transformations.

As previously mentioned, primary minerals inherited
in the soil by the parent material undergo physical,
chemical, and biological alteration and change their min-
eralogical characteristics. As an example, (newly formed)
kaolinites in soils are often highly disordered and many
of the peaks in their XRD patterns are poorly resolved;
that means that the peaks are broader and their inten-
sities lower when compared with kaolinites of an unal-
tered rock (Churchman & Lowe, 2012). As regards
secondary illites in soils, there is little doubt that they
derive from the transformation of primary micas. In
younger less-weathered soils in warm-arid environments,
micas are found in the clay fraction and derive from the
fragmentation of primary micas by physical weathering
processes (Fanning et al., 1989). Early on, Kapoor (1972)
recognized that the crystal structures of clay minerals
determine their weathering and alteration behavior: e.g.
dioctahedral mica species are more resistant to weathering
than trioctahedral species. For example, when di- and
trioctahedral micas are the principal minerals in the C
horizon of Podzols, the latter is degraded to various types
of clays depending upon the degree of weathering, while
muscovite remains practically unaffected.

The mineralogy of clays neoformed in the weathering
environment is a function of solution chemistry, with the
most dilute solutions favoring the formation of the least
soluble clays (Eberl, 1984). Chemical weathering and
(clay) mineral neoformation or transformation deter-
mines the evolution trajectory of soils. The velocity and
direction of change is fundamentally dependent on the
composition of the parent material in which the soils
develop. Any changes in the soils must, therefore, be seen
in the context of the parent material composition.

6.2. ENVIRONMENTAL CONDITIONS
AND CLAY FORMATION

6.2.1. Introduction

The formation, transformation, and stability of clays
are dependent on the precursor minerals and, particu-
larly, the surrounding environmental conditions. Soil
sequences may give insight into the influence of a state
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factor on the weathering rates. According to Jenny (1941),
soils are understood to develop under the influence of the
following state factors: parent material, climate, topog-
raphy, biological activity, and time. In order to be quanti-
tatively useful, Jenny (1941) suggested treating the state
factors as independent variables, in the sense that field
sites exist where the factors can be considered to vary
independently (Dahms et al., 2012). The ways in which a
factor is considered to be independent are (1) the range of
variability of the factor is quite small and (2) variation in
the factor is large but has only a negligible effect on the
property studied.

In this chapter we summarize results performed in the
European Alps, where the effect of some state factors on
the general trait of mineral weathering and clay minerals
formation and transformation was drawn. An overview
of the considered sites is given in Figure 6.2. We focus on
the state factors time, climate (and topography), and par-
ent material. Organisms are implicitly also included in
the factor climate as they notably change, e.g. with
altitude or aspect (Goémez-Brandon et al., 2017).
Theoretical and experimental studies of chemical
weathering indicate that the rate at which chemical
weathering, and thus mineral formation and transforma-
tion (in other words, the rate at which reaction products
may be removed from the weathering front) occurs is very
often limited by solute transport (Egli et al., 2018; Hunt
& Ghanbarian, 2016; Yu & Hunt, 2017). The contact
time of soil water with mineral surfaces and the

percolation rate of water through the soil is decisive for
mineral reactions and chemical weathering.

6.2.2. Time (Chronosequences)

The time over which natural chemical weathering, min-
eral formation, and transformation occur (White &
Hochella, 1992) can usually not be reproduced in experi-
mentalstudies (White & Brantley, 2003). Chronosequences
are useful for estimating field weathering rates (element
depletion rates, mineral transformation rates, etc.; e.g.
Follmi et al., 2009; Mavris et al., 2011; etc.) and tracing
mineral reactions and transformations. A sequence of
soils formed on progressively older landscapes is consid-
ered a chronosequence, and the quantitative variability
of a characteristic along these landscapes is a chrono-
function (Birkeland, 1999; Dahms et al., 2012; Mahaney
et al., 2011). Soil chronosequences can provide infor-
mation about weathering regimes and soil morphogenesis
(Mahaney et al., 2011) and have greatly advanced our
understanding of short- to long-term landscape processes
(Walker et al., 2010; Dahms et al., 2012).

Egliet al. (2001) and Egli, Mirabella & Fitze (2003) noted
that the most distinct changes in soil clay mineralogy of
soils in the European Alps on granitic or gneiss host
material occur within the first 1000-3000 years of soil
development. Trioctahedral phyllosilicates are especially
strongly weathered over a time span of about 11,000
years. Smectite and regularly interstratified dioctahedral

Figure 6.2 Alpine investigation areas with data used. 1 = Schmadri, 2 = Gletsch, 3 =Val Mulix, 4 = Morteratsch,
5 =Vereina, 6 = Meggerwald, 7 =Val Genova, 7 =Val di Rabbi, 9 =Val di Fiemme, 10 =Val di Fumo, 11 =Val Breguzzo.
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Figure 6.3 X-ray diffractograms of ethylene glycol solvated clay samples from the surface horizons of soils having
different ages and SEM image from different areas (modified from Egli et al., 2003a): (a) Morteratsch and (b)
Schmadri. (c) Delamination (start of weathering) of a biotite crystallite (modified from Mavris et al., 2012).

mica/smectite can usually be found in the most weathered
horizons (Figure 6.3). The origin of smectite is traced
back to both chlorite and trioctahedral mica, which sup-
ports the notion that smectite is the steady-state product
of chlorite alteration, while regularly interstratified
mica/smectite (or even smectite) are the steady-state
products of mica weathering in strongly leached and
acidified horizons (Figure 6.3; Egli et al., 2001; Egli,
Mirabella, & Fitze, 2003). The pedogenetic smectites
from an E or Bs horizons of alpine Podzols often include
several populations with various interlayer charges. This
heterogeneity seems to be related to the nature of the

precursor minerals. The easily weatherable chlorite trans-
forms via intermediate weathering products such as HIV
(hydroxy-interlayered vermiculite) or HIS (hydroxy-inter-
layered smectite) into smectite (cf. Egli et al., 2001).
Trioctahedral mica also transforms easily into smectite.
This process is accompanied by a concomitant decrease
of trioctahedral and a corresponding increase of diocta-
hedral minerals in the clay fraction. The first stage of
weathering of mica leads to a regularly interstratified
mica-vermiculite (hydrobiotite) that is often present in
the Bhs horizon of Podzols (cf. Egliet al., 2001). Similarly,
mica-HIS is an intermediate weathering product
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(Figure 6.3). Further weathering usually leads to a regu-
larly or irregularly interstratified mica-smectite mineral
that can often be found in the E horizon of Podzols. Thus,
extensive mineral weathering results in significant losses
of chlorite and mica and the corresponding formation of
smectite or interlayered smectite products.

Mavris et al. (2011) were able to identify rapid changes
in the clay mineralogical composition at the very early
stages of soil formation in a glacier forefield. These soils
all had ages of less than 150 years. Smectite was found to
be actively formed from the beginning of soil evolution.
However, some smectite (low charge) and vermiculite
(high charge) were already present in the parent material.
Different sources apparently contributed to the formation
of smectite, such as biotite, hornblende, and plagioclase.
Furthermore, irregularly and regularly interstratified clay
minerals (mica-HIV or mica-vermiculite) formed imme-
diately after the start of the moraine’s exposure to
weathering. As a consequence of these transformations,
(1) the layer charge distributions changed over time with
the formation of some new low- and high-charged phases,
and (2) dioctahedral species increased at the expense of
trioctahedral ones.

Both chemical and physical transformations, namely,
elemental depletion of K versus Fe, and increased delam-
ination over time, confirm biotite weathering in these gla-
cier forefield sediments (Figure 6.3). Biotite typically
expands with time, delaminates, and contributes to an
increase in porosity of the weathered rock (Caner, 2011;
Graham et al., 2010; Mavris et al., 2012; Meunier et al.,
2007). The opening of fissures in mineral grains and the
increase in porosity ultimately give rise to accelerated
alteration rates (Figure 6.3).

Several studies confirm that the formation rates of clay
minerals are highest in young soils (Egli et al. 2001, 2003a;
Follmi et al., 2009; Mavris et al., 2011, 2012). These rates
steadily decrease with increasing soil age (Egli et al.,
2002). It seems to be a common feature in Alpine soils
that smectitic components are a steady-state product of
mineral weathering and transformation. Consequently,
the amount of smectite or smectitic compounds is indic-
ative of the age of soils in these alpine environments.

An important issue, however, that emerges with soil
chronosequences is the following: is the assumption of
continuous soil development justified? Changes in soil-
forming factors may be continuous or abrupt, e.g. by
natural erosion, catastrophic natural events (landslide)
and by influence of humans (land-usage change, intensi-
fication of agriculture). In a coevolutional model, soil
formation is regarded to be discontinuous over time and
conceptualized by “progressive” or “regressive” process
groups (Johnson & Watson-Steger 1987; Sommer et al.,
2008). By necessity, the assumption then is that the envi-
ronmental conditions did not change over the considered

period and that soil evolution has been progressive and
constant. However, changing environmental conditions
and soil-landscape development itself can lead to an
acceleration, deceleration, or reversal of process rates,
e.g. coevolution (Phillips, 2015). For instance, in sensitive
Alpine environmental areas, a recent acceleration of
(geomorphic) processes is measured or postulated, par-
ticularly in the permafrost zone where melting subsurface
ice leads to increased slope activities (Zollinger et al.,
2017). In this light, the way clay minerals react to fast-
changing or repeatedly changing environmental condi-
tions remains a topic that merits further investigation.
The main weathering trajectories are, however, known
(see Figure 6.4).

6.2.3. Climate and Vegetation (Climosequences)

In the Alps, as in most alpine regions, mean annual
temperature decreases and annual precipitation increases
with increasing altitude (Figure 6.5). Along such a
sequence, vegetation also changes, usually from decid-
uous forest to mixed forests to coniferous forests. The
timberline in the mid to southeastern part of the Alps
varies between about 1800 m a.s.l. and 2300 m a.s.l.
Above the treeline, dwarf shrubs and alpine meadows
follow.

Climate in general and hydrologic conditions are
expected to affect soil erosion and accumulation rates,
chemical weathering, and biological processes.
Investigation of elevational gradients of soils from
moderate to high alpine climate zones (climosequences)
often shows that element denudation is greatest in subal-
pine forests near timberline (Egli, Mirabella, Sartori,
et al., 2003). Weathering rates decrease with both higher
and lower altitudes. Similar to the weathering rates, the
highest smectite contents (the steady-state product of
weathering in Alpine soils) in the clay fraction were mea-
sured at sites near the timberline (Figure 6.5). Figure 6.6
shows that the smectite content does not have a linear
relationship to either mean annual temperature or annual
precipitation. Higher precipitation rates, incomplete
organic matter decomposition (Ascher et al., 2012;
Bardelli et al., 2017; Egli et al., 2006, 2016), and the pro-
duction of chelating compounds in the soil are believed
to promote the production of smectites. Together with
the high production of chelating compounds and the
relatively high soil percolation rates, ideal conditions for
intense weathering and clay mineral transformation are
found close to the timberline (Figure 6.7). As an
intermediate product of intense weathering, HIS is often
found. The more chelating components present in the soil
solution, the more readily HIS transforms into smectite.

In a study carried out in an altitudinal sequence of five
podzolic soils in Italian Alpine regions, Mirabella and
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Figure 6.4 (a) uSi-pK diagram showing the normal water-rock interaction path of chemical change. Loss of
potassium (i.e. lowering of the chemical potential) and decrease in silica (lower chemical potential of Si) change
the clay mineralogy from 2:1 minerals, illite-mica and smectites to kaolinite and eventually gibbsite (according
to Velde & Meunier, 2008). (b) Schematic diagram representing the effect of rainfall on plant activity (biomass)
and thus translocation within the soil profile of alkalis and silica. Depending on the amount of rainfall and plant
productivity, either 2:1 clay minerals or kaolinite and gibbsite prevail (scheme according to Velde & Meunier,
2008). (c) Weathering and transformation trajectories observed in Alpine soils. Steady state product of weathering
in Alpine soils remain in the fields of 2:1 clay minerals (see [a] and [b]).

Egli (2003) found that smectites formed in the surface
horizons either from chlorite (through the removal of
hydroxy interlayers) or from mica. Mica weathers in a
first step to regularly or irregularly interstratified clay
minerals. One important finding was that the intermediate
products of chlorite weathering, found in the intermediate
Bhs and Bs horizons, were HISs. This means that the
reduction of charge of chlorite occurred before the
removal of the hydroxy interlayer by chelating organic
acids (Figure 6.4).

The effect of precipitation on weathering rates and
mineral transformation seems to be greater at higher

temperatures and thus lower altitudes. In moderate to
subalpine climate zones, changes in precipitation are
more relevant for weathering and mineral transforma-
tion. A change in water availability has a greater effect
than at high altitudes where water availability is less lim-
iting. At very low mean annual temperatures, however,
changes in temperature seem to account more for changes
in weathering rates and mineral transformations.

One of the major factors in alteration (water/rock
interaction) is that of rainfall and hence the ionic concen-
trations in solutions in alteration profiles. The lower the
rainfall and evapotranspiration, the more influence a
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rock and its chemistry will have on the clays formed
(Velde & Meunier, 2008). Although tropical plants (rain-
forests) are among the most effective Si recyclers (Street-
Perrot & Barker, 2008), the stronger loss over time of
silica relative to aluminium (and iron) marks one impor-
tant difference between the alteration of soils developing
in temperate/alpine and humid tropical climates, respec-
tively, and it has strong implications on the overall chem-
istry of clay minerals. In addition, tropical soils are often
depleted in basic cations (e.g. K). As a result, humid
tropical soils do not have high smectite contents (Velde &
Meunier, 2008), as the main constituent of clays in humid

tropical soils is kaolinite (Figure 6.4). Particularly in such
environments, high rainfall rates promote kaolinite
formation at the expense of 2:1 clay minerals. Vegetation,
which is strongly dependent on the climate, can coun-
teract such a process. In tropical environments, the
incredibly high biomass uptakes these nutrients almost as
quickly as they are released, whereas the high rates of
precipitation flush them out of the profile. Plants are
often associated with fertile silica- and potassium-rich
clay minerals such as smectite and illite. Most plants con-
tain silica in the form of phytoliths (Farmer et al., 2005).
After decomposition of the plant material, the soil is
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Figure 6.6 Content of smectitic minerals as function of climate
(amount of precipitation and mean annual temperature) for a)
old soils (age > 3000 yr) and b) as a function of slope aspect
for old and young soils.

enriched with these very active forms of silica. In addition,
the plants contain a significant amount of K, which is
thus also enriched in the surface horizon of the soil.
Furthermore, plants can translocate chemical elements
from the alterite (saprock) zone to the surface. As a
consequence of this element translocation, 2:1 type clay
minerals are maintained (Velde & Meunier, 2008). With
increasing precipitation, biomass production usually also
increases, although this relationship is not linear and a
saturation value is reached. However, biomass is not only
controlled by climate but also by other environmental
factors. An increased productivity increases the K and Si
content in the upper portions of the soil and favors the
formation or stabilization of 2:1 compared to 1:1 clay
minerals. Although elemental leaching is pronounced in
Alpine soils, vegetation and the presence of a relatively
high proportion of Si favor the formation of 2:1 clay
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minerals, and the whole process towards a distinct
formation of kaolinite or gibbsite is hindered (Figure 6.4).

The data regarding modern ongoing climate change
clearly show that temperatures are increasing. In Middle
Europe, annual precipitation remains mostly unaffected
or has decreased slightly (IPCC, 2014). The increase in
temperature will result in a shift of coniferous forests
towards higher altitudes and will lead to enhanced
weathering rates in regions that are presently near or
above the timberline (subalpine and alpine climates). The
migration of the timberline towards higher altitudes is,
however, rather slow and it may take decades to centuries
before changes are observable (Dial et al., 2016; Wildi &
Schiitz, 2000). At lower altitudes it has to be expected
that water availability will become scarcer and that conse-
quently the bedrock or parent material and its chemistry
will have a more dominant role in the future formation of
clay minerals.

6.2.4. Substratum (Lithosequences)

Parent material lithology determines the physical and
mineralogical nature of a soil. The mineralogy governs
ecological soil properties, such as nutrient supply and
retention, and water movement (Chadwick & Graham,
2000). Igneous rocks contain a suite of minerals that
weather to provide a broad mix of nutrients with a broad
mix of secondary weathering products. In contrast,
limestone is nearly pure calcite that releases Ca and
H,CO, when it reacts with water. Soils forming on lime-
stone-rich parent materials have inherited their colloidal
fraction from weathering of impurities in the rock or
from aeolian addition. Several studies have been carried
out on the formation of clay minerals in Podzols that
derived from different substrata, such as granite (Righi
et al., 1999), rhyolite porphyry (Egli et al., 2004), grano-
diorite, slate, and tonalite till (Mirabella et al., 2002),
tephra (Shoji et al., 1993; Ugolini et al., 1991), and sand-
stone drift (Carnicelli et al., 1997). Expandable minerals
form from the weathering of either mica or chlorite via
the intermediate stage of hydroxy-interlayered minerals
and the subsequent removal of the hydroxide polymers
(Carnicelli et al., 1997; Righi et al., 1993; Righi &
Meunier, 1991). Depending on the parent material, these
processes can be more or less advanced. Egli et al. (2004)
found that the development of clay minerals with smaller
layer charges was more advanced in Podzols on rhyolitic
porphyry material, where smectite was detected also in
the Bhs and Bs horizons. In soils on tonalitic or granodi-
oritic parent material, smectite was identified only in the
surface horizon.

As shown by Mirabella et al. (2002), a different sili-
ceous lithology of the parent material ultimately leads to
differences in the clay mineral assemblages in the
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Figure 6.7 XRD patterns of ethylene glycol (EG)-solvated soil clays from the surface soil horizons before and
after a Na-citrate extraction (data from Mirabella & Egli, 2003). The d-spacings are given in nm. The Na-citrate
procedure extracts hydroxy-Al (or Fe) contaminants from the interlayers of 2:1 clay minerals and enables the
detection of HIS (hydroxy-interlayered smectites; with a typical peak around 1.6-1.7 nm). The diffractograms are

given as a function of altitude and thus climate.

weathered soil, although the other state factors are sim-
ilar. As other studies have shown, smectite can be formed
from both mica and chlorite (Carnicelli et al., 1997; Righi
et al., 1999). If mica has a predominant dioctahedral
structure, then smectite formation is retarded and another
mineral source is needed to enable higher amounts of
smectite to be formed (and detected). Mirabella et al.
(2002) compared soils that developed on three different
geological substrates: granodiorite, tonalite, and slate.
Due to the persistence of mica in the surface horizons of
soils and the disappearance of chlorite, smectitic compo-
nents found in these upper horizons derive from the
weathering of chlorite. The formation of smectite in the
E horizon during pedogenesis is essentially dependent on
the presence of chlorite in the parent material. Soils on
granodiorite and on tonalite showed a pronounced

transformation of trioctahedral into dioctahedral min-
erals, leading to the formation of expandable minerals in
the surface horizons. In the soil on slate glacial till, where
smectitic or vermiculitic components in the surface
horizon were absent, this transformation was either not
discernible or much less so. As a consequence, dioctahe-
dral species strongly increased and trioctahedral species
decreased during pedogenesis in soils developed on
granodiorite; this trend was much less discernible in soils
developed on slate (Figure 6.8).

Not only mineralogical but also slight physical differ-
ences can alter the weathering trajectories (Egli et al.,
2002). Two soils (Meggerwald), a Haplic Podzol and a
Dystric Cambisol, developed from postglacial (granitic)
till but even with the same climate, vegetation, and topog-
raphy showed some particular differences in their clay
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mineral assemblages. The E horizon of the Podzol
contained distinctly more smectite, characterized by a
montmorillonite-beidellite-mixed phase. The neoforma-
tion of smectite can be traced back to the weathering of
mica and chlorite. The Podzol had less HIS in the surface
horizons than the Cambisol. The physical structure of
the soil material seemed to be the most important factor

for the different soil evolution. The higher abundance of
coarse pores in the Podzol gave rise to a faster percolation
of the soil water and, consequently, to a faster acidifica-
tion and intense leaching of organic compounds, Fe, Al,
and nutrients.

These few examples demonstrate that mineral
weathering, clay mineral formation, and transformation
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are strongly governed by the minerals present in the par-
ent material, their structure, and soil physical properties
that finally determine the type and intensity of interac-
tions of water with mineral surfaces. The mineralogy
determines the precipitation and dissolution reactions as
well as the solid-solution interface. The solid-solution
interface itself regulates adsorption and desorption of
chemical constituents such as H*, OH~, metal ions, and
organic and inorganic ligands (Stumm & Morgan, 1996).
Only minor variations in the mineralogical composition
of the silicatic parent material and/or additions of aeolian
materials can lead to distinct differences in the develop-
ment trajectories over time.

The formation of smectite-like compounds in the
E-horizon during pedogenesis often requires a minimal
amount of chlorite or trioctahedral mica. If nearly no
other 2:1 mineral components are present in the parent
material, then a micaceous (muscovite-like) mineral com-
ponent becomes the dominant steady-state product of
clay mineral weathering on siliceous parent material.

An important point that should be stressed is that the
soil structure and therefore the soil physical characteris-
tics can be very different from one horizon to another.
Thus, water circulation in soils may vary greatly with time
and space. Structural aspects and particle size of soils or
the corresponding parent material are decisive parame-
ters for the circulation of water and, therefore, the control
of mineral reactions. The effect of physical properties of
a specific parent material on soil evolution and weathering
or mineral transformation processes is a rather rarely
investigated topic and needs more attention in the future
(see below).

Righi and Meunier (1995) argued that after a sufficient
time, the mineralogical composition of soils depends
more on climatic conditions than on the chemical com-
position of the parent rock. This might be true for time-
scales >1, 000,000 years; however, the rock composition
is a determinative parameter for soil and clay chemistry
in the “early” stages of weathering, whatever the climate
may be (Egli, Mirabella, & Fitze, 2003).

6.2.5. Water Percolation and Erosion

Landscape and soils may respond noticeably and dif-
ferentially to climate change as they integrate all ecolog-
ical and historical factors. Hence, climate is an exclusive
controlling factor of the transition from periods of geo-
morphodynamic activity to periods of stability (Giinster
& Skowronek, 2001). Atmospheric and soil-temperature
variations influence the rate of reactions such as mineral
weathering and biological breakdown of organic matter.
Thermal conditions and solar radiation distinctly
influence soil moisture and water percolation in a soil.
The amount of precipitation, thermal conditions, and

solar radiation not only influence soil biology (Ascher
et al., 2012) and organic matter decay processes (Bardelli
et al., 2017) but also the hydrological cycle, chemical
weathering rates, and mineral formation and transforma-
tion (Egli et al., 2011).

A further driving factor in chemical weathering
and mineral transformation is surface erosion. Up to a
certain threshold value, increasing erosion causes
increasing chemical weathering rates (Dixon & von
Blanckenburg, 2012).

The degree of chemical weathering in soils usually
increases from south- to north-facing sites in the
European Alps due to distinct thermal and hydrological
differences (Figure 6.6). North-facing sites are character-
ized by lower temperatures, lower evapotranspiration,
and consequently by higher near-surface humidity (water
content). Although precipitation in Alpine regions is
mostly abundant, the availability and flux of water
through the soil is the prime factor in weathering inten-
sity. This understanding derives from the percolation
theory, that both vegetation growth and soil formation
processes are proportional to the water fluxes remaining
after direct evaporation processes are excluded, including
interception (Hunt et al., 2015). Soil production, in the
sense of pedogenesis, is closely related to chemical
weathering. If predictions for the rates of soil formation
and weathering, at both regional and global scales, can be
made accurately, then future climate change effects on
Alpine systems can be assessed more reliably. Hunt &
Ghanbarian (2016) recently proposed upper bounds for
three processes described by scaling relationships: soil
depths, natural vegetation, and crop heights, each as a
power of time. The bounds are related to maximum water
flow rates. The general scaling relationship can be repre-

sented as
P
t
X =X (—) , (1)
To

with the primary distinction in the three cases being the
value of the exponent P. The variable x represents, for
both natural vegetation and intensively managed crops,
the height or root radial extent, and for soils, the depth.
The variable ¢ represents the time since germination for
plant growth; for soil depth, it is the time since exposure
at the surface. The spatial scale x, relates to a grain or
pore (or plant xylem) diameter, and x, /7, is the water flow
rate, v, underlying the particular process.

Limitations to silicate weathering generally include two
different processes: transport limitation and kinetic limita-
tion. The supply of water, acids and (organic) ligands
relative to the supply of silicate minerals is large in trans-
port-limited weathering regimes (West et al., 2005).
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Usually, old and flat topographies belong in this category.
Where kinetic limitation is the main control on chemical
weathering, silicate weathering @ depends on the kinetic
rate of mineral dissolution W, the supply of material (e.g.
by erosion or deposition) e, and the time ¢ available for
reaction (West et al., 2005):

o=W-e-t (2)

where the value W depends on environmental conditions
such as temperature and runoff (or precipitation).

It has been shown that, under the assumption that
chemical weathering is limited by solute transport (and
thus water flow into the soil), the process of soil produc-
tion may be predictable (Yu & Hunt, 2017). Such predic-
tions are successful when applying percolation theory for
solute transport in porous media. The percolation theory
can be used when the medium is highly disordered and
chemical weathering in situ is transport limited (Hunt
et al., 2015; Yu & Hunt, 2017). Variations of soil depth
and vegetation characteristics with topography appear to
be better understood when effects on the aspect
dependence of erosion rates and soil production from
water supply and energy balance are considered. Soil
depth integrates soil production and denudation.
Denudation (D) is the sum of erosion (E) and chemical
leaching (W): D= W + E.

Temporal differentiation of equation (1) for the soil
depth (x) generates the soil production (R) function:

dx 1 oxo e )Y
—R_ - I -
a R E() 1.87 1, [zoj E(1)
-0.87
_ L _’(’)(1] “E() 0
187 ¢ \x

with I(¢)/¢ as the net infiltration rate that varies, as does
E, over time. From this equation it is evident that solute
transport through soil (and erosion) limits the formation
of soils. Solute transport limitations reflect the necessity
for flowing water to bring reagents, chiefly CO,, to, and
remove reaction products from, the reaction zone (the
bottom soil boundary), preventing equilibration. Soil
depth therefore implicitly reflects hill-slope activities in
terms of erosional and biological processes.

The data used for modeling are publicly available in the
repository PANGAEA Data Archiving & Publication
(https://doi.org/10.1594/PANGAEA.899503; Hunt &
Egli, 2019). The model (equation [3]) slightly overesti-
mates soil depth over time and thus soil production
(Figure 6.9). Although the model reduces chemical
weathering in soils to a few physical parameters such as
infiltration rate, particle size, erosion and surface age, it
captures the general trend and variability. Egli et al.
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(2018) concluded that this model may overestimate soil
production in young soils because these soils also exhibit
a strong kinetic limitation. The degree of weathering rep-
resented by the amount of smectitic components in the
soils is also dependent on physical processes (Figure 6.9).
Surface erosion notably influences the content of smec-
tites: a high erosion rate gives rise to a low smectite
content. This demonstrates that smectite is formed and
accumulated on older and rather stable surfaces exhibit-
ing a low erosion but a high infiltration rate. In Alpine
areas, this situation is usually found at sites having a high
vegetation cover and a higher production of soil organic
matter. The production of organic complexing molecules
is necessary for smectites to be formed from precursor
minerals. Egli et al. (2007) demonstrated that at south-
facing sites, the podzolization process (i.e. strong leaching
of Fe, Al, and organic compounds) was less pronounced
because of a lower water flux through the soil and less
complexing organic molecules that would remove the
interlayer polymers to produce smectites. Besides the elu-
viation process, clay minerals underwent a process of
ionic substitutions in the octahedral sheet that led to the
reduction of the layer charge. This process was again
most obvious in the north-facing sites that are subjected
to stronger weathering conditions.

Concepts like site capacity, sustainability, and vulner-
ability of soils are clearly linked to the mineralogy of
the soil parent material and dissolution rate of minerals
within the soil profile (Olsson & Melkerud, 2000).
Transformation of rock minerals into clays occurs
because of chemical reactions between the minerals
and water that comes from rainfall. Therefore, the
amount of rainfall and its distribution over the year
determine the type of weathering and the type of soil
that is formed (Righi & Meunier, 1995). Temperature
influences the kinetics of chemical reactions (White &
Brantley, 2003). This usually means that the reactions
occur more quickly when the temperatures are higher.
The interrelationship between mineral dissolution or
transformation and precipitation and temperature is,
however, not so simple. Weathering by complexing
organic acids (which are dependent on climatic, biotic,
and physico-chemical factors) are hypothesized to be a
major active process in topsoils (Brahy et al., 2000) in
the transformation of hydroxy-interlayered 2:1 clay
minerals into vermiculite or smectite by the removal of
their Al-interlayers.

6.3. CONCLUSION

Clay minerals in soils exhibit large differences across
alpine landscapes. The precursor minerals in parent and
deposited aeolian materials determine the start and to a
certain extent the weathering trajectory over time. The


https://doi.org/10.1594/PANGAEA.899503

134 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

(@)
10.00 -
E
a 1.00 -+ o
8 0
% o e® 8
= o8 @
£ 2%
3 0.0 g%,ﬁ@a
@0 e © Model
8 ® :,:Q:@ ® Empirical data
0.01 + . v . v )
1 10 100 1000 10000 100000
Surface age (a)
b C
(o) ©
e o 80 -
L 40 | °
2 o ® o8 °
5. | ¢ 2601 . o8
S 30 & o @° 0 o
5 &
g _} 5 ‘0 ® . °
s fo 8} a
S 20 8 ® =40 D& Fs o
.5:3 ] Q: - @
© o
@ 20
£ 1071 o %a ® ° g °
Al ® @
L] ® @
0+a—% — v ® . 0 +—e— . . . - -
0 100 200 300 400 500 600 0 100 200 300 400 500 600
; 2\ 1 i —2 1
(d) Erosion rate (t m™=yr™') (e) Erosion rate (t m™yr™')
50
S 80
2 40 o ®
& ‘ e @ @
= < 60 ® i
g 30 & o0 _— o
£ « e ®e 8—
o (s} |
= - y = —-3.945In(x) — 19.052 - ﬁ" o
8 D R2=0.30 v
5108 20 2 y = 6.2821In(x) + 88.495
' ] o R2=0.39
0 . "‘Q- I — — —— 0 ; i . . ,
0 0.002 0.004 0.006 0.008 0.01 0.002 0.004 0.006 0.008 0.01

Soil production (m yr)

Soil production (myr™)

Figure 6.9 Relating principles of the percolation theory with (a) soil thickness and time of formation, (b) smectite
content and soil erosion rates, (c) mica content and soil erosion rates, (d) smectite content and soil production
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tion rates), a high smectite content is found.

age-related evolution of soils and clay minerals appears
to be predictable by infiltration and erosion rates using a
theoretical approach based on the fractal dimensionality
of the percolation backbone for vertical flow (percolation
theory). Solute transport, rather than kinetic limitation,
seems dominant over a large range of soil evolution. On
stable sites with low erosion, a favorable mineral compo-
sition (chlorite or trioctahedral mica), relatively old soils,
and relatively low soil production rates, smectitic

components are a steady-state product of mineral
weathering. However, smectitic components are particu-
larly enriched when high amounts of organic ligands are
present in the percolating water. Smectite formation can,
therefore, not only be explained by the percolation theory.
The mineralogical composition of the parent material,
the type and presence of vegetation, and the production
of organic ligands distinctly codetermine chemical weathe-
ring and mineral reactions.
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Weathering Rinds as Tools for Constraining Reaction Kinetics
and Duration of Weathering at the Clast-Scale

Peter B. Sak'?

ABSTRACT

The weathering of rock fragments at or near Earth’s surface results in the in situ conversion of unweathered core
material to weathering rind. In field settings, rind thicknesses have been used to constrain the relative ages of
surficial deposits. The progressive conversion of core to rind material is marked by abrupt changes in physical
and chemical properties. In clasts with low-porosity parent material, the reaction front between the reactive core
material and the depleted rind is a narrow (<1000 pm wide) feature. Detailed investigations of chrono- and cli-
mosequences suggest that parent material composition, ambient climatic conditions (mean annual temperature
and precipitation), and curvature of the core-rind boundary exert first-order controls on weathering rind thick-
ness. Uranium-series disequilibria dating can reliably quantify rates of weathering rind formation and the dura-
tion of weathering. Rind formation is modeled as a diffusion-limited process. The straightforward weathering
rind system has proven a well-constrained intermediate between laboratory and landscape weathering systems.

7.1. INTRODUCTION

Weathering includes a complex suite of chemical,
physical, and biological processes that transform rock
to regolith (the altered material coating the unaltered
bedrock), thus re-equilibrating high-temperature, high-
pressure mineral assemblages to earth surface conditions
(Amundson, 2004; Anderson et al., 2004). These processes
span the grain (millimeter), clast (centimeter), pedon
(meter), landscape (kilometer), and global (thousands of
kilometers) scales (Brantley et al., 2007). For example, in
the laboratory, primary minerals dissolve to form
secondary minerals that precipitate at the bottom of a
flask or coat grains in a column: this is the regolith in a
laboratory dissolution experiment. Similarly, as a clast
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dissolves, a weathering rind forms and grows in thickness
around a central core. At the landscape scale, weathered
material accumulates at the top of a pedon developing on
the protolith. At each scale, weathering of parent material
produces solutes and regolith material, and resulting
changes in either water or solid chemistry can be used to
estimate weathering rate.

Rock fragments in the near-surface environment
weather to produce porous and friable alteration rinds.
Although the friable nature of the weathering rind pres-
ents challenges for sampling, it also makes weathering
rinds superb chronometers of landscape stability, as rind
thickness increases with weathering duration. However,
disaggregation of the weathering rind resets the clock
when the weathered clast is remobilized and comes to
rest. Weathering is presumed to commence at the time of
deposition (rind thickness = 0) (Cernohouz & Solc, 1966;
Colman & Pierce, 1981; Knuepfer, 1988). Weathering
rinds provide valuable information about the duration of
weathering, long-term reaction kinetics, and sensitivity
of weathering rates to variability in ambient climatic

Hydrogeology, Chemical Weathering, and Soil Formation, Geophysical Monograph 257, First Edition.

Edited by Allen Hunt, Markus Egli, and Boris Faybishenko.

© 2021 American Geophysical Union. Published 2021 by John Wiley & Sons, Inc.

DOI: 10.1002/9781119563952.ch7



142 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

conditions. They are readily distinguished from both
unweathered parent core material and surrounding rego-
lith (Figures 7.1 and 7.2) on the basis of color, composi-
tion, texture, and porosity. Compared to unweathered
core, weathering rinds are enriched in relatively immobile
elements (e.g. Ti, Fe, Th, and Al) and depleted in more
soluble mobile elements (e.g. Mg, Ca, Na, and K) (e.g.
Cernohouz & Solc, 1966; Colman, 1982a, 1982b). Studies
of weathering rinds developed on clasts in periglacial
environments from Iceland (Etienne, 2002) and the Sierra
Nevada (Gordon & Dorn, 2005) have documented in situ
spalling of outer portions of the weathering rind. The
potential for disaggregation of the outer weathering rind
highlights that the measured weathering rind thickness
should be considered as minimum thicknesses. Notable
excepts are instances where depositional ornamentation
such as glacial striations recognized along the outer

Figure 7.1 Soil profile developed in a weathering volcanic
debris deposit in Guadeloupe. Note the presence of weathering
clasts that are distinguished by color.

surfaces of rinds developed on weathering clasts within
glacial moraine deposits (Colman & Pierce, 1981). Such
exquisite preservation indicates that in some situations
rind formation is the chemical weathering end-member
of field weathering in the absence of physical erosion.

This review highlights advances in chemical weathering
near Earth’s surface by focusing on three illustrative
examples of in situ development of weathering rinds on
clasts from Costa Rica, central Japan, and the Lesser
Antilles. Weathering rinds can be used to investigate near-
surface weathering processes and rates in well-constrained
field settings. Here, weathering rinds and the unweath-
ered core materials are distinguished from rock coating
such as Mn enrichments typical of desert varnish (e.g.
Dorn, 1998), Si glaze (Dixon et al., 2002), or other coatings
that can accrete or precipitate on exposed surfaces (Dorn
et al., 2017). Weathering rinds result from the in situ
incongruent dissolution of core material, whereas rock
coatings are not genetically related to the materials they
mantle. The relationship between rinds and the parent
materials facilitate the use of mass balance calculations
and balancing of chemical reactions describing the trans-
formation of core to rind material.

7.2. WEATHERING RINDS AS TOOLS
FOR CALIBRATED AGE DATING

It has been widely recognized in chronosequences that
the pedogenic maturity (soil structure and texture, hori-
zonation, and clay film abundance) of the host deposit
and thickness of weathering rinds increase with the dura-
tion of weathering, making weathering rinds a valuable
tool for constraining landscape age (e.g. Carroll, 1974;
Colman & Pierce, 1981; Oguchi & Matsukura, 1999; Sak
et al., 2004; Yoshida et al., 2011). Field measurements of

(6)

Figure 7.2 (a) and (b) Close-up images of weathering clasts within a volcanic debris deposit. The weathering rind
is distinguished from the surrounding matrix by color and texture.
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rind thickness have been employed in a range of settings
to determine the relative degree of weathering of the host
deposit (e.g. Anderson & Anderson, 1981; Cernohouz &
Sole, 1966; Chinn, 1981; Colman & Pierce, 1981;
Knuepfer, 1988; Meyer & Leidecker, 1999; White et al.,
1996) (Figure 7.3).

Historically, weathering rind thickness has been used in
conjunction with other relative dating methods, including
soil profile development (e.g. Knuepfer et al., 1988; Mills
& Allison, 1995), clast shape analysis (e.g. Cernohouz &
Solc, 1966; Kirkbride & Bell, 2010; Powers, 1953), and
lichenometry (Locke et al., 1979) to yield calibrated age
estimates of geomorphic surfaces (Colman et al., 1987).
Calibrated ages facilitate correlations of moraine deposits
(e.g. Anderson & Anderson, 1981; Carroll, 1974; Colman
& Pierce, 1981; Gellatly, 1984; Graham et al., 2010;
McSaveney, 1992; Rossi & Graham, 2010), alluvial fans
and terraces (e.g. Fisher et al., 1998; Knuepfer, 1988;
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Ricker et al., 1993; Sak et al., 2009; Yoshida et al., 2011),
periglacial features (e.g. Birkeland, 1974; Cook-Talbot,
1991; Kellerer-Pirklbauer et al., 2008; Laustela et al.,
2003), and archeological features (e.g. Curran et al., 2002;
Sheppard & Pavlish, 1992). Weathering rinds have also
proven effective tools for constraining the rates of tec-
tonic processes such as faulting or uplift (e.g. Fisher et al.,
1998; Knuepfer, 1988; McCalpin & Khromovskikh, 1995;
Morriss & Wegmann, 2017; Ricker et al., 1993; Sak et al.,
2009) and stream incision (Pazzaglia & Brandon, 2001;
Pazzaglia et al., 1998).

Where independent absolute age constraints of the
host deposits are available (i.e. from radiocarbon dating
of organic debris, cosmogenic dating, tephra chronol-
ogies, optically stimulated luminescence, etc.) empirical
best-fit models (Table 7.1) have been developed that relate
rind thickness to the duration of weathering for clasts of
similar composition (e.g. Colman, 1986; Colman &

Example of field-based
weathering rind study area

w

‘iﬁ? Costa Rica chronosequence

* Guadeloupe study area

e o
* Nasuno-ga-hara chronosequence

Figure 7.3 Map illustrating the geographic extent of a representative sampling of weathering rind studies.

Table 7.1 Empirical models for rind development as a function of time.

Relationship Equation Parent Material Study Area Reference
Logarithmic r.=4.64 xlog(l1+1x10°t Basalt Bohemia Cernohouz and Sole (1966)
Logarithmic . =10g(0.73 +3.8 x 107 1) Basalt W. Yellowstone, Colman and Pierce (1981)
. =10g(0.73 +8 x 10° 1) Basalt MT
. =10g(0.73 +3 x 10 1) Basalt Yakima, WA
=10g(0.73 +7 x 10° 1) Basalt MccCall, ID
=10g(0.73 +5.8 x 107 t) Andesite Puget Lowland, WA
=10g(0.73 +8.2 x 107 1) Andesite Truckee, CA
=10g(0.73 + 1.7 x 10* 1) Andesite Lassen CA
Rainier, WA
Power Law r.=0.00373(t"%) Sandstone New Zealand Chinn (1981)
Power Law r.=1.03 x 103(t"7) Sandstone New Zealand Knuepfer (1988)
r.=9.89 x 104 (10-8¢)
Relaxation Law r.=8.7(1-e %) Sandstone New Zealand Whitehouse et al. (1986)
Diffusion Limited  r = x’t** Submarine Basalt  Hawaii Moore (1966)

Measured rind thickness (r)
Age of deposit (¢)
x” = constant
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Pierce, 1981; Knuepfer, 1994). Empirical models suggest
that rates of increasing rind thickness may be expressed
by a power law (Chinn, 1981; Knuepfer, 1988), a relaxa-
tion law (Whitehouse et al., 1986), or a logarithmic law
(Cernohouz & Solc, 1966; Colman & Pierce, 1992).
Although none of these early studies based their mod-
eling on physico-chemical models of weathering,
empirical models based on rind thickness have been used
to estimate age of landforms in temperate climates such
as the western United States (i.e. Colman & Pierce, 1981;
Meyer & Leidecker, 1999; Porter, 1975), New Zealand
(i.e. Chinn, 1981; Gellatly, 1984; Ricker et al., 1993),
Japan (Oguchi & Matsukura, 1999; Yoshida et al., 2011),
and Bohemia (Cernohouz & Solc, 1966) or arctic and
alpine climates (e.g. Anderson & Anderson, 1981; Burke
& Birkeland, 1979; Carroll, 1974; McCarroll, 1991a;
Shiraiwa & Watanabe, 1991; Lillieskdld & Sundqvist,
1994), where rind thickness is small relative to clast size.

These early empirical models lacked a physical basis
and were not thought to predict accurate ages for deposits
characterized by thick weathering rinds, such as those
found in tropical climates (Knuepfer, 1994). In tropical
climates, surface and near-surface weathering rates are
more rapid than in temperate climates (e.g. Strakhov,
1967; White, 1995; White & Blum, 1995), resulting in
accelerated rates of both pedogenesis and rind formation.
Accelerated rind formation translates into greater
temporal sampling resolution relative to those developed
in high latitudes (e.g. Dixon et al., 2002; Hausrath et al.,
2008; Salvatore et al., 2013) or under temperate or alpine
climate regimes (e.g. Colman & Pierce, 1981; Oguchi
et al., 2004). Detailed field and laboratory investigations
of weathered basaltic and andesitic composition clasts
from Costa Rica, central Japan, and Guadeloupe
(Figure 7.3) are used to constrain relationships between
chemical and mechanical transformations across the
abrupt core-rind boundary of low porosity clasts. The
transition from core to rind material is marked by an
abrupt change in color, compressive strength, elemental
abundances, and porosity. The three study areas are intro-
duced below.

7.3. CASE STUDIES

Where different aged deposits (i.e. a chronosequence)
contain weathering rinds developed under similar climatic
conditions in clasts of similar composition, such as
uplifted alluvial fans (e.g. Oguchi, 2004; Oguchi &
Matsukura, 1999) and terraces (Navarre-Sitchler et al.,
2009, 2011; Sak et al., 2004; Yoshida et al., 2011) or gla-
cial moraines (e.g. Colman, 1986; Colman & Pierce, 1981)
it is possible to assess the influence of time on weathering
rind development. Elsewhere, climosequences have been
used to evaluate the role of climatic variability on

weathering rind formation (Engel et al., 2016; Ma et al.,
2019; Porter, 1975; Sak et al., 2018).

7.3.1. The Costa Rican Chronosequence

Weathered basaltic andesite and andesite clasts were
collected from the lower reaches (<200 m elevation) of a
flight of three Quaternary alluvial fill terraces preserved
along the central Pacific coast of Costa Rica (Navarre-
Sitchler et al., 2009, 2011; Sak et al., 2004) to elucidate the
influence of time on weathering rind formation. The
central Pacific coast of Costa Rica is characterized by a
humid tropical climate with a mean annual temperature
(MAT) of 27.3°C and a mean annual precipitation (MAP)
of 3085 mm yr™!, resulting in rapid rind advance rates.
Mean monthly temperatures vary by <2 °C throughout
the year, while monthly mean precipitation is highly vari-
able, ranging from a maximum of 570 mm in October to a
minimum of <30 mm in March (Instituto Meteorologico
Nacional de Costa Rica, 1992, unpublished data).
Pedogenic maturity and weathering rind thickness in the
three Quaternary alluvial fill terraces (designated as Qtl,
Qt2, and Qt3) increased with increasing elevation. These
terraces define a chronosequence where the relative depo-
sition sequence and weathering age are Qtl > Qt2 > Qt3.
The mean thickness of the weathering rinds ranges from
13+ 1to 69 + 6 mm from the lowest (Qt3) to highest (Qt1)
terrace in the chronosequence (Table 7.2). The deposi-
tional ages of the terraces were initially constrained using
geomorphic arguments, where Sak et al. (2004) linked the
formation of alluvial fill terraces near sea level to eustatic
highstands. This geomorphic model is calibrated by a
maximum age constraint for Qtl provided by a dated sub-
jacent pyroclastic flow (Marshall et al., 2003) and a
minimum age based on radiocarbon dead woody debris in
Qt2. Subsequent optically stimulated luminescence (OSL)
dating of quartz grains from the matrix of Qt3 provide
additional age constraint (Navarre-Sitchler et al., 2011).

Field measurements of weathering clasts throughout the
Costa Rican chronosequence highlight the relationship bet-
ween both intrinsic and extrinsic variables and measured
weathering rind thickness. Additionally, high-resolution
investigations of incipient weathering across the core-rind
boundary of weathering clasts constrain chemical and
physical transformations accompanying in situ conversion
of core to rind material. These observations underpin a
physico-chemical model of weathering rind formation that
is applicable even for thick weathering rinds.

7.3.2. Nasuno-ga-hara Chronosequence, Central Japan

The Nasuno-ga-hara chronosequence consists of four
alluvial fan deposits developed in a temperate climate
with a MAT of ~11 °C and a MAP of 1300 mm yr™!. The
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Table 7.2 Pedogenic properties and isotopic age constraints of Costa Rican chronosequence alluvial terraces.
Maximum Maximum B Rind
Terrace height above horizon Clay  Thickness®
Number Radiometric age base level (m) thickness (cm) Matrix Color Texture' Structure? Consistency® Films* (cm)
Qt1 >46.0 ka (Beta- 150- 540+- 2.5YR/TOR-  c¢* abk- s,p 4p- 6.9+ 0.6
79380)"™ <352
ka (Ar/Ar)”
Qt2 >40.3 ka¥ 185 350+ 2.5YR-5YR ¢, cl c,sbk s,p 2-3,pf 2.9 0.1
(Beta-146591)
Qt3 ~55 ka't 42 200 TOYR 4/4 sicl m,abk s,sp 2,pf  13x0.1
'c = clay, si =silt, s = sand, | = loam.

’m = medium, c = coarse, sbk = subangular blocky, abk = angular blocky.

3s = sticky, p = plastic, sp = slightly plastic.
42 = common, 3 = many, 4 = continuous; pf = on ped faces.
SUncertainty reported as standard error.

¥Radiocarbon ages determined by Beta Analytical, Inc. (Maimi, FL).

*Data from Fisher et al. (1998).
‘Data from Marshall (2000).
‘Data from Marshall et al. (2003).

# OSL dating of terrace matrix material (Navarre-Sitchler et al., 2011).

deposits are dated at 20, 130, 290, and 660 ka using tephra
stratigraphy, with the age of the surfaces and extent of
weathering (rind thickness and pedogenesis) increasing
with elevation above the modern river (Oguchi &
Matsukura, 1999). Clasts collected from the modern
floodplain lack weathering rinds, whereas clasts in the
abandoned terraces show a consistent pattern of
increasing weathering rind thickness with age (Oguchi &
Matsukura, 1999). Chemical and mineralogic composi-
tion are constrained by X-ray fluorescence and X-ray
diffraction (XRD) analyses, respectively. Bulk chemical
and mineralogic composition covary with changes in
physical (color and porosity) and mechanical (hardness)
properties as a function of position away from the core-
rind boundary within individual clasts and among
weathering clasts from different terrace deposits.

7.3.3. Basse-Terre Island, Guadeloupe

Basse-Terre is a small (~850 km?) volcanic island in the
Guadeloupe archipelago of the Lesser Antilles volcanic
arc where the MAT is consistently near 25 °C, at sea level.
The island is composed of andesitic flows that decrease
in age from north to south, parallel to the topographic
divide (Samper et al., 2007). The topographic divide
imparts a pronounced east to west orographic precipita-
tion gradient. The MAP decreases from >6500 mm yr~!
east of the topographic divide to <200 mm yr~! west of
the divide. This configuration results in a setting where
areas of similar bedrock age and MAT, but differing
MAP, can be directly compared.

Weathering clasts collected from a narrow elevation
band (50 to 300 m) have proven instrumental for (1)

quantifying the relationship between clast shape and
weathering rind advance rate (Engel et al., 2016; Lebedeva
et al., 2015; Ma et al., 2012; Sak et al., 2010), (2) estab-
lishing U-series isotopes as a dependable tool for con-
straining the rates and durations of weathering at the
clast scale, even in deposits of indeterminate age (Engel
et al., 2016; Ma et al., 2012, 2019), (3) shedding insights
into communication between the weathering rind and
the host regolith (Sak et al., 2018), and (4) constraining
discrepancies in chemical weathering rates measured at
different spatial scales in field settings (Engel et al., 2016;
Ma et al., 2019; Sak et al., 2018).

7.4. VARIABLES INFLUENCING WEATHERING
RIND THICKNESS

Clasts collected from chronosequences are instru-
mental in isolating factors (separate from time) that result
in variable weathering rind thickness. As weathering
clasts are removed from the outcrop, the friable weathering
rind material frequently disaggregates, leaving the rind-
matrix boundary in the exposure (e.g. Navarre-Sitchler
et al., 2011; Oguchi & Matsukura, 1999; Sak et al., 2004,
2010). The total weathering rind thickness equals the sum
of the rind remaining in the outcrop and the portion
adhering to the extracted clast. In the Costa Rican chro-
nosequence, weathering rinds developed on clasts of a
variety of compositions (claystones, mudstones, volcani-
clastics, lithic sandstones, and basaltic compositions) are
present within each terrace unit. Within a single exposure,
the thickness, color, and nature of weathering rinds vary
as a function of the parent material. Most notably, in
clasts with porous core materials, the core-rind boundary
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Figure 7.4 (a) Rind thickness on basaltic andesite clasts as a function of burial depth from a single exposure
of terrace Qt3 of the Costa Rica chronosequence. Linear fit of the data has an R? value of 0.003, indicating
depth of burial explains little of the variations in rind thickness (modified after Navarre-Sitchler et al., 2011). (b)
Rind thickness as function of curvature of the visually defined core-rind boundary. Rind thickness and curva-
ture measurement were collected at 10° increments around the clast. Note that for low curvature (<3.1 x 1072
mm-'), rind thickness is within 1o (gray horizontal bar) of the mean (horizontal black line), but for high curvature
segments (0.12 mm™') all rind thickness values are >1c larger than the mean (modified after Sak et al., 2010).
(c) Axial ratios of clasts (oblate ellipsoids) from deposits of terrace Qt2. The horizontal axis is the ratio of the
intermediate (B) to short (C) axes and the vertical axis is the ratio of the long (A) to intermediate (B) axes (from Sak
et al., 2004). (d) Measured rind thickness as a function of clast radius (measured along the intermediate (B) axis)
for clasts from multiple exposures terrace Qt2. Rind thickness is independent of clast size. (modified after Sak
etal., 2004). (e) Histograms of weathering rind thickness on clasts from the Qt3 terrace a function of grain size of
the unweathered core material. Fine-grained basalts (grain diameter <~500 pm) have a mean of 12.5 + 0.8 mm.
Coarse-grained basalts have a mean of 13.7 + 0.9 mm (from Navarre-Sitchler et al., 2011).
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Figure 7.5 Weathering reactions at the clast scale occur at the
core-rind interface.

is diffuse, whereas clasts with nonporous cores such as
basaltic andesite compositions are characterized by an
abrupt boundary that separates unweathered rock from
weathered rind material (Anderson et al., 2004; Sak et al.,
2004). Within a single exposure, clasts with basaltic
andesite cores are characterized by thinner weathering
rinds than rinds developed on clasts with different core
compositions (Navarre-Sitchler et al., 2011; Sak et al.,
2004). Variability in rind thickness between Qt3 expo-
sures <1 km apart are statistically insignificant with mean
values of 11.4 + 5 mm and 14.2 £ 5 mm, respectively
(Navarre-Sitchler et al., 2011). The thickness of
weathering rinds developed on clasts with low-porosity
basaltic andesite and andesitic cores are used to evaluate
variability in weathering rind thickness as a function of
the five field parameters: (1) exposure age, (2) depth of
clast burial, (3) clast shape, (4) clast size, and (5) grain
size of the parent material.

To determine if weathering rind formation rates vary as
a function of clast burial depth, Navarre-Sitchler et al.
(2011) measured weathering rind thicknesses and burial
depth (0-4 m) on 30 basaltic andesite clasts from a single
Qt3 exposure. No correlation between weathering rind
thickness and depth of burial was reported (Navarre-
Sitchler et al., 2011) (Figure 7.4a). This finding is consis-
tent with results reported for weathering rinds on
sandstone clasts in the >20 m thick Upper Terrace of the
Fukui chronosequence (central Japan), where rind thick-
ness does not vary with burial depth (Yoshida et al.,
2011). Similarly, Porter (1975) reports no statistical
difference between rind thicknesses measured on basaltic
clasts at the surface or within the B horizon of a terrace
along the eastern flanks of the Cascade Mountains
(Porter, 1975).
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- Matrix

Figure 7.6 Cutslab of an oriented sampled clast spanning from
the unweathered core across the weathering rind and into the
surrounding matrix material. Black box denotes the extent of a
petrographic thin section. Within the thin section, blue shows
the extent of porosity.

In Guadeloupe, detailed investigations of several clasts
were used to quantify the relationship between rind thick-
ness and curvature of the core-rind boundary (Engel
et al., 2016; Lebedeva et al., 2015; Ma et al., 2012; Sak
et al., 2010). It has been widely reported that weathering
of clasts in the near-surface environment blunts the cor-
ners of clasts (e.g. Cernohouz & Solc, 1966; Chinn, 1981;
Kirkbride, 2005; Kirkbride & Bell, 2010). This often
results in core-rind boundaries that are more rounded
than the corresponding rind-matrix boundary in non-
spherical clasts (Figure 7.2 a and b). In one field study,
Sak et al. (2010) extracted an oriented clast from the
clayey matrix of a volcaniclastic debris flow (Figure 7.1).
As the sample was removed from the outcrop, a narrow
(<0.5 cm thick) portion of the outer rind remained in the
outcrop. Back in the laboratory, the wrapped clast was
impregnated in molten paraffin to preserve the structural
integrity of the remaining rind. The wax impregnated clast
was sectioned along the vertical axis (Figure 7.5). After
sectioning, curvature of the visually defined core-rind
boundary was quantified and the thickness of the
weathering rind from the core-rind boundary to a
prominent continuous dark horizon in the weathering
rind were measured normal to the core-rind boundary at
10° increments using a digital caliber. Measured rind
thickness varies from 20.6 to 35.8 mm with a mean of 24.4
1 3.1 mm (lo) and is nearly twice as thick across portions
of the clast characterized by high curvature (Figure 7.4b).

Clast size and shape are quantified by measuring the
lengths of three mutually perpendicular axes. In general,
andesitic clasts from the Qt2 terrace of the Costa Rican
chronosequence are oblate ellipsoids with low aspect
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ratios (Figure 7.4c). Clast shape does not vary systemati-
cally among sampled exposures. The relationship bet-
ween clast size (defined as the length of the intermediate
axis of the clast) and weathering rind thickness was
established using a dataset consisting of 98 clasts from
Qt3 of the Costa Rican chronosequence. Here rind thick-
ness is independent of clast size (Figure 7.4d). The one
notable exception are ghost clasts, where the entire clast
has been converted to rind material. An increase in the
size of ghost clasts is recognized within Qtl and Qt2
deposits, and ghost clasts are not recognized in Qt3 or in
modern floodplain deposits (Sak et al., 2004).

Textural variations in cores of clasts from the Costa
Rican chronosequnece do not result in significant varia-
tions in mean rind thickness. Rind thicknesses were mea-
sured on 67 clasts from Qt3 and designated as coarse or
fine grained based upon a 500 pm diameter threshold.
Although the coarse-grained clasts have slightly thicker
mean weathering rind thickness (13.7 £ 0.9 mm) com-
pared to fine-grained clasts (12.5 + 0.8 mm), the difference
is not statistically significant (Navarre-Sitchler et al.,
2011) (Figure 7.4e).

7.5. THE CORE-RIND BOUNDARY AND INCIPIENT
CHEMICAL WEATHERING

Rind disaggregation biases most laboratory-based
investigations by focusing on the incipient stages of
chemical weathering marked by in situ conversion of core
to rind material. In one notable exception, the rind-
matrix boundary was preserved around a sampled clast
from Guadeloupe (Figure 7.6) (Sak et al., 2018). The
abrupt rind-matrix boundary is marked by textural and
color differences that are readily identifiable in the field
(Figures 7.1, 7.2, and 7.6). Transformations at the core-
rind boundary provide insights into rates of chemical
weathering and the initiation step. Color, elemental
concentration, and porosity are characterized by relatively
constant values in the core and rind, whereas the
transition zone between the two reveals variations as a
function of position. This transition zone defines the
“reaction front” or zone across which a reaction occurs.
The width and position of the reaction front depend on
the variable defining the front. Profiles spanning the core-
rind boundary have been collected on clasts from the
Costa Rica (Navarre-Sitchler et al., 2009, 2011; Sak et al.,
2004), Nasuno-ga-hara (Oguchi, 2001, 2004), and Fukui
(Yoshida et al., 2011) chronosequences. These samples
provide observations of the geometry of the reaction
front and its position through time (the weathering
advance rate) as well as the reproducibility of the reac-
tion front geometry within deposits characterized by a
constant weathering duration. U-series dated samples
from Guadeloupe (Engel, 2016; Ma et al., 2012, 2019;
Sak et al.,, 2018) constrain a similar time series for

evaluating the reaction front geometry and position as a
function of time in samples collected from undated
Quaternary deposits.

7.6. CHEMICAL AND MINERALOGIC PROPERTIES

7.6.1. Compositional Variability

Spatial variations in bulk elemental concentrations
across a single clast can be determined through chemical
analysis. Bulk samples may be obtained by drilling cores
along a linear transect and noting position relative to the
visually defined core-rind boundary (e.g. Oguchi, 2001;
Oguchi & Matsukura, 1999; Sak et al., 2004, 2018).
Higher spatial resolution can be achieved by analyzing
polished thin sections using electron microprobe (e.g.
Dorn, 1995; Navarre-Sitchler et al., 2011; Sak et al.,
2010), backscatter electron images and X-ray net inten-
sity map (Navarre-Sitchler et al., 2009, 2011; Sak et al.,
2010, 2018), or laser ablation ion coupled plasma mass
spectrometer (LA-ICP-MS) (Ma et al., 2019).

Chemical data were obtained across the core-rind inter-
face of multiple andesitic clasts from Costa Rica (Navarre-
Sitchler et al., 2011; Sak et al., 2004) and Guadeloupe
(Engel, 2016; Maet al., 2012, 2019; Sak et al., 2010, 2018).
Sak et al. (2004) characterized bulk chemical changes by
analyzing nine samples collected along a ~30 mm linear
profile oriented perpendicular to the core-rind boundary
(Figure 7.7a). Sample powders were digested and ana-
lyzed using X-ray fluorescence and inductively coupled
plasma mass spectrophotometry (ICP-MS) for major (Si,
Al Ca, Mg, Na, K, Fe, Mn, Ti, P) and some trace (Cr, Sr,
Y, Zr and Ba) elements. Weathering rinds enveloping
basaltic composition cores are characterized by increasing
concentrations in AL,O,, Fe,O,, and TiO, and decreasing
concentrations of CaO, K,O, MgO, MnO, Na,O, and
SiO, relative to the cores. Spatially, compositional changes
occur over a narrow zone coincident with a visually
defined core-rind boundary. Across this boundary, the
sum totals for all analyzed elements reported as oxides
decrease from 85% to 95% in the core to <50% in the rind
(Sak et al., 2010, 2018; Navarre-Sitchler et al., 2011),
where they were attributed to the presence of hydrated
phases within the rind.

7.6.2. Mineralogic Gradients and Weathering Reactions

Mineralogic variability of core material is determined
from the bulk chemical composition using a CIPW norm
because point counting of the fine-grained groundmass is
impossible. The most common minerals identified in the
core by XRD and optical microscopy are plagioclase and
augite. For example, in a clast from Guadeloupe, the nor-
malized modal abundances based on a CIPW norm are
34% anorthite, 25% albite, 16% quartz, 7% hypersthene, 6%
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hematite, and <4% orthoclase, diopside, ilmenite, magnetite,
and apatite (Sak et al., 2010). It is likely that the two pyroxene
phases represent a single phase from the solid solution series.
Feldspar, pyroxene, Fe oxide, magnetite, ilmenite, and apa-
tite were all observed in the rock; quartz was not. The calcu-
lated quartz fraction is likely representative of Si-rich glass,
as quartz is not observed and is not expected to form in this
type of volcanic system. If the volume fractions are recalcu-
lated assuming a glass + groundmass phase with a composi-
tion similar to that of a well-studied calc-alkaline arc system,
the modal abundances of the core are 53% groundmass +
glass, 26% plagioclase, 9% pyroxene, 9% porosity, and <2%
ilmenite, rutile, and apatite, consistent with point counting
(Sak et al., 2010).

Similar calculations can be completed in the rind,
acknowledging that the weathering rind is composed
mainly of secondary minerals. Consequently, the modal
abundances are constrained using the modified norma-
tive scheme described by Sak et al. (2004). The calculated
model composition of the rind material of the same clast
is 66% allophane + kaolinite, 16% iron oxyhyroxides,
10% gibbsite, 4% ilmenite, 1% pyroxene, 1% apatite, <1%
albite, and <1% groundmass + glass.

Based on these model concentrations, the following
balanced weathering reactions are hypothesized for this
system. Equation la describes the reaction for plagioclase
dissolution:

Na0_3Ca047A11A7Si2A3Og(S) + 63H20(1) +1 '7H+(aq) e d
0.3Na+(aq) + 0.7C32+(aq) + 2.3H4Si04(aq)
+1.7A1(OH)3). (1)

Equation 1b describes the reaction for

dissolution:

augite

Cao'gMgo‘gFe(H)O.z FG(HI)Q1 A10_3Si1'306(s) +00502(g)
+ 185H20(1) + 3'2H+(aq) d 03FeOOH(5)
+0.15ALSi>05 (OH), , +1.5H8i04,q)

2+ 2+
+0.8Ca (aq) +08Mg (aq)-

(Ib)

Equations 1c and 1d express the reactions for glass and
kaolinite dissolution, respectively:

Cag.03Nag 9K .03Fe002Al.15510; 35(5) +2.16H, Oy
2
+ 0'22H+(aq) - 0.()9Na+(,dq) +0.03Ca +(aq) + O~03K+(aq)

+0.02Fe™ ) +0.18AI(OH),  + H,SiO4,q).
(Ic)

05A12$1205 (OH)4(S) + 25H20(1) -
AI(OH), , +HiSiO4(sg).- (1d)
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Based on these reactions, changes in chemical concen-
trations across the core-rind boundary can be interpreted
as the following: Na is a proxy for plagioclase dissolution,
equation la; Mg loss indicates pyroxene dissolution,
equation 1b; and K loss represents dissolution of the
glass + groundmass phase, equation lc.

7.6.3. Open System Mass-Balance Calculations

Mass-balance calculations across the core-rind
boundary can be used to quantify volumetric strain,
relative cation mobility, and elemental loss associated
with rind development. Weathering clasts are useful
model systems for applying mass-balance calculations to
quantify the extent of open-system mass transport
because the weathering rind forms in a homogenous par-
ent material of uniform age (Brimhall & Dietrich, 1987),
and weatherable elements can be ratioed against an inert
component present in both the core and weathering rind.
Since weathering rinds envelop a single clast of known
composition (i.e. the parent material is well constrained),
clasts are well suited for this type of analysis.

Weathering in field systems can be accompanied by
changes in the volume of solid material. These volumetric
changes, associated with the conversion of core to rind
material, are quantified as strain, ¢, , defined as the ratio
of the change in volume that occurs during weathering
divided by the initial volume. When an immobile element,
i, is present in the system, strain ¢, can be calculated
(Brimhall & Dietrich, 1987) as ’

Ein = [M]—l. ©
pwci,w

Here p, is the dry bulk density of the core (g cm™), p, is
the dry bulk density of the weathering rind, and c¢ is the
concentration (mol kg™') of an element assumed to be
immobile (subscript i) in the core (p) or weathering rind (w).
Positive strain represents dilation, negative strain represents
collapse, and ¢, = 0 represents isovolumetric weathering.

In different hthologles different elements are immobile
because of differences in mineralogy. For basaltic andesite
and andesite clasts from both Costa Rica and Guadeloupe,
Tiis assumed to be immobile (i.e. i = Ti). The assumption
of Ti immobility is consistent with previously published
field studies documenting that Ti is often immobile, even
in tropical settings at depths where organic acid concen-
trations are minimal (i.e. Barshad, 1964; Buss et al., 2008,
2010; C. E. Marshall, 1977; Milnes & Fitzpatrick, 1989;
Sak et al., 2004, 2010; White, 1995). Similarly, results of
column experimental studies (i.e. Neaman et al., 2005)
indicate Ti is highly immobile relative to other elements,
even in the presence of organic ligands.

The extent of loss (or gain) of an element j from the
rind is quantified using the open system elemental mass
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Figure 7.7 (a) Section of a weathering clast, the Qt2 unit of the Costa Rica chronosequence. The numbered dots
show locations of bulk samples along the ~30 mm transect spanning the core-rind boundary. (b and c) Volumet-
ric strain ¢, and elemental mass transfer 7, calculated using equations 2 and 3. Data are plotted as a function of
distance i |ncrea5|ng from the coreward end of the transect. The ¢, < 0 in sample 5 is consistent with a 0.3 g cm™
density decrease within 2 mm of the visually defined core- rlnd boundary The 7,, calculations assume constant
core and rind densities except for sample 5, where density is set to 2.5 g cm, based upon the density decrease
inferred in (b). Negative values of 7, imply loss of the element j (-1 represents 100% loss) in the rind relative to
the parent material. Reported values of 7, < 0 within the core may reflect localized compositional variability or
analytical errors. Horizontal dashed line documents the core-rind boundary (modified after Sak et al., 2004).



WEATHERING RINDS AS TOOLS FOR CONSTRAINING REACTION KINETICS 157
(a) T T I 1 I
hv vYy veY vw
20 —
’E‘SO EE Bl g @Esms e "
1S
= 40
3
S 50
O
e
é 60
b T T T oc
(b) i oK 'I70“Q“0“ 0 ¢ o
K]
K ® Na i 80
o
§ACa-90‘:1:1::::’.
g 'Mg -1.0 -09 -0.8 -0.7 -0.6 -0.5 -0.4 -0.3 -0.2 -0.1 0.0
o E TTi,Ca

Reaction Front |

Distance (um)

—1000 -

—1500 -

—2000 ——
-1.00 —0 75 -0.50 -0. 25

" L I B
0.00 0.25 0.50 0.75
T

1.00

Figure 7.8 (a) SEM backscatter image of a thin section span-
ning the core-rind boundary of a clast from the Qt3 unit of
Costa Rica chronosequence. The white box shows the location
of Figure 7.10; white line shows the location of the 4 mm EMP
transect shown in (b). (b) Elemental mass transfer , calculated
using equation 3 plotted as a function of posmon relative to
the core-rind boundary at 0. Negative values of 7, imply loss
of the element j (-1 represents 100% loss) in the rind relative to
the core. Reported values of 7, = 0 within the core may reflect
localized compositional variability due to phenocrysts or ana-
lytical error. Gray horizontal bar denotes reaction front width.

transfer coefficient, 7, (Brimhall et al., 1991; Brimhall &
Dietrich, 1987). The Toss or gain of a mobile element j
relative to Ti is calculated as follows (Anderson et al.,
2002; Brimhall & Dietrich, 1987):

Ciw Cip

e, C
Jop Siw

-1 3)

When 7, =0, neither depletion nor enrichment has
occurred for J with respect to Ti in the parent; when 7, <
0 or > 0, there is elemental loss or gain, respectlvely
Furthermore, when 7., = -1, 100% of element j has been
loss relative to Ti in the parent material.

Figure 7.9 Elemental mass transfer z,. . values for Costa Rica
basalts calculated using equation 3 and plotted as a function
of distance from outer edge of the weathering rind. Weathering
rind thickness increases in clasts from Qt3 (triangles) to Qt2
(squares) to Qt1 (diamonds). The distance over which 7,
decrease from 0 (core composition) to -1 (complete deple-
tion) defines the reaction front thickness. Independent of the
weathering rind thickness, the Ca reaction front is ~1 mm thick
(modified after Navarre-Sitchler et al., 2011).

Plots of elemental mass transfer as a function of posi-
tion are shown in Figures 7.7¢ and 7.8 for clasts from
the Costa Rican chronosequence. Independent of deposit
age, rind thickness, and the type of samples (bulk versus
probe) used to constrain the elemental concentrations,
the resultant profiles share several features in common.
Most notably, in each of the analyzed clasts the outer-
most rind was completely depleted in Na, K, Ca, Mg, and
Si (z,,, = —1 at the outer surface). In other words, the
elemental depletion profiles were completely developed
(Brantley & White, 2009). The Fe mass transfer (7, )
profile is characterized by values ranging from —0.11 to
>1.0, indicative of incomplete depletion or enrichment
across the weathering rind. Within the unweathered
core material, mass transfer coefficients of highly mobile
elements such as Na are variable (ranged by >0.5) when
constrained by EMP data (Figure 7.8) (Navarre-Sitchler
et al., 2011) and display limited variability (<0.15) when
constrained by the drilled powders (Figure 7.7¢c) (Sak
et al., 2004). Variability in the EMP-derived profiles is
attributed to heterogeneity of the core material (pheno-
crysts versus groundmass) at scales larger than the 50 pm
spot size. While the larger sample volumes represented
by the individual bulk samples (0.08 to 0.12 cm?) are
more effective at homogenizing the parent materials,
the coarse sample size is ill suited for the dense sampling
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necessary to characterize compositional variability across
reaction front.

Elemental reaction fronts coincide with the visually
defined core-rind boundary. Within the Costa Rica chro-
nosequence, the Ca reaction front defined using EMP
high-resolution data is consistently ~1 mm thick in clasts
from Qt1, Qt2, and Qt3, although rind thickness increases
with terrace age (Figure 7.9) (Navarre-Sitcher et al.,
2011). As the narrow reaction front migrates into the
unweathering core, depleted rind material is left in the
wake. Elemental loss from the core to the rind of clasts
from Costa Rica and Guadeloupe varies in the order Ca
=~Na > K =Mg > Si > Al > Fe =P >Ti. This pattern of
elemental loss is consistent with the relative reactivity
of phases from plagioclase = pyroxene = glass > apatite >
ilmenite.

7.7. PHYSICAL AND MECHANICAL PROPERTIES
ACROSS THE CORE-RIND BOUNDARY

7.7.1. Quantifying Changes in Color

Few studies have endeavored to quantify color changes
across the core-rind boundary beyond noting Munsell
color notation for the core and rind. In a novel study of the
Nasuno-ga-hara chronosequence, color changes were
quantified both among the deposits and as a function of
distance from the visually defined core-rind boundary
(Oguchi, 2001; Oguchi & Matsukura, 1999). Chromatic
analysis uses spectral data measured with a visual micro-
spectrometer to quantify color using three components: L*,
a* and b* for lightness, red-green chroma, and yellow-blue
chroma, respectively. Weathering rinds in the older terraces
are characterized by a narrow, Ca-depleted band of the
white- to brown-colored rind (similar to the weathering
rinds developed on clasts in the 20 ka deposit) near the
core-rind boundary. This white band is mantled by a brittle
brown weathering rind at increasing distance away from the
core rind in the weathering rind, characterized by higher
FeO + Fe,0, content and lower alkali/alkaline earth metal
content (Oguchi, 2001). Color and compositional changes
reflect changes in the predominant mechanisms of weathe-
ring rind formation; the brown band results from oxidation
and leaching, whereas the inner white band is interpreted to
reflect leaching (Oguchi, 2001).

7.7.2. Hardness Measurements

Direct measurement of the interrelated mechanical
properties of hardness (compressive strength), bulk
density, and porosity have proven useful for determining
the relative extent of weathering. For example, measure-
ments of compressive strength obtained using a Schmidt
hammer (e.g. Kellerer-Pirklbauer et al., 2008; Matthews &

Shakesby, 1984; McCarroll, 1991b; Winkler, 2005) pro-
vide a quantitative value for the extent of weathering of
individual clasts, though the target area is large relative to
the weathering rind thickness. Although this method
shows that compressive strength decreases with increasing
rind thickness and allows correlations among isolated
exposures, it is not amenable to resolving spatial trends
across a single clast or relating changes in hardness to
chemical or physical transformations at the core-rind
boundary. In contrast, microhardness measurements have
the advantage of quantifying hardness changes across a
single clast. For example, Oguchi and Matsukura (1999)
present high-resolution microhardness measurements
along linear transects oriented perpendicular to the core-
rind boundary on 5-10 mm thick test samples from five
terraces of the Nasuno-ga-hara chronosequence.
Hardness was quantified as Vickers hardness numbers
(VHN) at 0.2 to 0.5 mm intervals using a Vickers’ micro-
hardness tester. Hardness values group into three domains,
a ~1000-2000 pm thick reaction front separating core
values (VHN = 500 g/pm?) from weathering rind values
(VHN of 10 to 80 g/pm?) (Oguchi & Matsukura, 1999).
Interestingly, hardness values for the core and rind mate-
rials are constant, independent of the host deposit age,
and reaction front thickness varies more among similar
aged samples than across the chronosequence.

7.7.3. Porosity Development

The conversion of basaltic andesite and andesitic com-
position core to rind material is accompanied by an
abrupt increase in porosity. Several common features are
recognized independent of the method used to quantify

Figure 7.10 Representative photomicrograph across the core-
rind boundary of the clast shown in Figure 7.5. The core-rind
boundary corresponds with the abrupt increase in porosity
evidenced by the abundance of blue epoxy—filled voids.
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porosity. Porosity values in the cores of these clasts are
consistently low (<5%) and show little variability. Porosity
in the weathering rind is typically high (>30%), and the
narrow (<1500 pm) porosity reaction front coincides with
the visually defined core-rind boundary. Porosity in
weathering clasts has been constrained over a range of
scales using a variety of methods. Mass-balance calcula-
tions and total weight percent of EMP analyses have
been used to estimate the magnitude and distribution of
porosity (i.e. Sak et al., 2004, 2010, 2018). Porosity can be
measured using water saturation (Sak et al., 2010; Yoshida
etal., 2011), mercury porosimetry (Oguchi & Matsukura,
1999), analysis of electron and optical microscopy images
(Lebdeva et al., 2015; Navarre-Sitchler et al., 2009; Sak
etal., 2010, 2018), X-ray computed tomography (Navarre-
Sitchler et al., 2009), or neutron scattering (Navarre-
Sitchler et al., 2013, 2015).

In the absence of direct measurements, porosity can be
inferred by combining strain values (e, ) calculated using
equation 2 with petrographic observatlons For example,
along a transect across a clast from the Costa Rica chro-
nosequence, ¢, s consistently close to 0, indicating iso-
volumentric weathering and Ti immobility. In this sample,
core and rind densities of 2.8 and 1.4 g cm™3, respectively,
were constrained by standard immersion techniques (Sak
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Figure 7.11 Residual values plotted as a function of distance
from the visually defined core rind boundary of the clast
shown in Figure 7.6. Negative residual values are attributed
to variability in porosity and averaged loss on ignition values.
The abrupt increase in percent residual defines a 900 pm wide
reaction from coincident with the visually defined core-rind
boundary. The two spikes in porosity at greater distance from
the core-rind boundary are located along the margins of the
crust (modified after Sak et al., 2018).
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et al., 2004). Strain calculations indicate that porosity in
the weathering rind approaches 50% and that the
transition from low porosity basaltic andesite in the core
to porous weathering rind material is abrupt and occurs
across a narrow (<2.5 mm) reaction front coincident with
the visually defined core-rind boundary (Sak et al., 2004)
(Figure 7.7b). The presence of undistorted ghosts of pla-
gioclase phenocrysts in the weathering rind is consistent
with this finding. A negative strain excursion (e, =
—0.12) was calculated for powders from a drill hole located
<2 mm coreward from the visually defined core-rind
boundary (Sak et al., 2004). Assuming &, = 0 for this
sample like the other elght samples, would requlre a03g
cm™ decrease in density <2 mm coreward of the core-
rind boundary. This decrease in density corresponds to
an increase in core porosity from the <1% elsewhere in
the core to 10% approaching the core-rind boundary
(Sak et al., 2004).

Bulk porosity at the mm scale can be quantified
using image analysis of a high-resolution photomosaic
of the entire thin section. High-resolution photomo-
saics are created by stitching together 285 individual
photomicrographics collected at 5x magnification
using a petrographic microscope. The photomosaic is
analyzed using a script that isolates the RGB color
spectra range corresponding to the blue epoxy visible
in the thin section filling pore spaces (Figures 7.6 and
7.10). This methodology quantifies the amount of
porosity and maps the spatial distribution of the pores.
Similarly, at higher resolution, backscattered electron
scanning electron microscope (SEM) images can be
used to quantify and map the distribution of porosity
(Dorn, 1995). Porosity profiles (plots of porosity as a
function of distance from the core-rind boundary) can
be produced by summing total number of pore-pixels
in each column of the photomosaic (e.g. Lebedeva
et al., 2015).

Higher-resolution porosity estimates are calculated
as the difference between the ICP-AES (inductively
coupled plasma—atomic emission spectrometer) loss on
ignition and the porous-hydrated fraction (PHF) for
core and rind materials, where the PHF is defined as the
difference between 100 and the sum total for all ele-
ments analyzed by electron microprobe (EMP) (Sak
et al., 2010; 2018). Porosity values measured using the
PHF method are significantly larger than measure-
ments from image analysis, suggesting either that the
majority of the porosity is smaller than the macropores
visible in photomicrographs, or that much of the
porosity was not impregnated by the stained blue epoxy
(Figure 7.11).

Total pore volume and bulk density can be directly
measured simultaneously using mercury intrusion poro-
simetery. Here porosity of a given sample is calculated as
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Figure 7.12 Plot of elemental mass transfer 7, for Ca and Mg and total porosity ¢, plotted as a function of dis-
tance from the outer edge of a Qt2 clast from the Costa Rica chronosequence. Across the reaction front (gray bar),
7,; values for Ca and Mg decrease, consistent with plagioclase and augite weathering. There is a corresponding
increase in total porosity across the reaction front associated with weathering (modified after Navarre-Sitchler

et al., 2009).

the product of the total pore volume and bulk density. In
weathered clasts from the Nasuno-ga-hara chronose-
quence, Oguchi and Matsukura (1999) quantified the vol-
umes of pores with diameters between 3 nm and 33 pm,
revealing a correlation with rind color. The brown por-
tion of the weathering rind has higher porosity than the
white rind band. Comparisons between analyzed samples
indicate a positive correlation between the measured
porosity and weathering rind advance rate. These obser-
vations led Oguchi (2004) to emphasize the importance
of the porosity of the core material when using weathering
rind thickness as a chronometer.

Neutron scattering intensity contains information
about pore sizes and geometries, which change in the
narrow core-rind boundary zone. Core pores are small
(typically <100 nm) and are concentrated along bound-
aries and at grain triple junctions (Navarre-Sitchler et al.,
2013). Pores within the unweathered core generally lack
connectivity, and nanopores are an important conduit for
connecting networks of pores. As primary minerals
weather, pores increase in size and intragrain porosity
develops (Navarre-Sitchler et al., 2013; 2015). The growth
of pores associated with weathering rind development in
the Costa Rican chronosequence has been analyzed at
higher resolution using X-ray computed tomography
(Navarre-Sitchler et al., 2009) and neutron scattering
(Navarre-Sitchler et al., 2013). Porosity increased from
~3% in the core to >30% away from the core-rind boundary
across the weathering rind. (Navarre-Sitchler et al., 2013).

The effective porosity is a measure of the porosity
within a pore network and increases once the total
porosity exceeds 9% (Navarre-Sitchler et al., 2009).
Significantly, tracer and numerical simulations highlight
that increases in total and effective porosity promote
solute transport through weathering rind materials, dis-
solution of primary minerals at the core-rind boundary,
and in situ conversion of core to rind material
(Figure 7.12) (Navarre-Sitchler et al., 2009). This is visu-
alized in SEM-EDS images that document changes in
chemistry and mineralogy at the core-rind boundary. In
clasts from both Guadeloupe (Figure 7.13) and Costa
Rica (Figure 7.14), phenocrysts are dominantly unaltered
in the core but partially to completely altered in the rind.
The interiors of the porous plagioclase ghosts contain a
framework of an Al-rich, Si-, Fe-, Ca-, and Na-deficient
solid, consistent with weathering reaction la, where pla-
gioclase weathers to gibbsite. Altered pyroxene pheno-
crysts contain Fe- and Al-interiors, consistent with
pyroxene alteration to Fe-oxyhdroxide and gibbsite
(Figures 7.13 and 7.14).

7.8. DIFFUSION MODEL OF WEATHERING RIND
DEVELOPMENT

Early pyroxene oxidation without observable pore
formation followed by significant pore formation due to
plagioclase dissolution is observed in weathered clasts
from Costa Rica (Figure 7.14) (Hausrath et al., 2008;
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Figure 7.13 EDS SEM map of the core-rind boundary of the
clast shown in Figure 7.5. The image is colored for the relative
elemental concentrations: green is Si, blue is Al, and red is
Fe (see scale in lower corner of image). Superimposed on the
image are concentrations for Na (gray) and Ca (black) plotted
as a function of position across the field of view. These spec-
tra represent summations of Na and Ca intensities across the
entire 2000 pm field of view along a horizontal profile across
the image. The Na and Ca spectra track together, as expected if
these elements are found in the same dissolving phase, e.g. pla-
gioclase. Here the plagioclase reaction front is 700 pm wide.
Point 1 highlights a plagioclase phenocryst ghost within the
rind that contains secondary Al precipitation. The Al precipi-
tation is likely gibbsite, recognized in XRD spectra of the rind
materials. Some secondary porosity (black) is imaged within
phenocrysts coreward of the labeled reaction front.

Navarre-Sitchler et al, 2009) and Guadeloupe
(Figure 7.13) (Engel, 2016; Sak et al., 2010, 2018).
Furthermore, the creation of porosity within plagioclase
and pyroxene and precipitation of secondary phases due
to this reaction occurred where the reaction fronts for
plagioclase and pyroxene were coincident (Figures 7.13
and 7.14). For two minerals to dissolve at the same rate
and same location (coincident reaction fronts), the
reactions are most likely controlled by transport rather
than interfacial reaction. Largely for that reason, it was
concluded that weathering of clasts was transport limited
and that the transport mechanism was diffusion of reac-
tants or products into or out of the core. While advective
transport is likely to be important within the outermost
sections of the high-porosity rind or within the soil
matrix, the low porosity of the cores and innermost rind
materials precludes fast rates of advective transport.
Alteration of pyroxene is recognized at greater distances
coreward of the core-rind boundary, characterized by
oxidation of iron around the pyroxene crystals with no
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Figure 7.14 EDS image of a plagioclase phenocryst dissolv-
ing at the core-rind boundary of a clast collected from Qt2
of the Costa Rican chronosequence. Extent of the image is
shown in Figure 7.8a. The plagioclase crystal is dissolving
in the center forming secondary porosity (balck). The andes-
itic matrix consists mainly of small plagioclase grains (green-
blue color), augite (greenish-red), and ilmenite (red). The blue
phase precipitated in the crystal interior contains Al but not
Si, consistent with gibbsite, which was also detected in XRD
of rind materials (Navarre-Sitchler et al., 2011). Here plagio-
clase appears to weather directly to gibbsite with no other
clay phase intermediate like kaolinite (modified after Navarre-
Sitchler et al., 2011).

visible porosity development. The dissolution of plagio-
clase phenocrysts begins closer to the visually defined
core-rind  boundary than pyroxene oxidation.
Significantly, at the scale of observation of optical
microscopy, plagioclase is the first phase to alter and
produce measurable porosity.

For one-dimensional diffusion limited weathering rind
formation, the reaction front thickness (%) represents a
balance between the product of the porosity (¢) and dif-
fusivity (D) divided by the product of the rate constant
for solubilization of a given element (k) and the mineral-
water interfacial area (4) (Lichtner, 1988):

1
_[eD)
h_(kAj : )

This relationship is only strictly true for weathering of
a single-component, single-phase system. Although this
equation will not strictly apply to the multicomponent,
multiphase weathering rind system, it is nonetheless
expected that the reaction front thickness may vary
inversely with the rate constant, as suggested by
equation 4 (Navarre-Sitchler et al., 2009).



156 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

Exploring the effect of curvature on the rind thickness
and dissolution rate requires a slightly more complex
model. The sensitivity of weathering advance rates to
curvature of the core-rind boundary has been observed in
the field (e.g. Chinn, 1981; Sak et al., 2010) and is well
supported by modeling results (Lebedeva et al., 2015).
For a curvilinear weathering front with a constant curva-
ture K < 0, constant diffusivity, and constant porosity, the
normal component of the weathering advance rate can be
calculated using an advection-like term, where the advec-
tion velocity (v) can be expressed as (Lebedeva et al.,
2015)

v=Do[K]. %)

At points along the core-rind boundary with K < 0,
rind thickness is directly proportional to the absolute
value of the curvature. The reaction front thickness also
decreases with K, consistent with field observations
(Engel et al., 2016; Sak et al., 2010). The positive correla-
tion between the weathering advance rate (w,) and curva-
ture of the weathering interface is shown by

Do(C*-C*)

0 K. (6)

, =0, —

Here, , is the advance rate of planar weathering front;
C* and C*® are the equilibrium solute concentration and
the solute concentration at the interface during dissolu-
tion, respectively; and Q’ is the concentration of reactive
minerals in the core.

7.9. QUANTIFYING THE DURATION
OF WEATHERING

Uranium-series isotopes (e.g. U, #*U, *'Th, and
22Th) provide a means to quantify rates and duration of
weathering (e.g. Bourdon et al., 2009; Dequincey et al.,
2002; DePaolo et al., 2006; Dosseto, Bourdon, et al., 2008;
Dosseto, Turner, et al., 2008; Krishnaswami et al., 2004;
Ma et al., 2010; 2012; Maher et al., 2004; Pelt et al.,
2008; Sarin et al., 1990; also reviews by Chabaux et al.,
2003; 2008). Fractionation of radionuclides of U, Th,
and Ra occurs on various time scales that depend upon
the decay half-lives and geochemical properties (e.g.
Bourdon et al., 2003; Ivanovich & Harmon, 1992). These
radionuclides have long been used as a geochronologic
tool for processes such as magmatic differentiation or
carbonate deposition (reviews by Condomines et al.,
2003; Edwards et al., 2003). With recent improvements in
our understanding of their behaviors during low-temper-
ature water-rock interaction, U-series isotopes have
emerged as a reliable chronometer to directly constrain

the rates and duration of chemical weathering (e.g.
reviews by Chabaux et al., 2003; 2008).

Rind formation processes modify U-series activity ra-
tios such that the 28U-?#U-?'Th disequilibria can be used
to measure the rind formation ages and weathering rates
(Pelt et al., 2008; Ma et al., 2012). Thorium phases are
typically insoluble, so Th is generally immobile and par-
ticle reactive during water-rock interactions (Chabaux
et al., 2003), especially in tropical climates (Pelt et al.,
2008; Ma et al., 2012). In contrast, U is mobile during
water-rock interactions in oxidizing conditions (Chabaux
etal., 2003). Both leaching processes and U addition dur-
ing chemical weathering modify the (***U/*%U) activity
ratios in the rind. Calculated (34U/**U) values are >1 in
rind samples and are consistent with two important
processes of chemical leaching that generates (***U/*%U)
ratios <1 in the solid weathering products and the contin-
uous addition of U as a precipitate or sorbate from soil
pore waters with (3*U/?%U) ratios >1, which leads to
excess U and U in rind materials. Over time, the
excess **U (half-life, T, = 244 kyr) decays to **Th (T, =
75 kyr). Radioactive production of 2°Th and Th immo-
bility account for the observed continuous increase in the
(3*"Th/*Th) activity ratio across the weathering rind,
away from the core-rind boundary. An open-system
U-series mass balance model accounting for continuous
leaching and addition of U-series isotopes during rind
development (Dequincey et al., 2002; Ma et al., 2012),
and changes in the U-series isotopes with time in the rind,
can be modeled by a system of equations (Engel, 2016;
Ma et al., 2012; Sak et al., 2018).

The simplicity of weathering rind systems (i.e. protolith
and regolith are collected and analyzed together in the
same sample) has led to several studies that demonstrate
the applicability of U-series isotopes to quantify the reg-
olith formation processes related to the creation and
development of porosity in a low-porosity rock (e.g.
Emmanel & Berkowitz, 2007; Navarre-Sitchler et al.,
2009). Specifically, rind formation rates have been quan-
tified on clasts from Costa Rica (Pelt et al., 2008) and
Guadeloupe (Engel et al., 2016; Ma et al., 2012, 2019;
Sak et al., 2018). Pelt et al. (2008) were the first to use
U-series isotopes to measure the rind formation rate on
a basaltic andesite clast from the Costa Rica chronose-
quence (Figure 7.7a). As anticipated, the duration of
weathering increases with distance across the weathering
rind, away from the core-rind boundary, and these ages
calculated using U-series are consistent with the
independent (optically stimulated luminescence and
radiocarbon) age constraints for the host terrace deposits
(Table 7.2).

Weathering rind advance rates have been determined
using U-series isotope disequilibrium on multiple tran-
sects across individual clasts, highlighting the
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Figure 7.15 Rind formation rates and riverine solute fluxes from Guadeloupe plotted as a function of watershed
mean annual precipitation. Rind formation rates calculated using LA MC-ICPMS are plotted as white squares
(Ma et al., 2019), and solution MC-ICPMS are shown as black circles (Engel et al., 2016; Ma et al., 2012; Sak
et al., 2018) for the same clasts. Riverine fluxes for major rivers not impacted by hydrothermal activities are
shown as gray circles that define a linear relationship (gray line) (Gaillardet et al., 2011). Rind advance rates
determined for low-curvature segments of the core-rind boundary define a linear relationship with a similar

slope to the watershed scale flux rates.

relationship between the rind advance rate and curvature
of the core-rind boundary. These transects corroborate
the assumption that continuous prominent horizons
within a weathering rind are the same age despite being
located at different distances from the core-rind boundary
(Sak et al.,, 2010). Calculated rind advance rates in
individual clasts increase with increasing curvature of the
core-rind boundary (Engel et al., 2016; Ma et al. 2012).
Taken together, these results demonstrate the utility of
U-series dating as a reliable means of quantifying vari-
ability in weathering rates in individual clasts. The ability
to quantify the duration of weathering using U-series
dating makes it possible to compare rind formation rates
from clasts in undated deposits. These data also highlight
the importance of comparing rind advance rates across
segments of the core-rind boundary that are character-
ized by similar curvature, as calculated rind advance rates
can vary by as much as a factor of 1.3 in a single clast.
More recently, Ma et al. (2019) demonstrated that
LA-MC-ICPMS and LA-Q-ICPMS can be used for the
rapid and reliable in situ measurement of U-series
isotope compositions and elemental distributions that
are consistent with measurements obtained using conven-
tional analyses (Ma et al., 2010; Sak et al., 2018). The
high resolution in situ analyses obtained using laser sug-
gest that the spatial variability in U precipitation in the
weathering rind correlates with variations in porosity
(Ma et al., 2019). This level of detail was inaccessible
when analyzing bulk samples. The denser sample resolu-
tion and small sample area results in these robust data
sets are well-suited for distinguishing between linear and

power law rind thickness-age relationships across the
reaction front and potentially identifying in situ erosion
within the weathering rind (e.g. Etienne, 2002; Gordon &
Dorn, 2005). The larger data sets are also amenable to
statistical treatments.

7.10. WEATHERING ADVANCE RATES ACROSS
PRECIPITATION GRADIENTS

The importance of variability in precipitation on rind
formation rates was originally highlighted by Porter
(1975) along the Bullfrog Terrace climosequence in the
Yakima Valley of Washington State. Here the thicknesses
of rinds developed on basaltic composition clasts col-
lected from the Bullfrog Terrace varied as a function of
MAP (77 to 23 cm), although the MAT remained
relatively constant (7.9 to 8.3 °C). Measured weathering
rind thicknesses in the climosequence increased linearly
from 0.3 mm to 0.78 mm with increasing precipitation at
arateof 1.0x 10 mm_ .. mm -

Comparisons between calculated weathering rind
advance rates across low curvature segments of the
core-rind boundary of clasts weathering under similar
MAT (25 °C) and variable MAP (1800 to 4500 mm yr~')
in Guadeloupe highlight the relationship between MAP
and rind advance rates (Engel et al., 2016; Ma et al.,
2012, 2019; Sak et al., 2018). Here, the rind advance
rates for two basins characterized by the greatest MAP
(4500 and 3400 mm yr!) are 0.21 + 0.15 mm kyr™!
(Sak et al., 2018) and 0.18 mm kyr™! (Ma et al., 2012),
respectively. Both of these rind advance rates are ~60%
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Figure 7.16 Rind formation rates for andesitic and basaltic
composition clasts plotted as function of mean annual temper-
ature. Diamonds = data sets constrained by mean rind thick-
ness and calibrated dating of the host deposit. Circles = data
sets constrained by U-series dating. Rind formation rates com-
piled from Porter (1975), Colman and Pierce (1981), Oguchi
(2004), Ma et al. (2012), Engel et al. (2016), and Sak et al.
(2018).

faster than the 0.08 mm kyr™! drier (MAP = 1800 mm
yr~!') watershed (Engel et al., 2016), independently dem-
onstrating the control of precipitation on weathering
rates over a duration of the dated weathering rinds
(Figure 7.15).

Gaillardet et al. (2011) calculated a similar trend among
the same three catchments using chemical weathering
derived from solute chemistry. The weathering rate con-
strained by the solute chemistry is ~50% slower in the
driest watershed than in the other two basins. This is
significant because the formation rates at the clast scale
are constrained using the chemistry of the rind materials
and represent rates integrated over the ~75 ka history of
the weathering rind. Catchment scale weathering rates,
however, are derived from riverine fluxes and reflect
short-term chemical weathering rates. Although the abso-
lute magnitudes of precipitation have likely fluctuated
over the 75 kyr interval recorded by the weathering clasts,
the persistence of spatially consistent weathering rates
when comparing solute- and residuum-derived rates sug-
gests a long-lived precipitation gradient across the island
of Basse-Terre in Guadeloupe (Figure 7.15).

Weathering rates calculated along transects spanning
low-curvature segments of the core-rind boundary of
clasts from the Guadeloupe chronosequnece are ~2000
times slower than the catchment scale weather rates for
these same host catchments (Figure 7.15). This discrep-
ancy in weathering rates was anticipated and has been
attributed to differences in how surface areas are mea-
sured using different “rulers” at different scales of obser-
vation (e.g. Navarre-Sitchler & Brantley, 2007; Pope
et al., 1995).

Rind formation rates also correlate with variations in
MAT. Rind advance rates on clasts with low-porosity
andesitic and basaltic andesite composition cores are
compiled from the literature. Data on weathering rinds
derived from studies in the western United States (Colman
& Pierce, 1981; Porter, 1975) and Japan (Oguchi, 2001)
are calibrated ages based upon mean rind thickness
values. In contrast, reported rind formation rates from
Costa Rica and Guadeloupe are constrained by U-series
dating (Engel et al., 2016; Ma et al., 2010; Pelt et al., 2008;
Sak et al., 2018). Rind formation rates are more rapid in
deposits weathering at a higher MAT (Figure 7.16).

7.11. SUMMARY POINTS

The in situ development of weathering rinds on clasts
weathering in the near surface environment provide a
well-constrained system for investigating the incipient
stages of chemical weathering in the absence of physical
weathering. The progressive increase in rind thickness has
made weathering rinds an effective tool for determining
relative ages of surficial deposits. The nature and rates of
weathering rinds observed in field settings are sensitive to
clast composition, porosity of the parent material, clast
shape, and climatic conditions.

Clast-scale ~ weathering is a  well-constrained
intermediate between laboratory- and landscape-scale
investigations of chemical weathering. Detailed investi-
gations spanning the visually defined core-rind boundary
of clasts with low-porosity core material reveal that
conversion of reactive core material to depleted rind
material occurs across a narrow reaction front. Reactions
fronts defined by variations in color, composition,
porosity, and mechanical properties occur at the same
locations. The collocation of the reaction fronts suggests
rind formation is transport limited. X-ray mapping across
the core-rind boundary reveal the in situ dissolution of
plagioclase and pyroxene phenocrysts, resulting in
increases in porosity.

Uranium-series disequilibria in the rind are significant
and are the result of mobility characteristics of U-series
isotopes during weathering, including leaching and iso-
tope fractionation by circulating pore fluids. Uranium-
series disequilibria are linked to the rind formation
processes porosity formation and precipitation of Fe-Al
oxides initiating at the core-rind boundary. As such, the
U-series constrain weathering rind ages, which increase
with distance away from the core-rind boundary. Age
constraints obtained using U-series dating techniques
shed insights into reaction kinetics at the weathering
interface and expand the use of weathering rinds to date
previously undated geomorphic surfaces, facilitating
comparisons between deposits weathering under differ-
ent climatic conditions. Rates of rind formation increase
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with increasing mean annual temperature and mean
annual precipitation.
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Unraveling Loess Records of Climate Change from the Chinese
Loess Platfeau Using Process-Based Models

Peter A. Finke', Keerthika Nirmani Ranathunga Arachchige’, Ann Verdoodt’,
Yanyan Yu®, and Qiuzhen Yin?

ABSTRACT

Loess deposits often contain paleosols that are documenting phases of soil formation associated with intergla-
cials or interstadials. Linkage of the paleosols to paleoclimates is not straightforward when paleoclimates are
represented by dynamic (simulated) variables and paleosols by static (measured) soil parameters. We therefore
propose to combine a dynamic soil model with a climate model. We define the required processes in such soil
model and the output variables that would allow usage of the soil-climate model combination to be used for
(past and future) climate change studies. Issues to be considered are the time- and spatial scale of the soil and
the climate model. For predictive (global change) studies, the usage of (soil) model outputs to quantify the evo-
lution of the soil natural capital and of ecosystem services must be considered. We give examples for the Chinese
Loess Plateau of the evaluation of paleoclimate-paleosol linkages and of simulated soil natural capital and soil
ecosystem services with the LOVECLIM-earth system model linked to the SoilGen soil evolution model and
conclude that such model combination is an important step forward.

8.1. INTRODUCTION

Loess is a sediment of mostly silt-sized (2—-50 pm) min-
eral fragments deposited as aeolian dust. It covers a sub-
stantial part (10%) of the world’s land area and may reach
thicknesses of tens to hundreds of meters. For loess to
accumulate over time, there must be a source area (with a
dry climate), sufficient wind energy to transport the dust,
and a suitable accumulation area (Pye, 1995). Such circum-
stances occur predominantly nearby polar deserts under
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the influence of katabatic winds associated with large gla-
ciers, in semiarid climates with nearby deserts and season-
ally prevailing winds and in areas where braided river
systems formed by meltwater fall dry during part of the
year. Therefore, loess deposits can be linked to past glacia-
tions or are associated with periglacial circumstances or
semiarid climates. Most loess is found in the temperate
zones. Under favorable climate, soil formation processes
may outpace loess deposition or erosion and then soils
may develop. If such soils are preserved (i.e. they are not
eroded but are instead buried under new sediments), they
form a document of the circumstances under which they
formed (e.g. Sun et al., 2006). The best preserved of such
geo-archives are found on the Chinese Loess Plateau
(CLP), where the soils represent a period of several millions
of years (An et al., 1991; Guo et al., 2002), but also in
Europe (e.g., Markovi¢ et al., 2009) and the Americas (e.g.,
Bader et al.,, 2016; Schellenberger et al., 2006), loess
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geo-archives have been documented. Schaetzl et al. (2018)
provide a comprehensive overview.

Substantial research has been done on the question
how to relate paleosols to the paleoclimate in which they
were formed. Paleoclimate reconstructions are either
based on the evaluation of local proxies or on simulations
by climate models, while paleosol research is almost
entirely based on the analysis of field data, by field obser-
vations, and a variety of geochemical, physical, and
biological laboratory analyses. After constraining the
period of deposition of the loess sediment, soil properties
can be measured and correlated to climate signals. Rough
dating has been done by identifying paleomagnetic rever-
sals (Rutter et al., 1990). More precise dating is done by
luminescence analysis, *C, but also examples of U-series
dating exist (Rowe & Mabher, 2000). The most successful
soil properties that were related to climate signals are
quartz grain size and magnetic susceptibility (Bradley,
2013). Quartz grain sizes were related to the transport
distance from the source and to wind velocity (Fang
et al., 1999; Feng & Wang, 2006) for the CLP. In some
cases, coarser grain sizes have been associated with colder
periods. Magnetic susceptibility relates to the presence
of pedogenic Fe, which is a proxy for the intensity of
weathering and soil formation (e.g. Balsam et al., 2011).
Higher magnetic susceptibility has been associated with
greater summer monsoon strength (i.e. more rainfall) in
China, although at rainfall amounts below 200 mm/year
the relation disappears because pedogenesis is then
limited (Balsam et al., 2011).

Relating paleoclimates to paleosols is not straightfor-
ward for the following reasons:

1. While paleoclimates can be characterized by climatic
variables produced by paleoclimate model results (Yin &
Berger, 2012), soil properties integrate the full period of
soil formation (Johnson et al., 1990) obtained from the
loess. Thus, climate dynamics are not easily captured
from soil properties.

2. Additionally, the period of soil formation may or
may not equal the paleoclimatic period studied, for in-
stance, the paleoclimate during an interglacial period
does not necessarily explain effects of leaching during
later periods that may overprint the paleosol (Johnson
et al., 1990).

3. Moreover, soil formation is not only controlled by cli-
mate (including temperature and precipitation) but also by
dust accumulation rates, erosion rates, vegetation, and the
duration that soil takes to form (Schaetzl et al., 2018).

This makes the interpretation of the climate signal
of the loess and therefore the loess-climate model
comparison complicated. To solve this problem, a soil
formation model that allows to dynamically simulate soil
properties must be used to distinguish the relative role
of different soil-forming factors and to fill the gap
between climate model and loess observation. Such

soil-climate model combination allows not only the more
precise reconstruction of paleosol-paleoclimate linkages
but is also essential to dynamically project future soil
development under global change. The central focus of
this chapter, applied to loess soils, is therefore the
development of global change-sensitive dynamic models
of soil evolution. In the next sections, we will elaborate
on the requirements of these models and provide exam-
ples of soil-climate model studies for illustration.

8.2. GLOBAL-CHANGE RESPONSIVE MODELS
OF SOIL FORMATION

If soil evolution models are to be useful for both recon-
struction of soil development under paleoclimate change
and projection of future soil development under global
change, they must meet certain demands. Both purposes
imply that certain soil variables must be dynamically
simulated by the model and that the model must be
responsive to external forcings related to climate and land
use change. Below, we discuss these issues.

8.2.1. Reconstruction of the Formation of Paleosols:
Key Soil Model Output Variables

Previous research on paleosols in loess has identified
paleosols based on observable characteristics, such as
color, and measured characteristics. The most important
of these are (1) the depth distribution of clay content as a
proxy for migration of clay minerals (Han et al., 1998); (2)
the clay mineralogy as an indicator of new formation of
silicate minerals (Zheng et al., 1994); (3) mineralogy in
general as an indicator of loss of primary minerals by
weathering processes (Eden et al., 1994); (4) the presence
of pedogenic iron minerals (Jeong et al., 2011) as a proxy
for weathering and soil formation with effects on soil color
and magnetic susceptibility (Shi et al., 2010); (5) the depth
distribution of less soluble salts such as gypsum (Jeong
et al., 2011), and more importantly calcite (Feng et al.,
2004) as a proxy for the leaching regime. Soil properties (1)
to (4) have in common that they do not change rapidly and
likely change little after burial of the paleosol by new loess.
This is not always true for properties in group (5).
Additionally, thermoluminescence measurements and
data on decay of isotopes are useful for dating and identi-
fying transport, weathering, and mixing processes in
paleosols. A soil formation model that can reproduce these
soil properties is the most useful for paleosol-paleoclimate
linkage studies, because the measured paleosol properties
can be confronted by simulations for calibration and
subsequent accuracy evaluation. Soil organic carbon is not
of relevance for confrontations to measurements because
of its decay after paleosol formation, but as the presence
of soil organic carbon influences the hydraulic properties
of soils, and thus leaching, its correct assessment is still
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needed. Stable isotopes such as Mg (Huang et al., 2013)
and cosmogenic nuclides such as °Be would, if simulated,
contribute to model calibration and accuracy assessment
as well, but these are seldomly measured in paleosols.

8.2.2. Prediction of Future Soil Development: Key Soil
Model Output Variables and Processes

While paleosols comprise the response to climate-related
factors, future soil development is strongly under human
influence, either intentional or unintentional. We therefore
take an anthropocentric approach to define key soil vari-
ables for soil modeling. This approach puts the use poten-
tial of (future) soils central, by (1) regarding soil as a
natural capital, consisting of stocks that can contribute to
the performance of soils but at the same time must not be
depleted, and (2) regarding soil performance itself via the
concept of soil ecosystem services (Dominati et al., 2010).

8.2.2.1. Soil as a natural capital

The soil natural capital consists of inherent stocks that
relate to the naturally developed properties that are slow
to change, and manageable properties via human land
use practices. These stocks change by degradation
processes (such as erosion and compaction) and support-
ing processes (soil formation and managed change in the
nutrient and water cycle). Two stocks of importance to
land use and that are partly manageable, partly inherited
from soil formation, are

a. Soil organic carbon (SOC; Mg/ha)

b. Available nutrients such as expressed by the total
reserve of exchangeable bases (TREB; kmol,/ha), which
is part of the cation exchange capacity determined by
SOC, clay content, and clay mineralogy.

The size of these stocks, combined with that of avail-
able soil moisture, directly relates to biomass produc-
tivity, and therefore we consider these key soil variables
for soil modeling. Relevant processes to be considered are
the supporting processes of soil formation as in the paleo-
sols, land use management via tillage and fertilization,
and the degradation processes erosion and compaction.

8.2.2.2. Soil as an ecosystem service

Ecosystem services are usually (Dominati et al., 2010)
subdivided into cultural services (recreation, heritage
conservation), regulating services (flooding mitigation,
filtering, C-storage) and provisioning services (mainly
biomass production for food, wood, and fiber). Two
examples of ecosystem services are

a. Water yield (mm/ha) being the difference of annual
precipitation and actual evapotranspiration integrated
over the rooted zone over an area.

b. C-sequestration capacity (Mg/ha), being the capacity
of the soil to sequester additional C above the amount
already present.

Table 8.1 Key processes and model outputs of soil evolution
models for paleosol and future soil studies. TREB = total
reserve of exchangeable bases, WY = water yield, SOC = soil

organic carbon.

Purpose of (Loess)
Soil Evolution
Model

Relevant Process

Key Soil Model
Output Variables

Paleosol studies

Solute flow Salts (gypsum,
particle calcite)
transport Clay

New formation Clay minerals

Pedogenic
(Fe-) oxides
Weathering (Primary) minerals
Future soil studies Soil formation (All stocks)

Element cycles TREB

Solute flow WY

Water flow

C-sequestration SOC

Tillage

Compaction Bulk density

Bioturbation

Fertilization TREB

Erosion Texture, SOC

Until now, expert judgments are used to assess soil eco-
system service performance (e.g. Gonzalez-Redin et al.,
2016), but it is possible to identify key soil processes that
must be part of a soil model to allow for process-based
assessments: water flow, solute flow, C-sequestration, and
plant-soil element cycles (Vereecken et al., 2016).

Table 8.1 summarizes key soil model output variables
that would serve the purpose of paleosol studies and
future soil studies.

8.2.3. Model Responsiveness to Factors
of Global Change

Process models for paleosol evolution as well as for
projections need to be responsive to forcing factors
related to global change. In soil science, these factors
have long been known as the factors of soil formation
(climate, organisms, relief, parent material, and time;
Jenny, 1941). The factors can easily be translated to
boundary inputs for a soil model when their change over
time is quantified (e.g. the climate change or the change
in land management) or when the initial situation is
known (e.g. the parent material properties of loess).
Table 8.2 (based on Opolot et al., 2015) summarizes how
soil-forming factors relate to boundary inputs for global
change-responsive soil models. These forcings influence
soil processes that themselves affect soil variables. When
running a soil model, the forcings at the model boundary
must be quantified in the form of time series (e.g. of tem-
perature, precipitation, vegetation type). Basically, there
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Table 8.2 Forcing (or soil forming) factors, associated soil model boundary inputs and processes, and affected soil variables.
Factors and processes that respond to global change are indicated in Italics. Based on Opolot et al., 2015.

Affected Soil Variables (depth

Factor Boundary Inputs (forcing) Process dependent)

Climate Temperature Heat flow Temperature regime
Atmospheric deposition Solute flow Solute composition
Precipitation, evaporation Water flow Moisture regime

Organisms (Regulated) vegetation Water flow

(incl. men) (Regulated) biomass production C-cycle C-status, hydraulic properties
Nutrient cycles Solute composition

Fertilization Solute transport
Tree fall, faunal activity Bioturbation Solid phase composition (texture,
Tillage Turbation C, minerals), hydraulic

Relief Truncation Erosion properties
Burial Deposition
Exposition (local radiation, Water flow Moisture regime

precipitation)

Parent material Initial mineralogy

Initial texture

Chemical weathering
Physical weathering

Mineralogical composition
Texture, hydraulic properties

Particle transport

Initial chemical composition

Time Variation in boundary conditions

Chemical Solution/
adsorption/precipitation
Process dynamics

Chemical composition of solution,
adsorption complex, precipitates
Regime dynamics

are three options: (1) defining artificial time series, (2)
creating time series via independent proxy-based recon-
structions, and (3) deriving the time series by using the
output of other models, such as climate and vegetation
models. Option (1) has the complication that the defini-
tion must include the temporal covariation between forc-
ings, which is not easily realized. Option (2) can be
applied onto paleosols if proxy data with sufficient
temporal resolution are available. Finke and Hutson
(2008) give an example for Holocene loess soils in
Europe, where pollen data were used for vegetation
reconstruction as well as to modulate temperature and
precipitation anomalies over the Holocene. These kinds
of reconstructions presumably reproduce covariations
between boundary inputs of the soil model, as they are
based on the same proxies. Option (3) was followed by
Finke et al. (2017) for loess paleosols in China and will
be described in a following section. This option is the
most suitable for projective soil model studies due to the
obvious lack of proxy-based inputs for future studies.
Generating boundary inputs by a mechanistic model
include covariations between (e.g.) temperature and
evaporation because of the (physical) relations between
these variables inside this model.

While the above text defines global-change-responsive
soil models to some degree in terms of inputs and out-
puts, little has yet been said on the processes inside these
models. Minasny et al. (2015) report on a literature scan
of soil models and counted what general soil forming
processes are represented in these models, using the pro-
cess descriptions of Bockheim and Gennadiyev (2000).

They concluded that process coverage is still limited
(Figure 8.1), although for (nonsaline and nonaquic) loess
soils, most soil forming processes are covered by at least
some models.

We refer to Vereecken et al. (2016), who discuss recent
and foreseen developments in soil models and their com-
ponents. Although the processes that should be repre-
sented are named in Table 8.2, many alternative process
descriptions and implementations can be envisaged, and
no systematic comparisons are documented for global-
change-responsive soil models.

One important aspect for soil model studies covering a
large temporal extent is that many soil properties should
be considered as variables rather than static parameters.
For instance, the relations between pressure head, water
content, and hydraulic conductivity (h-6-K) cannot be
considered constant over longer time periods, as these
relations are affected by changing SOC, biological
processes (bioturbation), particle transport (clay migra-
tion), and land management (tillage). The consideration
that most soil properties are variables at longer timescales
introduces several possible feedbacks in a soil model that
would otherwise have been neglected.

8.3. SOILGEN-LOVECLIM: A SUITABLE
COMBINATION FOR GLOBAL CHANGE STUDIES
IN LOESS SOILS

Above, we formulated what are key input (Table 8.2)
and output (Table 8.1) variables of soil models used for
global change studies, and we indicated some essential
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Figure 8.1 Counted coverage of soil-forming processes (terminology of Bockheim & Gennadiyev, 2000) in 19 soil

model case studies (updated after Minasny et al., 2015).

processes that should be represented in such models
(Table 8.2, Figure 8.1). Also, we concluded that generating
boundary time-series inputs for the soil model by a cli-
mate-vegetation model will honor covariations between
these inputs. Next, we focus on a combination of two
models, the Earth system model LOVECLIM and the soil
formation model SoilGen, and a study of the CLP to
unravel differences in paleosols corresponding to Marine
Isotope Stage (MIS) Se and MIS 13. Below, we will briefly
discuss the models, how they are connected to satisfy data
needs, and the purpose and results of the case study.

8.3.1. LOVECLIM

LOVECLIM is a three-dimensional Earth system
model of intermediate complexity (Goosse et al., 2010).
It includes five components of the climate system:
atmosphere, ocean-sea ice, land surface-vegetation, ice
sheets, and carbon cycle. In the climate simulations of
MIS 13 and MIS 5e, modules for atmosphere (ECBIlt),
ocean-sea ice (CLIO), and the terrestrial biosphere
(VECODE) are interactively coupled, whereas ice sheet
(AGISM) and carbon cycle (LOCH) modules are

switched off. ECBIlt is a quasi-geostrophic atmospheric
model with three vertical levels and a horizontal resolu-
tion of 5.6°x5.6° and 4-hour time steps. CLIO is an ocean
general circulation model coupled to a comprehensive
thermodynamic-dynamic sea-ice model. It has 20 vertical
levels in the ocean and a horizontal resolution of 3°x3°
with 1-day timesteps. VECODE is a model of vegetation
dynamics computing the evolution of the vegetation
cover described as a fractional distribution of desert, tree,
and grassland at the same resolution as that of ECBIlt
and with 1-year time steps. See Figure 8.2 for a graphical
representation of spatial and temporal scales.

Numerous climate proxy records show that not only
the intensity but also the duration of the interglacials
vary in time. LOVECLIM has been used to simulate the
climates of all the interglacials of the last 800 ka (Yin &
Berger, 2012,2015). Time-dependent insolation (incoming
solar radiation) and greenhouse gases concentration
(here including CO,, CH,, and N,O) were used to drive
LOVECLIM, as described in Yin and Berger (2015),
which uses a 10 times acceleration technique that is not
included in this study. Due to the uncertainties in ice
sheet reconstruction during the interglacials, especially
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Figure 8.2 Spatial and temporal scales of model components (italic text, dotted lines) and necessary scale transfer
between LOVECLIM-output and SoilGen-input (bold text, solid line).

the older one MIS 13, the variation of ice sheets is not
considered, and they are fixed to present condition.

Monthly mean temperature, precipitation, and evapo-
ration are produced by LOVECLIM. Like most of the
climate models, bias exists in the LOVECLIM simulation
in particular when regional features are considered. To
reduce the bias, we have corrected the simulated climate
fields with the differences between observed and simulated
present-day values.

8.3.2. SoilGen

SoilGen (Finke, 2012; Finke & Hutson, 2008) simulates
the change in soil properties as a function of initial
material properties and external drivers such as climate,
vegetation and faunal activity, relief, and deposition or
erosion processes. The model operates at a typical spatial
scale of 1 m?, considers periods of millenniums, but takes
time steps that vary per process. The smallest time steps
occur under extreme hydrological conditions and may be
less than a second, the largest time steps are 1 year for
slow processes such as bioturbation and erosion/sedimen-
tation events (Figure 8.2). The flow of water, heat, gas,
and solutes is simulated by numerical solutions to partial
differential equations (Richards’ equation, heat flow
equation, gas diffusion equation, solute advection/dis-
persion equation). Hereto soil profiles are discretized in
5-cm compartments. The essential relationship between
pressure head, water content, and hydraulic conductivity

is dynamically parameterized using a prediction function
(Wosten et al., 1999) that is based on the texture, organic
matter content, and bulk density. These are dynamically
simulated:

* The fate of organic carbon is simulated according to
the concepts of the RothC26.3 model (Yu et al., 2013).

* The simulated physical (Finke, 2012) weathering of
minerals changes the texture of the soil. Clay migration
is simulated (Finke, 2012), as well as the effect of biotur-
bation on vertical distribution of all soil components
(Finke & Hutson, 2008).

* The bulk density varies because of changing mass of
the solid components in a soil compartment. The current
model version assumes that soil volume in each
compartment is constant.

Additionally, chemical (Opolot & Finke, 2015)
weathering as well as organic matter decomposition
release ions in the soil solution. These ions are distributed
over precipitated, solution, and exchange phases using a
Gapon exchange mechanism and chemical equilibriums.
The model can simulate the effect of human actions such
as plowing, cropping schemes, and fertilizing and can
also accommodate the removal of top layers by erosion
or addition by sedimentation (such as dust addition).

Yearly model outputs are in most cases expressed in
mass units per hectare per compartment. After a sensi-
tivity analysis, Keyvanshokouhi et al. (2016) concluded
that SoilGen is suitable for the analysis of global change
scenarios.
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8.3.3. Satisfying Data Needs Across Scales

The data needs of SoilGen follow the boundary inputs
specified in Table 8.2.

*» The parent material properties (texture, bulk density,
calcite and gypsum as minerals reacting sensitive to cli-
mate change, 17 additional aluminum- or silicate min-
erals) of sediment present at the start of the interglacial
and of the dust deposited during the interglacial can be
derived from the loess above and below the paleosol. In
the Supplementary Information of Finke et al., 2017 we
list the literature from which these data were taken. In
general, for the simulations we took for each site the same
composition of parent material and of aeolian dust for
both MIS5e and MIS 13 for the aluminum- and silicate
minerals. Texture, calcite content and gypsum content
however may be different between parent material and
dust, according to available data (Table 8.3).

* Dust deposition rhythms over MIS 5¢ and MIS 13
were derived from Guo et al. (2009) at Xifeng and
Changwu and scaled to site-specific dust deposition rates
using spatially distributed total dust addition data (Lu &
Sun, 2000).

* Other time-variant inputs (temperature, precipita-
tion, evaporation and vegetation) were derived from
LOVECLIM after correcting for bias, but this is not a
straightforward conversion because the spatial unit sizes
(“scale”) of LOVECLIM-modules are unequal to those
of SoilGen. Thisisillustrated in Figure 8.2. Consequently,
spatial downscaling from the LOVECLIM-cells of
5.6°x5.6° to the SoilGen-cells of 1x1 m? was needed to be
able to represent the effect of climate gradients inside the
CLP. Detailed maps of today’s mean annual temperature
(Liao, 2007), mean annual precipitation (Hu, 2007) and
aridity (Feng et al., 2004) were used for downscaling
(Bierkens et al., 2000) using either a difference (tempera-
ture) or a ratio (precipitation and evaporation) correction.
The vegetation type is calculated as a (yearly) probability
distribution for different vegetation types within a
LOVECLIM cell and is downscaled to high spatial detail
using the aridity map (Feng et al., 2004). We refer to
Finke et al., 2017 for details.

8.3.4. Case Study: Comparison of Paleosols from MIS
5e and MIS 13

The combination LOVECLIM-SoilGen was recently
(Finke et al., 2017) applied to tackle a paradox between
observed paleosols of MIS 5¢ and MIS 13 and the
simulated paleoclimates for these interglacials. Whereas
the paleosol from MIS 13 is the strongest developed mid-
dle Pleistocene soil in the Eurasian loess belt (Guo et al.,
1998; Markovic et al., 2009), and the paleosol from MIS
5e is less developed, climate model studies (Karami et al.,
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2014; Muri et al., 2013; Yin et al., 2009) suggest the
opposite in terms of the intensity of the East Asian
summer monsoon. The climate models indicate a stronger
monsoon over the CLP in MIS Se, with higher tempera-
tures and precipitation. Since soil formation is addition-
ally controlled by factors like vegetation, dust deposition,
and duration of the interglacial, which may have counter-
acting effects on soil formation (Johnson et al., 1990), soil
modeling forced by all these factors was done to find
explanations for the above paradox.

The simulation period of each interglacial was deter-
mined by using the marine oxygen isotope records (to
define the glacial and interglacial stages) and covers at
least 22 ka (to include the climate response to a large
range of insolation covering a full precession cycle). The
transient simulation by LOVECLIM for MIS 13 then
covered 30 ka (one and a half precession cycles) from 511
to 481 ka BP, and it covered 22 ka (one precession cycle)
from 133 to 111 ka BP for MIS Se. The same was done by
Yin and Berger (2015). The same periods were simulated
with SoilGen, using the (downscaled) monthly outputs
for precipitation, evaporation, and temperature and the
yearly output for vegetation type as input. Parent mate-
rials for MIS 5e and MIS 13 were the same for each site.
Results (Table 8.4) show that the vertical distributions of
some simulated soil properties differed significantly (at
95% two-sided) between MIS Se and MIS 13, even though
the parent materials were equal. A paired ¢-test (at the
same depths, over the upper 150 cm of paleosol) of
simulated calcite, clay, and anorthite content (in kg m2)
was done for eight loess sections on a climate gradient,
whereby each site is represented by the percentage of the
CLP that currently has a lower aridity than that site:

* Calcite contents differed, but except for Jingyuan,
these differences were not significant.

* Clay content was significantly higher in MIS 5e paleo-
sols for all plots, indicating that more clay was leached in
MIS 13 paleosols.

* Anorthite content was significantly higher in MIS 5e
paleosols, indicating that more anorthite was weathered
in MIS 13 paleosols.

Furthermore, Finke et al. (2017) graphically showed
that the field-observed difference in the expression of the
paleosols (by depth distributions of clay, calcite, pH,
anorthite, and chloride) of MIS 13 and MIS 5e was con-
firmed by the simulations, and they showed how these
expressions evolved over time. Figure 8.3 gives an example
for the Weinan site. Clay migration and weathering of the
mineral anorthite were much stronger for the MIS 13
paleosol. Also, decalcification and formation of calcic
horizons was stronger (deeper) in the MIS 13 soil, chlo-
ride concentrations in the soil solution were lower, and
soil pH was lower. This led to the conclusion that leach-
ing in MIS 13 was stronger than in MIS Se,



Table 8.3 Mineralogical composition and texture of parent material and deposited aeolian dust during MIS 5e and MIS 13 used for input to the SoilGen model. Data

taken from various sources mentioned in Finke et al., 2017 (Supplementary Information).
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Mass %

Wugong Parent material 23.0 67.0 10.0 10.70 0.13 5.19 3.12 22.84 33.96 12.59 2.23 5.77 2.23 1.23
Dust 32.0 61.0 7.0 10.70 0.13 5.19 3.12 22.84 33.96 12.59 2.23 5.77 2.23 1.23
Chang’an Parent material 37.2 62.5 0.3 8.00 0.15 5.35 3.21 23.53 34.99 12.97 2.29 5.94 2.30 1.27
Dust 27.3 72.5 0.2 8.00 0.15 5.35 3.21 23.53 34.99 12.97 2.29 5.94 2.30 1.27
Weinan Parent material 27.0 69.0 4.0 16.00 0.15 8.08 4.86 13.28 30.61 1.74 3.46 2.93 17.01 1.85
Dust 28.0 70.0 2.0 16.00 0.15 8.08 4.86 13.28 30.61 1.74 3.46 2.93 17.01 1.85
Luochuan Parent material 14.0 74.0 12.0 13.00 0.15 5.30 3.19  23.88 32.42 8.14 227 5.76 4.69 1.20
Dust 17.0 79.0 4.0 13.00 0.15 5.30 3.19  23.88 32.42 8.14 2.27 5.76 4.69 1.20
Changwu Parent material 13.0 80.0 7.0 9.00 0.15 5.29 3.18  23.28 34.60 12.83 2.27 5.88 2.27 1.25
Dust 13.0 60.0 27.0 9.00 0.15 5.29 3.18  23.28 34.60 12.83 227 5.88 227 1.25
Xifeng Parent material 25.0 53.4 21.6 12.00 0.15 5.12 3.07 2251 33.46 12.40 2.19 5.68 2.20 1.21
Dust 25.0 53.4 21.6 12.00 0.15 5.12 3.07 2251 33.46 12.40 2.19 5.68 2.20 1.21
Pengyang Parent material 0.5 86.5 13.0 15.00 0.15 4.94 2.97 21.74 32.32 11.98 2.12 5.49 2.12 1.17
Dust 0.5 86.5 13.0 15.00 0.15 4.94 297  21.74 32.32 11.98 2.12 5.49 2.12 1.17
Jingyuan Parent material 12.0 73.0 15.0 11.00 0.15 5.17 3.11 22.76 33.84 12.55 2.22 5.75 222 1.23
Dust 12.0 73.0 15.0 14.00 0.15 5.00 3.00 21.99 32.70 12.12 2.14 5.55 2.15 1.18




Table 8.4 Results of paired t-test on difference between MIS 13 and MIS 5e of means for eight loess sections on the Chinese
Loess Plateau (CLP) representing an aridity gradient. H : no difference between means. Pairs are equal depth intervals
of simulated mass, over the upper 150 cm of paleosol.

Calcite Content

Clay Content

Anorthite Content

Aridity

Percentile Mean Difference Mean Difference Mean Difference
Site Over CLP (kg CaCO, m) PH,) (kg clay m?) PH,)  (kgCaALSi,O,m?  PH,)
Wugong = 0.127 -0.716 0.346 -2.139 0.002 -0.462 <0.001
Chang’an el 0.185 -0.416 0.586 -1.249 0.080 -0.494 <0.001
Weinan ‘L 0.241 0.649 0.419 -1.417 0.013 -0.505 0.004
Luochuan g 0.349 -0.066 0.948 -1.226 <0.001 -0.608 <0.001
Changwu 0.430 0.378 0.639 -0.691 0.001 -0.389 <0.001
Xifeng 0.676 0.468 0.474 -1.132 0.001 -0.078 <0.001
Pengyang 0.761 -2.238 0.012 -0.035 0.039 -0.038 <0.001
Jingyuan 0.869 6.193 0.000 -0.413 0.000 -0.452 <0.001
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Figure 8.3 Simulated evolution of soil properties over time (abscissa) and depth (ordinate) for MIS 5e (22 ka, left
graphs) and MIS 13 (30 ka, right graphs) at Weinan. All graphs are scaled to a maximal soil depth of 2.5 m. Blue
= air; gray shade or other colors indicate value of soil properties. From top to bottom: chloride, calcite, pH, anor-
thite and clay content. Soil horizons are also indicated.
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notwithstanding the higher precipitation during MIS Se.
Leaching is a resultant of the precipitation surplus, and
the higher temperatures during MIS 5e caused higher
evaporation that more than compensated the higher pre-
cipitation. A count of the number of months with a pre-
cipitation surplus (mostly occurring during the summer
monsoon) yielded a systematically higher number of such
months, even when for both interglacials only the first
(simulated) 22 ka were considered (see Finke et al., 2017,
Figure 4 therein).

Thus, the above-mentioned paradox was solved by sim-
ulation modeling, which illustrates its additional value.
Additionally, it was concluded that the differences bet-
ween MIS Se and MIS 13 soils decrease under increasing
aridity.

8.3.5. Case Study: Evolution of the Natural Capital
and Ecosystem Services During MIS 5e

Soil variables simulated by the LOVECLIM-SoilGen
combination can be converted to new variables that
describe soil stocks or soil performance. As an example,
we calculated two stocks and two ecosystem services
using the simulation of MIS 5e at the Luochuan site in
the CLP. As mentioned above, soil stocks contribute to
the potential performance of soils in relation to land use
(including natural vegetations), while ecosystem ser-
vices describe soil performance itself for a chosen
function. Both natural capital and ecosystem services
are defined from an anthropocentric perspective, and
therefore application of these concepts to MIS 5Se is
somewhat artificial and is meant for illustration only.
Application in a Holocene or Anthropocene context is
no doubt more useful but does require a profound
understanding and precise reconstruction of the land
use history and associated land management, and it also
requires model calibration. This is beyond the scope of
this study.

The stocks that were calculated (for each simulation
year) are the following:

* Soil organic carbon: SOC(Mglha)= Zf=1(S0CC )

where SOC, = simulated mass of soil organic carbon
(Mg/ha) per depth compartment (5 cm), summed over
the upper 30 cm. SOC is an important indicator for soil
fertility and erodibility.

* Total reserve of exchangeable bases:

TREB(I‘”I;’OI+ j:Z6I(XCaL, + XMg, + XK, + XNa, )x
a =

p. % 0.5, where XCa, XMg, XK, and XNa are exchange-
able basic cations (mmol /kg soil) and p = bulk density
(kg/dm?®), per depth compartment and summed over the
upper 30 cm, and 0.5 is for conversion to kmol, /ha.
TREB is an indicator of chemical soil fertility.

Two simulated ecosystem services that were calculated
for each simulation year are the following:

» C-sequestration capacity: CSC (Mglha) = (().5 X

Zil(Csatcxpc))—SOC, where Csar (g/kg) is the soil
organic carbon saturation level, estimated by 4.09 + X *
0.37 (Hassink, 1997), with X = the (simulated) mass
fraction of soil particles smaller than 20 pm. p = bulk
density (kg/dm?), 0.5 is for conversion to Mg/ha, and
SOC (Mglha) is the soil organic carbon content in that
year. All these are summarized over the upper 30 cm of
soil. CSC quantifies the capacity of the soil to sequester
organic carbon.

» Water yield: WY (mm/ha) =P - ZfﬁZZiilEa,c, where
P is the annual precipitation (mm/ha, output from
LOVECLIM corrected for interception evaporation by
the vegetation and downscaled to the simulation loca-
tion) and Ea__ is the actual evapotranspiration (simulated
root water uptake plus surface evaporation, mm/ha),
which is summed over the rooted compartments (top
100 cm, 5 cm compartments) over the year. Water yield
expresses the amount of water produced at a site after
correction for water usage by plant uptake, surface evap-
oration, and interception evaporation. At the level of a
catchment, the water yield is the amount of water that
leaves the catchment via water streams and subsurface
drainage and indicates how much water is available
besides for biomass production.

Results of the calculations over MIS 5e are in
Figure 8.4. The sawtooth pattern in parts a, b, and d of
Figure 8.4 is because dust deposition was modeled as
an episodic process, i.e. when cumulative dust addition
reached 50 mm, a new soil compartment was added.

Simulated SOC over the top 30 cm (Figure 8.4a) tem-
porarily decreases after a dust input pulse, then stabilizes
to a level corresponding to climate and vegetation. The
increase between 15,000 and 18,000 after the start of
the precession cycle (SPC, equivalent to 133 ka BP) is
due to dominance of steppe vegetations in this period
(Figure 8.5a) and slower decomposition of soil organic
matter due to lower temperature (Figure 8.5b) and soil
moisture content.

The simulated ecosystem service CSC (Figure 8.4b)
does not show the inverse pattern, as might be expected.
The reason for this is that the organic carbon saturation
(Csat) level of the 30 cm topsoil decreases because (1) fine
material is lost by clay migration, and (2) the bulk density
of the topsoil layers decreases for the same reason. These
fluctuations of SOC and Csat largely compensate each
other.

The simulated ecosystem service water yield
(Figure 8.4c) mostly reflects the interannual variability of
the precipitation (Figure 8.5¢) and can take both positive
and negative values. This variability strongly decreased
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12,000 years after SPC, while that of the potential evapo-
transpiration (Figure 8.5d) remains similar.

The simulated TREB (Figure 8.4d) decreases the first
5,000 years after SPC, which is related to the leaching of
basic cations and clay from the topsoil. The increase at
15,000 years after SPC is related to a lower precipitation
(less leaching) in combination with ongoing dust deposi-
tion bringing in new basic cations and clay.

These calculations show that it is possible to obtain mean-
ingful expressions of stocks representing the soil natural
capital, and of ecosystem services that soil can deliver. When
applied in a context of future climate and land use, combined
climate-vegetation-soil models can provide a powerful
alternative to current expert-based assessments.

8.4. ACHIEVEMENTS AND CHALLENGES

The examples for loess soils and sediments from the
Chinese Loess Plateau given in this chapter of combined
climate-vegetation-soil modeling show the benefits of
such an approach:

« It allows a dynamic comparison of climate and soil
variables instead of the traditional (and arduous)
comparison of climate variables and (static) soil prop-
erties. As a consequence, it becomes possible to identify
causes for observed soil phenomena.

« It allows future work combining measured soil and
proxy data and simulations to constrain, calibrate, and
improve simulation results.

» It allows detaching oneself from the traditional expert
assessments of future soil behavior under global change.

Several challenges remain:

» Though process coverage of the soil model may be
sufficient for loess sediments, this coverage must be
extended and tested for other combinations of climate,
land use, and parent materials.

* Scale transfer between the soil model and the climate
model complicates considering feedbacks between the
two. For instance, feedbacks between the C-cycles in the
atmospheric compartment and the soil compartment are
yet not easily accounted for.

» The disadvantage of using a 1-D soil model is that
erosion and sedimentation processes are inputs, and
regional mass balances (e.g. of sequestered carbon) are
not easily made.

REFERENCES

An, Z.S., Liu, T. S., Lu, Y. C., Porter, S. C., Kukla, G., Wu, X.
H., & Hua, YYM. (1991). The long-term palaecomonsoon
variation recorded by the loess-palacosol sequence in central
China. Quaternary International, 7-8, 91-95.

Bader, N. E., Spencer, P. K., Bailey, A. S., Gastineau, K. M.,
Tinkler, E. R., Pluhar, C. J., & Bjornstad, B. N. (2016). A

loess record of pre-Late Wisconsin glacial outburst flooding,
Pleistocene paleoenvironment, and Irvingtonian fauna
from the Rulo site, southeastern Washington, USA.
Palaeogeography Palaeoclimatology Palacoecology, 462, 57—
69. https://doi.org/10.1016/j.palaco.2016.08.042

Balsam, W. L., Ellwood, B. B., Ji, J., Williams, R. R., Long, X.,
& Hassani, A. E. (2011). Magnetic susceptibility as a proxy
for rainfall: Worldwide data from tropical and temperate cli-
mate. Quaternary Science Reviews, 30, 2732-2744.

Bierkens, M.F.P., Finke, P. A., & de Willigen, P. (2000). Upscaling
and downscaling methods for environmental research.
Dordrecht: Kluwer Academic Publishers.

Bockheim, J. G., & Gennadiyev, A. N. (2000). The role of soil-
forming processes in the definition of taxa in Soil Taxonomy
and the World Soil Reference Base. Geoderma, 95, 53-72.

Bradley, R. S. (2013). Paleoclimatology: Reconstructing climates
of the quaternary. San Diego: Academic Press.

Dominati, E. J.,, Patterson, M. G., & Mackay, A. D. (2010). A
framework for classifying and quantifying the natural capital
and ecosystem services of soils. Ecological Economics, 69,
1858-1868.

Eden, D. M., Qizhong, W., Hunt, J. L., & Whitton, J. S., 1994.
Mineralogical and geochemical trends across the Loess
Plateau, North China. Catena, 21, 73-90.

Fang, X.-M., Li, J-J., & Van der Voo, R. (1999). Rock magnetic
and grain size evidence for intensified Asian atmospheric
circulation since 800,000 years B.P. related to Tibetan uplift.
Earth and Planetary Science Letters, 165, 129-144.

Feng, Z-D., & Wang, H. B. (2006). Geographic variations in
particle size distribution of the last interglacial pedocomplex
S1 across the Chinese Loess Plateau: Their chronological and
pedogenetic implications. Catena, 65, 315-328.

Feng, Z.-D., Wang, H. B., Olson, C., Pope, G. A., Chen, F. H.,
Zhang, J. W,, & An, C. B. (2004). Chronological discord between
the last interglacial paleosol (S1) and its parent material in the
Chinese Loess Plateau. Quaternary International, 117, 17-26.

Finke, P. A. (2012). Modeling the genesis of Luvisols as a
function of topographic position in loess parent material.
Quaternary International, 265, 3-17.

Finke, P. A., & Hutson, J. (2008). Modelling soil genesis in cal-
careous 10ss. Geoderma, 145, 462-479. https://dx.doi.
org/10.1016/j.geoderma.2008.01.017

Finke, P. A., Yin, Q., Bernardini, N. J, & Yu, Y. Y. (2017).
Climate-soil model reveals causes of differences between MIS
Se and MIS 13 paleosols. Geology, 46(2), 99-102. https://doi.
org/10.1130/G39301.1

Gonzalez-Redin, J. Luque, S., Poggio, L. Smith, R., & Gimona,
A. (2016). Spatial Bayesian belief networks as a planning
decision tool for mapping ecosystem services trade-offs on
forested landscapes. Environmental Research, 144, 15-26.
https://doi.org/10.1016/j.envres.2015.11.009

Goosse, H., Brovkin, V., Fichefet, T., Haarsma, R., Huybrechts,
P, Jongma J., et al. (2010). Description of the Earth system
model of intermediate complexity LOVECLIM version 1.2.
Geoscientific Model Development, 3, 603-633.

Guo, Z. T., Berger, A., Yin, Q. Z., & Qin, L. (2009). Strong
asymmetry of hemispheric climates during MIS 13 inferred
from correlating China loess and Antarctica ice records.
Climate of the Past, 5, 21-31.


https://doi.org/10.1016/j.palaeo.2016.08.042
https://dx.doi.org/10.1016/j.geoderma.2008.01.017
https://dx.doi.org/10.1016/j.geoderma.2008.01.017
https://doi.org/10.1130/G39301.1
https://doi.org/10.1130/G39301.1
https://doi.org/10.1016/j.envres.2015.11.009

UNRAVELING LOESS RECORDS OF CLIMATE CHANGE FROM THE CHINESE LOESS PLATEAU

Guo, Z. T, Liu, T. S., Fedoroff, N., Wei, L. Y., Ding, Z. L., Wu,
N. Q., et al. (1998). Climate extremes in Loess of China cou-
pled with the strength of deep water formation in the North
Atlantic. Global Planet. Change, 18(3-4), 113-128. https://
doi.org/10.1016/S0921-8181(98)00010-1.

Guo, Z. T., Ruddiman, W. F., Hao, Q. Z., Wu, H. B., Qiao, Y. S.,
Zhu, R. X., et al. (2002). Onset of Asian desertification by 22
Myr ago inferred from loess deposits in China. Nature, 416,
159-163.

Han, J., Fyfe, W.S., & Longstaffe, F.J. (1998). Climatic implica-
tions of the S5 Paleosol complex on the southernmost
Chinese Loess Plateau. Quaternary Research, 50, 21-33.

Hassink, J. (1997). The capacity of soils to preserve organic C
and N by their association with clay and silt particles. Plant and
Soil, 191(1), 77-87. https://doi.org/10.1023/A:1004213929699

Huang, K. J., Teng, F. Z., Elsenouy, A., Li, W. J., & Bao, Z. Y.
(2013). Magnesium isotopic variations in loess: Origins and
implications. Earth and Planetary Science Letters, 374, 60-70.
https://doi.org/10.1016/j.epsl.2013.05.010

Jenny, H. (1941). Factors of soil formation: A system of

quantitative pedology. New York: Dover.

Jeong, G. Y., Hillier, S., & Kemp, R. A. (2011). Changes in min-
eralogy of loess—paleosol sections across the Chinese Loess
Plateau. Quaternary Research, 75, 245-255.

Johnson, D. L., Keller, E. A., & Rockwells, T. K. (1990).
Dynamic pedogenesis: New views on some key soil concepts
and a model for interpreting Quaternary soils. Quaternary
Research, 33, 306-319. https://doi.org/10.1016/0033-5894(90)
90058-S

Karami, M. P, Herold, N., Berger, A., Yin, Q. Z., & Muri H. (2014).
State of the tropical Pacific Ocean and its enhanced impact on
precipitation over East Asia during Marine Isotopic Stage 13.
Climate Dynamics. https://doi.org/10.1007/s00382-014-2227-0

Keyvanshokouhi, S., Cornu, S., Samouélian, A., & Finke, P.
(2016). Evaluating SoilGen2 as a tool for projecting soil
evolution induced by global change. Science of the Total
Environment, 571, 110-123.

Lu, H. & Sun, D. (2000). Pathways of dust input to the Chinese
Loess plateau during the last glacial and interglacial periods.
Catena, 40, 251-261.

Markovi¢, S. B., Hambach, U., Catto, N., Jovanovi¢, M.,
Buggle, B., Machalett, B., et al. (2009). The middle and late
Pleistocene loess—palaeosol sequences at Batajnica, Vojvodina
Serbia. Quaternary International, 198, 255-266. https://doi.
org/10.1016/j.quaint.2008.12.004

Minasny, B., Finke, P, Stockmann, U., Vanwalleghem, T., &
McBratney, A. (2015). Resolving the integral connection bet-
ween pedogenesis and landscape evolution. Earth-Science
Reviews, 150, 102-120. http://dx.doi.org/10.1016/j.earscirev.
2015.07.004

Muri H., Berger A., Yin Q. Z., Karami M., & Barriat P. (2013).
The climate of the MIS-13 interglacial according to HadCM3.
Journal of Climate, 26, 9696-9712.

Opolot, E., & Finke, P. A. (2015). Evaluating sensitivity of sili-
cate mineral dissolution rates to physical weathering using a
soil evolution model (SoilGen2.25). Biogeosciences, 12,
6791-6808.

Opolot, E., Yu, Y. Y., & Finke, P. A. (2015). Modeling soil gen-
esis at pedon and landscape scales: Achievements and prob-

175

lems. Quaternary International, 376, 34-46. http://dx.doi.
org/10.1016/j.quaint.2014.02.017

Pye, K. (1995). The nature, origin and accumulation of loess.
Quaternary Science Reviews, 14, 653-667. https://doi.
org/10.1016/0277-3791(95)00047-x

Rowe, P. J., & Mabher, B. A. (2000). ‘Cold’ stage formation of
calcrete nodules in the Chinese Loess Plateau: Evidence from
U-series dating and stable isotope analysis. Palacogeography
Palaeoclimatology Palaeoecology, 157(1-2), 109-125. https://
doi.org/10.1016/S0031-0182(99)00157-1

Rutter, N. Zhongli, D., Evans, M. E., & Yuchun, W. (1990).
Magnetostratigraphy of the Baoji loess-paleosol section in
the north-central China Loess Plateau. Quaternary
International, 7-8, 97-102.

Schaetzl, R. K., Bettis III, E. A., Crouvic, O., Fitzsimmons, K.
E., Grimleye, D. A., Hambach, U. (2018). Approaches and
challenges to the study of loess: Introduction to the LoessFest
special issue. Quaternary Research, 89, 563-618. https://doi.
org/10.1017/qua.2018.15.

Schellenberger, A, & Veit, H. (2006). Pedostratigraphy and ped-
ological and geochemical characterization of Las Carreras
loess-paleosol sequence, Valle de Tafi, NW-Argentina.
Quaternary Science Reviews, 25(7-8), 811-831. https://doi.
org/10.1016/j.quascirev.2005.07.011

Shi P, Yang, T., Xu, A., & Tian, Q. (2010). Magnetic suscepti-
bility variations and influence factors at Jingyuan loess sec-
tion, northwestern China. Marine Geology & Quaternary
Geology, 30(4), 193-200 (in Chinese, with English abstract).

Sun, Y., Chen, J., Clemens, S. C., Liu, Q., Ji, J., & Tada, R.
(2006). East Asian monsoon variability over the last
seven glacial cycles recorded by a loess sequence from the
northwestern Chinese Loess Plateau.  Geochemistry,
Geophysics, Geosystems, 7, Q12Q02. https://doi.org/10.1029/
2006GC001287

Vereecken, H., Schnepf, A., Hopmans, J. W,, Javaux, M., Or, D.,
& Roose T., et al. (2016). Modeling soil processes: Review,
key challenges, and new perspectives. Vadose Zone Journal,
15(5). http://dx.doi.org/10.2136/vzj2015.09.0131

Wosten, JH.M., Lilly, A., Nemes, A. & Le Bas, C. (1999).
Development and use of a database of hydraulic properties
of European soils. Geoderma, 90, 169-185.

Yin Q. Z., & Berger, A. (2012). Individual contribution of inso-
lation and CO2 to the interglacial climates of the past 800,000
years. Climate Dynamics, 38, 709-724. http://doi.org/10.1007/
s00382-011-1013-5

Yin, Q. Z., & Berger, A. (2015). Interglacial analogues of the
Holocene and its natural near future. Quaternary Science
Reviews, 120, 28-46.

Yin, Q. Z., Berger, A., & Crucifix, M. (2009). Individual and
combined effects of ice sheets and precession on MIS-13 cli-
mate. Climate of the Past, 5, 229-243.

Yu, Y. Y., Finke, P. A, Guo, Z. T, & Wu, H. B. (2013). Sensitivity
analysis and calibration of a soil carbon model (SoilGen2) in
two contrasting loess forest soils. Geoscientific Model
Development, 6, 29-44.

Zheng, H., Theng, B.K.G., & Whitton, J. S. (1994). Mineral
composition of loess-paleosol in the Loess Plateau of China
and its environmental implications. Geochimica, 23, 113-123
[in Chinese, with English abstract].


https://doi.org/10.1016/S0921-8181(98)00010-1
https://doi.org/10.1016/S0921-8181(98)00010-1
https://doi.org/10.1023/A:1004213929699
https://doi.org/10.1016/j.epsl.2013.05.010
https://doi.org/10.1016/0033-5894(90)90058-S
https://doi.org/10.1016/0033-5894(90)90058-S
https://doi.org/10.1007/s00382-014-2227-0
https://doi.org/10.1016/j.quaint.2008.12.004
https://doi.org/10.1016/j.quaint.2008.12.004
http://dx.doi.org/10.1016/j.earscirev.2015.07.004
http://dx.doi.org/10.1016/j.earscirev.2015.07.004
http://dx.doi.org/10.1016/j.quaint.2014.02.017
http://dx.doi.org/10.1016/j.quaint.2014.02.017
https://doi.org/10.1016/0277-3791(95)00047-x
https://doi.org/10.1016/0277-3791(95)00047-x
https://doi.org/10.1016/S0031-0182(99)00157-1
https://doi.org/10.1016/S0031-0182(99)00157-1
https://doi.org/10.1017/qua.2018.15
https://doi.org/10.1017/qua.2018.15
https://doi.org/10.1016/j.quascirev.2005.07.011
https://doi.org/10.1016/j.quascirev.2005.07.011
https://doi.org/10.1029/2006GC001287
https://doi.org/10.1029/2006GC001287
http://dx.doi.org/10.2136/vzj2015.09.0131
http://doi.org/10.1007/s00382-011-1013-5
http://doi.org/10.1007/s00382-011-1013-5




9

Relations Between Soil Development and Landslides

Arnaud J.A.M. Temme

ABSTRACT

Soils and landslides are intimately related, particularly for shallow landslides that occur in soil or weathered
bedrock. Although landslides can occur in practically all soil types, maps of soil types and soil properties are
often and successfully used as copredictors in statistically based landslide susceptibility modeling. This chapter
explores which soil properties affect the landsliding process and how and where such properties develop. Higher
soil clay percentage generally increases landslide susceptibility, whereas higher bulk density and soil organic
matter content negatively affect susceptibility. The other way around, landslides dramatically and suddenly
affect soils. Stoniness and organic matter percentage are most strongly affected, by means of mixing of the land-
slide deposit. Smeared, low-permeability clay layers are created along the sliding surface and can continue to
form under appropriate hydrological conditions. In some cases, these low-shear strength layers increase the
likelihood of continuation or recurrence of landsliding activity. The mutual effects create soil-landslide feed-
backs, which can be positive or negative. Negative feedbacks exist, for instance, where landslides completely
evacuate thin soils from a slope and where recurrence of landslides requires renewed weathering of bedrock.
Positive feedbacks exist especially where landslides locally change soil properties such that sliding becomes more
likely, such as through the creation of thin, weakly permeable clay layers. Positive feedbacks have been shown to
be quantifiable at the regional scale. Knowledge of the history of landsliding and its impact on soil development

can substantially improve performance of susceptibility mapping efforts.

9.1. INTRODUCTION

Soil development and landslides are an odd pair: soil
development is typically slow, requiring centuries for
substantial progress, whereas landslides are usually fast,
happening in minutes or hours. Nonetheless, both are
closely related. On one hand, landslides are more likely
to happen when and where soils are susceptible. On the
other hand, soils are obviously affected, or even erased
and newly formed, by landsliding. This chapter covers
the various relations between soil development and
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landslides, with a focus on shallow landslides, which are
most strongly related to soils. The chapter takes a systems
perspective, discussing different kinds of relations bet-
ween soil development and landslides in the following
sections, from large scales to small scales (Figure 9.1).
First, we will discuss the properties that make soils sus-
ceptible to landsliding, and the soil development that
leads to these properties, at the catchment and regional
scale levels. At the scale of individual landslides, we will
discuss the impacts that landslides have on soils. Finally,
we will discuss the intimate soil-landslide relations that
give rise to landslide path-dependency at catchment
scales: the notion that landslides are partly determined by
local landslide history.
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Figure 9.1 Topics covered in this chapter with the range of
spatial scales, and the range of soil-landslide relations.

9.2. HOW SOILS INCREASE SUSCEPTIBILITY
TO LANDSLIDES

Detached objects fall off a slope when the gravitational
force acting on the material exceeds the frictional force
holding the material in place. Shallow landslides, where
the sliding material is initially attached to the slope as soil
or weathered bedrock (regolith), happen when
gravitational shear stresses exceed the shear strength of
the slope material. The question thus becomes which
properties of soils affect shear strength and shear stress.

Soil plays a role in determining both the size of the
gravitational stress and the magnitude of the shear
strength. A crucial soil property is its ability to increase
the magnitude of the gravitational force by taking up
water and releasing it slowly. A soil’s clay content is
central to this ability. Soils with clay (including loam, silt
loam, clay loam, and clay textures) can contain up to 40%
water by volume (e.g. Wosten et al., 1999). About half of
this water is almost permanently bound to the soil. The
other half can vary and thus increase or decrease the
gravitational force. This means that, assuming bulk
density of the dry soil of 1600 kg/m3, clayey soils can
increase their mass and their gravitational stress by
about 15% upon wetting (e.g. Birle et al., 2008). The
corresponding number for sand is only about 7%.

Shear strength also varies with soil properties, and clay
again plays an important role. The Mohr-Coulomb
equation states that soil shear strength 7 (Nm™) is deter-
mined by soil cohesion ¢ (Nm™2) and the angle of shear
resistance (also called internal friction) @ (°):

T =c+otang,
where o is the applied normal stress (Nm™2). This equation

is valid for situations where pore fluid pressures that
occur during soil shearing can be ignored, and it states
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that shear strength has a static component; the soil cohe-
sion, as well as a component that increases with stress as
a function of shear resistance.

Soil cohesion is the resistance of particles within soil to
displacement, and in the context of bodies of soil on hill-
slopes, is larger in soils with dry clay and roots that hold
the soil together. It is also increased through cementation,
for instance with clay or iron- and aluminum oxides and
hydroxides. The angle of shear resistance is a positive
function of soil bulk density and a negative function of
soil moisture (Zhang et al., 2001). Wetting of soil substan-
tially decreases its cohesion and internal friction angle
and thus soil shear strength (Yalcin, 2007), so that clayey
soils that get wetter experience both increased gravitational
stress and reduced shear strength. Soil organic matter,
when it has the effect of strengthening soil aggregates,
increases shear strength (e.g. Ekwue, 1990).

Permeability in clayey soils often decreases with depth,
and bulk density typically increases with depth, which
can lead to a clear transition from wet, low-shear strength
soil to dry, strong layers below (Simon et al., 1990; van
Breemen & Buurman, 2003). This transition can be at the
Bt horizon for clayey soils that have experienced clay
translocation, or at the boundary to more massive, less
structured C- or R horizons in some other soils
(Duzgoren-Aydin & Aydin, 2006; Gerke & Hierold, 2012;
Kitutu et al., 2009; Knapen et al., 2006). In this way, soil
development can influence the position of the sliding sur-
face of landslides over long timescales (Iverson, 2000).
Over shorter timescales, a strong increase of landsliding
has been observed during recent warm summers in
melting permafrost soils (Lewkowicz & Way, 2019). In
these cases, the frozen subsoil serves as the sliding sur-
face. The melting ice in the topsoil was already present in
the soil and hence does not increase gravitational stress
but decreases shear strength.

9.3. SOIL DEVELOPMENT

Ultimately, all soils and soil types are potentially vul-
nerable to landslides, and globally, the regions where soils
are susceptible to landsliding are not determined only by
soil properties. The steepness of slopes, the state of vege-
tation, and the geology of a region are usually more
important than soil properties, especially for deep-seated
landslides. Therefore, global landslide susceptibility
models and maps do not always take soil properties into
account: Y. Hong and Adler (2007) included soil type
and soil texture as predictors, whereas the global land-
slide susceptibility mapping approach of Stanley and
Kirschbaum (2017) includes slope steepness, the presence
of faults, geology, and the presence of road networks, but
not soil properties. At spatial scales less than a continent,
landslide susceptibility models more commonly include
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soil-related properties (Reichenbach et al., 2018). Version
2 of the European landslide susceptibility map (Wilde
et al., 2018), for instance, included a lithological dataset
from the International Hydrogeological Map of Europe
as predictor, and version 1 (Giinther et al., 2014) included
a soil parent material dataset as predictor. The landslide
susceptibility map of Africa (Broeckx et al., 2018)
includes eight lithological classes that relate to soil parent
material. The 1982 compilation of landslide suscepti-
bility for the United States (Radbruch-Hall et al., 1982)
was created by expert judgment based on a geological
map, but the 2011 United States prototype landslide
hazard map defined susceptible zones using merely geo-
morphometric variables (Godt et al., 2011).

For smaller countries and regions within them, more
detailed landslide inventories and more detailed soil maps
are available. The soil maps at these scales often provide
more detail than geological maps by including the effect
of other soil-forming factors such as relief and (micro-)
climate (Wielemaker et al., 2001). Hence, soil types and
properties are common predictors in modern suscepti-
bility mapping studies at these scales (e.g. Broeckx et al.,
2019; Chawla et al., 2019; H. Hong et al., 2019; Kaur
et al., 2019; Moayedi et al., 2019; Mondal & Mandal,
2019; Nsengiyumva et al., 2019).

Many empirical findings confirm that prelandslide soil
development can make soils more susceptible to land-
sliding. For instance, Kitutu et al. (2009) found that soil
texture, particularly the depth profile of clay content,
determined the likelihood of landsliding in a region in
Uganda. Soils developing by in situ weathering of basaltic
rock into a state susceptible to landsliding in Cameroon
were found to increase the content of 2:1 clay minerals
(low-shear strength smectites) and 1:1 clay minerals (e.g.
kaolinite), and to develop textural heterogeneity along
the profile due to redistribution of minerals (Che et al.,
2012). Azaion et al. (2010) similarly found that smectite
layers within Flysch deposits in Spain increased suscepti-
bility to landslides, and Duzgoren-Aydin and Aydin
(2006) highlighted the importance of the development of
thin, weakly permeable low-shear strength zones in soil
profiles developed on felsic igneous rocks. Parry et al.
(2000) linked millimeter-thickness layers of kaolinite
clays in saprolite from mixed rhyolitic and granitic rocks
in Hong Kong to the occurrence of local landslides.
Finally, Shuzui (2001) confirmed that smectites are pre-
sent along slip surfaces of recurring landslides, and cru-
cially that these continue to form after initial sliding due
to favorable groundwater chemistry and the tuffaceous
lithology in his study area in Japan.

Slopes that face in different directions can experience
different rates of weathering due to different precipita-
tion and evaporation rates (e.g. Deepthy & Balakrishnan,
2005; Rech et al., 2001). This effect can create differences
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between wet, weathered, clay-rich soils that are suscep-
tible to landsliding, and dry, unweathered, coarse soils
that are less susceptible. Different rates and processes of
landsliding between differently exposed slopes are indeed
commonly found, e.g. by Beaty (1956) in California, by
Churchill (1982) in South Dakota, and by Aniya (1985)
in Japan. The differential soil weathering on different
slope aspects due to microclimatic differences is one of
the reasons for the widespread use and success of slope
aspect in statistical landslide susceptibility models,
although the microclimatic differences themselves are
also a reason. Similar reasoning explains the success of
slope curvature in susceptibility models (e.g. Claessens
et al., 2007): on convex slopes that steepen downslope,
infiltration and gravity act differently than on concave
slopes that flatten downslope.

Postvolcanic landscapes such as on Hawaii illustrate
the impact of landscape-scale variation in soil
development on landslides in another way. After fluvial
incision of V-shaped valleys and the corresponding
creation of steep slopes, chemical weathering and soil
development on the volcanic rock produces deep and
clayey soil that subsequently becomes susceptible for
landsliding. The slope retreat due to landsliding exposes
new bedrock that is weathered and itself becomes suscep-
tible to sliding (Scott & Street, 1976). This long-term
process is controlled by the speed of weathering and soil
development and leads to the formation of wide,
U-shaped valleys over Ma-timescales.

One particular landslide-related soil development
deserves extra attention: the formation of quick clay.
Quick clays are formed when rainwater leaches original
Na-dominated marine pore water out of unconsolidated
glaciomarine clay deposits. Such deposits are mainly
found in areas that experienced deposition of fine marine
sediment when they were isostatically depressed during
the last glaciation. These marine deposits were exposed to
the air and to rain after they were isostatically uplifted
when the ice receded about 15 ka ago. As a result, they are
mainly found in regions close to former icecaps, including
in Alaska, East Canada, Scandinavia, and Russia.

Quick clay is susceptible to landsliding because it expe-
riences a 30-fold or greater loss in shear strength when
remolded, for instance through seismic activity (He et al.,
2014). This loss in shear strength and the release of pore
water associated with the collapse of the sensitive uncon-
solidated clay structure can lead to very large retrogres-
sive landslides, where initial sliding undermines slopes
that subsequently slide (L’Heureux, 2011). Quick-clay
landslides have famously caused very large losses. The
most damaging historical slide occurred in 1893 near
Verdal in Norway. It involved about 60 million m? of soil
material, killed 116 people, and destroyed 105 farms
(Solberg et al., 2012). In 1971, a quick-clay (locally called
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Leda clay) slide in Saint-Jean-Vianney in Canada killed
31 people (Tavenas et al., 1971) and led to the abandon-
ment of nearby Lemieux after it, too, was found to be
situated on quick-clay deposits. A landslide in quick
clay indeed occurred in Lemieux, in 1993 (Evans &
Brooks, 1994).

9.4. HOW LANDSLIDES AFFECT SOIL
DEVELOPMENT

In turn, landslides strongly and immediately affect soil
properties. To discuss these changes, it is useful to distin-
guish between the unaffected (prelandslide or nearby)
soils, the soils developing in the depletion zones that
experienced landslide erosion, and the disturbed, trans-
ported soils in landslide accumulation zones.

Studying a chronosequence of soils developing at the
transition between depletion and accumulation zones of
landslides of different age on Mount Elgon in Uganda,
and making a comparison with nearby unaffected soils,
Van Eynde et al. (2017) established that the process of
landsliding increased stoniness and decreased organic
carbon content of soils. Both effects are consistent with
mixing of surface and subsurface horizons during land-
sliding, as well as with a loss of well-developed, organic-
rich soils to the accumulation zone. Soil organic carbon
content reached prelandslide levels about six decades
after landslide events. Studying a 20-year chronosequence
of soils developing on landslides in Ecuador, Wilcke et al.
(2003) found that landslides removed organic O-horizons
and that these horizons did not re-establish within 20
years. Lower soil organic carbon contents in the landslide
depletion zone were also observed by Btonska et al.
(2018) who studied soil patterns in a landslide in Poland.
They also found larger spatial diversity of soil physical,
chemical, and biological properties in the depletion and
accumulation zones.

Mirus et al. (2017) compared unaffected, forest-covered
clayey soils developed in glacial deposits in Washington

Impact on depth, structure,
hydraulic properties etc.

State to soils on a nearby slope where a landslide had dis-
turbed vegetation and moved soil but not evacuated it
from the slope. The slide-affected soils were found to have
less root reinforcement, less developed soil structure, and
fewer macropores. Correspondingly, matrix porosity and
hydraulic conductivity were lower as well, and the trans-
ported soils saturated earlier and retained positive pore
pressures longer than unaffected soils. As a result of these
findings, it was argued that landslide-caused, dominantly
hydraulic soil changes had raised the susceptibility for
remobilization of the transported soils, despite the
reduction in slope steepness due to sliding (Mirus et al.,
2017). In terms of the effect on future landslide suscepti-
bility, Mirus’ observations confirmed computer simula-
tions by Basile et al. (2003), who evaluated the impact of
a pedological discontinuity created by a 1998 landslide in
Italy on soil water storage. This storage was increased by
more than 30% relative to the same soil without the
discontinuity.

9.5. SOIL-LANDSLIDE FEEDBACKS
AND LANDSLIDE PATH-DEPENDENCE

The impact of landslides on soil development, and the
effect that soil properties have on landslide susceptibility,
make up a soil-landslide system with a feedback loop
(Figure 9.2). Depending on the impact of landsliding on
soil properties and the role of soil properties in deter-
mining susceptibility, the feedback can be positive or neg-
ative. The best-known example of a negative feedback
loop involves geomorphology, not soils, and involves the
lowering of slopes by landsliding, leading to less suscep-
tibility for future slides. The lower susceptibility would
persist until slopes steepen again, for instance through
fluvial incision. An example of a negative feedback loop
involving soils is the complete removal of thin soils by
landsliding, and the resulting local lowering of suscepti-
bility for future landslides until weathering has produced
new soil. This feedback loop seems to fit environments

Soil development
and recovery

T

landslides

Determine landslide
susceptibility

Figure 9.2 Soil-landslide feedback loop.
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Figure 9.3 Left: landslides in the basaltic rocks of the South African Drakensberg (29.4064 S — 29.504 E). Right:
two landslides in marls near Perugia, Italy. (Courtesy of Arnaud Temme.)

with thin soils over steep, resistant bedrock such as in
the South African Drakensberg (Singh et al., 2008)
(Figure 9.3).

An example of a positive feedback loop would be the
formation of a weakly permeable soil layer along a sliding
surface and the resulting increase in likelihood of water
saturation and thus landsliding over such a layer (e.g.
Duzgoren-Aydin & Aydin, 2006; Parry et al., 2000), until
and unless the sliding surface is removed, for instance by
roots burrowing through it. This feedback loop seems to
fit environments with soils that have experienced clay illu-
viation and frequent shallow landsliding (Figure 9.3).

Samia et al. (2017a, 2017b) studied the soil-landslide
feedback loop using a 17-time slice multitemporal land-
slide inventory for the Collazone study area near Perugia
in Italy. Landslides in the region are generally shallow
and do not evacuate slid material from slopes. The
inventory spanned the period 1939-2014. From visual
inspection of landslide polygons, the area seemed to fea-
ture an unusual amount of overlapping landsliding, more
than would be expected if landslides occurred randomly
(Samia et al., 2017b). Slides overlapping earlier slides
were found to be significantly larger and rounder than
other slides. GIS analysis further indicated that polygons
overlapped more if they were from time slices that are
temporally closer to each other (Samia et al., 2017a). In
later work using Ripley’s (1976) K-factor to quantify the
unknown landslide-on-landslide effect, Samia et al.
(2019) determined that landslides increased the likelihood
for further landslides over spatial scales of about 60 m,
and over temporal scales of about 17 years. The maximum
increase in likelihood was 40%, at very short space and
time scales. Although no mechanism for the landslide-on-
landslide effect was established, preliminary field obser-
vations point to the creation of thin, weakly permeable
clay layers by first landslides that would impact wetness
of soils in the accumulation zone, and which in turn

would lead to increased susceptibility for sliding
(Figure 9.4). The impact of such thin layers had already
been established, e.g. by Shuzui (2001).

Accounting for the landslide-on-landslide feedback led
to substantial improvements in a landslide susceptibility
model for the study area. Values for the area under curve
(AUCQC) of the Receiver Operator Characteristic (Swets,
1988) improved from 0.70 for a traditional logistic regres-
sion-based susceptibility model with 14 geomorphomet-
ric explanatory variables, to 0.76 for a model that
additionally included two variables reflecting the local
landslide history. A third model that used only the two
variables reflecting local landslide history had an AUC
of 0.72 (Samia et al., 2018). These findings establish
that landslide-on-landslide effects are substantial in the
Collazone study area and presumably in others where
landslides create smooth, weakly permeable sliding sur-
faces and do not evacuate slid material from slopes. The
findings may lead to a different approach to susceptibility
mapping, where landslide susceptibility maps change
over time as the impacts of recent landslides weaken and
background levels of susceptibility return (Figure 9.5).

9.6. CONCLUSIONS

Over time, soils can develop properties that are asso-
ciated with increased landslide susceptibility, even
though topography and climate differences are often
the main drivers of landsliding patterns. The weathering
of bedrock into clay and the subsequent translocation
of clays into subsurface horizons are the main causes
of increases in the risk of landsliding. This has been
clearly documented in case studies and is reflected
in finer-resolution landslide susceptibility maps and
models. The development of quick clays is an extreme
example of hydrology-driven soil development leading
to increased risk.



182 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

Figure 9.4 Left: looking vertically down at a landslide scarp in the Collazone study area, Italy, showing how the
slid material in the top of the image has smoothed underlying, uneroded material into a thin clayey layer. Land-
sliding here happened in different phases over a few days, and as a result the earliest exposed smooth layer to the
right has already cracked when drying out in the air. The most recently exposed smooth layer left of the hammer
is still smooth, as unexposed layers probably are as well. Right: Zoomed in to the recently exposed smooth layer,
showing smooth, parallel clay minerals. (Courtesy of Arnaud Temme.)

ndslide susceptibility maps

Conventional plus path dependent |

Figure 9.5 An example of landslide susceptibility maps for the Collazone region. The susceptibility for landslid-
ing is a function of static geomorphometric variables and two dynamic variables that reflect the local landslide
history. Over time, susceptibility in each location can increase from, and decrease to, a background level as land-
slides happen and their effects on local soils disappear. Image adapted from Samia et al. (2019).
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Landslides greatly affect soils as well, and not only
through their complete removal. In many cases where
landslides are not evacuated from the hillslope, both the
landslide deposit and its contact with the underlying soils
are changed. Decreased porosity, decreased structure,
and increased rate of saturation have been described for
the landslide deposit, and decreased permeability has
been described for the contact with the underlying soil.
Individually and together, these landslide impacts lead to
increased susceptibility for subsequent slides.

Given their mutual effects, soils and landslides form a
system with feedbacks. Where soils are completely evacu-
ated from a subsequently soil-less slope, these feedbacks
are negative. Where soils are affected as described in the
previous paragraph, and increase susceptibility for future
slides, these feedbacks are positive. Understanding these
positive feedbacks particularly, appears to hold promise
for improved landslide susceptibility maps and models.
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Soils in Agricultural Engineering: Effect of Land-Use Management
Systems on Mechanical Soil Processes

Rainer F. Horn

ABSTRACT

Soil is the most critical life-supporting component of the biosphere. It provides numerous ecosystem services
such as habitat for biodiversity, source of water and nutrients, and media for producing food, feed, fiber, and
energy. However, soil is prone to intense and irreversible changes when subjected to some non-site-adjusted land
management and improper use of machinery and farming techniques. With the world population increasing,
there is an urgent need for a more reliable dataset of soil properties and functions. Credible datasets are needed
to develop reliable models for diverse uses. The mechanical strength defines the actual in situ soil rigidity
boundary. It distinguishes between the recompression stress and the virgin compression stress range, where
plastic deformation including irreversible changes of properties and functions occurs. However, each stress
applied to the soil by wheel traffic and trampling is transmitted three-dimensionally, and it causes irreversible
soil deformation if the precompression stress is exceeded. The deformation processes during stress application
are more pronounced with the increase in the shear component of the total stress and may even result in a
complete liquefaction if soil water cannot be drained off adequately. The ratio of the actual soil strength and the
transmitted stresses at various depths due to the three-dimensional stress transmission defines the soil resilience.
Values >1.2 classify soils and soil horizons as completely resilient, while those <0.8 are indicative of the nonre-
silient conditions. Changes in the hydraulic or pneumatic functions primarily occur in the nonresilient range. It
is equivalent to the virgin compression stress range and is linked to numerous processes via an alteration in
accessibility and availability of pore or particle surfaces. Predominant among processes affected by this range
include intense changes of redox reactions and the biological activity (respiration) in soils that also affect the
carbon sequestration potential and the global carbon cycle. Thus, there exists a strong need for a more precise
definition and understanding of site-specific functionality differences, which may exclude or concentrate on
certain land use or management to optimize agronomic yield, soil protection, and a sustainable land use
management under the conditions of simultaneous occurrence of a limited site-specific resilience.

10A.1. INTRODUCTION

Properties of agricultural and forestry soils, substrate
for horticulture and landscape, are the basis not only for
producing food, filtering, and buffering of clean potable
water and sufficient groundwater recharge but are also
the basis of raw material, biological diversity, and archive of
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human and planetary history. Depending on mechanical,
hydrological, and physico-chemical properties, soil can be
a source or sink for atmospheric carbon dioxide and other
greenhouse gases. This process of soil carbon dynamics is
described in chapter 10B. The objective of chapter 10A
is to deliberate the effects of land-use and management
on engineering properties and mechanical processes.
However, soil as a three-phase system has only a finite
resilience, and exceeding these boundary conditions can
lead to soil degradation, which can be mostly irreversible.
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The European Soil Framework Directive (2006) stated
that soil compaction, along with erosion by water and
wind, is one of the main physical processes with severe
threats of soil degradation. It is estimated that 32% of the
subsoils in Europe are highly degraded and 18% are mod-
erately vulnerable to compaction. The main reasons for
such intense increase in compacted agricultural or for-
ested soils are the ever-increasing weight of the machines
and the increased frequency of wheeling under unfavor-
able soil conditions (Riggert et al., 2016). Shear- and
vibration-induced soil deformation enhances the degra-
dation of soil properties, especially if the soil water
content is high and the internal soil strength low. The
same is true for animal trampling in combination with
overgrazing of moist to wet pastures, which subsequently
causes denser (i.e. reduced proportion of coarse pores
with smaller continuity) but still structured soil horizons
and will eventually lead to a compacted platy structure.
Combination of a high water content and shearing by
trampling leads to complete muddy homogeneous (pud-
dled) soil with no structure (Kriimmelbein et al., 2013).
Soil compaction and especially subsoil compaction is one
of the ten major threats of soil degradation globally
(Bridges & Oldeman, 1999). The reduction of pore space
and especially of macropores, along with the conversion of
three-dimensionally uniform pore systems to completely
horizontal anisotropic conditions in platy structured soil
horizons by compaction, has severe consequences for
hydraulic, gas, and heat transport processes as well as for
nutrient storage and uptake by plants, all of which results in
compaction. Soil compaction is also responsible for accel-
erated erosion by water. Wind-induced mass transport is
enhanced due to a more intense drying of the topsoil and
the inhibited capillary rise from the subsoil to the topsoil.
Soil compaction commonly refers to an increase in soil
mass per unit volume. However, such a definition does
not permit direct prediction of any changes in physical,
chemical, or biological properties and functions. For
example, if a shear-induced rearrangement of particles
occurs during wheeling, trampling, or tillage, even a less
dense configuration of soil particles per volume can
weaken soil structure, decrease pore continuity, and
reduce gaseous exchange, among other outcomes (Horn,
1976; Kiihner, 1997; Mordhorst et al., 2014). How far
these connectivity and tortuosity effects can be quanti-
fied are still debatable. Ghanbarian et al. (2013) devel-
oped a model to quantify the water fluxes within soil
samples which show mechanically induced changes of
pore continuity or tortuosity. Changes in soil strength by
compaction and shearing can be detected in the deeper
subsoil if the stress distribution exceeds the internal soil
strength, and it will lead to a further change of pore
functions until a new equilibrium is reached. Thus, the
most severe and mostly permanent degradation of soil

functions occurs due to deformation in subsoil horizons
with no chance of natural soil loosening or of maintain-
ing soil functionality, i.e. below the plow pan. These soil
compartments are the major problems, because pore
functions are not renewable for decades to centuries.
Keller et al. (2019) reported that yield of wheat has stag-
nated in northern Europe since 1990, despite the fact that
many yield-supporting factors (i.e. fertilizer, seed quality,
increased CO, concentration of the atmosphere, higher
temperature) should theoretically all enhance crop
growth. However, depth of root penetration is retarded
and restricted to the topsoil, leading to increased risks of
drought. Thus, a separation between the intensely rooted
but dry topsoil from the moist subsoil due to the highly
compacted plow pan layer results in a shallow
physiological soil functionality.

The most likely reason for such growth alterations is
the increased average mass of the agricultural machines
during the last four decades, which has reached more
than 40 Mg. Such a high mass, in combination with the
higher frequency of wheeling, leads to a deeper propaga-
tion of stress beyond the plow depth (Duttmann et al.,
2014; Hartge & Horn, 2016; Horn, 2015; Horn et al.,
2017). However, this problem is not just confined to crop-
land or forest land but is also prevalent in rangelands and
grassland. Thus, it is important to analyze static (i.e.
divergent component = compaction) and shearing
processes, because both components affect not only the
total pore volume and its functions but also the connec-
tivity, pore continuity, and soil strength, as well as an
altered resilience with respect to the consequences of soil
deformation for functions and site properties. (Hartge &
Horn, 2016; Horn et al., 2019; Keller et al., 2019). Soil as
a three-phase system is highly susceptible to such soil
deformation because of the combined effects of limited
mechanical rigidity and the stress and shear-induced
mobilization of particles or aggregates, of gas and pore
water. Inhibited drainage of excess soil water during the
stress and shear application can exacerbate degradation
because of anaerobiosis. Occurrence of positive pore
water pressure can lead to kneading (i.e. puddling) during
shearing, and these processes may either aggravate com-
paction and/or lead to liquefaction. The latter coincides
with a complete loss of mechanical and also hydraulic
soil strength and a complete disturbance of all functions,
including the physicochemical processes and biological
composition. These processes can be easily documented
if, e.g. wheeling or plowing is done under unfavorable soil
conditions. Zhai and Horn (2018, 2019) documented a
severe change in gaseous and water fluxes during static
and even more pronounced cyclic (i.e. partly shearing)
loading, including the formation of positive pore water
pressure. Further, pure static and cyclic loading effects at
a given stress level can lead to different changes in soil



properties and functions. The effect of stress-induced
alterations of pore water pressure also underlines the
importance of pore connectivity for strength and stress
transmission effects, because it may either result in a
complete deterioration of former soil properties and
functions. In addition, a weakening or incompressible soil
water may cause a kind of aquaplaning in the soil. Thus,
wheeling throughout the growing season but also during
harvesting or tillage operations, as well as animal grazing
and trampling, alter numerous physical or physicochem-
ical properties as soon as the actual stresses applied to the
soil exceed the internal soil strength. It is, therefore,
necessary to quantify the rigidity of soils (its strength) by
the precompression stress. Thus, a site-specific adequate
machinery and moisture dependent work plan needs to be
developed to sustain soil properties (Berisso et al., 2012;
Hartge & Horn, 2016; Holthusen et al., 2018; Horn, 1985;
Horn et al., 2014, 2019; Keller et al., 2007, 2013, 2019;
Kriimmelbein, 2007; Richards & Peth, 2006).

10A.2. MECHANICAL PROCESSES IN SOILS

The question as to whether a mechanical (static or
dynamic) stress leads to additional soil deformation and
also to degradation can be answered using the mechanical
strength of the individual horizons in conjunction with
the respective load-dependent pressure propagation.

Before discussing the consequences of stress strain and
shear processes in more detail, as well as factors influ-
encing compaction, one needs to differentiate between
several terms used to define compressive properties.
These definitions have been taken from Fredlund and
Rahardjo (1993), Hartge and Horn (2016), Parry (2004)
and McCarthy (2007).

10A.2.1. Mechanical Stresses

Horn and Peth (2011) defined stress as force per unit
area within a solid body. Stress can be induced by external
or internal forces on a body that, if the body is nonrigid,
leads to a change in its volume and/or shape expressed as
deformations or strains. The mechanical behavior of a
soil can, therefore, be characterized by its stress-strain
relationships. Strength typically refers to the maximum
amount of stress a solid material can withstand before it
fails. Thus, exceeding soil strength results in failure or
yield. It is well known that all soils are preloaded either
by hydraulic, chemical, biological, or mechanical
processes in the past, while gravity would result in normal
or virgin compacted soils (Hartge & Horn, 2016). The
consequences of stress application are strain processes
primarily in the virgin compression load range with
plastic deformation, while soils, which had been pre-
stressed in the past by natural, biological, geological, or
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Figure 10A.1 Mechanical processes in soils. Consequences of
stress strain and the definition of the precompression stress Py,
as well as changes in soil properties with increasing stress.

anthropogenic processes to a certain extent, are rigid and
show primarily elastic deformation within the formerly
applied stresses (Figure 10A.1).

Thus, stresses in the recompression stress range do not
lead to further changes in soil functions but exhibit a
dominant elastic behavior which results in permanent
structure-dependent soil functions (with a reversible
deformation) if the actually applied stresses do not exceed
the precompression stress value. The precompression
stress can, therefore, be defined as the process memory of
the soil, which can be quantified by physical values.
Stresses higher than the precompression stress value
result in a further plastic (irreversible) deformation
(Horn, 1981; Horn et al., 1995; Horn & Peth, 2011). The
latter is caused in the virgin compaction range, e.g. by
higher bulk densities or reduced permeability. The pre-
compression stress values differ within a soil profile and
are sensitive enough also to quantify the consequences of
aggregate formation, actual water status (Horn, 1981,
Horn & Dexter, 1989), soil management (Lebert, 1989;
Riggert, 2015; Semmel, 1993; Wiermann, 1998; Zink,
2009; among others), geological origin (Horn, 1985), cli-
mate (Kriimmelbein, 2007), or biology (Kiihner, 1997).

In general, soils or soil horizons are the more stable
under the following conditions:

* the coarser and the rougher the texture with the same
bulk density,

» the stronger the aggregation with comparable texture
(e.g. single-grain < coherent < prismatic < polyhedral <
subangular blocky),

* the more intense the precompression (e.g. plow pan
horizons [App] with platy structure),



190 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

» the higher the organic matter content or the higher the
fraction of unsaturated fatty acids and lipids with a com-
parable content of organic matter (refer to chapter 10B),

* the more wetting inhibited the grain contact points at
the same matrix potential,

» the drier, i.e. the more negative the matric potential or
the pore water pressure,

* the higher the remaining hydraulic conductivity and
therefore the faster the expelled soil water can be drained
away,

» the higher the valence of the exchangeable ions
(monovalent < divalent < trivalent),

» the higher the salt concentration in the soil solution,

* the lower the swelling capacity of the clay minerals.

As a very important but mostly ignored property
affects the pore water the strength changes during stress
strain processes. Within the recompression stress range,
initial negative pore water pressure (i.e. matric or water
potential) can either remain constant or it can result in a
more intense drying due to the process of water redistri-
bution in newly formed finer pores from originally air-
filled macropores. However, soil structure collapses
within the virgin compression range due to stress applica-
tion, and the pore water pressure changes to either more
negative if initially still air-filled pores were available, or
to even positive values in case of a 2- phase system (water/
solid) including a feedback mechanism between stress
and strain. Most relevant at this stage are hydraulic flux
processes, which are required to drain off the excess soil
water (Figure 10A.2). However, the absolute changes in
pore water pressure depend on aggregate type and the
applied stress. Based on in situ measurements and
corresponding analyses of changes in pore water pressure
in structured unsaturated soils during loading, it became
obvious that the stronger the aggregation the less
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pronounced are the pore water pressure changes, and the
latter can be detected only at higher applied stresses
(Nissen, 1999)

10A.2.2. Time-Dependent Strain Processes

Each stress application, especially in the virgin com-
pression stress range, results in time-dependent changes
of the strains (i.e. in the solid, liquid, gaseous phase).
Three consecutive processes can be distinguished in the
time-strain settlement process. The first settlement
fraction is defined as immediate settlement and com-
prises at most the soil volume that is filled with air.
Because the gas conductivity in soils is high, the strains
transmitted through the gaseous phase can dissipate
immediately and result in a corresponding volume
decrease. In contrast, the strains that are transmitted
through the liquid phase, depending on the hydraulic
conductivity and the building-up of hydraulic gradients,
can be expressed as pore water pressures and can, there-
fore, be measured over a longer period. Because of this,
the soil-stabilizing water menisci forces are now trans-
formed into destabilizing convex meniscus forms (Hartge
& Horn, 2016). In this phase, the soil matrix loses its
inherent strength, and the effective strain is largely
relieved. Strains can also reduce the diameter of the pores
through stress induced strain of air-filled pores, and
therefore contribute to a redistribution of water in the
pores. A further decrease in the negative pore water
pressure (= matric potential) can be measured during this
process (Figure 10A.2). The finer pores are filled again
due to settlement only when the load-dependent inherent
strength has been reached, and water saturation or even
positive pore water pressure is finally reached. Under
sustained stress (e.g. in conjunction with soil mechanical
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Figure 10A.2 Interaction of stress strain and pore water pressure changes (taken from Horn and Peth 2011).



foundation measures, especially in clayey soils), the
secondary settlement must also be considered, which is
caused by particle alignment and can lead to long-term
creeping movement and therefore to fissuring.

10A.2.3. Stress Distribution in Soils

Stresses applied at the soil surface or during plowing at
a defined depth are always transmitted three-dimensionally
and result in changes of the three-phase soil systems.
Stresses, defined as applied mass per contact area, alter
physical, chemical, and biological properties of the soil
(e.g. water infiltration, root penetration, etc.) if the
internal mechanical strength is exceeded. Stress propaga-
tion theories are rather old and have been often modified
and adapted to in situ situations. The fundamental theory
of Boussinesq (1885) is only valid for completely elastic
material, while Frohlich (1934) and Sochne (1958)
included elasto-plastic properties through the introduc-
tion of concentration factor values (v,). More compre-
hensive descriptions of these models are given by Koolen
and Kuipers (1983), Bailey et al. (1986), Johnson and
Bailey (1990), and Bailey et al. (1992). Horn et al. (1989)
introduced precompression stress (P)) dependent values
for the concentration factor, which are smaller in the
recompression stress range, while they increase in the vir-
gin compression stress range. The latter can be explained
by the plastic deformation behavior, which causes a
deeper stress transmission closer to the perpendicular
line. The stress compensation with depth requires a
greater and deeper soil volume for a constant contact
area pressure and when both contact area and machine
mass are correspondingly increased (Figure 10A.3).
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With further consideration of stress propagation,
enormous variations are observed due to shear and lat-
eral stresses, which differ depending on the machine
configuration (e.g. tire or belt, high slip effects, counter-
weights for a more effective thrust; Figure 10A.4).
Further, the “strain prehistory”is reflected by correspon-
ding different values for the concentration factors. The
concentration factors are much smaller in more strongly
aggregated and/or drier, and therefore, more stable hori-
zons, and likewise in mechanically precompacted soils.
These parameters indicate more horizontally aligned
lines of equal pressure or more densely concentrated
equi-potentials under the load surface. In contrast, in
less aggregated, moister, or more loosely packed soils,
the soil pressures are transmitted deeper into the profile
but are also propagated more narrowly, concentrated
around the load surface, which results in greater values
for the concentration factors. Depending on the soil
development and land use, the stress propagation varies
extensively so that horizon-, matric potential-, struc-
ture-, load surface-, and load-dependent values for the
concentration factors must be used. However, if the act-
ing pressure exceeds the inherent strength (e.g. of the
existing plow pan), and if, due to the mechanical or
hydraulic prehistory, there is a less stable horizon under-
neath that cannot compensate the remaining pressures,
the plow pan ruptures and the total soil volume is
further compacted to greater depths. In doing so, the
higher the shearing component, the more pronounced
and also the more sustained the soil deformation. In
addition, there is a lateral bulging of the soil surface in
the area surrounding the load surface (wheel rut, foot-
steps), whereby the shape and extent can be described

Figure 10A.3 Stress distribution in soils as a function of increasing contact area at a given mechanical stress
(mass/area) as well as shear induced formation of strain vectors and changes in pore continuity.
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Figure 10A.4 (a) Effect of shear deformation due to wheeling (rubber belt) on stress and strain. (Source: Horn et al.,
2003.) (b) Differentiation between shear and tensile stress during wheeling with a rubber belt system. (Source:

Richards & Peth, 2006.)

using the Rankine Prandtl failure theory (Fredlund &
Rahardjo, 1993). The pattern of the flow lines, which
are always perpendicular to the equipotential lines,
depends on the soil development and land use. Beyond
the boundary state, there is a complete soil failure, which
results in a landslide.

10A.2.4. Definition of Site-Specific Soil Management

The quantification of a resilient or sustainable soil
management requires the combination of quantified
mechanical processes and the internal soil strength as
well as the analyses of internal soil processes at the
transition between the elastic and plastic soil deforma-
tion. These analyses need to include the kind of stress
application together with the actual hydraulic properties
and functions, as they may decrease the internal rigidity
due to kneading, puddling, or aquaplaning and may
result in an intense soil strength loss and irreversible soil
deformation.

As long as the internal soil strength exceeds the applied
stress, no changes in soil functions are expected and the
soil properties remain constant. The light traffic system
can be defined as green, and the corresponding machinery
can be applied without any problems for future land use
(Riggert et al. 2019). If however, the applied stresses
already exceed the internal soil strength, it is pertinent to
consider the initial changes in soil properties, which can
be also detected by a slight rutting. The sensitivity of the
side increases and requires a careful consideration of
further management decisions.

If in this plastic deformation range shearing and in
combination with high soil water content are detected, it is
pertinent to define such a situation with the given machinery
as extremely dangerous, since not only the soil properties
and functions will be heavily changed, but the whole soil
profile down to deeper depth will be destroyed irreversibly.
Thus, such machines as the rubber belt version should be
classified as extremely negative and be avoided to maintain
sustainable or resilient soil properties (Figure 10A.5).
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10A.3. EFFECT OF STRESS APPLICATION
ON CHANGES IN ECOLOGICAL SOIL FUNCTIONS

The structure-dependent formation of interaggregate
pore systems always affects pore continuity and direc-
tions and alters the values of the corresponding
three-dimensional flux tensors of water, gas, heat, and
ions (Figure 10A.6). As soon as the external stress applied
exceeds the internal soil strength, changes in soil prop-
erties and functions (e.g. structure deterioration, water
storage and fluxes, plant growth restrictions, erosion, or
land sliding) and yield uncertainty are obvious.

10A.3.1. Capacity or Intensity Parameters

The soil science literature (e.g. Brady & Weil, 2008;
Huang et al., 2012; Blume et al., 2016) defines the
capacity parameters such as cation exchange capacity,
air capacity, or plant-available water capacity related to
plant growth, yield, or environmental processes. This
approach is certainly less straightforward than the inten-
sity parameters, which are only valid in the rigidity
ranges (Horn & Kautilek, 2009). However, such an
approach and the link to mechanical or hydraulic
stresses among others improve the reliability of predic-
tions for all kinds of hydraulic, mechanical, chemical, or
even climatic soil interaction processes. Changes in soil

functions (e.g. hydraulic conductivity, air permeability,
redox potential, and cation exchange capacity process)
must be related to parameters like precompression stress,
aggregate strength, cohesion, and angle of internal
friction. These strength parameters are appropriate to
document the transition from elastic to plastic (irrevers-
ible) changes in soil functions.

A quick approach to quantify stress-induced changes
in soil properties and consequences for ecological
processes is the description of the rooting pattern, as it
shows the effects of structure formation on plant growth,
altered or even prevented accessibility of nutrients, water,
air, and the anchorage of the plant (Figure 10A.6).

It is obvious that deep rooting in soils is mostly pre-
vented through a platy structure (e.g. under conventional
tillage or intensely trampled conditions) and can be even
further reduced if more stress is applied (Figure 10A.7).
Conservation tillage or natural conditions with stronger
aggregates and less dense conditions at the same time result
in an even and deeper rooting, which guarantees a better
plant growth with increased accessible particle or pore sur-
faces. The process of carbon sequestration in soils for com-
batting climate change effects is also linked with the
accessibility and availability of particle or pore surfaces
(see chapter 10B). However, exceeding the internal soil
strength (i.e. the precompression stress) results in a reduced
rooting depth and intensity and less positive effects.
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Furthermore, intensity parameters are mostly vectors
and sensitive markers for soil properties changes in
directions and time. Thus, pedogenic, geogenic, or
anthropogenic processes and their effects on flux
processes or interrelated changes in biological, physical,
and chemical functions, including filtering and buffering,
soil water erosion, or even the gas emission, are direction
dependent. They differ in quantity and quality at any
given structure conditions and can only be quantified
and extrapolated within the rigidity range of the pore

system. Furthermore, the actually existing properties
are a result of former management reference points for
additional changes when exceeding the rigidity of pore
functions.

10A.3.2. Interaction Between Mechanical
and Hydraulic Properties

Soil deformation due to applied mechanical stresses
alters both pore volume and size distribution (Horn &



Peth, 2011; Kriimmelbein, 2007; Zhao et al., 2010), as
well as pore connectivity, with major impacts on water
and air conductivity (Figure 10A.8).

Reszkowska et al. (2011) proved that, depending on the
trampling intensity, not only a drastic and mostly irre-
versible reduction of the hydraulic conductivity occurred,
especially in the topsoil, but the direction-dependent
changes in the fluxes would serve as indicators for the
preservation of soil sustainability.

Solid phase
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Within the recompression stress range, the pore size distri-
bution and the hydraulic conductivity both remain constant,
as proven by uncounted measurements summed up in
DVWK (1995,1997) directives. The virgin compression load
range, however, decreases the total pore volume, air capacity,
and the saturated hydraulic conductivity even if the plant-avail-
able water capacity partially increases at low-stress appli-
cation. In total, the pore system, as well as its functions, are
unstable and react flexibly in this stress range (Figure 10A.9).
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10A.3.3. Coupling of Physical, Chemical,
and Biological Processes

Soil structural properties and functions are interlinked
with mechanical stresses (Figure 10A.10) and result in a
continuous cycling with even less-favorable site conditions
due to pore water problems weakening in combination
with particle rearrangement processes.

The intensity of these interactions also depends on
the microbial activity, and if soil is stressed mechanically,
it depends on changes in the sink or source of CO, or
CH, flux under stress (Figure 10A.11). As long as the
internal soil strength is not exceeded, the stress-induced
decline in redox potential regains the former values after
the stress is released. If the internal soil stress exceeds
the rigidity of the soil structure, it results in a contin-
uous and permanent decrease of the redox potential
values. The strong interactions between stress application
and changes in biological activity can also be derived
from the changes in CO, emission and even in the
formation and release of methane because of complete
anoxic conditions in soils (Haas et al., 2016, Horn,
1985). Exceeding the precompression stress also sepa-
rates microbial species from their origins, which again
underlines the necessity to quantify and to separate the
internal strength and related permanent properties from
unpredictable soil properties and behavior in the virgin
compression load range.

The gaseous exchange with the atmosphere, the aera-
tion of the rhizosphere, and the composition of the
microorganisms (oxic/anoxic) can also be discussed in the
same context (Horn & Smucker, 2005; Kriimmelbein
et al., 2013; Uteau et al., 2015). Dérner and Horn (2006)
and Hass et al. (2016) documented the increasing effect
of stress and shear caused by horizontal anisotropy on
the hydraulic and air permeability, which coincides with a

retarded gaseous exchange and an increased proportion
of e.g. CO, or even CH, in soil pores (refer to chapter
10B) and which hinders the normal growth of the
microbial population (Figure 10A.11). If the internal soil
strength is exceeded, the microbial composition and
activity are converted to anoxia and result in the emission
of CH,. Additionally, an aggregate dependent carbon
sequestration is enhanced and depends on its previous
soil management or history (Wiesmeier et al., 2012). Thus,
the rigidity quantified as precompression stress separates
the beneficial storage and increased accessibility from the
nonrigid conditions and a complete alteration of the
physicochemical properties and processes and affects not
only the internal soil processes but the atmospheric com-
position as well (refer to chapter 10B).

Figure 10A.12 underlines the multidisciplinary effects
of soil deformation on site properties.
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Figure 10A.11 Redox potential values as function of applied
mechanical stress. (Data from Horn, 1985.)

Soil mechanical processes
undrained
\| elasto-plastic, hysteretic
non-linear
water suction dependent
viscoelastic

Mechanics

Hydraulic
components
rigidity of pore systems i¢

h
Mechanical
components
4 . . .
crit. state soil mechanics

Al
pore pressure
swelling, shrinkage

15

T

effective stress
total stress

Water fluxes

Hydrology

Figure 10A.10 Coupled mechanical and hydraulic properties and processes (Modified from Richards et al., 1997.)

water, suspension, heat
non-linear, hysteretic
pore water pressure (pwp),
hydraulic potential
physicochemical properties,
viscosity, surface tension




Effects on the environment

.‘ ; E
i\ ! N,O gas
emission

After rain storm

Rapid water table increase
in rivers and lakes

- reducT aeriion
-Water infiltration reduced,
-soils remain longer wet
and cold,

-more slaking problems,
‘reduced water storage

SOILS IN AGRICULTURAL ENGINEERING 197

Heavy machinery compacts
arable, forest, and pasture soils

Consequences for plant production

Reduced growth,
higher uncertainty less
yield

Dust emission increased

Increased fungi
deseases,
more weeds

>

Figure 10A.12 Multidisciplinary effects of soil deformation on soil properties. (Translated and modified from van
der Ploeg et al., 2006.)

10A.4. CONCLUSIONS

1. Soil structure formation results in increased
mechanical strength, which can be quantified both by the
precompression stress or the parameters of the Mohr-
Coulomb failure line. The higher the internal soil strength
the more pronounced is the rigidity of the pore system
and the more elastic the reaction of soils within the
recompression load range.

2. The elasticity is replaced by plastic irreversible soil
deformation within the virgin compression load range
and causes additional changes in soil functions.

3. Physical, chemical, and biological properties show
an identical pattern with mostly constant values within
the recompression load range and alterations beyond the
precompression stress value. Thus, within the recompres-
sion load range, soils behave primarily elastically, while in
the virgin compression load range (beyond the precom-
pression stress), soils react with a plastic deformation and
a corresponding intense change in physical, chemical,
and biological properties and functions.

4. All corresponding modeling attempts are therefore
limited to this recompression stress range, where the
rigidity assumption still holds true. As long as the soil
structure remains rigid, all soil functions remain and can
guarantee corresponding ecological functions and even
maintain an extended biodiversity.

5. The main parameters and functions of the hydraulic,
gas, or heat flux under given potential gradients must be

added by the rigidity information in order to obtain in
future work also a more complete insight in the effect of
land-use management systems on coupled hydraulic
mechanical soil processes defining the climate-food-
energy-water nexus.
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Soil Strength and Carbon Sequestration

Rattan Lal

ABSTRACT

Sequestration of carbon in soil, both soil organic carbon (SOC) and soil inorganic carbon (SIC), is strongly deter-
mined by management-induced differences in soil physical, mechanical, strength, and hydrological properties. These
properties affect SOC sequestration through creation of either a positive or negative soil/ecosystem carbon budget.
A positive SOC budget positively affects agronomic productivity and above and below ground biomass, and thus, is
asink for atmospheric carbon dioxide (CO,) and methane (CH,). On the contrary, adverse changes in soil mechanical
properties make soil a source of greenhouse gases GHGs, and this also has a negative impact on productivity.

10B.1. INTRODUCTION

Soil strength, total porosity, pore continuity and size dis-
tribution, air porosity, and plant available water storage
also impact plant growth, root development and depth dis-
tribution, total biomass production, and the type and
amount of soil carbon (C) sequestration. Therefore, the
objective of management of soil mechanical properties is
to make soil a sink of atmospheric CO,.

10B.2. PROCESSES OF SOIL CARBON
SEQUESTRATION

Soil C sequestration refers to the transfer of atmospheric
CO, into soil C pools of a long mean residence time through
biotic and abiotic processes. There are two types of soil C
sequestration: soil organic C (SOC) and soil inorganic C
(SIC), and there can be an interconnectivity among them
through microbial processes (Figure 10B.1; Lal, 2004,
2010). The rate of SOC sequestration depends on soil prop-
erties, including the formation of stable microaggregates
(<200 pm). Even the labile SOC, encapsulated within stable
microaggregates, is physically protected against microbial
processes and has a long mean residence time.

Carbon Management and Sequestration Center, The Ohio
State University, Columbus, Ohio, USA

There are several mechanisms of protection of SOC
against the microbial processes (Figure 10B.2). Physical
mechanisms limit the access of SOC either through
encapsulation within stable aggregates or transfer of
SOC deep into the subsoil through biotic (earthworms,
termites, deep root systems) and abiotic (leaching of dis-
solved organic carbon) processes. Examples of chemical
mechanisms consist of interaction with metallic cations
(e.g. Fe, Al, Mn) and absorption of organic substances on
clay particles because of the charge properties, etc.
Biological mechanisms include productions of recalci-
trant compounds (e.g. Suberin) and other substances that
do not readily decompose.

Ecological mechanisms originate through interactions
between the pedosphere, biosphere, hydrosphere, and the
anthropogenic activities. The latter involve targeted
interventions that enhance both the above-ground and
below-ground biodiversity, enhance soil quality
(physical, chemical, and biological), and increase biomass
production.

10B.3. SEQUESTRATION OF SOIL
INORGANIC CARBON

Dryland ecoregions, covering as much as 45% of
Earth’s ice-free land (Lal et al., 2000), contain a large
amount of SIC. The land area under dry land may
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dilute carbonic acid (H,CO,) and bicarbonate (HCO,"),
and (3) solid form as carbonate (CO,>) in aqueous and
solid phase (CaCO,, MgCO,) (Groshans et al., 2018).
Predominance of any specific form of SIC may depend
on soil strength properties, especially soil wetness,

increase to as much as 50% of the Earth’s total area by
the year 2100 (Lal, 2019). Similar to the effects of SOC,
the SIC pool is also a source of numerous ecosystem ser-
vices (Groshans et al., 2018). The SIC occurs in soil in
three forms: (1) gas, (2) dissolved CO, in the form of



aeration, anaerobiosis, etc. In addition to lithogenic (pri-
mary) carbonates derived from the weathering of parent
rock, soils of arid regions also contain pedogenic or
secondary carbonates. The latter are formed authigeni-
cally in soil under alkaline arid conditions (Lal, 2019;
Monger et al., 2015) and when cations (Ca, Mg) are
brought in from outside the system.

10B.4. RESTORING SOIL PROPERTIES THROUGH
ECO-EFFECTIVE MANAGEMENT

Eco-intensification of agro-ecosystems involves
conversion to a restorative land use and adoption of
innovative agricultural practices that enhance produc-
tivity while reducing the environmental footprint (Lal,
2019). There is also a distinction between eco-efficient
and eco-effective agricultural practices (Czyzéwski et al.,
2018). Eco-efficiency implies the efficiency with which
the ecological resources are used in an agro-ecosystem.
Eco-effectiveness refers to the environmental effect or
footprint of a system (Czyzéwski et al., 2018). Whereas
these two concepts are not mutually exclusive, the strategy
is to reconcile the need for meeting demands of the
growing and increasingly affluent human population
with the necessity of restoring the environment. It is
important that eco-effectiveness not be short-changed by
eco-efficiency. Thus, appropriate land-use and farming
systems must satisfy both criteria.

10B.5. TECHNICAL AND ACTUAL RATE OF SOIL
CARBON SEQUESTRATION

The potential rate of SOC sequestration depends on
the magnitude of the historic loss, type and severity of
soil degradation, texture and minerology, depth of soil
solum, landscape position and aspect, and climate (pre-
cipitation, evaporation, temperature, water and energy
balance, biome/eco-region). In general, the rate of SOC
sequestration is higher in (1) cooler and wetter climates
compared with warmer and drier climates, (2) fine-tex-
tured and 2:1 expanding type minerals compared with
course-textured and 1:1 lattice clays, (3) concave landscape
facing poleward compared with convex shape facing
toward the equator, (4) systems that maintain a contin-
uous ground cover and return the biomass to the soil
compared with those that disturb the soil and harvest the
biomass, (5) complex farming systems with a cover crop
during the off-season compared with mono-culture and
less diverse systems, and (6) systems based on integration
of crops with trees and livestock compared with those
involving only the seasonal crops. In general, the rate of
SOC sequestration ranges from 1 Mg C/ha- y for the ideal
situation vs <0.1 Mg C/ha- y for traditional systems
(which can be improved, Lal et al., 2000). Similarly, the
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rates of SIC sequestration via the formation of pedogenic
carbonates and leaching of bicarbonates may also range
from 1 Mg C/ha-y to 0.005 Mg C/ha-y (Lal et al., 2000).
Examples of eco-effective land use and cropping system
include those that conserve soil and water and minimize
risks of soil erosion, create a positive soil/ecosystem C
budget through regular and substantial input of biomass-
C, adopt systems of integrated nutrient management and
ensure balanced application of plant nutrients, convert
from plow-based to no-till systems of seedbed prepara-
tion in conjunction with the retention of crop residue
mulch and elimination of infield biomass burning, and
minimize wheeling and the use of heavy vehicular traffic,
especially when soil is wet, to avoid kneading.
Sustainable management of SOC content, maintaining it
at about 2% in the top 0-30 cm layer, enhances and restores
soil engineering/strength properties, accentuates formation
of stable aggregates, improves porosity (macropores) and
continuity of pores, enhances gaseous exchange or aera-
tion, and reduces gaseous emissions through methanogen-
esis (CH,) and nitrification/denitrification (N,O). Restoring
SOC content to above the threshold level (~2% in the root
zone) sets in motion the restorative processes with an
upward spiral. Improvement in soil strength and engi-
neering properties has a positive impact on plant growth,
animal health, human well-being, and the environment.

10B.6. SUSTAINABLE DEVELOPMENT GOALS
OF THE UNITED NATIONS

Soil quality, as impacted by engineering and mechanical
properties along with the management of SOC and SIC
pools, also impacts the Sustainable Development Goals
(SDGs) or the Agenda 2030 of the U.N. (Lal et al., 2018).
Sustainable management of soil quality is specifically
pertinent to advancing SDG #2 (Zero Hunger), SDG 6
(Clean Water and Sanitation), SDG #13 (Climate Action)
and SDG #15 (Life on Land).

10B.7. CONCLUSIONS

1. Soil mechanical and engineering properties also
affect soil C pool and its dynamics. Total soil C pool con-
sists of SOC and SIC components, and both are inter-
linked. The SOC pool is larger in soils of the humid and
subhumid regions, and SIC is more predominant in those
of arid and semiarid climates.

2. Sequestration of atmospheric CO, in soil C pool
with mean residence time has strong impact on ecosystem
services, including moderation of the global carbon cycle
and the attendant impact on the greenhouse impact or
global warming. The maintenance of SOC to above the
threshold level of ~2.0% in the root zone is critical to
advancing the SDGs of the U.N.
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Chemical Weathering in the McMurdo Dry Valleys, Antarctica

W. Berry Lyons’, Deborah L. Leslie?, and Michael N. Gooseff?

ABSTRACT

While chemical weathering has not always been considered an active process in the McMurdo Dry Valleys
(MDYV), Antarctica, long-term geochemical and hydrological investigations have provided an overall better
understanding of chemical weathering in this polar desert environment. Liquid water on the landscape is limited
to stream channels as well as shallow subsurface melt features, as there is no overland flow. Stream total
suspended sediment loads are low, with the sources of sediment from stream channels, aeolian input, and/or
from the surfaces of glaciers. MDYV soils contain high concentrations of soluble salts with little clay material, but
since absent of water, these soils are a minimal location of chemical weathering. Hyporheic zones exchange
water during streamflow, and these areas control the stream geochemistry over various temporal scales.
Hyporheic zones promote rapid aluminosilicate weathering by moving dilute glacial meltwater into intimate
contact with sediment surfaces. Rapid weathering of the aluminosilicates in the streambed and hyporheic zones
is the most plausible explanation for chemostasis observed in these streams, indicating that little to no catchment
processes are necessary to explain the observed chemostasis in the MDV. Shallow subsurface waters with distinct
geochemical signatures have much higher dissolved Si concentrations than the stream waters and indicate that
they are responsible for enhanced aluminosilicate weathering in this polar desert environment. The dissolution
of CaCO, is also a major process in the hyporheic zones as generally the streams are unsaturated with respect to
calcite. Cation-exchange reactions are also important in the evolution from Na-Cl brines to Ca-Cl brines within
the soil column, while authigenic CaCO, can both dissolve and precipitate depending on the condition of the
system. Recently, stream channel landscapes are changing due to the melting of buried ice, creating thermokarst

and water track features, resulting in a sediment and solute influx to the stream.

11.1. INTRODUCTION

If one were to pick up a classical geomorphology text-
book, especially ones published prior to 20 years ago,
most might have a plot of temperature vs. precipitation
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Center, The Ohio State University, Columbus, OH, USA

’Department of Earth Sciences, University of Memphis,
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‘Hydrology, Water Resources and Environmental Fluid
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with the description of the types of weathering for the
various climatic categories. Notably, under polar environ-
ments, those that are very cold and dry, there would be no
mention of chemical weathering being an active process.
However, this orthodoxy has changed over the past two
decades. This change has come in part to our overall
better understanding of glacial and subglacial landscapes
(Anderson, 2007; Deuerling et al., 2018; Tranter, 2003;
Wadham et al., 2010), the recognition that chemical
weathering in Arctic regions underlain by permafrost is
seasonal, but extensive (Keller et al., 2007; Tank et al.,
2012), and that quantitative chemical weathering models
based on temperature as a driver grossly underpredict
dissolved chemical fluxes (Hartmann et al., 2014).
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Although much work on this topic has been done recently
in both the northern and southern polar regions, due to
logistical and other constraints, the amount of work
pales in contrast to what is known about chemical
weathering in both temperate and tropical landscapes. In
addition, some of the Earth’s polar regions are under-
going some of the most rapid change observed on the
planet, and the loss of the cryosphere and hence the
conversion of ice, snow, and ground ice to liquid water
will have important impacts in enhancing chemical
weathering in these environments in the near future. In
this chapter, we review and synthesize information gener-
ated from long-term geochemical and hydrological inves-
tigations in the McMurdo Dry Valleys region in
Antarctica at ~78° S over ~25 yrs. This represents the
most continuous and comprehensive data set on chemical
weathering in the Antarctic.

This chapter focuses on chemical weathering. This
polar desert landscape has been considered fairly stable
for a long time (Summerfield et al., 1999). We have, how-
ever, observed thermal erosion of beds and banks of
streams, especially those overlain by buried ice, under-
going permafrost degradation, causing significant down-
cutting with sediment remobilization over the past decade
(Gooseft et al., 2016; Levy et al., 2018; Sudman et al.,
2017). Erosion rates greater than 5 cm/yr have been deter-
mined through comparative LIDAR measurements in
mainstem streams (Levy et al., 2018). These values are
very much larger than those determined in exposed bed-
rock in the region using cosmogenic isotopes, where
denudation rates have been estimated at between 0.1 and
1.0 m/Myr (Bruno et al., 1997; Ivy-Ochs et al., 1995;

Polar
Plateau

> -

Nishizumi et al., 1991; Summerfield et al., 1999).
However, these physical processes are fairly recent, and so
our focus here is on the more extensive body of knowledge
on chemical weathering in the streams of this region.

11.2. STUDY AREA

The McMurdo Dry Valleys (MDV) are the largest
ice-free area in Antarctica (Levy, 2013) and have been a
major site of scientific research since the 1960s. Since
1993, Taylor Valley (TV), a low-elevation east-west
trending feature, has been the primary focus of the
McMurdo Dry Valleys Long-Term Ecological Research
(MCM-LTER) program, where long-term environ-
mental monitoring and experiments have taken place
(Figure 11.1). These scientific activities include climato-
logical, hydrological, ecological, and geochemical mea-
surements involving the glaciers, soils, streams, and lakes
in the valleys (see http://mcm.lternet.edu/ for more
information).

The MDYV are climatologically classified as polar des-
erts, with TV having a mean annual temperature of —18
°C, and annual water equivalent precipitation of <5 cm
(Doran et al., 2002; Fountain et al., 2010). Ephemeral
glacial meltwater streams flow through fixed channels
during the austral summer for 4-12 weeks (McKnight
et al., 1999; Wlostowski et al., 2016). The glaciers are
cold-based, and the meltwater generated from them is
generated at and flows along their surfaces, as they are
frozen to the underlying substrate (Fountain et al., 1999).
All but two of the streams in TV flow into closed-basin
lakes, and the majority of these streams are gaged prior

X _.x Ly
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Figure 11.1 The McMurdo Dry Valleys (MDV), Antarctica.
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to entering the lakes. There is no overland flow, and much
of the snow that does occur within the valley is rapidly
sublimated.

The lower elevation soils in TV were deposited from
glacier advances and retreats of both the East and West
Antarctic Ice Sheets, depending on the location within
the valley, over the past ~130,000 years, while higher ele-
vation surfaces could be as much as 2 million years old
(Hall & Denton, 2000). The mineralogy, organic carbon
concentration and source, and soil geochemistry, espe-
cially the soluble salt content and composition, are
dependent on their elevation and age (Bockheim, 1997,
Burkins et al., 2000; Toner et al., 2013). The lower eleva-
tion surfaces have been exposed to water over the past
300,000 years at a minimum as the present-day lakes have
waxed and waned as the climate varied (Hendy, 2000).
Deposition of organic matter and sediments from the
lakes can still be observed in the lower elevation soils. The
higher elevation soils with wetting due to snow and ice
melt have accumulated high concentrations of soluble
soils through atmospheric deposition of aerosols
(Bockheim, 1997). These higher elevation surfaces have
remained exposed for millions of years. These ultraxe-
rous soils have been described as a sandy-skeletal textural
class and are strongly oxidized (Bockheim, 1997). The
active layer above the permafrost averages ~50 cm depth,
and Bockheim (1997) has termed this “dry” permafrost
due to the fact that although frozen, there is insufficient
water for cementation.

Prior to 2005, it was thought that the only liquid water
from cryospheric melt was generated by glacier melting
and the hydrologic connectivity from the glaciers to the
stream channels (Figure 11.2) to the lakes and/or ocean
(Lyons et al., 1999). Subsurface melt features termed
“seep,” and later referred to as “water tracks” were
described by MCM-LTER workers in the mid-2000s

(Harris et al., 2007; Lyons et al., 2005). These features
were thought to be derived from either permafrost and/or
buried ice and/or snowpack melt (Harris et al., 2007).
Recent high-resolution LIDAR studies have clearly dem-
onstrated a large number of buried ice bodies in the lower
elevations/valley floors of MDV (Levy et al., 2018). As
the climate warms, these newly discovered features may
become important new sources of water for driving
weathering reactions (Fountain et al., 2014).

11.3. FLUVIAL EROSION/DENUDATION

Little work has been done examining suspended sedi-
ment transport in the streams of the MDYV, and what has
been done has not been done in a systematic manner
(Lyons et al., 2016). As there is no overland flow or sub-
glacial discharge, the source of suspended materials in
these streams originates from the stream channels them-
selves, aeolian input, and/or from the surfaces of the gla-
ciers. Given these potential sources, it is expected that the
total suspended sediment loads of these streams should
be low. What little work has been done suggests that in
low-gradient streams this is the case. Low-gradient
streams in the Fryxell basin have measured total
suspended sediment values between 0.6 and 18 mg/L,
with a mean loss on ignition of 38% (Lyons et al., 2016).

11.4. SOILS

As noted above, the soils in MDV have very low mois-
ture content with a mean value of ~1% in the top 3 cm
that can reach ~10% at the base of the active layer in
coastal regions (Campbell et al., 1998). These authors
estimated that >95% of the soil surfaces in the coastal
regions of the MDV are not moistened by liquid water
except through the potential of melting snow, which in

Figure 11.2 Streams (a) Priscu Stream, emerging from melt of the LaCroix Glacier. (b) Delta Stream, originating at
the Howard Glaicer in the background, and water tracks in the McMurdo Dry Valleys. (c) Along the south shore
of Lake Hoare.
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turn may only last a few hours. The mineralogy of the
soils reflects the glacial history of the valleys and con-
tains materials from all the local rock types: the early
Paleozoic Cambrian and Precambrian metamorphic
basement rocks, the Jurassic Ferrar Dolerite, the
Devonian-Jurassic aged Beacon supergroup sedimentary
rocks, and the late Miocene to present McMurdo volca-
nics. These volcanic rocks are much more abundant in the
eastern part of TV than in the western portion (Hall &
Denton, 2000).

Due to the lack of water, there is minimal chemical
weathering in these soils (Campbell et al., 1998). There
are a number of lines of evidence for this conclusion.
Away from the few wetted zones, these soils contain high
concentrations of very soluble salts, with values as high
as >2 g/cm? in the upper 70 cm of soil where surface ages
are 250,000 years, with even greater amounts in soils that
are older surfaces (Bockheim, 1997). These salts include a
wide range of minerals but are dominated by halite,
gypsum, mirabilite, and nitrate salts that vary systemati-
cally as one moves away from the ocean and with eleva-
tion (Bisson et al., 2015; Bockheim, 1997; Keys &
Williams, 1981). Given the solubility of these salts, espe-
cially the high solubility of the nitrate salts, it is clear that
these soils experience little interaction with liquid water
(Lyons et al., 2017).

In addition, there exists very little clay-sized material in
these soils, and what does exist is mainly unweathered or
very slightly weathered feldspar and mica (Campbell
et al., 1999). Smectite clays have been reported in low
abundance in some samples and are thought to be due to
the weathering on Mg-rich minerals within the dolerite
(Campbell et al., 1999; Conca & Wright, 1987; Green
et al., 1988); however, Bockheim (1997) has observed
only a slight broadening in the 10 angstrom mica peak,
suggesting only slight alterations of the mica present.
There is some oxidation of ferrous iron—bearing minerals
as seen in their change in coloring, but Bochkeim (1997)
has argued that the soils are dominated by physical
weathering processes.

11.5. SHALLOW GROUNDWATER SEEPS
AND WATER TRACKS

Liquid water outside of the ephemeral stream channels
has been recognized in the MDV. MCM-LTER scientists
described what they termed “subsurface ice melt seeps” in
the mid-2000s (Harris et al., 2007; Lyons et al., 2005). The
geochemistry of these waters was very different than the
glacier meltwaters contributing to streamflow. Notable
differences were eclevated total dissolved soils (TDS),
higher NO, concentrations, and generally more enriched
water stable isotope signatures. These water sources were
attributed to buried ice, perennial snow patches, and/or

shallow groundwaters derived from permafrost thaw
(Harris et al., 2007). These isotopic data suggested that
some evaporation of the water had taken place, and the
high TDS indicated either evapoconcentration and/or the
dissolution of ions from older, salt-rich soils.

“Water tracks” are defined as zones of high soil mois-
ture flowing downslope above the permanent ice table in
the MDV (Levy et al., 2011). Like the seeps, they have
high TDS, but the water tracks can exceed the seeps’ TDS
values by 1-2 orders of magnitude (Levy et al., 2011,
2012). They also have enriched water isotope values that
suggest a mixture of recent snow and melted permafrost
(Levy et al., 2011), and because of this have been linked
to the previously mentioned soil water brines (Toner &
Sletten, 2013). These features have water saturated thick-
nesses greater than the depth to the permanent ice
cemented soil. This leads to water discharge onto the sur-
face, making some seeps the result of water tracks (Levy
etal., 2011). In these brackish to hypersaline waters, there
is no consistent relationship between Ca and HCO,,
suggesting that these fluids are not actively involved in
carbonate weathering.

11.6. STREAMS

As noted above, streamflow is primarily generated by
glacier ice melt, which depends on the surface energy
balance. Streams generally begin flowing in early
December and cease flow in mid to late February. Short
streams (~1 km) tend to have more consistent flow and
low electrical conductivity, compared to long streams
(>5 km) (Singley et al., 2017; Wlostowski et al., 2016).
Streams in the MDV are connected to hyporheic zones
along their lengths. These hyporheic zones are locations
of rapid exchange of stream water during streamflow.
However, at the beginning of the flow season, they are
unsaturated and their pores represent a significant reser-
voir that must be filled before flow can persist down-
stream. Thus, in low flow years, longer streams are
intermittent throughout the season. Because of the con-
tinuous sunlight during the austral summer flow season,
daily stream hydrographs often have a distinct cycle of
low flows through the morning and high flows in the eve-
ning. Streams can warm to 15 °C on warm, sunny after-
noons (Cozzetto et al., 2006). Streambeds thaw to
approximately 50-75 cm (which is more than the soil
thaw depth in the MDYV), providing the volume for
hyporheic zones to occupy.

The cross-sectional areas of the hyporheic zones of
streams in the Fryxell basin of TV range from 0.01 to 4.9
m?, and residence times of water in them can be up to
1550 hrs (Gooseff et al., 2003, 2004; Koch et al., 2011;
McKnight et al., 2004; Runkel et al., 1998). Thus, it is
thought that long contact times, along with the
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interaction of fresh mineral surfaces produced via freeze-
thaw action, enhanced the chemical weathering rates in
these environments, with modeled rates normalized to
mineral surface area rivaling rates determined for plagio-
clase in temperate climates (Maurice, 2009). The thawing
and refreezing of the hyporheic zones could occur on a
regular basis, and during the freezing process, not only can
minerals be broken and etched to produce fresh surfaces for
subsequent weathering, but simple salts can be precipitated
to be solubilized as the porewater thaws. This dynamic
probably plays a significant role in controlling stream geo-
chemistry over temporal scales, from daily to annual.

In general, the streams are unsaturated with respect to
calcite, indicating that the dissolution of CaCO, is a major
process, especially in the younger landscapes (Lyons et al.,
2013) (Figure 11.3). This is supported by the fact that the

stream waters are enriched in Ca to Mg compared to
rivers and streams globally (Welch et al., 2010). The
8Sr/%Sr data also reflects a less radiogenic value,
comparable to the local pedogenic carbonate found in
soils (Lyons et al., 2020). This hypothesis is also substan-
tiated by comparing alkalinity generated by aluminosili-
cate weathering to total alkalinity using the model of
Hodson et al., (2000), where only between 4% and 21% of
the total alkalinity found in the MDV streams apparently
is generated through silicate weathering (Table 11.1).
Having said this, aluminosilicate weathering is significant
and can be demonstrated to be taking place in the hypo-
rheic zones of these streams (Figure 11.4). Using small,
plastic piezometers placed perpendicular to the stream
flow, hyporheic zone samples were obtained at one loca-
tion in Von Guerard Stream and analyzed for H,SiO,;
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Figure 11.3 Alkalinity and pH in two MDV streams over a daily hydrograph.

Table 11.1 Mean values of titration alkalinity and H,SiO, for McMurdo Dry Valley streams and calculated alkalinity due to

aluminosilicate weathering.

Ak,
Stream Alk (meg/L) Si (mM) Alk " (mM) Alk; ’

Taylor Valley Commonwealth 0.255 0.016 0.025 10
McKnight 0.877 0.050 0.079 9
Von Guerard 1.243 0.087 0.138 11
Green 0.308 0.025 0.040 13
Canada 0.200 0.025 0.040 20
Andersen 0.403 0.018 0.028 7
Priscu 0.956 0.043 0.068 7

Other Miers 0.820 0.019 0.030 4
Garwood 1.050 0.040 0.063 6
Onyx 0.341 0.046 0.073 21

*Calculated from the technique of Hodson et al. (2000).
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Figure 11.4 Dissolved Si in Von Guerard hyporheic zone
relative to streamwater Si concentrations.

these values were then “normalized” to H,SiO, in the
stream water collected at the same time. The highest
normalized values are observed during the highest flow
sampled (Figure 11.4).

11.7. WEATHERING PROCESSES

11.7.1. Other Soil Processes/Cation Exchange
and Authigenic CaCo, Production-Dissolution

Toner and Sletten (2013) have demonstrated that soil
waters in TV evolve from Na-Cl brines to Ca-Cl ones at
shallow depths within the soil column. This transforma-
tion is brought about through cation exchange reactions
that involve the uptake of Na, derived through marine
aerosol input, onto soil surfaces, liberating Ca and Mg
from the soils. CaCO, dissolution also plays a role in
controlling soil water interactions, which also contributes
to high Ca values in these waters (Toner et al., 2013).
Modeling indicates that after cation exchange is taken
into account, upon freezing, Ca can be removed from
these soil waters through calcite and gypsum precipita-
tion (Toner & Sletten, 2013). Pedogenic carbonate in the
form of calcite exists in soils throughout the MDYV,
averaging about 1.1% in the lowest elevation soils, 2.0% in
the youngest soils, and in general, lower concentrations
with depth and distance from the ocean (Foley et al.,
2006). Stable O and C isotopic signatures of this pedo-
genic carbonate strongly indicate that the major source
of carbon is atmospheric CO, and that it is formed by
rapid evaporation of thin water films that become super-
saturated with respect to calcite (Lyons et al., in press).
The former observation is not surprising given the very
low organic carbon concentrations in these soils (Burkins
et al., 2000). The rates of pedogenic carbonate produc-
tion are low (Foley et al., 2006) and may suggest the

dynamic nature of CaCO, in these soils, where it can be
both produced and removed, depending on the physio-
chemical state of the soil. Ca isotope measurements in
the ephemeral streams in the MDYV also suggest dynamic
behavior of CaCO, in these systems in that in some loca-
tions (or perhaps even at the same location, but at
difference times), calcite can be precipitated and at others
it can be dissolved (Lyons et al., 2016).

11.7.2. Aluminosilicate Weathering by Shallow
Groundwaters

Previously unpublished H,SiO, data from six of the
seep waters collected by Harris et al. (2007) range bet-
ween 72 and 175 pM with a mean of 117 uM. Eighty-six
water track samples collected during the 2014-2015 aus-
tral summer had H,SiO, concentrations of 1-670 pM
with a mean of 180 pM (J. S. Levy and others, unpub-
lished data); if the two highest sample values (657,670)
are removed, the mean value for this large data set reduces
to 168 uM. Clearly these waters originating from the shal-
low subsurface have much higher dissolved Si concentra-
tions than the stream waters in TV (Welch et al., 2010),
indicating that they are responsible for enhanced alumi-
nosilicate weathering in this polar desert environment.
Higher rock/water ratios and/or the highly saline nature
of these waters may be responsible for the high H,SiO,
values observed.

11.7.3. Weathering in Streambeds

The hyporheic zones, through which stream water
exchanges throughout the flow season, promote rapid
weathering by moving dilute glacial meltwater into inti-
mate contact with sediment surfaces that are relatively
“fresh” geologically speaking and ready to react. These
surprisingly high weathering rates were originally identi-
fied from analyses of dissolved Si concentrations and an
assessment of the “watershed” that could contribute to
these dissolved loads (Lyons et al., 1997, 1998). Nezat
et al. (2001) calculated approximate watershed areas for
MDYV streams, estimating the watershed dimensions to be
the length of the stream with a fixed width of 4 m.
Synoptic sampling along MDV streams revealed that
concentrations of most major ions increased in the down-
stream direction (Gooseff et al., 2002). These patterns,
when simulated with a reactive transport model, can
account for dissolution of streambed sediments, indi-
cating some of the highest weathering rates in the world
(Gooseff et al., 2002).

Recently, Wlostowski et al. (2018) have also identified
the MDYV streams as chemostatic: that is, for changes in
stream discharge over several orders of magnitude,
stream dissolved ion concentrations change very little
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(Source: Wlostowski et al., 2018.)

(Figure 11.5). This phenomenon is observed in many
temperate streams around the world (Godsey et al., 2009).
The challenge to understanding weathering solute dyna-
mics in temperate streams is that their catchments are
relatively large in volume (i.e. soil depths to bedrock may
be tens of meters, and catchments are areas generally
bounded by topology) and can therefore store a lot of old
water in their aquifers. So chemostasis in temperate streams
may be due to changes in the water source to streams with
more older, high-concentration water contributing at
high-flow conditions. As we described above, the water-
shed volumes of the MDYV streams are quite small, and
there is little capacity to hold extensive reservoirs of water.
Thus, rapid weathering of the silicates in the streambed is
the most plausible explanation for chemostasis in these
streams. Wlostowski et al. (2018) use a fairly simple reac-
tive transport model to simulate solute concentrations over
several orders of magnitude of streamflow.

11.8. IMPLICATIONS OF MELTING BURIED ICE

Stream channel landscapes are changing due to the
melting of buried ice (Fountain et al., 2014; Gooseff
et al., 2016). Stream bank and bed erosion occurred in
Crescent Stream, Taylor Valley, in January 2012
(Figure 11.6). A thermokarst tunnel (~20 km long) trans-
ferred water downstream with significant bank erosion
along 3 km of the stream. This sediment influx increased
the dissolution of Na, Cl, and NO, when comparing the
inflow to the outflow. If increases in solar radiation occur,
these areas would be prone to thaw and be major sources
of solutes to the stream water.

11.9. CONCLUSIONS

Over 20 years of research in the MDV demonstrate
that chemical weathering is surprisingly high in this dry,
cold landscape. From a thermodynamic perspective, the
low temperatures would be expected to retard weathering
rates. Similarly, the cold conditions, which do not allow
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Figure 11.6 Stream channel erosion on Crescent Stream. Sol-
ute concentrations are compared to MCM-LTER long-term data
(www.mcmlter.org), downstream thermokarst influence, ther-
mokarst inflow, and thermokarst outflow.

for any rain events and no overland flow (excepting water
tracks), would also potentially inhibit weathering rates.
However, the MDVs have several locations where
enhanced liquid water occurs (seeps, water tracks, and
streams) and rapid silicate weathering of relatively
unweathered minerals takes place. Even with small water
volumes and holding capacity, rapid silicate weathering is
the most plausible explanation supporting chemostasis
observed in the stream water chemistry, which is a similar
observation in many temperate streams around the world.

With changing austral summer climate conditions,
either increased solar radiation or warming temperatures
or both will increase glacier and buried ice melt and
permafrost thaw. In addition, a longer duration of the
melt could also occur. Much “potential” liquid water
exists in the system, but it is currently sequestered as
ice. Temperature variations as small as ~0 °C can have
profound impacts on liquid water production in the MDV
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(Doran et al., 2002). Although chemical weathering rates
may change little with a small temperature increase in
these systems, it is hypothesized that with increased flow,
the hyporheic zones of the fixed stream channels will
increase in size, thereby enhancing the production of sol-
uble weathering by-products, as minerals previously not
in contact with liquid water will interact during increased
water flows. In addition, near-surface permafrost thaw
will increase “water tracks” that will in turn solubilize
salts from previously dry soils. Clearly, a warming climate
will enhance both weathering and soil development in
this currently very arid and waterless environment.
Ongoing monitoring will be needed in order to assess the
impact of climate change and variability on both the ter-
restrial and fluvial components of this unusual landscape.
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Carbon and Nutrient Fluxes Within Southeastern Piedmont
Critical Zones

Todd C. Rasmussen, Maryam Foroughi, and Daniel Markewitz

ABSTRACT

The critical zone encompasses terrestrial and aquatic systems that extend from local (soil pedon) to continental
(watershed) scales, with heterogeneous fate and transport processes across these systems and scales. We present
an exploratory analysis of carbon and nutrient fluxes on a Southeastern US landscape: from forest soils, subsur-
face transport to rivers and streams, and then to and within lakes. Data from field studies in the warm-humid
Southeastern Piedmont (Calhoun Critical Zone Observatory, Lake Lanier) are used to develop a conceptual
model of interactions between carbon, nitrogen, phosphorus, organic matter, clays, and iron within the critical
zone, which is useful for long-term soil, watershed, and lake management. We see modest, positive relationships
between iron, carbon, and nutrients at pedon scales along a hillslope that extends to streams and lakes. While
this association is phenomenological, and thus variable, it can be ascribed to fundamental chemical and physical
processes. Sorption of phosphorus and ammonium to colloidal iron, organic matter, and clay allows the subsur-
face migration of each to lotic aquatic systems (first- to fifth-order streams), where they are transported into
lentic environments (lakes, wetlands, estuaries). A better understanding of these processes can lead to improved

management and control of phytoplankton and eutrophication in these systems.

12.1. INTRODUCTION

Forests once dominated southeastern landscapes in the
United States, from fire-dominated longleaf-pine and
wiregrass communities on the Coastal Plain to mixed
hardwood-conifer communities on the Piedmont and
Appalachian Highlands (Whitney, 1994). Soils with high
organic matter were abundant in the Piedmont, with top-
soil being described by early settlers as dark and rich.
This changed with the deforestation and onset of
large-scale agriculture, which reached a peak between
1860 and 1920 (Trimble, 1972).
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Widespread soil loss due to land-disturbing activities
slowed dramatically during the 1920s and 30s, primarily
due to agricultural pests (e.g., boll weevils) and market
forces (i.e., the Great Depression). Reforestation since
then has increased forest cover, resulting in declining soil
losses and increasing soil organic matter accumulation
(Lamon et al., 2007; Richter & Markewitz, 2001). In
addition, the construction of reservoirs for hydropower,
flood-control, recreation, navigation, and water supply
has provided lentic conditions for sediment and nutrient
accumulation.

Yet modern agricultural and municipal development
continue to affect southeastern soils and aquatic habitats,
especially organic matter and nutrient cycling. Wastewater
treatment plants discharge point-sources of carbon and
nutrients, while row-crop agriculture and land-application
of poultry manure on pasturelands contribute to
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nonpoint sources of carbon and nutrients to rivers,
streams, and reservoirs.

The combination of point and nonpoint inputs
adversely affects aquatic ecosystems due to eutrophica-
tion, as well as municipal drinking-water treatment costs.
For example, Lake Lanier is a large reservoir used by the
Atlanta Metropolitan Area in North Georgia that is used
for recreation and drinking water. Occasional nutrient-
driven algae blooms lead to aquatic impairment and
increased municipal drinking water treatment costs.

We place these environmental-management challenges
in the context of the critical zone, which incorporates
environmental processes that extend from pedon (local)
to landscape (watershed) scales (White et al., 2015).
Understanding how these processes respond to point and
nonpoint carbon and nutrient loadings is central for pro-
moting environmental sustainability by increasing system
resiliency and reducing vulnerability to degradation.

This study summarizes components of our current
understanding relating to processes and factors that
account for carbon and nutrient mobility within soils,
streams, and lakes. Many southeastern soils have deep
subsoils that are enriched in iron and clay minerals, both
of which affect carbon and nutrient transport within
soils, as well as within rivers and lakes (West et al.,
2017). Colloidal iron and clays react with organic matter,
dissolved nitrogen, and phosphorus to form complexes
that can either promote retention or support transport.
We use this understanding to present a conceptual
model that can be used for further research and
management of environmental systems within the
southeastern Piedmont.

12.1.1. Geographic Setting

The southeastern Piedmont is a rapidly developing
region that occupies the landscape between the
Appalachian highlands and the southeastern Coastal
Plain (Figure 12.1). The region has developed substan-
tially since the Second World War after emerging from
destitute poverty following the collapse of the Cotton Era
that extended from 1840 to 1930. Unlike today, where
modern commerce and agriculture supports unprece-
dented growth, the Cotton Era was a period when soils
were managed unsustainably, leading to erosion and loss
of productivity (Trimble, 1972). This legacy endures
through depleted topsoil, gullies, aggraded stream chan-
nels, and loss of reservoir storage due to sediment entrain-
ment (Jackson et al., 2005). In addition to physical
alteration of the landscape, the soils have been depleted
of carbon and nitrogen, and in some cases contain
enriched phosphorous and calcium due to agricultural
inputs that have been slow to recover to their natural con-
ditions (Foroughi, 2019).

200 300

400 km!

Figure 12.1 Shaded relief map of the Southeastern United
States showing the Calhoun Experimental Forest (A) and Lake
Lanier (B).

The Calhoun Critical Zone Observatory (Calhoun
CZ0), which incorporates the Calhoun Experimental
Forest, is located in the Piedmont region of South
Carolina (Figure 12.1, “A”) in the US Department of
Agriculture (USDA) Forest Service’s Sumter National
Forest. The mean annual temperature and precipitation
of the Calhoun CZO are approximately 17 °C and 1260
mm, respectively. Elevations range from 120 to 180 m
amsl. Upland soils are typically acidic, highly weathered
Ultisols, while floodplain soils are Entisols (Richter et al.,
2015). The Calhoun CZO area has a history of severe
surface erosion (~17 cm during the Cotton Era) from
cotton, corn, wheat, and other crops that were cultivated
from 1800 until agricultural lands were abandoned in the
early 20th century (Hayes et al., 2014; Richter &
Markewitz, 2001). The legacy effect of agriculture and its
replacement by forested ecosystems is currently being
investigated at this site (Richter et al, 2015).

Lake Lanier (managed by the US Army Corps of
Engineers) is 240 km west of the Calhoun CZO on the
same landscape position within the southeastern
Piedmont (Figure 12.1, “B”). Lake Lanier is one of many
reservoirs, both small and large, that have been con-
structed in the last 70 years for hydropower, navigation,
water supply, recreation, and flood control. Lake Lanier
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experiences hypereutrophic conditions in the upper sec-
tions and mesotrophic conditions near the dam. Mean
residence times in the reservoir approach 500 days, and
the water column is vertically stratified from May through
December (Zeng & Rasmussen, 2005). Two fourth-order
streams, the Chattahoochee and Chestatee Rivers, and
numerous smaller tributaries feed the reservoir from
watersheds that drain from the adjacent Piedmont and
Blue Ridge physiographic provinces. In addition, the
effects of legacy and modern agriculture, along with rap-
idly growing populations, is the focus of ongoing studies
at this site (Zeng & Rasmussen, 2005; Zeng et al., 2006).
Lake water quality concerns include both point and
nonpoint sources of pollution. Nonpoint sources are
ubiquitous, including eight landfills, numerous onsite
septic disposal systems, nearby land application of dairy
and poultry wastes, and stormwater runoft from agricul-
tural and rapidly expanding urban sources. Point sources
include 13 municipal wastewater treatment plants and 33
private and industrial facilities (Hatcher, 1994, 1998).

Precipitation
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and
Percolation
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12.1.2. Conceptual Model Definition

Figures 12.2 and 12.3 present our proposed conceptual
model of carbon and nutrient fluxes within southeastern
Piedmont critical zones. While precipitation drives the
hydrologic cycle, carbon and nutrient fluxes are primarily
driven by landscape sources and sinks. The redistribution
of soil carbon and nutrients is controlled by evaporation
and plant water uptake that supports nutrient uptake and
productivity, and by downslope losses to aquatic systems
via surface and subsurface pathways. The historical alter-
ation of the southeastern Piedmont landscape resulted
in soils depleted in carbon and nutrients (although see P
and Ca caveats above), with concomitant accumulation
in floodplains as well as in stream and lake sediments.

Our model assumes that carbon (C) is found in soil and
dissolved organic matter, standing biomass, and in inor-
ganic forms, including dissolved carbonates (e.g., carbon
dioxide, carbonic acid, bicarbonate, carbonate) or min-
erals (e.g., calcium carbonate, siderite). The relative

’ uamm

Land use over time

Surface runoff

(P)

Benthic Algae

Figure 12.2 Conceptual landscape model of carbon and nutrient flux processes at hillslope, stream, and lake scales.
Hillslope processes include surface runoff (overland flow), infiltration and percolation, vertical leaching, and lateral flow.
Channel and lake processes include benthic and pelagic transport of inorganic (dissolved and suspended sediment)
and organic (algae) carbon and nutrients. Land use changed from row-crop agriculture, to abandoned fields, to forests
(upper inset). A, Bt, C, and R refers to soil master horizons. Black dots in stream and lake refer to sampling locations.
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Figure 12.3 Conceptual model of carbon and nutrient cycling in Lake Lanier, a Southeastern Piedmont impound-
ment. Green indicates biomass components, while red highlights the processes that are the focus of this investiga-
tion. SS = suspended solids, DOC = dissolved organic carbon, ON = organic nitrogen, OP = organic phosphorus,
SOM = soil/sediment organic matter. BOD = biochemical oxygen demand.

abundance of inorganic C is determined, in large part, by
soil or water acidity (i.e. pH), while the abundance of
organic C reflects the balance of photosynthesis and
decomposition at the large scale and local physiochemi-
cal conditions that alter the decomposition rates (e.g. O,
content, abundance of mineral sorbents, microbial
activity) (Schmidt et al., 2011). Nutrients are also found
in organic and inorganic forms: as either ammonium/
ammonia (pH dependent), nitrate, nitrite, or N, gas
(redox dependent) for nitrogen, or as the multiple forms
of H,PO, that are also pH dependent. Ammonium, in
particular, is strongly sorbed to clay mineral surfaces
(Kleber et al., 2007).

Alfred Redfield first reported in 1934 (Redfield, 1934) a
remarkable consistency in nitrate and phosphate data from
various ocean waters at a molar ratio of 20:1 that was later
refined to 16:1, and expanded to include C to define the
well-known molar Redfield ratio of C:N:P in marine sys-
tems, 106:16:1. In aquatic systems at circum-neutral pH,
the Redfield equation can be written as (Hatcher, 1998)

106HCO;” +16 NO;~ + HPO, > +16 H,O +124H*
+energy = (CH,0), , (NH;3),, (H;PO,)+1380,. (1)

Nitrates are commonly found where sufficient oxidation
is present (e.g. wastewater treatment plants) and are less
likely to sorb to clays. Phosphorus is strongly bound to
positively charged iron (oxyhydr)oxides, but only for
specific pH (<8.5) and redox (DO > 1 mg/L) conditions.
Phosphate is released as the hydroxide ion becomes more
abundant at increasing pH. Also, iron bound to clays can
be transported by colloid-assisted transport.

This conceptual model posits that (1) pH and redox are
the master parameters that control the fate and transport
of carbon and nutrients, and that (2) colloidal organic
matter, clay minerals, and iron (oxyhydr)oxides facilitate
transport by mobilizing otherwise insoluble forms of
carbon and nutrients. In addition, temperature is an

important cofactor by driving phytoplankton growth and
decomposition (Zeng et al., 2006).

Clay-sized (<2 pm) and colloidal (<450 nm) particles
consist of organic matter, clay minerals, and iron (oxy-
hydr)oxides. Because of their small size, they are able to
move through pores without adsorption under specific
conditions of pH and Eh. Clay minerals have a permanent
negative charge due to isomorphic substitution of less-
positive atoms for more-positive atoms within the min-
eral lattice (e.g. Al** substitution for Si**), so that nutrient
cations (ammonium) can become electrostatically bound
to clay mineral surfaces.

Other clay-sized particles (iron, manganese, organic
matter) have pH-dependent surface charges, with low pH
inducing a net-positive charge and high pH inducing a
net-negative charge. Thus, nutrient cations (ammonium)
are bound at high pH while nutrient anions (nitrate,
phosphate) are bound at low pH. The zero-point of
charge characterizes the pH at which electro-neutrality
occurs.

Redox also affects nutrient transport, in that reducing
conditions favor ammonium and denitrification (N,
formation), while oxidizing conditions favor nitrate
forms. Redox also affects iron minerals, in that ferric
(Fe*) iron (oxides such as hematite and oxyhydroxides
such as Goethite) are more stable under oxidizing condi-
tions, while ferrous (Fe*?) iron is more soluble under
reducing conditions. Southeastern Piedmont lakes
(including Lake Lanier) have higher temperatures, oxygen
concentrations, and pH within the photic zone, and lower
values below the thermocline (Zeng et al., 2006). These
conditions support reduced forms of iron, manganese,
and nitrogen at depth, and oxidized forms near the
surface.

Here, we present data to evaluate this conceptual model
of landscape fluxes. We start with a pedon-hillslope-
stream model developed at the Calhoun CZO, which is
then linked to a stream-lake model developed for Lake
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Lanier. We then expand that model to soil solutions, low-
order streams, and higher-order rivers. Our goal is to
develop an integrated landscape-scale model that couples
disparate spatial and temporal scales, and that accounts
for the hydrologic, chemical, and physical processes that
influence carbon and nutrient fluxes.

We hypothesize that soil solutions collected in shallow
(15 cm) lysimeters have higher phosphorus (P) and dis-
solved organic carbon (DOC) and lower iron (Fe) than in
deeper (30 cm) lysimeters due to higher soil organic
matter and dissolved organics displacing P without need
for Fe reduction and release. At the 60 cm depth we
expect little P or Fe as these are clay- and oxygen-rich
environments. On hillslope transects, we expect higher P
on ridgetops due to a history of P fertilization but not
higher Fe. We also expect higher Fe-associated P lower on
the hillslope and along streambanks due to lower redox
conditions.

We also expect low Fe- and DOC-associated P in low-
order streams due to limited dissolved and suspended
sediments, but greater Fe- and DOC-associated P in
higher-order streams (Enoree and Tyger Rivers in the
Calhoun CZO) due to their elevated sediment concentra-
tions. These dissolved and suspended sediments travel
through these lotic systems and then enter lentic systems
(lakes), where they trigger phytoplankton blooms within
the photic zone during the growing season.

12.2. METHODS

12.2.1. Calhoun CZO

Soil-water samples were collected from four different
hillslope positions (ridge, mid-slope, toe-slope, and
streambank) from two depths (15 cm and 60 cm) using
ceramic-cup lysimeters that were installed following
Artiola et al. (2004). Two landscape types were sampled,
watersheds influenced by historical agriculture and refer-
ence sites on forested hillslopes lacking historical agricul-
ture. Three hillslopes in each landscape type were sampled
in each hillslope location, except that the reference hill-
slopes only had lysimeters in two of the streambank loca-
tions. Instream water samples were also collected from all
former agricultural watersheds, but only one reference
hillslope composed enough of the watershed to be repre-
sentative. Figure 12.4 provides a map of the watershed
and sampling locations.

Water samples were collected from lysimeters every
10-20 days between Jan 2017 and Dec 2018 for former
agricultural lands, while solutions on reference sites were
collected between May 2017 and Dec 2018. Surface water
was collected monthly from former agricultural and ref-
erence streams between July 2014 and July 2017. An addi-
tional 13 stream locations of varying stream order and

mixed land use were also sampled during this time, for a
total of 17 different streams. Samples were kept on ice
and transferred to the laboratory after collection.

Unfiltered lysimeter and stream samples were used to
measure the specific conductance (Rhoades et al., 1996),
pH (Page, 1982), and alkalinity to an endpoint pH of 4.2
titrated with 0.01 N HCI (Jenkins, 1982) on an auto-titra-
tor (Mettler-Toledo, Columbus, OH). Thereafter, soil
solution and stream samples were filtered within 24 hrs
of collection using a 0.40 pm polycarbonate filter and
stored cold. Samples were measured for DOC and total
dissolved nitrogen (Shimadzu TOC-TN analyzer;
Shimadzu Corp., Kyoto, Japan), anions (Cl, SO,, NO,,
NO,, PO,) and cations (Na, K, Mg, Ca) (Dionex ICS-
2100 Ion Chromatograph), and Fe, Al, and Mn (Perkin
Elmer Inductively Coupled Plasma-MS model Elan
DRCII). Soil-solution samples were digested using a per-
sulfate oxidation reagent (Koroleff, 1983) to measure
total phosphorus (reported as PO,). Total and inorganic
phosphate were analyzed using a Spectronic Genesys 2
spectrophotometer using the molybdate blue chemistry
(Murphy & Riley, 1962).

12.2.2. Lake Lanier

Field and laboratory data were collected from the
mouths of 10 tributaries to Lake Lanier and at 17 loca-
tions within Lake Lanier at multiple depths over a one-
year period (Figure 12.5). Field data included water
temperature, specific conductance, pH, and oxygen con-
centrations. Laboratory analyses included total solids
(dissolved, suspended), carbon (total, dissolved organic,
inorganic), nitrogen (total, Kjeldahl, ammonium, nitrite
plus nitrate), phosphorus (total, dissolved), chlorophyll
a, alkalinity, sulfur (dissolved sulfide, sulfate), iron (total,
dissolved), and manganese (total, dissolved), where dis-
solved fractions are those that pass through a 0.45 pm
filter. A summary of data collection and analysis are
provided in Zeng and Rasmussen (2005) and Zeng et al.
(2006). Mass concentration ratios are calculated as the
ratio between observed concentrations (e.g., mg-P/L/mg-
Fe/L = mg-P/mg-Fe) and then converted to mg/kg.

12.3. RESULTS

12.3.1. Calhoun CZO

Soil solution concentrations of total dissolved phos-
phorus has a poor, but positive, relationship with total Fe
and DOC at two different soil depths (Figure 12.6), which
is consistent with dependent and independent transport
along hillslopes. Note that the inorganic P fraction of
total P increases moving downslope, especially in the
former agricultural sites and might reflect this downslope
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Figure 12.4 Calhoun Critical Zone Observatory location, watersheds, and sample locations.

P movement (Table 12.1). While former agricultural ridge
sites have a history of P fertilization, mobilized P concen-
trations were lower than at other former agricultural
landscape positions.

Mean total dissolved phosphorus on reference sites at
15 cm (0.55 pM) was greater than on historical agricul-
tural sites (0.48 pM). Yet the dissolved inorganic forms of
phosphorus were not substantially different at the same
depth (0.34 and 0.30 uM, respectively). At 60 cm, mean
dissolved total and inorganic phosphorus on reference
sites (0.64 and 0.41 pM, respectively) were greater than
on the agricultural sites (0.2 and 0.1 uM; Table 12.1). This
was unexpected due to historical fertilization of agricul-
tural sites but may be due to the absence of fertilization in
the 70 years since agricultural lands were abandoned. We
also expected greater organic P cycling on reference sites
due to more roots and lower losses of organic matter in
these less disturbed locations

In general, total dissolved phosphorus concentrations
in soil solutions increase downslope on reference sites

(i.e., from ridgetops to streambanks), with greater differ-
ences on streambank sites relative to ridgetop, mid-slope,
and toe-slope at 60 cm. On formerly agricultural water-
sheds, approximately 43%-51% of total dissolved phos-
phorus was inorganic, with the remaining percentage
(49%-57%) present as dissolved organic phosphorus
across the different hillslope positions at 15 and 60 cm
(Table 12.1). On reference sites, the dissolved organic
form was variable but exceeded 60% at the toe-slopes at
15 cm and at ridgetops for 60 cm (Table 12.1).

DOC is consistently higher at 15 cm than 30 cm on all
reference and former agricultural sites except for former
agricultural streambank sites (Table 12.2). This can be
explained by subsurface decay processes along downward
flowpaths, with an exception made for legacy organic
sediments that may have been buried near former agricul-
tural streambanks during the Cotton Era.

Total phosphorus is weakly related to both total Fe and
DOC at all stream sites (Figure 12.7); high-elevation
(low-order) streams tended to exhibit better relationships
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Figure 12.5 Lake (orange) and tributary (blue) sampling locations for Lake Lanier in the southeastern Piedmont

near Atlanta, Georgia. (Modified from Zeng et al., 2006.)

between dissolved inorganic phosphorus and dissolved
iron (Table 12.3). All streams showed similar inorganic
phosphorus concentrations (0.69 to 076 puM) that were
lower than large rivers (1.79 pM).

12.3.2. Lake Lanier

Table 12.4 summarizes water-quality parameters for
both tributary and lake samples. Note that dissolved
inorganic carbon dominates the total carbon pool, nitrite
plus nitrate dominate the total nitrogen pool, and dis-
solved inorganic phosphorus is a small fraction of the
total phosphorus pool for both tributary and lake
samples.

Figure 12.8 shows that nutrients (total phosphorus,
Kjeldahl nitrogen) in lake tributaries are strongly related
to total suspended solids, unfiltered (total) iron, and fil-
tered (dissolved) organic carbon. Note that some samples
display high P and N nutrients in the absence of suspended
solids and iron, which is consistent with our knowledge
that wastewater treatment plants release clearer water

with elevated nutrients and dissolved organic carbon
(Zeng & Rasmussen, 2005). This might also explain the
deviations from a linear slope for DOC, especially for
phosphorus. Yet interactions with sediments and iron, as
well as pH and redox conditions, might also account for
this behavior (Zeng et al., 2006).

Figure 12.9 shows how lake nutrients (total phos-
phorus, Kjeldahl nitrogen) are positively related to total
suspended solids, total iron, and DOC. While trends are
consistent with tributary data, they show poorer relation-
ships. Table 12.5 compares mass-concentration ratios for
both lake and tributary data. Note the similarity between
lake and tributary samples for total phosphorus and both
total suspended solids and total iron; while Total Kjeldahl
N in lake samples tend to have higher values than
tributary samples. Also note that ratios with DOC are
lower in lake samples than tributaries for both phos-
phorus and nitrogen.

These trends suggest that nutrients, carbon, and iron
are moving together, which can be explained by colloid-
facilitated transport (Frimmel et al., 2007). If colloidal
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Figure 12.6 Calhoun CZO total phosphorus relationships with total dissolved iron and dissolved organic carbon
collected from ceramic-cup lysimeters at two soil depths (15 and 60 cm) across four hillslope positions. Also
shown is best-fit linear relationship with slope above each figure. Green indicates ridgetop positions, black indi-
cates mid-slope, red indicates toe-slope, and blue indicates streambanks.

Table 12.1 Calhoun CZO total and inorganic phosphorous concentrations in soil solutions collected from ceramic-cup
lysimeters across land uses with historical agricultural use (AGW) and with no historical agricultural use (REF) on four hillslope
positions from Jan 2017 to Dec 2018.

Fraction
Total P (uM) Inorganic P (pM) Inorganic P

15 cm 60 cm 15 cm 60 cm 15 cm 60 cm
Site Position Mean SE Mean SE Mean SE Mean SE Mean Mean
AGW Ridgetop 0.09 0.01 0.10 0.01 0.05 0.01 0.06 0.01 56% 60%
AGW Mid-slope 0.83 0.25 0.20 0.09 0.69 0.21 0.16 0.08 83% 80%
AGW Toe-slope 0.11 0.02 0.14 0.03 0.08 0.01 0.05 0.01 73% 36%
AGW Streambank 0.41 0.15 0.27 0.05 0.39 0.27 0.11 0.01 95% 41%
REF Ridgetop 0.61 0.16 0.37 0.15 0.12 0.04 0.13 0.07 20% 35%
REF Mid-slope 0.52 0.07 0.25 0.06 0.32 0.09 0.11 0.02 62% 44%
REF Toe-slope 0.59 0.27 0.16 0.02 0.46 0.25 0.08 0.01 78% 50%

REF Streambank 0.60 0.12 1.47 0.47 0.26 0.06 0.82 0.27 43% 56%




Table 12.2 Calhoun CZO dissolved organic carbon in soil solutions collected from ceramic-cup lysimeters across two land
uses with historical agricultural use (AGW) and with no historical agricultural use (REF) on four hillslope positions from Jan.
2017 to Dec. 2018.

Dissolved Organic Carbon (mg/L)

15 cm 60 cm
Site Hillslope Position Mean SE Mean SE
AGW Ridgetop 9.84 1.01 7.71 0.78
AGW Mid-slope 7.73 0.85 7.49 0.60
AGW Toe-slope 17.6 1.28 7.98 0.59
AGW Streambank 10.7 1.96 15.1 1.73
REF Ridgetop 26.6 3.45 4.15 0.47
REF Mid-slope 6.07 0.50 3.17 0.32
REF Toe-slope 6.31 0.47 3.17 0.29
REF Streambank 8.72 0.70 4.31 0.38
Slope = 138 g/kg Slope = 1.7 g/kg
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Figure 12.7 Calhoun CZO total phosphorus and nitrogen relationships with total dissolved iron and dissolved organic
carbon collected from 17 different streams between July 2014 and July 2018. Also shown is best-fit linear relationship
with slope above each figure. Green indicates higher elevation streams (three sites), black indicates mid-elevation
streams (five sites), red indicates lower elevation streams (three sites), and blue indicates larger rivers (two sites).

Table 12.3 Calhoun CZO stream inorganic phosphorous concentrations collected between
July 2014 and July 2017. Elevations refer to upper, middle, and lower landscape positions
of low-order streams while large rivers (Tyger and Enoree) are receiving bodies for these

and other streams.

Inorganic Phosphorus (pM)

Stream Type # Streams # Samples Mean Std Dev
High elevation 3 94 0.69 0.08
Mid elevation 5 201 0.76 0.11
Low elevation 3 100 0.73 0.08
Large river 2 68 1.79 0.27




Table 12.4 Lake Lanier water-quality data for 10 tributaries and 18 lake sites.

Tributary Lake
Parameter Mean Min Max Count Mean Min Max Count
Alkalinity mg/L 19.7 1.0 230 215 10.8 1.0 24 485
Total suspended solids mg/L 61.8 0.50 1,450 215 4.15 0.50 72.0 488
Total dissolved solids mg/L 69.7 12.0 488 215 25.7 2.00 202 486
Chlorophyll a pg/L — — — 0 2.39 0.10 42.0 1,133
Total inorganic carbon mM 477 390 607 11 421 15.8 2,986 486
Total organic carbon mM 276 15.8 1,813 183 149 15.8 413 445
Dissolved organic carbon ~ mM 201 15.8 897 183 124 15.8 226 443
Total nitrogen M 185 20.0 1,167 215 43.3 0.357 346 1,129
Kjeldahl nitrogen pM 40.1 1.43 614 212 19.5 1.428 150 1,087
Nitrite plus nitrate pM 146 2.14 1,078 215 24.6 0.357 264 1,127
Ammonium pM 7.04 0.36 213 212 5.17 0.357 106 1,090
Total phosphorus pM 5.78 0.06 123 215 0.40 0.065 4.04 1,023
Inorganic phosphorus pM 1.34 0.05 50.7 214 0.08 0.032 1.61 1,022
Sulfate uM 439 31 2,932 15 71.0 15.6 374 595
Total dissolved sulfide pM — — — 0 13.2 1.56 4,991 486
Total iron pM 49.8 0.045 1,005 214 7.33 0.045 201 477
Dissolved iron uM — — — 0 2.50 0.045 99.2 474
Total manganese pM 2.05 0.018 55.5 214 1.71 0.018 94.5 474
Dissolved manganese pM — — — 0 1.09 0.018 17.1 470
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Figure 12.8 Lake Lanier tributary relationships between nutrients (total phosphorus, top; total Kjeldahl nitrogen,
bottom) and total suspended solids (left), total iron (center), and dissolved organic carbon (right). Also shown is
best-fit linear relationship with slope above each figure.
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Figure 12.9 Lake Lanier within-lake relationships between nutrients (total phosphorus, top; total Kjeldahl
nitrogen, bottom) and total suspended solids (left), total iron (center), and dissolved organic carbon (right). Also
shown is best-fit linear relationship with slope above each figure. Green indicates surface samples (<3 m), black

indicates mid-depth (3—10 m), and red indicates profundal samples (>10 m).

Table 12.5 Lake Lanier and tributary mass ratios (g/kg) between selected nutrients (total
phosphorus, total Kjeldahl nitrogen) and selected water-quality parameters (total
suspended solids, total iron, dissolved organic carbon). Mass ratios are calculated

as the ratio between observed concentrations (e.g. pg-P/L / pg-Fe/L = pg-P/ug-Fe)

and then converted to g/kg.

Total Phosphorus

Total Kjeldahl Nitrogen

Parameter Tributary Lake Tributary Lake
Total suspended solids 3.50 4.50 20.8 61.2
Total iron 54.4 49.7 304 818
Dissolved organic carbon 29.7 11.0 171 141
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clays and organic matter are small enough to pass through
regolith pores, then nutrients sorbed to these materials
would also be mobile in groundwater. Once in aquatic
environments, biogeochemical processes would provide
the opportunity for release and phytoplankton uptake of
these nutrients from these colloidal materials.

Sampling depth (shown using colors in Figure 12.9)
does not appear to affect the relationship between total
phosphorus and total Kjeldahl nitrogen with total
suspended solids. For total iron, however, surface sam-
ples (green symbols) tend to lie above the lines, while mid-
depth (black) and the deeper, profundal (red) samples are
evenly divided. This can be attributed to higher pH within
the photic zone that provides the opportunity for phyto-
plankton uptake (Zeng et al., 2006). For dissolved organic
carbon, mid-depth samples lie above the trend line for
both total phosphorus and total Kjeldahl concentrations.
Again, lower pH relative to surface waters may be respon-
sible for this enrichment (Zeng et al., 2006).

12.4. CONCLUSIONS

This study presents field and laboratory data on
nutrient, carbon, and iron concentrations within south-
eastern Piedmont critical zones. Data were collected from
two sites: the Calhoun Critical Zone Observatory, South
Carolina, augmented with data collected from tributaries
to, and sites within, Lake Lanier, Georgia. These data are
used to develop a conceptual model of physico-chemical
mechanisms for carbon and nutrient transport in the crit-
ical zone, which is key to the sustainable management of
these systems.

A key component of our conceptual model is the
linkage between dissolved (including colloidal) clay and
iron, carbon, and nutrients. As pedons export carbon
and nutrients to hillslopes, soil and other subsurface
processes allow these mobile materials to reach head-
water streams. The relationship between these materials
persist within low- and mid-order streams, enriching
downstream water bodies. While within-lake nutrient
cycling alters these relationships, they are still important
processes that help us understand carbon and nutrient
fluxes.
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Is This Steady State? Weathering and Critical Zone Architecture
in Gordon Gulch, Colorado Front Range

Suzanne P. Anderson’, Patrick J. Kelly*, Noah Hoffman?, Katherine Barnhart?, Kevin Befus®, and
William Ouimet®

ABSTRACT

Landscapes are often assumed to be in steady state, yet it is unclear how steady state persists when climate has
varied during landscape evolution. The architecture of the critical zone, including topography and the character
of regolith, reflects the combined influences of weathering and denudation processes integrated over time. We
synthesize observations in an unglaciated but periglacially influenced semiarid catchment in the Boulder Creek
Critical Zone Observatory to elucidate the processes that shape the critical zone in a landscape interpreted as in
steady state. Weathering in the bedrock extends to an average of ~12 m depth, and based on denudation rates of
3.1 cm/kyr represents exposure to >350 kyr of weathering. The strong contrast in solar radiation on N-facing
and S-facing hillslopes imposes differing environmental conditions. Aspect differences affect weathered rock,
which reaches greater depth and is mechanically weaker under N-facing slopes than S-facing slopes, but not mo-
bile regolith, which is thin (~0.4 m) and relatively uniform across aspects. Patterns in chemical alteration are
difficult to quantify given the heterogeneity of the biotite gneiss bedrock (i.e. noise is high) and the minor degree
of weathering (i.e. signal is low). Mobile regolith is more homogeneous in mineralogy than is the weathered
rock, showing the effect of transport processes in mixing particles released from the banded bedrock. Long-term
cosmogenic radionuclide-based erosion rates and mobile regolith residence times show no slope aspect-con-
trolled differences in transport and erosion. Together these observations suggest that mechanical processes dom-
inate in bedrock weathering and in mobile regolith production in this setting. Moreover, the presence of mobile
regolith shows that weathering does not limit denudation; instead, the critical zone architecture represents the
state of weathering achievable given the overall mass loss imposed by the fluvial system.
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13.1. INTRODUCTION

Critical zone architecture comprises the shape and
characteristics of the surface environment, where mete-
oric waters attack and alter bedrock, gravitationally
driven processes strip away weathered and mobilized
material, and biotic agents aid and abet these processes.
We use the term critical zone architecture to encompass
soil, mobile regolith, saprolite, and weathered rock: all
the materials altered and affected by proximity to the
ground surface. Climate and tectonic processes energize
the weathering and erosion processes that produce criti-
cal zone architecture, as these control important
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conditions such as water phase and flux, thermal state,
biotic communities, and river base level. The time over
which critical zone architecture develops depends upon
its thickness and the rates of the processes responsible for
its evolution. Commonly, this implicates long timescales,
such that for instance, a modern-day critical zone profile
has evolved longer under the influence of Pleistocene gla-
cial climate than Holocene climate (e.g. Marshall et al.,
2015). Tectonic imprints may be even longer lived, for
example in building deep-rooted mountain ranges whose
relief persists postorogeny due to isostasy (Molnar &
England, 1990; Tucker & van der Beek, 2013) or by
emplacing fracture systems in the deep rock (Molnar
et al., 2007). Imbalances between weathering and erosion
over time will either enhance or contract the weathered
profile. Periods of imbalance produce the range of deep
to minimal weathering profiles seen globally, although in
general the thickness of the weathering zone falls within
narrow limits (West, 2012). Commonly, landscapes are
assumed to be in steady state or dynamic equilibrium
(Hack, 1960), meaning that ground surface and the
weathering front both lower at the same rate (Pavich,
1986). In this contribution, we compile numerous lines of
evidence, from both published and previously unpub-
lished work, to describe critical zone architecture and dis-
cuss steady state in an upland, bedrock-dominated site.
In this setting, a cool dry climate might be expected to
minimize weathering processes, and a lack of erosional
perturbations due to glaciation or tectonics leads to an
expectation of a steady state between denudation and
weathering. In eroding uplands of this sort, rock can be
thought of as transiting upward toward the surface over
time as erosion lowers the surface. Uplands of this sort
contrast with depositional basins, where sedimentation
results in burial and long-term downward movement of
rock. The study site features pole-facing and equator-
facing hillslopes (in this case N-facing and S-facing,
respectively) that prompt consideration of the effects of
radiation on processes that shape the critical zone.

If we think of the critical zone in upland, denudational
areas as a coherent boundary layer, in which rock is
altered (weathered) due to its proximity to the Earth’s
surface, then we can ask how the character of this
boundary layer is affected by weathering processes and
erosion or denudation processes (Figure 13.1). Weathering
here is taken as the suite of chemical (including biogeo-
chemical) and mechanical processes that both advance
weathering fronts into fresh rock and that alter rock
within the critical zone. Denudation is mass loss from the
critical zone and, in its most general sense, includes net
mass removal by both physical transport and solute flux.
In most settings, physical processes accomplish more
denudation than chemical processes (Summerfield &
Hulton, 1994), and hence physical transport processes

rather than solute fluxes control denudation. Because
physical denudation commonly substantially exceeds
chemical denudation, denudation is often conflated with
erosion. Erosion is lowering of the ground surface (or
exhumation, in the sense of Molnar & England, 1990)
due to sediment transport. For any particular vertical
column through the critical zone, erosion reflects greater
sediment flux out of than into the column over a period
of time. This situation highlights the importance of mo-
bile regolith, the layer of weathered material that has
been released from bedrock and mobilized, as this is the
material that participates in hillslope transport processes.
Most soil horizons (other than Cr or R horizons; Soil
Survey Staff, 2014) form within mobile regolith, prompt-
ing our use of the term soil as shorthand for mobile rego-
lith. Thus, we identify two important fundamental layers
of weathered material within the critical zone, bounded
by three interfaces (e.g. R. S. Anderson et al., 2013).
These are mobile regolith, which is bounded by the
ground surface and the weathered rock surface, and
weathered rock, which extends from the weathered rock
surface down to fresh rock (Figure 13.1).

While weathering processes advance the weathering
front into fresh rock and denudation processes tend to
thin the weathered rock zone, feedbacks between these
processes confound simple generalizations about
weathering and erosion. Weathering process rates tend to
slow as the thickness of the weathered zone increases (e.g.
Chinn, 1981), limited by diffusion and porosity
development (Fletcher et al., 2006; Navarre-Sitchler
et al., 2011). Chemical weathering rates also decline as
mineral surfaces age (White & Brantley, 2003). Thus,
erosion can be viewed as enhancing weathering rates by
limiting the thickness of the weathered zone, which in
turn effectively introduces fresh rock into the weathering
zone (S. P. Anderson et al., 2007). The hillslope sediment
flux processes responsible for erosion are limited by pro-
duction of mobile regolith (R. S. Anderson & Humphrey,
1989). The rate of mobile regolith production (release of
rock from the top of the weathered rock layer into the
mobile regolith layer) is likely to depend on the strength
of the weathered rock from which it is produced, and
hence to depend on the degree of weathering (e.g. R. S.
Anderson et al., 2013; Dixon et al., 2009). The notion
that soil thickness affects the rate of mobile regolith pro-
duction is long established (Gilbert, 1877), with a general
consensus that deeper soil impedes the production of new
mobile regolith at its base (Humphreys & Wilkinson,
2007). 1t is therefore relevant to ask how these comple-
mentary and competing processes interact to shape the
critical zone.

When studying weathering process rates in the critical
zone, it is common to assume that the landscape is in
steady state (Dixon & Riebe, 2014; Gilbert, 1909; Pavich,
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1986), meaning that weathering fronts and landscape
lowering occur at equivalent rates. This simplifying
assumption allows use of one denudation rate to describe
rates of lowering of all interfaces. It does raise a question,
however: how is the deepest weathering front, namely the
interface between weathered and fresh rock, connected to
lowering of the surface? We return to this in the discussion.
We synthesize observations on critical zone architecture
from Gordon Gulch, a study site within the Boulder Creek
Critical Zone Observatory in the Colorado Front Range.
The location is unglaciated, but given its proximity to
Pleistocene glaciers, experienced periglacial climate
through much of the time over which the present critical
zone architecture developed. Due to the east-west orienta-
tion of the channel system, hillslopes in Gordon Gulch
are largely north- or south-facing, which prompts
consideration of the impacts of the substantial differences
in the energy balance on weathering and denudation
processes. We combine published seismic refraction pro-
files and cosmogenic radionuclide data with previously
unpublished soil profile and rock strength data to build
insight into weathering, denudation, and steady state.

13.2. STUDY LOCATION

Gordon Gulch is a 2.6 km? headwater in Boulder
Creek, one of the eastward draining rivers in the Front
Range (Figure 13.2). To understand the erosional history

of Gordon Gulch, we need to review briefly the geologic
history of the region. One of the ranges uplifted during
the Laramide orogeny (75-35 Ma, Bird, 1998), the
Front Range rises ~2400 m above the western edge of
the grasslands of the Great Plains. The Front Range
physiography, in common with other Laramide ranges,
features an abrupt topographic rise at the boundary
between soft sedimentary rocks of the Plains and hard
basement rock of the range, a broad high-elevation,
low-relief central region, and a narrow glaciated summit
spine (R. S. Anderson et al., 2006). Since the end of
Laramide thrusting and associated uplift at about 40 Ma,
the range has primarily experienced erosion, credited
with forming the low-relief surface on which Gordon
Gulch sits. From the Pliocene to present, erosion of both
the range and the Plains have enhanced relief and pro-
duced the present Front Range physiography (Tucker &
van der Beek, 2013). More efficient exhumation of the
easily eroded sedimentary rocks underlying the Plains
produced the abrupt topographic front to the range and
drove incision of bedrock canyons into the low-relief
surface, like Boulder canyon in Boulder Creek watershed
(Figure 13.2). Quaternary glaciation shaped the cirques
cut into the summit spine (R. S. Anderson et al., 2006).
Within the Front Range, erosional perturbations are
thought to have broadly affected critical zone architecture
in several key locations. First, in the alpine headwaters of
Boulder Creek, Quaternary glaciation eroded through
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Figure 13.2 Swath map of the east side of the Colorado Front Range in vicinity of Boulder Creek. Study site Gor-
don Gulch is a small headwater located on the broad low-relief shoulder of the Range. The extent of Pleistocene
glaciers is taken from Madole (1969) and Madole et al. (1998). Major vegetation zones (Marr, 1961) across the
>2500 m relief from the Plains to alpine peaks are labeled across the top of the map, and approximate bound-
aries are delineated. Gordon Gulch lies within the Upper Montane vegetation zone, which occupies the broad
low-relief area from ~2400-2800 m. (Courtesy of Suzanne P. Anderson.)

weathered rock in U-shaped alpine valleys (Diithnforth &
Anderson, 2011), truncating the weathered zone. Second,
a headward-propagating knickzone in Boulder Creek
produced the bedrock-dominated walls of Boulder
Canyon (S. P. Anderson, Anderson, et al., 2012; Shobe
et al., 2016). Gordon Gulch (2440-2730 m) lies on the
low-relief high-elevation surface into which Boulder
Canyon is cut, and is not directly affected by the erosional
effects of glaciers. Gordon Gulch is only about 5 km east
of the terminal moraines of the glaciers that sourced
from Green Lakes Valley (Madole et al., 1998), a
proximity that suggests that periglacial processes would
have been active during Quaternary glaciations.

The bedrock geology of the Front Range is dominated
by Precambrian-age biotite gneiss intruded by
Precambrian granites (Gable, 1980a, 1996). Within
Gordon Gulch, the rock is dominantly cordierite-bearing
garnet sillimanite-biotite gneiss, with minor intrusions of
Boulder Creek granodiorite and Silver Plume quartz
monzonite (Gable, 1980b). The gneiss foliation planes
strike WNW, with northward dips of 44°-68°. The meta-
morphic rocks have undergone retrograde metamor-
phism and have also been affected by hydrothermal
alteration associated with intrusions during the Laramide.

13.2.1. Gordon Gulch

Gordon Gulch comprises two east-west oriented
basins, connected by a channel that jogs south between
the upper and lower basins (Figure 13.3). The upper
basin has lower relief (~120 m) and shallower slopes
(~13°) than the lower basin (~290 m and ~20°, respec-
tively). Apart from the steep reach in which the channel

cuts south, the catchment is dominated by N- and
S-facing hillslopes. The hillslopes appear pimpled in
high-resolution maps (Figure 13.3), owing to bedrock
tors with dimensions from one to tens of meters.

13.2.2. Climate and Vegetation

At present, Gordon Gulch has a mean annual precipi-
tation of about 520 mm and a mean annual temperature
of 5 °C, based on a 30-year record from National
Atmospheric Deposition Program collection station
NADP CO9%4, located 2 km south of Gordon Gulch. In
recent years (2010-2014), annual precipitation ranged
from 533 to 839 mm, of which 37%-60% (mean 49%) fell
as snow. Precipitation shows a pronounced seasonal peak
in spring (May), a secondary peak in summer, and a
minimum in winter (Dec—Jan; Barry, 1973; Hansen et al.,
1978). Under present climate, snow tends to persist on
N-facing slopes but is more likely to melt completely bet-
ween storms on S-facing slopes, especially on exposed
slopes in the lower basin. Soil temperatures are lower on
N-facing slopes, and freezing (sub-0°C) conditions are
more likely to occur more deeply (>25 cm) and for longer
on N-facing slopes.

Modern climate conditions result in soil moisture on
N-facing slopes being low and steady during winter and
consistently wet during spring snowmelt and precipita-
tion. On S-facing slopes, soil moisture is much more var-
iable, with wetting associated with multiple winter and
spring snowmelt events, and summer rains. Groundwater
wells in the upper basin show that recharge most com-
monly occurs in spring on both slope aspects but can also
occur in large summer or fall storms.
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(2012).

Gordon Gulch is within the upper montane forest veg-
etation zone of Marr, 1961. On S-facing slopes, an open
ponderosa pine (Pinus ponderosa) woodland with grass,
herb, and shrub understory dominates, while N-facing
slopes support a dense lodgepole pine (Pinus contorta)
forest with little understory (Peet, 1981). According to
Marr (1961), the lodgepole pine stands in the upper mon-
tane forest are a successional ecosystem and will eventu-
ally be replaced by Douglas fir (Pseudotsuga menziesii)
and ponderosa pine stands. Holocene pollen records
from the Snowy Range in southern Wyoming (Minckley
etal., 2012), however, suggest that frequent perturbations
(i.e. fire and changes in effective moisture regime) prevent
Rocky Mountain ecosystems from reaching composi-
tional equilibrium with the climate.

Late Quaternary climate and vegetation are relevant
for the time span represented by the weathered profile in
Gordon Gulch. As noted above, its close proximity (~5 km)
to the terminal moraines of the Green Lakes Valley gla-
cier suggests that Gordon Gulch experienced periglacial
conditions during glacial climates. Based on 1-D and 2-D
numerical models of the Green Lakes Valley glacier
maximum extent and early Holocene retreat, Diithnforth
and Anderson (2011) inferred Last Glacial Maximum
temperatures that were 4.5-6 °C cooler than present, and
with little or no change in precipitation.

The closest pollen record is from glacial Lake Devlin
(Madole, 1986), a formerly ice-dammed lake located 7.2 km
west of Gordon Gulch at 2953 m elevation (>200 m above
Gordon Gulch). The Lake Devlin record indicates that
the site was above the tree line during Last Glacial
Maximum time; Legg and Baker (1980) interpreted the
dominance of Artemisia and nonarboreal pollen as evi-
dence of sagebrush steppe vegetation in an alpine tundra
environment. Piceal Pinus (spruce/pine) pollen ratios sug-
gest that the Last Glacial Maximum tree line was about
500 m lower than at present (Legg & Baker, 1980). This
record is in agreement with pollen records from the
region, which record lowered tree line in the Late
Pleistocene, followed by a rise in tree line above the pre-
sent level in early Holocene and a decline to present tree
line levels in late Holocene time (Brunelle, et al., 2005;
Mensing et al., 2011; Minckley et al., 2012; Vierling,
1998). Given the present tree line elevation of about 3350
m, the analysis of Legg and Baker (1980) suggests that
Gordon Gulch would have been about 100 m below tree
line during glacial times, but the uncertainties on this
estimate are large.

Legg and Baker (1980) use local climate station records
with their pollen analysis to estimate a Pinedale (Last
Glacial Maximum) climate with summer temperatures
about 5 °C cooler and mean annual precipitation about
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Figure 13.4 Top: Variation over a year of the average daily shortwave insolation for a flat surface (black, dashed),
a N-facing surface (blue), and a S-facing surface (red) at the latitude of Gordon Gulch (40° N). The sloped surfaces
have a 15° inclination. Bottom: Variations in average daily shortwave insolation shown as a percentage of the radia-
tion on a flat surface. The differential between slope aspects is greatest during winter and least at midsummer.

150 mm higher than present. Given the agreement of the
pollen analysis and glacial reconstruction (Diihnforth &
Anderson, 2011), it is likely that Gordon Gulch tempera-
tures were similarly depressed during glacial intervals and
would have crossed into a temperature regime in which
thin permafrost may have existed (i.e. mean annual tem-
perature of —1 to 0.5 °C).

13.2.3. Solar Radiation

The east-west orientation of Gordon Gulch means that
hillslope aspects are dominantly either pole facing
(N-facing) or equator facing (S-facing). The resulting con-
trasts in incoming direct shortwave solar radiation affect
soil temperature, snow melt, soil moisture, and vegetation.
There are secondary energy balance effects in the down-
ward longwave radiation and surface temperature due to
shading. Here, however, we focus on the direct shortwave
radiation term of the energy balance, which is the larger
component on cloud-free days common in this region.

The total annual direct shortwave radiation to a
horizontal surface on the Earth decreases with latitude in
a predictable way. Relative to flat surfaces, pole-facing
slopes will intercept less direct radiation, while equator-
facing slopes will intercept a greater amount (Garnier &
Ohmura, 1968). The slope aspect differential varies with

season, from a maximum at the winter solstice when the
solar elevation angle is low, to a minimum at summer sol-
stice when the solar elevation angle is high. Figure 13.4
illustrates the differences in shortwave radiation over the
course of a year at the latitude of Gordon Gulch (40° N)
for surfaces sloping 15° poleward or equatorward and for
a flat surface. The 15° slope angle was chosen for this cal-
culation as it is typical of hillslopes over much of Gordon
Gulch. At midwinter, the S-facing slope receives over 50%
more, whereas the N-facing slope receives less than 50%
of the radiation incident on a flat surface.

We have used a high-resolution digital elevation model
(DEM) of the topography to calculate the incident short-
wave solar radiation across Gordon Gulch and integrated
over a year. Calculation of incident radiation followed
Garnier and Ohmura (1968) and Hock (1999). The result-
ing map (Figure 13.5) shows that, due to topographic
aspect alone, S-facing slopes receive 2-3 times more
shortwave solar radiation annually than N-facing slopes.
These radiation and consequent soil moisture differences,
as well as fire disturbance, affect modern vegetation (Peet,
1981). The resulting differences in modern vegetation
across aspects would amplify the topographic radiation
contrast, as N-facing slopes are shaded by the closed-
canopy lodgepole forest, while the open ponderosa wood-
land on S-facing slopes provides less shading.
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Figure 13.5 Modeled solar radiation integrated over each day of the year to yield the average annual insola-
tion distributed across the landscape for Gordon Gulch (black outline) and surrounding terrain. S-facing slopes
receive as much as three times more radiation over the course of a year than do N-facing slopes.

13.3. CRITICAL ZONE ARCHITECTURE

We now describe the critical zone architecture in
Gordon Gulch, beginning with the overall thickness of
the weathered zone and distribution of mobile regolith.
The methods and results of analysis of geochemical and
mechanical characteristics of the mobile regolith and
near-surface weathered rock are described. Our descrip-
tion of the critical zone concludes with a brief review of
the rates of denudation and mobile regolith production
in Gordon Gulch.

13.3.1. Weathered Profile Thickness

A first-order descriptor of critical zone architecture is
the thickness of the weathered profile. This is also the
most difficult characteristic to measure, as exposures,
such as boreholes, cores, or cuts into the subsurface, are
rare and provide a limited view of subsurface variability.
Geophysical imaging techniques provide spatial

information, although resolution of critical zone features
is challenging due to lateral (as opposed to vertical) struc-
tures (Parsekian et al., 2015) and small velocity contrasts
between weathered rock, saprolite, and mobile regolith
(Befus et al., 2011).

An extensive survey of groundwater well drillers’ logs
found a mean depth to fresh rock of 7.7 m in the region
around Gordon Gulch (Dethier & Lazarus, 2006). The
clearest picture of the depth of the weathered profile
comes from shallow seismic refraction profiles along lines
in Gordon Gulch totaling 4.4 km in length collected by
Befus et al. (2011). Along these catchment traverses, the
average depth to a high P-wave velocity (Vp) of 3.5 km/s
(associated with unweathered crystalline bedrock; Befus
et al., 2011) is 11.7 = 3.1 m. The thickness of low and
intermediate velocity materials representative of saprolite
and weathered rock is greater under N-facing slopes than
S-facing slopes throughout the catchment (Figure 13.6).
In the upper basin, P-wave velocities <3.5 km/s (i.e.
weathered rock) extend to depths of >10 m under
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(Source: Befus et al., 2011.)

N-facing slopes but only 5-7 m under valley bottom and
S-facing slopes (Befus et al., 2011). In the lower basin,
weathered rock reaches 15 m thickness under N-facing
slopes and 5-10 m thickness under S-facing slopes.
Individual seismic lines show what Befus et al. (2011)
called “domes” of high velocity (unweathered rock) rising
within a few meters of the surface in places on both slope
aspects (Figure 13.6); these features emphasize the need
for full hillslope length on seismic survey lines to judge
the mean depth across slope aspects.

The observations of Befus et al. (2011) are consistent
with seismic refraction surveys conducted in Gordon
Gulch by St. Clair et al. (2015). That work addressed the
influence of topographic stress under differing regional
stress regimes on critical zone architecture. Their model
calculations show that topographic perturbations to
weak regional compressive stress regimes of the
Colorado Front Range should produce surface parallel
patterns of bedrock fracturing. For this reason, St. Clair
et al. emphasized the relatively shallow (<20 m) and
surface-parallel pattern of the weathered rock zone
from ridge crest to valley floor in Gordon Gulch. St. Clair
et al. contrast the pattern at Gordon Gulch with that

found under strong regional compression, exemplified
by a site in the Calhoun Critical Zone Observatory in
South Carolina. In contrast to Gordon Gulch, Calhoun
displays a “bowtie” pattern (St. Clair et al., 2015) of
deep weathering (low seismic refraction velocities) under
ridges compared to valleys; weathering under ridges
reaches depths of the same order as the topographic
relief, while weathering depths under channels are com-
paratively shallow. In Gordon Gulch, the thickness of
the weathered profile (overall from 2 to 21 m; Befus
et al., 2011), is much less than the relief between ridge
top and valley floor, which ranges from 70 to >200 m in
parts of Gordon Gulch. In comparison to Calhoun, the
weathered zone is indeed largely a surface-parallel fea-
ture in Gordon Gulch.

Foliation of the gneiss bedrock may affect critical zone
architecture in Gordon Gulch. While the hillslopes are
shallower than the 44°-68° N dip of the foliation, the
N-facing slopes subtend a smaller angle with the folia-
tion, while the S-facing slopes more distinctly cut across
the foliation. This structural feature may explain why tors
(bedrock outcrops) are more common on the S-facing
than N-facing slopes (Shea, 2013; Trotta, 2010).
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In summary, seismic refraction surveys (Befus et al.,
2011; St. Clair et al., 2015) show that weathered rock
within Gordon Gulch extends to depths of 2-21 m, gen-
erally paralleling the surface topography. In detail, the
thickness of the weathered zone tends to be greater under
N-facing slopes than S-facing slopes, and domes of less
weathered rock near the surface disrupt the general sur-
face parallel pattern of weathered rock.

13.3.2. Mobile Regolith

Both geophysical methods and shallow excavations have
been used to assess the depth of mobile regolith in Gordon
Gulch. An electrical resistivity tomography (ERT) survey
reported that “stratified slope deposits” averaged 3.0 + 2.2
m thickness in Gordon Gulch (Leopold et al., 2013), a
finding in stark contrast with measurements from hun-
dreds of manually excavated soil pits across the catchment
that yield mean mobile regolith thicknesses of substan-
tially less than 1 m (Diek et al., 2014; Shea, 2013; Shea
et al., 2012). The discrepancy between the ERT and soil pit
observations seems to lie in the reliance by Leopold et al.
(2013) in equating electrical resistivity values measured
under unreported moisture conditions in small exposures
of subsurface materials throughout the Front Range with
the specific resistivity values generated by inversion of
ERT survey lines in Gordon Gulch. We are more confident
in the hand-dug soil pit observations of the depth of mo-
bile regolith, and attribute the “stratified slope deposit”
mapping unit of Leopold et al. (2013) to a combination of
mobile regolith and saprolite.

Mobile regolith thickness does display variability
within the catchment (Figure 13.3). Although not specif-
ically identified in Figure 13.3, bedrock tors with no mo-
bile regolith cover are estimated to account for ~10% of
the catchment area. Between these tors, the mobile rego-
lith thickness averages 38.7 + 17.6 cm (n = 191) (Shea,
2013). In a few restricted locations, primarily near the
base of N-facing slopes, mobile regolith reaches as much
as 2 m (mean of 113.6 = 36.2 cm, n = 7). These thickened
toe slope deposits appear to be stagnated periglacial slope
deposits on the basis of their high stone content at depth
and significant meteoric °Be accumulations (Foster et al.,
2015). Narrow mapped alluvial terraces in the lower
basin, which display interlayering of sand, gravels, and
fine-grained sediment, are also sites of deep mobile rego-
lith accumulation (Shea, 2013). These appear to form the
base level for the periglacial slope deposits. Finally, small
alluvial fans are found in the lower basin, with deep accu-
mulations of massive to weakly stratified sediment.
Charcoal fragments in one such deposit in the lower basin
yielded “C dates of 5,150-9,876 yr BP, indicating more
than 2 m of sediment deposition on this fan in the
Holocene (Shea, 2013).

13.3.3. Methods of Determining Material
Characteristics of the Critical Zone

Soil and weathered rock geochemistry and mechanical
properties have not been previously published. In this
subsection we describe methods of sample collection and
analysis before presenting the results in the following
subsection.

13.3.3.1. Sample collection

Soil and saprolite samples were collected from nine soil
pits dug by hand to depths that ranged from 30 to 180 cm
along N-S transects, two in the upper basin and one in
the lower basin (Figure 13.3). Seven pits on hillslopes
were dug to refusal or to a depth at which continued
progress through saprolite was very slow. The two valley
bottom excavations reached the greatest depths (160 and
180 cm) but did not reach bedrock. Soil samples were col-
lected from upslope working faces of soil pits, either in
~15 cm increments with a slide-hammer piston corer or
as grab samples. The weathered bedrock encountered at
the base of the mobile regolith was gneiss, generally with
clearly visible foliation and layering. Additional samples
were collected from the same pits for microbial community
analysis (Eilers et al., 2012) and for leaching water-solu-
ble organic matter (Gabor et al., 2014).

Rock was sampled by drilling at paired sites on tors (out-
crops) and adjacent mobile-regolith mantled bedrock.
Cores were drilled with a backpack portable drill fitted with
a water-cooled diamond bit 36 mm interior diameter core
barrel (Shaw Tools). Boreholes were drilled to depths of 1
to 1.66 m, producing cores of 0.32-1.18 m in length (mean
core recovery of 63%). Cores were drilled at five locations in
the lower basin, three on the S-facing slope and two on the
N-facing slope (Figure 13.3). At each site, two cores were
obtained, one from a tor (outcrop) and one from the weath-
ered bedrock underneath mobile regolith (drilling began in
the bottom of an excavation) a few meters from the tor
borehole. The cores from mobile-regolith mantled bedrock
are weathered sufficiently to be considered saprolite (iso-
volumetrically weathered rock) and will be designated “sap-
rolite cores” to distinguish them from saprolite collected
manually from the nine soil pits described above.

An effort was made to select these rock drilling sites
within the bodies of relatively homogeneous Boulder
Creek granodiorite, rather than in the metamorphic rock
that dominates Gordon Gulch. The igneous rock is more
homogeneous than the gneiss and simplifies interpreta-
tion of depth trends within the rock. The cores spanned
the entire granite composition range and probably
included some large-scale granitic zones within the meta-
morphic unit (Kelly, 2012).

Soil, saprolite, and rock samples were oven dried at 90 °C.
Soil pit samples were weighed, then disaggregated and dry
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sieved to separate out the <2 mm size fraction, which was
analyzed; saprolite samples were crushed and analyzed in
bulk. Bulk density was determined from the slide-hammer
piston core samples, assuming no compaction during col-
lection. Rock cores were subjected to mechanical testing
(described below) before being powdered in a ring mill for
mineralogical and geochemical analysis. Bulk density of
rock core segments was determined by coating weighed
samples in wax, reweighing, and measuring the water dis-
placed by the coated samples.

13.3.3.2. Geochemistry

Mineralogy of the samples was determined by
quantitative X-ray diffraction (XRD) (Srodon et al., 2001)
at the U.S. Geological Survey laboratory in Boulder,
Colorado. One gram of sample was mixed with 0.25 g of
corundum standard. The sample was then mixed with 4
mL of methanol and ground in a McCrone micronizing
mill and dried at 85 °C overnight. Once dried, the sample
was sieved through a 250-micron sieve and packed in a
random mount. XRD patterns were obtained on a Siemens
D-500 X-ray diffractometer with a 1° slit by scanning for
peaks between 5° and 65° using a 0.02° increment. Mineral
concentrations were determined using the Rock Jock
program (Eberl, 2003), which fits the sample spectra as the
sum of the spectra from measured mineral standards. The
proportion of each standard required to give the best fit is
the integrated intensity of that particular mineral.

XRD is generally not considered a powerful technique
for characterizing amorphous phases such as organic
matter and glass. The ability to approximate roughly
organic content from XRD is important, however, since
an accurate fit to the XRD patterns requires standards
that will accurately account for the XRD intensity of all
the major phases present, including abundant amorphous
phases. Good correlations have been found between
organic carbon determined by XRD using RockJock and
independent carbon analyses of soils (A. Blum, personal
communication, 2008). Many of the soil surface samples
contained high organic content, and the organic matter
was modeled in RockJock using a Florida peat standard,
which has been shown to correlate well with organic
matter content determined with loss on ignition. All min-
eral abundances have been corrected for organic matter
content based on the XRD analysis.

Elemental analysis was done by X-ray fluorescence
(XRF) at the U.S. Geological Survey laboratory in
Boulder, Colorado. A 1.5 g aliquot of powdered sample
was placed in a ceramic crucible and placed in a furnace at
550 °C for 1 hour, then weighed. Samples were then fired
at 925 °C for 25 minutes to burn off hydroxyl water and
weighed again. Loss on ignition was determined as the
total weight loss during both the 550 °C and 925 °C burns.
Fused glass beads were prepared from the fired samples in
a 1:10 mixture with anhydrous lithium tetraborate flux,
following U.S.G.S. guidelines (Taggart et al., 1987, p E10),

as detailed in Kelly (2012). The spectral detector on the
XRF spectrometer used a count protocol of 5 seconds for
major elements and 20 seconds for trace elements.

13.3.3.3. Rock quality

Rock drilling rates and solid core recovery varied bet-
ween coring sites. Weathering grades varied not only bet-
ween sites but often at submeter scale within the same
outcrop. These differences were quantified by keeping
track of the length of core segments recovered and total
core obtained over the length of a borehole.

13.3.3.4. Rock strength

The tensile strength of core samples was evaluated
using the widely accepted engineering method known as
the Brazilian tensile test (or splitting test). The literature
suggests that laboratory tensile stresses accurately simu-
late in situ stresses exerted by drivers such as tree roots
(Aydin & Basu, 2005). Details of sample preparation and
testing are found in Kelly (2012). In brief, core sections
were visually screened to select specimens representative
of the dominant lithology. Pegmatitic veins and areas of
obvious mica aggregation were excluded where possible.
Following ASTM D 3967-95a (ASTM, 1995), samples
were cut with a water-lubricated diamond saw to a thick-
ness-diameter ratio (t/D) of 0.5, using care to make cuts
parallel to each other and perpendicular to the
longitudinal axis of the core. Sample thickness and diam-
eter were measured with digital calipers to determine t/D.

The Brazilian tensile test is conducted by loading a
cylindrical core section between two steel platens. The
load frame then compresses the sample along the cylin-
der’s longitudinal axis, creating a line load. Force increases
until the sample splits diametrically; failure force is
reached within 1 to 10 minutes of test initiation. The
splitting tensile strength is computed as

2P
oO=—",
wtD

where o is the splitting tensile strength (MPa), P is the
maximum applied load indicated by the testing machine
(N), ¢ is the thickness of the specimen (mm), and D is the
diameter of the specimen (mm). Tests were conducted on
an MTS Systems Corporation hydraulic load frame at a
displacement rate of 5.08 x 107® m/s. Loads were mea-
sured and recorded every 0.1 seconds. Resolution for all
tests was approximately 1.48 N.

13.3.4. Critical Zone Geochemistry

Two features stand out in the mineralogy of samples
collected from the soil pits (Figure 13.7). First, as a whole,
the mineralogy is much more variable in saprolite than in
the mobile regolith. Within the saprolite, quartz,
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Figure 13.7 Mineralogy of soil pits in Gordon Gulch. Error bars show vertical extent of each sample. Gray shad-
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in Figure 13.3.
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Table 13.1 Summary of mineralogy from soil pits, cores from tors, and from mobile regolith mantled saprolite compared

with averaged compositions from regional bedrock.

Gordon Gulch

Regional Bedrock

Mobile Regolith  Saprolite Saprolite Rock Boulder Creek
(from pits) (from pits) (from cores) (tor cores) Biotite Gneiss® Granodiorite
(Wto/o) (Wto/o) (Wto/o) (Wto/o) (VOlO/o)b (VO]O/U)b
Quartz 39.3+5.8 27.4+10.3 37.8+12.1 30475 39.7 25.0
K-feldspar 169+ 3.8 149+7.9 29.1+18.3 28.6 £21.7 8.8 10.0
Plagioclase 94+29 11.2+£93 153 +11.6 31.2+19.9 10.5 42.0
Sillimanite 48=+2.0 8.1+4.38 4.8 +11.1 0104 8.6
Amorphous silica* 7.8+4.38 5627 —
Total nonclays 82.4+74 71.1+7.5 89.9+10.3 91.6 +5.0
Illite (TM & 2M) 7.4 x3.2 6.9 +4.2 1.2+1.6 03+0.5
Biotite + Phlogopite 47+3.0 12.0+5.4 6.8 +10.0 6.3 +4.8 21.7 16.0
Kaolinite 56+3.0 10.1 + 4.7 1.2+09 09=+0.7
Total clays 17.6 + 7.4 289+75 10.1+10.3 84+50
Number of samples 55 11 25 43

 Average modes for garnet-sillimanite-biotite gneiss north of the Idaho Springs-Ralston shear zone from Table 28 in Gable

(1996).

P Gable (1980a) reports modal mineralogy in volume %; given the similarity in density of the silicate minerals considered here,

there is little difference between volume and weight %.

¢ Summary values for Boulder Creek granodiorite in metasedimentary rocks, from Table 5 in Gable (1980a).
4 Amorphous silica is fitted to the White River tephra in Rockjock and represents noncrystalline Si/Al material.

plagioclase, K-feldspar, and biotite contents vary consid-
erably from one sample to the next, reflecting the compo-
sitional layering in the gneiss bedrock. In contrast, mobile
regolith samples vary within a narrow range in most pits.
UGG Pit 4, which displayed greater variability in mobile
regolith mineralogy than other pits, was noted in the
field for containing abundant (~30%) rock fragments
throughout. A simple way to quantify the difference in
variability between the mobile regolith and the saprolite
is to compare the standard deviations for the mean values
(Table 13.1). Pit saprolite samples display a much greater
standard deviation around the mean values than do the
mobile regolith samples.

The second feature is that regolith contains weather-
able primary minerals, including plagioclase, K-feldspar,
and biotite, in quantities that are not readily distinguish-
able from the saprolite samples at the base of the soil pits
(Figure 13.7). Clay minerals are also present throughout
the profiles, with no obvious layer of accumulation.
Descriptions of the gneiss bedrock of the Front Range
(Gable, 1996) note the presence of kaolinite, illite, and
muscovite-sericite in the rock, all of which may have
formed in part during hydrothermal alteration associated
with Laramide intrusions. In our soil pit samples, kao-
linite in mobile regolith and saprolite occurs in both a
poorly crystalline phase and a crystalline phase (halloy-
site) typical of incipient weathering. We also find illite in
both the mobile regolith and saprolite. Thus, much of the

clay found in the mobile regolith is probably not an in situ
weathering product.

The presence of biotite throughout the rock, saprolite,
and mobile regolith is notable. Weathering of biotite to
hydrobiotite was found to be responsible for a high degree
of rock disintegration (grussification) in Boulder Creek
granodiorite at a site a few kilometers east of Gordon
Gulch (Isherwood & Street, 1976). No significant
chemical alteration accompanied the disintegration, and
in fact biotite was present even in the grus. Biotite
hydration is accompanied by a large volume increase
(Buss et al., 2008), and this physical transformation sends
microfractures through the surrounding mineral grains in
the rock (Isherwood & Street, 1976).

The drilled rock cores provide an opportunity to
inspect at bedrock mineralogy at greater depths. The min-
eralogy of these cores is summarized in Table 13.1, for
both the cores from tors and for the cores obtained from
mobile-regolith mantled rock. The latter are weathered
enough to be considered saprolite. The cores contain less
clay than the mobile regolith and saprolite collected from
pits, and consequently contain greater fractions of
quartz, K-feldspar, and plagioclase.

Elemental analysis from XRF shows differentiation
between soil pit mobile regolith and saprolite and the
drilled cores (Figure 13.8). The loss on ignition (LOI)
data, which measures a combination of organic matter
and hydroxyl water, clearly segregates bedrock, saprolite,



ISTHIS STEADY STATE? WEATHERING AND CRITICAL ZONE ARCHITECTURE = 243

6 T T T T
- - *
© Mobile regolith
@ Soil pit saprolite
5| ¢ Saprolite cores * o -
4 Qutcrop cores PS . 1
_ **
4
N *
2 "S» o *o o
> $0,08 ¢
g 3 *plod® | ]
< ‘Q. *
= O ® o
2 [o] & -
o 1‘!%0 <
] @0 o0 ‘ o
0 © "
© ¢ ¢
L 2 4
0 | | 1 1
30 40 50 60 70 80 90
Si02, wit%
12 T T T
*
10 |- ¢ -
¢ 0
8 NG
* 0
> # o S
> 6 ge %°
. y

N
<
L3
@)
o %
O
O
o%ﬁ"l
e
<
L 4
L
IO

o e
210 o ¢ o
. 0’ 4
0 I 1 1 1 1 1
30 40 50 60 70 80 90

SiO,, Wt%

6 T T T
5 <
i * e
4l . *e
2 E X
% 3 ¢ .
s 3l
© L .S}
o ° .
2 'S s
i .
I O g; . P
o C Lo @
10 8° 00 AR ®ON o
o} o o 2. o
o PO © !IQ,ooqnigg N
30 40 50 60 70 80 90
SiO,, Wi%
60 [ T T T )
_C -
50 z
40| O
® L
=30
O L
-
[ Co
20 -
C.
10 ©5
[ ) ® F% © :
ol e » ,:Eizﬁﬁﬁﬁﬁ;... 2
30 40 50 60 70 80 90
SiO,, wt%

Figure 13.8 Elemental analyses from X-ray fluorescence for samples from soil pits (mobile regolith and saprolite)
and from drilled cores. The saprolite core samples come from mobile regolith mantled bedrock, while outcrop
cores samples are drilled on tors. LOl is loss on ignition, from burning samples at 925 °C.

and mobile regolith samples. Outcrop cores have the
lowest LOI at 0.5 £ 0.2 wt%, followed by saprolite cores
(1.1 £ 0.8 wt%) and soil pit saprolite (4.6 + 1.0 wt%), and
the highest LOI is found in mobile regolith (7.8 + 10.0
wt%). These data clearly show an accumulation of
organic matter from rock to saprolite to mobile regolith.

Alkali metals (sodium and potassium) as well as
calcium are more abundant in the drilled core samples
than in the soil pit samples (Figure 13.8). Although there
is considerable overlap in the abundance of these cations

in the core samples, the highest concentrations are found
in outcrop cores. The pattern suggests that cations are
progressively lost as rock weathers to form saprolite and
ultimately mobile regolith. However, we must address the
fact that core drilling targeted intrusive granodiorites,
while our soil pits are on the dominant gneiss bedrock
that dominates Gordon Gulch. The Boulder Creek
granodiorite is much richer in plagioclase and lower in
quartz than the biotite gneiss (Table 13.1; Gable, 1980a,
1996). Higher silica and cations in the core samples than



244 HYDROGEOLOGY, CHEMICAL WEATHERING, AND SOIL FORMATION

in the soil pit mobile regolith and saprolite (Figure 13.8)
are therefore likely to reflect differences in parent bedrock
compositions rather than being caused by weathering.

Against the heterogeneous nature of the bedrock geo-
chemistry, it is difficult to identify a clear weathering
signal. Statistically, we see more kaolinite in the soil pit
saprolite than in mobile regolith (Table 13.1). However,
the vertical distribution of kaolinite in the soil pit sapro-
lite seems to reflect layering in the gneiss rather than
weathering accumulation. Nor is there an obvious kao-
linite accumulation bulge within the mobile regolith
(Figure 13.7). Dethier et al. (2012) used a grain size defi-
nition of clay rather than mineralogy to quantify clay
amounts in Gordon Gulch mobile regolith. They found
an average of 4 = 2 wt% clay in 13 soil profiles in Gordon
Gulch (computed from their supplementary data), an
amount significantly less than the clay mineral contents
reported here (Table 13.1). In common with our observa-
tions (Figure 13.7), Dethier et al. (2012) note that horizon
boundaries are indistinct in Gordon Gulch hillslope soils,
and B-horizon accumulations of clay are lacking. A
further complication to identifying a weathering signal is
that eolian dust deposition is likely to influence soils in
this area (Muhs & Benedict, 2006), although late
Quaternary dust deposition rates in the region seem to be
low (Ouimet et al., 2015). Ambiguity on clay sources in
soils in the Colorado Front Range has been noted by
other authors. Low clay formation rates, parent rock clay,
and possible eolian contributions confound the interpre-
tation of clays in soils developed on gneissic tills
(Birkeland et al., 1987) and soils developed on Boulder
Creek granodiorite (Dethier & Bove, 2011).

13.3.5. Mechanical Properties of the Critical Zone

The bulk density of outcrop core samples is greater
than for mobile regolith samples (Figure 13.9). The bulk
density of outcrop core samples shows little variation
with depth, centered around a bulk density of 2.5 g/em?.
Mobile regolith samples increased in bulk density with
depth, from surface values around 1.0 g/cm?® to values
~1.6 g/cm® at depth. Difficulty using the slide hammer
piston corer in saprolite precluded saprolite bulk density
measurements in the soil pits. These values imply,
assuming that both rock and mobile regolith are com-
posed of mineral grains of density 2.65 g/cm?, that the
rock has a porosity of ~5%, while mobile regolith has a
porosity of ~40%.

An observation from the soil pits was that saprolite at
the pit base seemed weaker and easier to excavate with
hand tools on N-facing slopes than on S-facing slopes.
Our excavations extended 40-80 cm into saprolite on
N-facing slopes, but only 10-20 cm into saprolite on
S-facing slopes (Figure 13.7). This qualitative
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Figure 13.9 Bulk density of mobile regolith from soil pits and of
bedrock from outcrop cores (locations shown in Figure 13.3).
Red-hued symbols used for profiles on S-facing slopes, blue-
hued symbols for profiles on N-facing slopes, and green-hued
symbols used for two soil pits in valley bottom locations.

observation inspired our coring and tensile strength
testing of rock outcrops and rock at the base of mobile
regolith.

A summary of drill core recovery and core segment
lengths is presented in Table 13.2. The backpack coring
system did a poor job of recovering rock, resulting in an
overall core recovery of 63% in the 10 boreholes. Core
recovery was greater in outcrop sites (41%-88%) than in
mobile-regolith mantled sites (27%-81%). Among the
outcrop sites, core recovery was greater on S-facing sites
(87%) than N-facing sites (63%), but there was no aspect
difference among the saprolite cores. In addition, core
segments recovered were slightly longer and more vari-
able in length in S-facing slope cores than N-facing slope
cores at both outcrop and saprolite sites. Overall, the
recovery and core segment length data suggest that out-
crops are stronger than mobile-regolith mantled rock,
and hint at rock on S-facing slopes being stronger than
N-facing slopes. The low core recovery implies that sam-
pling is skewed toward stronger materials, as material
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Figure 13.10 Brazilian tensile test results in outcrop and sapro-
lite (mobile-regolith mantled) cores. Outcrop cores are shown
with filled points, while saprolite cores are shown with open
points. Profiles on S-facing slopes are red, and profiles on N-
facing slopes are blue. For simplicity, points are connected for
only one profile per aspect and site type.

between segments either was too fractured or too weak to
survive the coring process.

Brazilian tensile test results from all core samples are
shown in Figure 13.10. The tensile failure strength ranged
from less than 1 to nearly 6 MPa. These values fall well
within the range of tensile failure stresses reported for
Malanjkhand granite (1.0-16.1 MPa; Gupta & Rao,
2000) and Kowloon granite (1-10 MPa; Aydin & Basu,
2005), both of which are medium-grained plutons of
relatively homogeneous biotite monzonite composition.
However, the strongest Gordon Gulch samples are 4-9
MPa lower than the maximum values measured else-
where, which suggests that even the freshest outcrop sam-
plesin Gordon Gulch have undergone weathering-induced
mechanical strength reduction. In this regard, it is worth
noting that none of the Gordon Gulch cores reach depths
where fresh rock was observed in the seismic refraction
surveys (Figure 13.6).

Tensile failure strength was greater in outcrop cores
(2.14 £ 0.98 MPa and 2.95 * 1.29 MPa in N-facing and
S-facing site cores, respectively) than in saprolite cores
(1.95 £ 0.46 MPa and 1.55 * 0.45 MPa in N-facing
and S-facing sites, respectively) (Table 13.2). There is a
great deal of scatter in tensile failure strength profiles
(Figure 13.10), but there is a slight tendency for the tensile
failure strength to trend to greater values with increasing
depth below the surface in both the outcrop and saprolite
cores.

13.3.6. Residence Time in the Critical Zone

Foster et al. (2015) used in situ and meteoric cosmo-
genic radionuclides (CRNs) to quantify the production
rates and residence time of mobile regolith in Gordon
Gulch. From in situ ’Be they found that the mobile rego-
lith production rate is 3.1 cm/kyr. The meteoric °Be inven-
tories yield mobile regolith residence times of 10-20 kyr,
except in a deep profile on a N-facing slope toe slope in
the lower basin, where residence time likely exceeds 40 kyr.
They found no difference in denudation or mobile rego-
lith residence time across slope aspects. Foster et al.
conclude from comparison of in situ and meteoric °Be
data that steady, uniform lowering of the landscape has
occurred across most landscape positions. The exception
to the assumption of steady state is in the thick toe-slope
deposits found at the base of the N-facing slopes in the
lower basin (Figure 13.3), where mobile regolith residence
times exceed the prediction from steady-state lowering.
Although Foster et al. did not collect CRN data in the
upper basin, presumably the valley bottom accumulation
of sediment in the upper basin (Figure 13.3) also violates
the steady-state assumption.

From the mobile regolith production rate and the
assumption of steady-state weathering, we can estimate
the residence time for material in the weathered profiles
in Gordon Gulch. The seismic refraction surveys yield an
average depth to fresh rock (>3.5 km/s p-wave velocity)
of 11.7 £ 3.1 m across Gordon Gulch. This implies a
residence of rock within the weathered zones of 380 £
10 kyr. Most of this time is spent in the weathered rock
and saprolite, and less than 10% is spent in the mobile
regolith.

13.4. DISCUSSION

Gordon Gulch displays critical zone architecture that
comprises thin mobile regolith with protruding tors, over
a broadly surface-parallel zone of weathered rock. The
depth to fresh rock (Vp > 3.5 km/s) is greater on N-facing
hillslopes (>10 m) than on S-facing hillslopes (5-7 m),
although there is variation in weathered zone thickness
on both aspects. Mobile regolith thickens into a broad
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valley bottom fill in the upper basin, and thickened toe-
slope deposits are found on N-facing slopes in the lower
basin. Narrow fluvial terraces, to which the toe-slope
deposits grade, line the channel in the lower basin.
Chemical alteration of the weathered rock and mobile
regolith is difficult to quantify, given the heterogeneity of
the predominantly gneiss bedrock. Primary weatherable
minerals are present in near fresh rock abundances in
both saprolite and mobile regolith; the slight alteration
of biotite present in the rock is a process recognized as
driving significant physical disintegration of rock in this
setting (Isherwood & Street, 1976). Clay minerals are pre-
sent in both saprolite and mobile regolith and do not
show horizons of accumulation. Pedogenic iron (charac-
terized with citrate-buffered dithionate extractable iron,
Fe,) does not show B-horizon enrichment in Gordon
Gulch soils (Dethier et al., 2012), although there is an
increase in pedogenic iron with soil age in the region
(Birkeland et al., 1987; Dethier et al., 2012). Combining
the CRN-based denudation rates (Foster et al., 2015)
with the seismic refraction based depth-to-fresh rock
(Befus et al., 2011) reveals that rock spends several hun-
dred thousand years (i.e. three full glacial-interglacial
cycles) in the near-surface weathered zone, and a few tens
of thousands of years in transport on the hillslopes in the
mobile regolith layer. The hillslope residence time results
agree with the interpretation from pedogenic iron
accumulation (Dethier et al., 2012). The CRN data
support an interpretation of steady-state denudation of
the landscape in all locations other than the toe slopes,
and probably the valley bottom of the upper basin. If
correct, these observations imply that the critical zone
architecture documented here is neither transient nor in
an incipient stage of development.

Taken together, these observations reveal a system that
produces significant physical alteration of rock but
accomplishes little chemical alteration. The presence of
mobile regolith, reduced seismic velocities, and reduced
tensile strength of weathered rock are all manifestations
of weathering processes. These alterations can be accom-
plished by physical weathering processes (S. P. Anderson,
2019), such as frost cracking, biomechanical processes,
and thermal or hydration expansion, possibly modulated
by topographic and regional stress (St. Clair et al., 2015).
The surprise is that breakdown of rock by these
mechanical processes does not lead to more chemical
weathering over the residence time of material in the criti-
cal zone of this landscape.

13.4.1. Is This Steady State?

Although we lean on an assumption of steady state,
CRN-based determinations of denudation rate and mo-
bile regolith production rate (e.g. Foster et al., 2015) do

not directly measure the advance rate of the weathered
rock/fresh rock interface. The production of in situ ’Be
falls off exponentially with depth over a length-scale of
about 0.7 m in rock. Foster et al.’s (2015) samples were
collected in soil pits that accessed only the top of the
weathered rock. Nor does meteoric °Be, which accumu-
lates in mobile regolith and to some extent in saprolite,
provide insight into the dynamics of the deep weathering
front. Instead, agreement between surface lowering rate
and mobile regolith production rates from both in situ
and meteoric '°Be are taken as evidence for steadiness of
all three interfaces (surface, mobile regolith/weathered
rock, and weathered rock/fresh rock). Is this a fair
assumption? It seems most likely that steadiness in the
upper weathering interface does go hand-in-hand with
steadiness in the lower weathering interface. If the deep
weathering front (weathered/fresh rock) advanced more
slowly than the mobile regolith/weathered rock interface,
the weathered rock zone would ultimately thin to zero.
On the other hand, if the deep weathering front advanced
more rapidly, we would expect the weathered zone to be
thicker than the ~10 m present in Gordon Gulch given
the 40 Myr of evolution since the Laramide orogeny.
Variations in weathering interface advance rates cannot
be ruled out, although Occam’s razor implies that these
are unlikely (e.g. Willenbring & Jerolmack, 2016).

The long-term steady-state denudation rate from CRNs
of 3.1 cm/kyr can be translated into a mass loss rate of
820 kg/ha/yr. Modern dissolved fluxes from the upper
basin of Gordon Gulch measured for water years 2011
and 2012 (Mills, 2016) show that modern solute exports
are ~10 kg/ha/yr, which is less than 2% of the long-term
CRN-based denudation rate (Table 13.3). Mills et al.
(2017) quantify an additional loss of predominantly SiO,
in the form of colloidal material in the stream, but this
adds only about 30% to the total dissolved flux. Although
the particular years that Mills (2016) monitored were low
runoff years, the deviation from modern norms is insuffi-
cient to explain the gap between CRN-based total denu-
dation and solute fluxes. Analyses of past climates for the
region highlight differences in temperature over changes
in precipitation (e.g. Legg & Baker, 1980; Diihnforth &
Anderson, 2011). Although cooler conditions may have
reduced evapotranspiration, and hence might have
enhanced runoff and dissolved fluxes, the likely increase
in the depth and duration of frozen ground would likely
have limited chemical weathering processes. In sum,
chemical fluxes are responsible for little of the overall
development of the critical zone.

We have recently explored the role of climate (i.e. pre-
cipitation) on the development of critical zone architecture
by modeling the long-term evolution of hydrologic flow
paths, chemical weathering, and physical denudation
under wetter and drier conditions (R. S. Anderson et al.,
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Table 13.3 Comparison of modern dissolved fluxes and long-term CRN-based total denudation rates for Gordon Gulch.

Modern Solute Flux Data?

CRN-Based Diss./Total
Ca Mg Na K SiO, Total Dissolved Flux  Total Denudation®  Denudation
Year®  (kg/hasyr)  (kg/hatyr)  (kg/halyr)  (kg/hatyr)  (kg/halyr)  (kg/halyr) (kg/hatyr) (%)
2011 2.0 1.3 1.7 0.6 8.3 14 820 1.7
2012 1.2 1.0 1.1 0.4 6.2 10 820 1.2

2 Dissolved flux data from Mills (2016) for 0.95 km?* upper basin of Gordon Gulch.

b Data is for water year (Oct 1-Sep 30).

< Long-term total denudation based on in situ cosmogenic '°Be from Foster et al. (2015)

2019). The model compared a deeply weathered, wet
system (modeled after landscapes of the SE United States
studied by the Calhoun Critical Zone Observatory) and a
shallowly weathered, dry system (modeled after Gordon
Gulch). At the low effective precipitation (precipitation
minus evapotranspiration) rates representative of Gordon
Gulch, the plagioclase chemical weathering front (the
reaction considered in this model) remained shallow and
surface parallel once steady state was established (in less
than 50 kyr), even as the hillslopes and channel continued
to erode. R. S. Anderson RS et al. suggest that shallow,
surface-parallel weathering is to be expected for cases in
which the ratio of weathering front advance rate to total
denudation rate, w /e, is low (less than 1). The research we
have presented herein sheds light on how such a system
works. Mechanical alteration processes proceed with
sufficient vigor to produce mobile regolith. At the same
time, physical transport of the mobile regolith is ineffi-
cient enough that the hillslopes remain in the geomorphic
transported-limited regime in which denudation is limited
by transport process rates rather than mobile regolith pro-
duction rates. All the while, both in the weathered rock
zone and the mobile regolith layer, lack of water limits
chemical reaction progress.

Mobile regolith thickness and geochemistry do not
vary across the slope aspects (Figure 13.7), despite the
large differences in shortwave solar radiation
(Figure 13.5). The time rock spends in the weathered
zone is overwhelmingly spent in the weathered rock layer,
rather than in the mobile regolith (a roughly 90%-10%
split). The thermal influence of solar radiation falls off
rapidly with depth and is insignificant below about 2 m.
Instead, it is likely that the influence of radiation on
water flux is most critical. While modern water flow paths
differ across the aspects (Hinckley et al., 2014), under the
glacial climates that dominate the >350 kyr residence
time of material in the weathered zone, aspect differences
in water flux may have been smaller.

We have argued in the past that periglacial processes of
frost cracking and frost creep can explain the aspect dif-
ferences in weathered profile depths in Gordon Gulch
(R. S. Anderson et al., 2013). The thermal state required

to drive frost cracking is strongly modulated by surface
energy balance, and during glacial climates is likely to
have been active at depths required to produce the weath-
ered rock in Gordon Gulch. Given the much greater
direct shortwave radiation on S-facing slopes than on
N-facing slopes in Gordon Gulch (Figure 13.5), this
mechanism remains a likely candidate to produce the
broad-scale features of critical zone architecture that
have developed in the last few hundred thousand years.
The other likely process to produce the weakened, yet
minimally chemically altered weathered rock zone in
Gordon Gulch is biotite hydration. Unlike frost cracking,
biotite hydration could operate during interglacial cli-
mates. Biomechanical processes associated with tree roots
seem unlikely to be important in weathering rock in this
setting, given the lowered tree line during the dominant
glacial climate. Hence, biotite hydration and frost
cracking complement each other in maintaining contin-
uous weathering in the bedrock through changing climate
cycles.

Over the Holocene, however, frost processes have prob-
ably declined in their influence and other drivers are com-
ing into the fore. The Holocene represents most of the
10-20 kyr residence time of material in the mobile rego-
lith. The aspect differences in forest structure and associ-
ated root architectures, for instance, are likely to be
important and may affect water fluxes (Adams et al.,
2014). Water delivery into the subsurface depends
strongly on aspect (Hinckley et al., 2014; Langston et al.,
2015), particularly in the present conditions of thin,
ephemeral snow with contrasting snow persistence across
slope aspects. Nonetheless, these differences have been
insufficient to produce obvious differences in mobile reg-
olith geochemistry across slope aspects, again implying
that water limitation keeps geochemical modification of
near-surface materials low.

Finally, it is worth addressing the question of steady
state in Gordon Gulch over its recent history and looking
forward in time. The thickened periglacial slope deposits
on N-facing toe slopes in the lower basin and the sediment
fill in the valley floor of the upper basin both speak to
reduced sediment mobility and export over Holocene
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time. Dethier et al. (2012) suggest that spatial variations in
pedogenic iron accumulation-based residence times within
Gordon Gulch reflect the episodic nature of sediment
movement over tens of thousands of years. If steady state
holds, the long-term CRN-based denudation rate of 3.1 cm/
kyr must be matched by sediment transport rates out of
the basin (given the very small denudation contribution by
dissolved fluxes). Sediment fluxes have not been moni-
tored in Gordon Gulch because the channel is very small
(peak flows are ~150-180 L/s, and much of the year flow
is less than 30 L/s) and water flows are generally visibly
free of sediment above colloidal size. From these
qualitative observations, we infer that the annual sediment
flux is much less than that needed to maintain steady state.
While episodic events undoubtedly play an outsized role
in exporting sediment from the basin, the presence of the
small Holocene terraces in the lower basin suggest that
sediment is accumulating. It is likely that true steady state
applies only when the system is averaged over glacial-
interglacial climate swings, which serve to alternately
enhance and hinder sediment transport efficiency.

13.5. SUMMARY

The critical zone in Gordon Gulch has developed over
more than 350 kyr, producing an architecture with
minimal chemical alteration, but comprising mobile reg-
olith punctuated by tors over a roughly surface-parallel
weathered rock zone. Mobile regolith geochemistry and
thickness do not vary across N- and S-facing slope
aspects, despite a two- to threefold difference in short-
wave radiation. The weathered rock zone, however, is
thicker and is perhaps mechanically weaker on N-facing
slopes than S-facing slopes. Mechanical breakdown by
frost cracking most likely controls these differences. In
the semiarid modern climate and the colder glacial cli-
mates that dominate the past, low water flux and low
temperatures have limited the chemical evolution of the
system. This critical zone architecture is in steady state
with the long-term climate, averaged over glacial-inter-
glacial cycles, and incision of the river system.
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ABSTRACT

A review of the status of fundamental research into soil genesis and development is given, together with a
discussion of the outstanding problems from various perspectives, such as the geological, hydrological, and soil
ecological points of view. The urgency of understanding what soil is, how it forms and evolves, relates funda-
mentally to its connection with the cycling of water and those elements of deep significance to biology, e.g.
carbon, nitrogen, and phosphorus, as well as to the uptake and fate of the (mostly) solar energy input. The cou-
pling is inherent in the close relationships between soil genesis and the formative process of chemical weathering,
together with its abiotic drawdown of atmospheric carbon, as well as the relationship between soil evolution and
the biological processes that change the soil. Each of these phases links soils to the atmospheric carbon compo-
sition and the Earth’s climate system. More recently, the link between soil formation and Earth’s water cycle has
become clearer with the recognition that field weathering rates are more likely flux-limited (water, organic acids,
and reaction products) than kinetics-limited. While a link between water and CO, drawdown appears explicit in
the photosynthetic reaction, the relationship between plant productivity and transpiration fundamentally links
water and cycling of elements such as carbon, nitrogen, and phosphorus. The summary is intended to place the

works of the present book into the context of present research efforts and future goals.

14.1. WHAT AND WHERE IS SOIL PHYSICALLY,
HYDROLOGICALLY, CHEMICALLY, BIOLOGICALLY,
CONCEPTUALLY, AND SCIENTIFICALLY?

The need to understand soil genesis and evolution has
never been higher. The soil is a center of the cycling of
carbon, nitrogen, and water, and the foundation of the
critical zone (CZ), (NRC, 2001), which stretches from the
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bedrock to the treetops. In the soil, vegetation, microbes,
and atmospheric water combine to transform bedrock
from its original state into a medium that forms the basis
of agriculture, foundations for our buildings, and the
habitat for evolution.

Just coming up with a definition of a soil as an object,
and a field of study, is not trivial. The chapter by Huggett
(this volume) details the development of the modern con-
cept of soil as an independent entity or system, starting
with Hilgard (1860). Notably, Darwin (1881) referred to
soil as “vegetable mould.” Early definitions were closely
related to the worth of soil as a basis for agriculture (a
medium for plant growth; Lyon & Buckman, 1922), and
addressed its natural formation in the absence of human
influence (Joffe, 1936). More in line with geomorpholog-
ical applications, some viewed the soil as a mantle of
loose and weathered rock (Hilgard, 1906; Coftey, 1912).
Vernadsky (1926) developed the concept of the biosphere,
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of which soil is a component with ecological functions
responsible for biodiversity, productivity, etc. (Bockheim
et al., 2005). In the agricultural context, the zonation of
the top few meters of the Earth’s surface was accorded
prime position and relevance. However, from what is now
known as the O (organic) horizon to successive incorpo-
rations of the A (topsoil) and B (subsoil) horizons into
the solum, and more recently the C horizon (variously
parent material, or chemically weathered bedrock) as well
(Richter & Yaalon, 2012), the concept of soil has been
changing to become more compatible with an under-
standing of its position in Earth science between the bed-
rock and the atmosphere at the crown of the rock cycle.
Further, although from the outset it has been the rule to
regard soil formation in a context of “unchanging” con-
ditions, such as the Holocene, it is now clear that soils
may preserve a record of many changes in climate and,
e.g., human influences, thus deserving the designation
polygenetic (Richter & Yaalon, 2012). Over a similar time
period, recognition of the importance of the suite of
climatic and land-use changes imposed by human civili-
zation has led to the suggestion that the present is no
longer the Holocene, but the Anthropocene (Crutzen,
2002; Crutzen & Stoermer, 2000). These changes in our
understanding of the role, position, and evolution of soil
have challenged historical attributes of the study of soils
as well as soil science within science itself. The soil is now
seen as the “most complicated biomaterial on the planet”
(Young & Crawford 2004, p. 1634), or “the crucible of
life, a self-regulating, biophysical factory, acting like a
composite living entity” (Hillel, 2005).

In the process of defining a soil at the interface of sev-
eral complicated, interacting systems, it became necessary
to define a soil not on the basis of the history of its con-
stituents, which may move into and out of the soil, but on
its position, both topographical and sequential, in the
process of soil formation and erosion. In this context, the
entire soil catena of a slope, located between a water
channel and a ridge, is included, as is what is located bet-
ween the parent material and the atmosphere, excluding
to varying degrees purely organic material, such as plants
or leaf litter. Most simply put, soil is the layer at the solid
Earth surface, which is derived from, and distinct from,
its source material, sediment, rock, or plant matter,
through a wealth of chemical, biological, and physical
processes, and what is not yet displaced from its catena by
fluvial processes, which effectively convert the soil to sed-
iment. The relative simplicity of this characterization of
soil, like simplifications in its description or processes,
hides further complexity.

From our perspective atop the soil, we are at that level
where the input hydrologic flux, precipitation, is divided
into four principle components: infiltration, surface run-
off, transpiration, and evaporation. The topic “chemical

weathering” provides the link, as it were, between “hydro-
geology” and “soil formation.” Chemical weathering
increases surface area, porosity, and the concentration of
mineral nutrients needed for plants to grow, apparently
simultaneously a precondition for growth and a result of
that plant growth. As chemical weathering in the field is
mostly limited by the flow of water into the soil (Maher,
2010), so is the rate of soil formation limited principally
by chemical weathering (Burke et al., 2006, 2009; Dixon
et al., 2009, 2012; Egli et al., 2014; Hunt & Ghanbarian,
2016; Yu & Hunt, 2017a, 2017b). Indeed, the chapter of
Lyons et al. (this volume) on chemical weathering in the
Antarctic’s McMurdo dry valleys demonstrates the clear
link to water, with weathering resulting almost exclusively
from melting of subsurface ice and in the hyporheic zone
of meltwater streams. However, see also the chapter by
Anderson et al. (this volume; note that Anderson and
Anderson, 2010, helped bring chemical processes, such as
weathering, to the forefront of landscape evolution), who
argue that at Gordon Gulch such chemical processes may
only be limiting to the weathering of bedrock, not to the
actual development of the regolith, which in steady state
is controlled by surface physical processes.

The complex interplay of weathering and biota in the
critical zone poses challenges for advancing research on
how Earth’s surface evolves in response to environmental
factors (Brantley et al., 2011). In the context of hydroge-
ology, it is important to emphasize that soil formation
and erosion processes are directly tied to two of the path-
ways of water encountering the surface of the Earth: sur-
face runoff and infiltration.

To stimulate future research, we hypothesize that
weathering, erosion, soil formation, and biogeochemical
cycling are essentially limited by water fluxes.

14.1.1. Soil Formation, Erosion, and Burial

* Physical erosion is proportional to precipitation and
thus, presumably, surface run-off (Reiners et al., 2003),
while soil deepening, mineral transformation (see chapter
by Egli and Mirabella, this volume), and chemical erosion
processes are proportional to infiltration (run-in?).

* Soil formation joins fundamentally with the carbon
cycle, as the two principle terrestrial means to draw
carbon down from the atmosphere are in plant growth
through photosynthesis, with an instantaneous rate pro-
portional to a local water flux, and chemical weathering
of silicate minerals in rocks, with a rate proportional to
infiltration.

Formation, transport, and burial of sediment are the
surface expression of the rock cycle. The burial of car-
bonate minerals as products of chemical weathering of
silicate minerals represents by far the dominant seques-
tration of atmospheric carbon, with its relevance to
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global temperature regulation (Berner, 1992). In the pro-
cess, carbon passes through the soil in inorganic forms,
such as bicarbonate, while water is buried together with
the sediments, connecting to the deep-water cycle.

14.1.2. Biological Processes

Many biological processes in soil formation depend on
chemical weathering for the resulting increase in mineral
surface area, together with the release of mineral nutri-
ents, such as potassium, phosphorus (Hartmann et al.,
2014), and iron. Conversely, the chemical weathering pro-
cess is often directly mediated by microbes. Soil fertility
correlates strongly with the fixing of (predominantly)
atmospheric nitrogen through interactions of soil micro-
organisms with plants.

* The productivity of plants is expressed in their ability
to draw down carbon from the atmosphere, which is then
released into the soil through metabolic activity. This pro-
ductivity appears to be most strongly controlled by the
water and essential nutrients drawn from the soil.

* The chemical weathering reaction itself is mostly a
complex biogeochemical process that depends on the
CO, and organic acids released by the plants within their
ecosystems. The tendency for soil nitrogen and carbon
components, and therefore cycles, to be linked, but that
of phosphorus to vary more independently (Tian et al.,
2010), as expressed in the terrestrial Redfield ratio
(Redfield, 1958), is thus broadly understandable in the
context of the more important influence of parent mate-
rials relative to the atmosphere in phosphorus, although
the relative immobility of phosphorus is also important.

An increased understanding of the details of these
interactions, including the multiple possible combina-
tions of fungal synergisms and root types (Brantley et al.,
2017a), is required for future progress in this field. Plants,
their roots and associated microorganisms, and earth-
worms are the main soil engineers. Through their physical
activities (e.g. tree uprooting) and soil aggregation they
act as catalyst and provide, transform, and translocate
organic matter and nutrients throughout the soil profile
(as shown by Le Bayon et al., this volume).

14.2. SOIL-FORMING FACTORS AND SOIL
PRODUCTION; CONNECTIONS
WITH GEOMORPHOLOGY AND HYDROLOGY

Let’s return to the question of what soil is, since this is
currently a topic of relevance in both CZ science and geo-
morphology. Jenny (1941) quotes Ramann (1911; 1928):
“The soil is the upper weathering layer of the solid earth
crust,” then continues with the inevitable criticism, “Joffe
(1936), a representative of the Russian school, objects to
Ramann’s formulation on the grounds that it does not

distinguish between soil and loose rock material.” Jenny
adds that, although there will probably never be agreement
between all soil scientists as to what soil is, the one
characteristic that all soils appear to share is anisotropy,
which at its best developed, can be classed as horizona-
tion, while conceding that even that classification can be
arbitrary. Jenny continues with the observation that the
distinction between freshly fallen leaves or living grass to
plant matter sufficiently decayed to be considered part of
the O (organic) horizon, is artificial, as is the distinction
between the lowest soil layer and parent material. Overall,
he summarizes, “In the opinion of the author, the distinc-
tion between soil and environment is arbitrary; it exists
only in our minds, not in nature.” “Fortunately, there is
no urgent need for universal agreement.” These questions
reappear in Cline (1961) and in Richter and Yaalon
(2012), but with increasing urgency for their resolution.
Richter and Yaalon (2012) in “The Changing Model of
Soil, Revisited” and Richter and Markewitz (1995) in
“How Deep Is Soil?” address points made in an essay by
Cline (1961). First, they propose, echoing Ramann (1911;
1928), that “the lower boundary of the soil is much
deeper than the solum historically confined to O to B
horizons,” extending the bottom of the soil to the bottom
of the C layer. Lukens and Norton’s results (this volume)
suggest deep weathering boundary as the bottom of the
soil, meaning that the material arriving at the soil-sapro-
lite boundary already may be substantially preweathered.
This mechanism has an important impact on weathering
and nutrient release. The basis for this argument is that
the important effects of biogeochemical weathering
throughout the column are accorded their proper due,
while lending support to Cline’s argument that a more
holistic view of soil, divorced from its agricultural
background, is achieved. Second, Richter and Markewitz
(1995) state, “Cline was most impressed with how geo-
morphology was enriching pedology, and with the
increasingly sophisticated view of soil time and of the
dynamic processes of soil formation.” Particularly when
soil production is that process which provides the stron-
gest limitation on the delivery of sediments from their
sources on the continents and islands to their sinks in
lakes and oceans, this measure of the effectiveness of the
erosion process is crucial to understand. However, it is
important to keep in mind that, although Gilbert (1877)
made one of the first references to soil production, this
reference was largely forgotten until the 1960s (Humphreys
& Wilkinson, 2007), finally coming into its own starting
in the 1990s (Heimsath et al., 1997). Yet, Gilbert wrote
rather presciently, “Solution and frost, the chief agents of
rock decay, are both retarded by the excessive
accumulation of disintegrated rock. Solution gradually
decreases as the zone of its activity descends and the
circulation on which it depends becomes more sluggish.”
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In actuality, it is more often true that infiltration, as a
fraction of precipitation, is higher where soil is deeper,
but more likely because soil depth increases with the infil-
tration rate (Hunt & Ghanbarian, 2016). However, solu-
tion transport does become more sluggish with increasing
time or distance (e.g., Berkowitz & Scher, 1995; Cortis &
Berkowitz, 2004).

Notwithstanding, for over a century, soil formation has
been addressed as a process that depends on a range of
external factors (i.e. climate, organisms, relief, parent
material, and time, in the line of Dokuchaev [1880/1948,
translated from earlier Russian] and Jenny [1941]). As
formulated by Jenny,

S = f(clorp.t) (D

for the soil depth (or other soil property), S, as a function
f of ¢l (climate), o (organisms), r (relief), p (parent
material), and ¢ (time). Note that the functional form of
Sisnot, in general, given, as the equation is more intended
to focus one’s attention on the most important factors
controlling the depth or properties of the soil. The suite
of properties described by equation (1) gives the state of
the soil.

If the dependence on time of individual soil variables is
more naturally described in terms of discrete variability,
such as associated with fairly abrupt climate change, then
it may be advantageous to think of soil production in
terms of an amalgamation of discrete paleoprocesses
with a variety of imprints on the soil (Richter & Yaalon,
2012), leading to the term polygenetic paleosol. The soil
functional properties are often products and witnesses of
Quaternary events, natural and human induced, that
occurred in the landscape. Many soils started to form
under conditions that were different from the current
ones (Costantini, 2018). Relict paleosoils remain at the
surface and continue to develop.

The posited functional relationship, equation (1),
appears to place the formation or evolution of soil on a
sound footing, but in actuality, without a specific
functional form, its main value is its delivery of a histori-
cally connected and familiar formulation. The typical
means to investigate equation (1) is to correlate statisti-
cally various of the input factors with the output factor,
S. As an example, Jenny (1941) investigated California
soils in distinct biomes, such as grasslands, and correlated
the dependence of the C:N ratio with precipitation, P. He
found that, within a specific biome, the C:N ratio slightly
decreases with increasing P, but considering all biomes
simultaneously led to a significant increase in C:N with P.
A soil catena is believed to eliminate climatic and parent
material influences from soil variability and isolate relief
as a variable (Bockheim et al., 2005). Chronosequences

isolate the time variable, etc. (Jenny, 1941). This process
lends scientific sophistication to a formulation that is not
directly linked by mathematics to a specific process, or
combination of processes, and may, moreover, hide syn-
ergisms and nonlinearities, such as threshold processes.

Consider, however, the perceived role of the soil catena
in the isolation of topographic variables. According to
the geomorphological perspective, this must be done by
comparison between catenas, rather than within one
catena (Heimsath et al., 1999), since surface translocation
of soil is, under steady-state conditions, considered to be
governed by the diffusion equation, a consequence of
transport linear in the surface gradient and the equation
of continuity. The diffusion equation thus constrains sur-
face soil transport to be equal along the catena.
Nevertheless, this approach does not yet take into account
coupled effects of the variation of soil production with
depth as well as infiltration (Yu et al., 2017), weakening
the conclusion.

Since the advent of the 21st century, it has become
increasingly evident that soil production and chemical
weathering (Burke et al., 2006, 2009; Dixon et al., 2009,
2012; Egli et al., 2014; Hunt & Ghanbarian, 2016; Yu &
Hunt, 2017a, 2017b) as well as denudation rates (Figure
4, DiBiasi et al., 2012) are proportional to each other.

How can these results be understood? In theoretical
treatments of surface reactions in porous media, the pro-
portionality of both soil formation rates and chemical
weathering rates to flow velocity arises whenever the
progress of the weathering reactions is limited by the
ability of flowing water to transport product solutes from
the reaction front. This question is addressed using what
is called the Damkohler number, Da, (Salehikhoo et al.,
2013), a ratio between solute advection time and a reac-
tion time. The latter time scale is calculated assuming
complete mixing (Yu & Hunt, 2017¢). Da, << I signifies
that reaction kinetics limit (dominate), whereas Da, >>1
indicates that solute transport dominates (but see
Bandopadhyay et al., 2017, or Reeves & Rothman, 2014,
who calculate Da, using a ratio of diffusion to reaction
times, implying that the form of transport limiting
reactions is molecular diffusion). The calculation depends
sensitively on both the reaction kinetics and the fluid flow
rates, but Da, tends to increase in time (Gilbert, 1877,
Cortis & Berkowitz, 2004) because the solution efficiency
(velocity) diminishes over time when solute transport is
non-Fickian, nowadays considered the rule, rather than
the anomaly (Cushman & O’Malley, 2015). While a trend
towards increasing relevance of transport with increasing
time is likely universal, a crossover at about Da, = 1 can
apparently occur on time scales of roughly a day and
length scales of a fraction of a millimeter (Maher, 2010)
up to hundreds of years (and length scales of centimeters,
Egli et al., 2018). Assuming that the entirety of such
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variability has not been plumbed, such time and length
spans may sometimes be much larger, i.e. millennia.

Rates of physical erosion and chemical weathering are
often positively correlated across diverse landscapes
(Dixon et al., 2012, Dixon & von Blanckenburg, 2012).
This positive relationship exists up to a certain threshold
where a limit of weathering rate is reached. Soil produc-
tion rates cannot be infinitely high. It is, however, still
questionable where this speed limit is: some authors set it
at about 320450 t km? yr! and others at 800-2000 t km
yr! (Egli et al., 2014). However, in the New Zealand Alps,
with precipitation rates 10 m yr!, Larsen et al. (2014)
have measured soil production rates as high as 4000 t km
yr, a result that has been shown consistent with a linear
dependence of soil production rates on precipitation over
almost 4 orders of magnitude of precipitation (Hunt &
Ghanbarian, 2016), from the driest place on Earth (the
Atacama Desert) to among the wettest (New Zealand
Alps). Other authors, e.g. West et al. (2005), noted that
silicate weathering is, in principle, limited by two
processes: solute transport and reaction kinetics. The
supply of water, acids, and (organic) ligands relative to
the supply of silicate minerals is large in transport-limited
weathering regimes that are mostly found on relatively
old and flat surfaces. Areas having a high erosion rate, a
high uplift rate, or young surfaces also have a high supply
of fresh minerals. Under such circumstances, the main
control on chemical weathering depends particularly on
the kinetic rate of mineral dissolution and time available
for reaction. Thus, erosion rates may be so high that the
associated soil production rate based on the calculation
of transport-limitations may exceed the rate of reaction
of a fresh mineral surface. On a soil evolutional time-axis,
Egli et al. (2018) showed that the limitations on mineral
weathering imposed by reaction kinetics can affect the
system until 100-200 yr of soil evolution, a result gener-
ally in accord with Damkohler number calculations of
Yu and Hunt (2017b). Thereafter, solute transport seems
dominant. Within regolith, faster erosion rates and shal-
lower thicknesses mean minerals move rapidly through
the weathering zone, leading to shorter residence time
and hence a lower degree of weathering. For example,
Ferrier and Kirchner (2008) predicted that weathering
rates approach zero when denudation exceeds roughly
half of the maximum soil production rate.

Both laboratory experiments (short duration, simplifi-
cation) and field observations have shortcomings (lack of
control of variables, changing climatic conditions, etc.).
Despite the limitations associated with using either
approach, it has become increasingly evident that
weathering rates strongly depend on the rate at which
fluid flows through the medium, be it soil (Maher, 2010)
or an experimental column (Salehikhoo et al., 2013)
(Figure 14.1). Here an approximately linear dependence
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Figure 14.1 The dependence of weathering rate reactions on
flow velocity in field measurements and lab experiments. Field
results for silicate minerals are due to Maher (2010) and cover
typical vertical flow rates of about 3 cm to about 2 m per year,
though a few are for flow rates in the millimeters per year. Lab
results on MgCO, were obtained by Salehikhoo et al. (2013)
and span flow rates from about 30 m to 14,000 m per year.
Cumulatively, the results demonstrate a 7 order-of-magnitude
increase in reaction rate over 7 orders of magnitude change in
flow rate.

of reaction rate on flow is demonstrated over 7 orders of
magnitude of flow rate.

Note that, for the proportionality to flow rate to con-
tinue to such high flow rates as used in lab experiments,
however, the parent materials must have a high intrinsic
reaction rate; the source material for the Salehikhoo
et al. (2013) experiments was MgCO,, with dissolution
rates orders of magnitude higher than for typical sili-
cate minerals.

Thus, for purposes of prediction of weathering rates, a
critical input is the fluid flow rate, a quantity which, in
the field, is a hydrologic variable. Therefore, proportion-
ality of weathering rates to flow rates puts soil formation
squarely in the domain of hydrologic sciences, in view of
the need to determine the partitioning of water at the ter-
restrial surface, and into soil physics as well, as a result of
the relevance of the flow and transport properties of the
medium. However, although the chemistry is explicitly
omitted from Figure 14.1, for more slowly reacting
species, the dependence of R on flow rate becomes
horizontal at lower velocities (Maher, 2010), commensu-
rate with a cross-over to Da, < 1 (Yu & Hunt, 2017b).
Since employment (with success) of this sort of reduc-
tionism is counter to current trends in ecohydrology and
biogeochemistry, there is a need to provide additional
context for how it may work.

Specific interpretations of limitations to weathering in
the field ascribe varying relevance to the roles of biota,
chemistry, and physics. The possible array of processes
that could be thus described is immense. Therefore, take a
single example, the effects of bedrock fracturing on
weathering rates. Such a topic may bring in a variety of
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variables. It is clear that fracturing of bedrock promotes
fluid infiltration into newly exposed rock surfaces,
enhancing infiltration compared with overland flow, and
thus soil formation over soil erosion. But what controls
the fracturing process? Is it principally a result of freezing
(physics), tree roots (biota), or chemical weathering
(chemistry)? Established means of thinking favor the first
two, but it has been shown that tree roots are not really
capable of prying apart rock (except for relatively weak
sandstone; Brantley, 2017a, and references therein), while
mineral volume changes due to chemical weathering are
quite capable, under sub-critical conditions, of extending
fractures (Eppes & Keanini, 2017). In that case, chemical
weathering is the process limiting the effectiveness of
fracturing and thus soil formation. But chemical
weathering is mostly controlled by water fluxes (Maher,
2010), and thus the physics of flow and transport (within
the discipline of hydrology, or soil physics). Sak (this
volume) nicely presents that rock weathering and the
formation of weathering rinds on the surface of such
rocks is governed by the rocks’ composition and ambient
climatic (and thus also hydrologic) conditions.

A problem often emphasized is the need to develop
theory and descriptive expressions that cross scales in

time and space (Brantley, 2007). When water tends to
follow paths of least resistance, the same physical basis
for employing percolation theory may be invoked at all
scales (Hunt & Ewing, 2016) and results for vegetation
growth and soil formation over immense time scales are
generated from the percolation optimal paths exponent
and the fractal dimensionality of the percolation back-
bone, respectively (Hunt, 2017). A scaling plot
(Figure 14.2) of water, earth, and biota that describes the
cumulative effect of flow rates and time on soil formation
and vegetation growth, demonstrates the increasing sepa-
ration of time scales for, e.g., vegetation growth and soil
formation, with increasing length scale, even though at
scales of a few pores, these two time scales are approxi-
mately the same (and equal to the ratio of a pore size to a
water flow rate), since transpiration is typically only a
factor of 2 higher than infiltration. Understanding this
profound separation of time scales is key to under-
standing the relative roles of chemistry and biology in
soil development and, as it turns out, in the global carbon
and water cycles.

Identifying the great slowing of chemical weathering
processes relative to, e.g., biological processes with
increasing length scale, lends additional theoretical

4
Flow
~— Optimal Paths
SoluteTransport
27 Crops
BAAD
Fast Plants
o4 =+ Soils
g —==="Transp. Min
= . .
= Opt. Min
o
-
—2
—4
I, J’
-6 At T
—6 -3 0

Log[t(yr)]

Figure 14.2 Scaling diagram of relationships limiting the growth of fertilized crops (linear in time equal to the flow rate),
natural vegetation (optimal paths exponent of percolation theory and the same flow rate), and soil formation (backbone
fractal dimensionality and the same flow rate). Note that the lower flow rate limit for soil formation, 2.5 cm yr7, is a
bound for most of the data of Maher (2010), while the upper limit, 25 m yr™', is the quotient of the world’s maximum
precipitation divided by a typical porosity. The lower limit in space is 30 pm, while the shortest time scale is determined
by the ratio of this length scale to the flow rate. Data sources are given in Hunt (2017); BAAD = Biometric and Allome-

tric Database (Falster et al., 2015). (Source: Hunt, 2017).
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justification to the conclusion from field work that
chemical weathering is the fundamental limiting pro-
cess in soil formation. The conclusion from field studies
derives from the close correspondence of soil produc-
tion and chemical weathering rates over long time
scales. Moreover, it has been possible to use analytical
formulations of the time-dependence of chemical
weathering to generate an actual functional form for
the soil formation function of Jenny and Dokuchaev
(Yu et al., 2017).

Even though the study of chemical weathering may
provide a basis to define not only the depth of the soil
but also the vertical distribution of various mineralog-
ical or chemical species, it has its own limitations. Effects
of bioturbation may decouple variables that describe
vertical soil structure from soil depth, necessitating addi-
tional generalization of the Dokuchaev perspective. As
discussed by Johnson and Schaetzl (2015), such a revi-
sion in fundamental thinking would be a return to the
concepts of Darwin (1881). Although not a primary sub-
ject of this summary, it is interesting to note that the
processes that lead to vertical sorting of particles include
burrowing by animals at least from the size of worms up
to the size of rodents.

14.3. HUMAN IMPACTS AND RELEVANCE
TO HUMAN SOCIETY

Land-use change, including the development of agri-
culture and the subsequent translocation of the majority
of the human population to cities, has had profound
impacts on soil characteristics and soil erosion, and
through these, soil production (inferred from DiBiase
et al., 2012). Richter and Yaalon (2012) give, as one of
three fundamental changes in understanding of soils
that motivate a rethinking of the discipline, the global
transformation of soils from a “natural to a human-
natural body.” Forman and Stinchcomb (2015) include
both the critical zone (including its geologic history) and
human impacts on surface processes as among their six
grand challenges for Quaternary geology. Forman and
Stinchcomb (2015) quote Steffen et al. (2015) to imply
that “human activities continue to affect earth surface
processes with non-analog responses compared to
Holocene landscape dynamics.” Thus, the present time is
described as the Anthropocene, in view of massive geo-
chemical, biological, and geomorphic changes at the
Earth’s surface, and their expression in sediment yield
and composition. While the onset of the Anthropocene
may be defined in terms of stratigraphy, geochemistry,
geomorphology, or other ways (see, e.g., Edgeworth
et al., 2015), it is noteworthy that the boundary as
expressed in the human impacts on the soil itself has
been termed the Golden Spike (Certini & Scalenghe,
2011). Here, investigations into human impacts on soils

are concentrated in the chapter of Horn and Lal (this
volume) on compaction of agricultural soil due to inap-
propriate uses of heavy machinery; these effects include
permanent changes in the stress structure of the soil,
reduced air and water flow, and their impacts on agricul-
ture as well as how to diagnose the resilience of soil eco-
systems to such treatment.

The impact of humans on the soil is so large, it can no
longer be neglected in any comprehensive theory of soil.
The “Jinji unconformity” divides human and natural
deposits (which may straddle the soil) and provides
understanding of pollutant migration zones, weakness,
and fracturing, as well as soil liquefaction (Edgeworth
et al., 2015). Instead of emphasizing a role of human
beings separate from nature, however, it may be more
constructive to seek a higher order unity of principles
(Haff, 2014a) that describes both human and natural
processes. Some parallels include the following: The
principle of superposition works in archaeology as in
geology; newer cities are invariably constructed on top
of older ones, and different technologies, e.g. stone,
iron, and bronze, are found in superposed layers (Harris,
1979, 2014). Even subsequent reorganization of the sub-
surface by human activities is a form of bioturbation in
soils or sediments and can invalidate superposition
(Harris, 2014) in the same way as activities of other ani-
mals. Storm water removal systems can be considered
artificial karst in their function and may have analogues
to real karst in their architecture (Garcia-Fresca, 2007),
though not in composition or rate of formation. In spite
of the parallels between human and non-human natural
activities, Haff (2014b) is able to list six principles that
distinguish the so-called “technosphere,” an additional
realm of the Earth that is an analogue to Vernadsky’s
(1926) biosphere.

Practical problems with a need for timely solution
include not just the loss of soil itself (Blanco & Lal,
2010; Montgomery, 2007) but the loss of soil carbon
(Lal, 2004) as well as the loss of biodiversity in agricul-
tural soils (e.g. Wilcove et al., 2013). Related problems
that are only slightly further afield include the loss of
land surface to productivity (through conversion of solar
energy to sugar) by the replacement of permeable with
impermeable surfaces, with resulting increases in sensible
heat fluxes and runoff (Taha, 1997). Basic concepts are
needed to guide research, whereas specific proposals are
needed to lead engineering. Can the changes in energy
and water partitioning be represented (Faybishenko,
2010) within traditional Budyko (1958, 1974) strategies,
or do they represent fundamental deviations from theo-
retical guiding concepts, such as optimization of work
(see Hunt, this volume)? Can we reverse the loss of
carbon in soils? An important such strategy has been
promoted by Taylor et al. (2016), who proposed the use
of crushed basalt in agriculture, both as a means to
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increase the fertility of the soil, and for its role in draw-
down of atmospheric carbon.

14.4. WHERE IS SOIL AS A DISCIPLINE?

Within the evolution of the geosciences is the continued
gradual movement to change its character from observa-
tional to predictive. A predictive science, by definition,
must develop hypotheses, which can guide the use of
mathematics to make verifiable quantitative predictions.
The model or hypotheses live or die from the success or
failure of these predictions. An observational science tells
a story. Both sides are, of course, still represented in
professional organizations such as the American
Geophysical Union, as indeed both connotations are
found in the term geophysics itself. Beyond this distinc-
tion lies a question of the applicability of models, as
pointed out by Cline (1961) and reiterated by Richter and
Yaalon (2012). Cline (1961) said,

Within the framework of its accumulated knowledge,
every science develops a mental image of the thing with
which it is concerned. This model of a science is the orga-
nized aggregate of accumulated facts, and laws and the-
ories based on those facts: it is a mental picture of that
which is known viewed in organized perspective through
verified quantitative relationships, which we call laws,
with varying degrees of distortion by virtue of theories that
attempt to explain the observed relationships. The picture
is not the same to all who work in the science, for it is com-
posed of knowledge and the extensions of theory from
knowledge into the unknown, and different men know, or
think they know, different things. The picture is sharply
in focus in those parts for which quantitative relation-
ships have been defined; it becomes progressively more
blurred as one approaches the limits of quantitative data
and progressively more distorted with increasing
dependence on theory.

We have added italics to portions of this statement that
emphasize Cline’s fundamental distrust of what he calls
theory. Thus, Cline apparently suggests that a theoretical
underpinning of a quantitative relationship would make
it less reliable. In physics and chemistry, such is certainly
not the case; rather, it is the lack of a theoretical explana-
tion that should trigger suspicions.

Richter and Yaalon (2012) go on to state that Thomas
Kuhn’s (1962) concept of “paradigm,” published in The
Structure of Scientific Revolutions, was analogous to
Cline’s mental image. Kuhn suggested that science
advanced through periods of utilization of recognized
methods and organization of research, together with its
results (that fill in the holes in the field), which build a
paradigm, to discovering anomalies incompatible with
that paradigm. Upon recognition of the difficulties, the
cognizant scientific community reaches a crisis, which is

followed by the overthrow of the existing paradigm in a
kind of revolution. Such an occurrence has come in time
to be known as a paradigm shift. The physics-centricity
of this picture is allegedly at odds with how other sciences
change, notably biology, as Ian Hacking noted in his
introductory essay to the 2012 republication of Kuhn’s
1962 book. Hacking points to the immense social differ-
ences between physics and biology, as well as the loss of
pre-eminence suffered by physics since 1962, at the height
of the Cold War. However, soil physics, on which much
of the primary analysis for flow and solute transport and
diffusion is built, might be considered a branch of physics
(Hunt et al., 2013). As such, the Kuhn picture may yet
take precedence.

In the language of Kuhn, we should become alert
when a number of problems that could be related
become evident, particularly if they are repeatable and
significant enough to be important. These results, inex-
plicable within the existing paradigm, are what Kuhn
calls “anomalies.”

Such anomalies have been accumulating within the
discipline of soil physics since Fatt (1956a, 1956b,
1956c), together with the occasional clear criticism
(Scheidegger, 1959; Berkowtiz & Scher, 1995; Cushman
& O’Malley, 2015) of the existing mathematical struc-
ture and its basis in a flawed mental picture. Fatt (1956a,
1956b, 1956c¢) pointed out that only network models
could represent truthfully real porous media, while
Scheidegger (1959) reported that the Advection-
Dispersion Equation (ADE), the use of which was justi-
fied in the conventional “bundle of capillary tubes”
picture, was not accurate. This criticism of the ADE has
been continued by Berkowitz and Scher (1995),
Berkowitz et al. (2002), and Benson et al. (2000a, 2000b),
among others. The bundle of capillary tubes model
attributes longitudinal dispersion in solute transport to
the particular distribution of pore sizes relevant for
each medium (in contrast to non-Gaussian transport
models; Hunt & Ghanbarian, 2016), while it admits of
no transverse dispersion (perpendicular to the flow
direction) at all. Yu and Hunt (2017a, 2017b, 2017c¢)
argue that impacts from reliance on the ADE are felt in
the theory of solute transport through chemical
weathering to soil formation. Thus, a related question,
as to whether the traditional hierarchical view of soil
science, with physics at the base moving up through
chemistry to biology, is a valid and useful picture, may
depend on whether the physical basis is flawed or not.
Accordingly, the tendency of practitioners of soil sci-
ence to move away from this hierarchical view towards a
paradigm that considers biological matters as uncon-
nected with physics (consider the refusal of USDA to
support fundamental soil physics for the past decade),
may be more a result of an unacknowledged problem.
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This reasoning leads to the following important
questions:

» To what extent is the conventional understanding of
chemical weathering based on soil physics?

* To what extent might soil physics be in need of a par-
adigm shift?

* Is soil physics part of soil science or part of physics
(Hunt et al., 2013)?

As a consequence, we have to ask: Do anomalies in soil
science exist?

We provide an incomplete list of what turns out
mostly to be related unsolved questions, or anomalies.
These questions should also relate, if feasible, to some
of the chapters received. Other chapters will address
other unsolved problems which, however, relate more
clearly to how complete our understanding is of the
range of possible influences on soil formation and evo-
lution which have not yet been incorporated fully in a
single model.

1. Why does the Advection-Dispersion Equation
underestimate solute arrivals at both short times (early
breakthroughs) and at long times (providing the explana-
tion for the difficulty of environmental clean-up; Cortis
& Berkowitz, 2004)?

2. Why does mass conservation require scale-
independent flow velocities of water under saturated con-
ditions, but not of solute?

3. Why do field measurements of the dispersivity
increase almost linearly with spatial scale (Gelhar et al.,
1992; Hunt et al., 2011)?

4. Why are chemical weathering rates in the field up to
6 orders of magnitude slower than in the lab? And why
does this decline not depend on mineralogy (at least for
plagioclase, K-feldspar, biotite, and hornblende; White &
Brantley, 2003)? According to, e.g., Hunt and Ghanbarian
(2016), the distinction is between predominantly kinetic-
limited reactions in the lab and the dominance of trans-
port limitations in the field.

5. Under which conditions is mineral weathering purely
related to water percolation? When is the production of
organic ligands or acids the driving factor of mineral
weathering and transformation? When do we have conse-
quently a purely kinetic limitation or a kinetic control
of weathering? Does weathering of different minerals
depend differently on these driving factors?

6. Why do chemical reaction rates, including
weathering, (appear to) decay according to a power law in
time, both in laboratory experiments (Liu et al., 2008,
2009; Peng et al., 2012; Zhong et al., 2005) and the field
(White & Brantley, 2003; Maher, 2010)? (It should be
noted that power laws may not always be easily distin-
guished from exponential functions, a theme to which we
return). And why are they proportional to the rate at
which water flows through the medium?

7. Why do chemical weathering rates appear to decay
as a different power of soil depth than they do of soil age
(Hunt & Ghanbarian, 2016)?

8. Either a power law or an exponential soil production
function predicts a maximum soil production rate under
thin or infinitely thin soils, as well as an inverse relation-
ship between soil thickness and soil production. The
exponential form is almost universally applied. Why
would soil production rates decay exponentially in depth
(Heimsath et al., 1997), particularly if chemical weathering
decays according to a power law (White & Brantley, 2003)?

9. Within the general exponential form of a soil pro-
duction function, an alternative that has been predicted
(Gilbert, 1877) and sometimes observed (Heimsath et al.,
2011; Dixon & von Blanckenburg, 2012) is “humped” in
form. In this case, soil is produced fastest under a critical
soil thickness, and soils thinner than the critical thickness
are unstable, leading to the exposure of bedrock. Can a
humped soil production function exist also in the general
power-law formulation? The answer is yes. If the hydraulic
conductivity limiting the flow rate is that of the soil, and
chemical weathering induces fracturing of the bedrock
(with hydraulic conductivity no less than the soil), the rel-
evant flow velocity will be closely related to precipitation,
but if soil is very thin with little or no vegetation, then
chemical weathering may be unable to produce significant
fracturing and the relevant water flow velocity will be
reduced by the ratio contrasting soil and bedrock
hydraulic conductivities. A model of such simplicity nev-
ertheless reproduces a humped soil production function.

10. How can one reconcile the great depth of weathered
bedrock (saprolite [Richter & Yaalon, 2012], laterite, and
bauxite [Yu & Hunt, 2017, and references therein]) with
exponential models of soil production (Heimsath et al.,
1997) that use an explicit length scale of about 0.5 m, pre-
venting deepening of soils significantly past | m?

11. Why do the soil production and erosion rates in any
given region tend so often to be the same (DiBiase et al.,
2012)? Often criticized, the assumption of steady-state
landscapes thus appears very often to hold. Soil formation
rates (and also erosion rates) strongly depend on the time
factor (in conditions with enough precipitation; see Egli
et al., 2014). One might ask: Why are soil formation rates
(of soils having the same age) worldwide in a similar
range when water is not the limiting factor?

12. Given that soil production rates vary over about 4
orders of magnitude (Hunt & Ghanbarian, 2016),
depending primarily on rainfall and relief, why does the
solum have such a robust tendency to be about 1 m deep
in temperate to boreal climates (Yu et al., 2017), with the
topsoil and the typical rooting depth about one third of
that (Gentine et al., 2012; although a more comprehen-
sive statement is that virtually all roots are confined to a
depth of about 2 m; Fan et al., 2017)?
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13. Why is the total evapotranspiration so often just
under two thirds of the precipitation (Lvovitch, 1973;
Schlesinger & Jasechko, 2014; Williams et al., 2012)?

14. Can the theory of nonlinear dynamics and chaos be
applied to predict processes taking place in the rhizo-
sphere (Faybishenko & Molz, 2013)?

It is not simply the number of such anomalies that have
been accumulating, but the time span, over which they
have become noticeable, that appears to reveal a problem
in soil physics. Given that such a crisis has been devel-
oping in soil physics since 1955 without general acknowl-
edgment, it is not clear whether Hacking (2012) may not
actually be right, in which case soil physics should be con-
sidered as a field unrelated to physics. If this “crisis” were
not particularly relevant to the subject of the current
book, it could be omitted here as well.

Point 14 suggests that traditional soil physics may
not lack merely the unifying concepts from applying
percolation theory to network models but an impor-
tant component from nonlinear dynamics as well, par-
ticularly as it affects our understanding of explicit
interactions in the biosphere. Here it should also be
noted that still a third facet of the relatively new sci-
ence of complexity is addressed in publications of Lin
(e.g. Lin, 2010), who cites physicist Prigogine
(Prigogine, 1980; Nicolis & Prigogine, 1989) to support
the statement, “The irreversible dual-partitioning of
pedogenesis, ... indicates that soils generally evolve
towards increased ordering.” In this article, Lin (2010)
addresses the concept of preferential flow which, how-
ever, viewed from the perspective of percolation theory,
is simply the “critical path.” Further discussion of the
potential advantages of applying any particular one, or
all of these methods from complexity simultaneously,
is beyond the present scope.

14.5. RESEARCH DIRECTIONS, NETWORKS,
AND FOUNDATIONAL SUPPORT: CURRENT
AND FUTURE

The production of soil by definition brings in, in the
vertical direction, the processes of dissolved CO,-induced
chemical weathering and thus water flow, with CO, con-
tents enriched by decaying plant material and metabo-
lism of a range of organisms. Recognition of the close
relationship with plant processes and their dependence
on climate has helped the community and the National
Science Foundation organize a network of critical zone
observatories to collect data on the primary vertical
processes involved in soil formation. Three such integra-
tive studies and their conclusions as of this time are
reported here (Anderson et al., Lyons et al., Rasmussen
et al., this volume). However, the story of how the CZO
network came about, including persistence and

collaboration across continents and disciplines, is best
told in Brantley et al. (2017b), as the proliferation of
organizations and agencies is vast.

Understanding the transport of soil downslope,
essential to generate a landscape understanding of soil
genesis and depth, brings in the horizontal directions and
thus, directly, the field of geomorphology (Gilbert, 1877,
Heimsath et al., 1999; Humphreys & Wilkinson, 2007;
Forman and Stinchcomb, 2015). At this point, the
functional form of such transport is still uncertain, as
well as its dependence on biological inputs such as tree
roots, tree-throw, burrowing rodents, etc. Soil mass trans-
port along slopes depends on several factors and occurs
by gradual mechanisms such as soil creep as well as
threshold (and sporadic) processes, such as landsliding.
One factor of critical influence in landsliding, along with
slope angle and slope shape, is the soil depth.
Understanding soil depth development on steep topog-
raphy is fundamental for understanding and predicting
the occurrence of landsliding at threshold landscapes (Yu
et al., 2019). Soils and landslides are intimately related.
The weathering of bedrock into clay and the subsequent
translocation of clays into subsurface horizons are the
main causes of increases in the risk of landsliding
(Temme, this volume). Given their mutual effects, soils
and landslides form a system with feedbacks.

The dependence of soil formation on chemistry, more
pronounced when reaction kinetics limits the weathering
reaction (high flow rates, slowly weathering minerals),
and more likely at shorter time scales (Yu & Hunt, 2017b;
Egli et al., 2018), emphasizes distinctions between parent
materials, rather than similarities in other soil formation
factors, such as climate or relief.

The actual geochemistry is highly dependent on the
symbiotic relationships between plants and fungi and
microbial communities, as well as on substrate and
climate. The details of these interactions are under-
represented here, both in the volume generally, and in
this summary.

Hydrology, by assessing critical fluxes for both the
formation of soil and its removal, unifies the fields of soil
science and geomorphology, including (2D) basin
architecture. This relationship provided crucial motiva-
tion to establish CUAHSI (Consortium of Universities
for the Advancement of Hydrologic Science), as well as a
foundation for the NRC publication “Opportunities in
the Hydrologic Sciences” (NRC, 1991), which underlies
the establishment of the Hydrologic Sciences Program at
the USA NSF. This thematic integration with soil science
occurs over increasing time scales, first geomorphology,
then hydrology, and finally, tectonics, biological evolu-
tion, and atmospheric changes.

In this volume, we have attempted to address a range of
such questions and, here, to draw additional attention to



PEDOGENESIS THROUGH CHEMICAL WEATHERING, HYDROLOGIC FLUXES, AND BIOTURBATION 263

one possible way forward that is, perhaps, based on a
stronger foundation for soil physics.

14.6. WAYS FORWARD

The fundamental question to be answered is this:

How does bedrock, as well as such unconsolidated
media as landslide deposits, glacial moraines, and allu-
vium, become soils, of which type and what depth, with
which mineralogical transformations and physical reori-
entations/reorganizations, associated with which ecosys-
tems and climates? There is no one answer nor a single
course of action that results.

In considering the future of research into chemical
weathering and soil formation, it is helpful to see where
we are and where we have come from. From Cline (1961):
“At a given time, our concepts are consequences of the
knowledge we have gained, which in turn depends sub-
stantially on the techniques at our disposal. Yet those
concepts govern to a major degree our approach to the
solution of current problems, and thus, they control
developments of the immediate future.” Thus, different
researchers, with their different disciplinary histories, will
see different challenges, goals, and envisioned means of
solution. Past thinking, with its influence on curriculum,
experimental techniques, data collected, instrumentation,
and archival development, has a continued influence on
the present to challenge paradigm shifts. Even when a
paradigm shift may be sought, a substantial divide exists
across disciplines and within disciplines, between seeking
solutions with a degree of universality, and those which
seek to define the variability.

First, let us consider the long-standing question of
whether soil should refer to the solum (A and B horizons)
or also what Richter and Yaalon (2012) call the C horizon.
Since this corresponds to highly weathered “saprolites”
of the southeastern US, perhaps the “laterites” and
“bauxites” described by other authors as due to deep
tropical weathering should be incorporated as well. Yu
and Hunt (2017a) already extended the percolation
theory prediction of weathering depths as a function of
time to deep (mostly) tropical weathering expressed as
laterite or bauxite. The fundamental percolation scaling
function applied was x = x, (#/¢,)""" (also in Figure 14.2)
with exponent D, = 1.87 equal to the backbone fractal
dimensionality (Hunt & Ghanbarian, 2016), x, the
fundamental length scale, or typical grain size, and 7, the
(hydrologic) mean flow rate. In Yu and Hunt (2017a),
typical values of particle diameters x, = 30 pm and flow
rates x,/1, of 0.5 m/yr were chosen as parameters, and the
prediction was compared with data from Wright (1994),
Cooper (1936), Hill et al. (2000), Taylor et al. (1992),
Boulange and Carvalho (1989), Freyssinet and Farah
(1997), Pavich (1986), Bestland et al. (1996), and Migon

and Lidmar-Bergstro (2002). Since Richter and Yaalon
(2012) explicitly mention the “saprolites” of the Atlantic
piedmont, we now include together with those of Yu and
Hunt (2017a), in Figure 14.3 four examples of these
(Price et al., 2005; Cleaves et al., 1974, Pavitch et al., 1989;
Pavitch, 1986), as well as a new example from central
Europe (Felix-Henningsen, 2018). As is evident, a single
reasonable prediction suffices to capture the chief vari-
ability, linking time scales of up to 150 Myr with pore-
scale quantities. The same equation, but with parameter
values appropriate for each particular soil, generates
measured soil depths across a wide range of conditions
(Yu & Hunt, 2017a, 2017b, 2017¢; Egli et al., 2018).

Note that, in x = x(#/t))""", the soil-forming factors are
represented (Yu et al., 2017) as follows: time (¢) is explicit,
x, defines the grain size of the parent porous medium (p).
The flow velocity is determined by the interaction of the
biota with the climate (c¢/ and o) (Budyko, 1958, 1974) and
substrate (p, depending on where the limiting hydraulic
conductivity is found). Topography (r) enters when effects
of erosion are considered. Implicit is that the form of the
relationship is determined by transport limitations on
chemical weathering (involves ¢/ and o), while use of the
transport limitation as a general result is restricted to
cases for which Da, > 1.

This result is the basis for answers to most of the 13
questions in section 14.4.

200
= °
E 150 o
ey
a
3
o 100 °
C
£ N
;qu e Predicted
s 50 $ ® Measured
- !

0
0 30 60 90 120 150
Age (Myr)

Figure 14.3 Extension of depth predictions for soils to
chemical weathering at great ages for what are called “later-
ites,” “bauxites,” or “saprolites.” Typical flow rates (roughly
in the middle of Maher’s 2010 data) of about 0.5 m yr' are
assumed, along with a typical soil particle in the middle of the
silt, about 30 pm and a typical porosity of 0.4. The initial pre-
dictions were tabulated in Yu and Hunt (2017b) for the data of
Wright (1994), Cooper (1936), Hill et al. (2000), Taylor et al.
(1992), Boulange and Carvalho (1989), Freyssinet and Farah
(1997), Pavich (1986), Bestland et al. (1996), and Migon et al.
(2002). New data for this synthesis include Price et al. (2005),
Cleaves et al. (1974), Pavitch et al. (1989), Pavitch (1986), and
Felix-Henningsen (2018). Note that these data follow the same
trend as the data in the middle of the soil depths collected in
Figure 14.2.
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Continuing, we give some other perspectives on the
study of soil evolution and chemical weathering.

First, consider geomorphology. Here soil production is
inextricably linked with soil transport in shaping the
landscape. The form of the soil production function,
whether only decreasing with depth or humped (Gilbert,
1887; Heimsath et al., 2009), may determine the stability
of soils against erosion down to bedrock. Variation in soil
production rates with landscape curvature may be a
consequence of the relevance of the model of soil surface
transport as diffusive (Heimsath et al., 1999), rather than
having anything to do with a spatially variable soil pro-
duction function (Yu & Hunt, 2017c). An entire range of
biologic processes related to plant (Amundson et al.,
2015) and animal behavior emerges for study. These
authors examined climatic influences on soil production
using a ratio of mean annual precipitation (MAP) to
mean annual temperature (MAT). Hunt and Ghanbarian
(2016), however, found that soil production rates corre-
lated more strongly (less scatter) to estimates of an infil-
tration rate using the difference between precipitation
and evapotranspiration.

From the perspective of geology (e.g. Driese et al., this
volume), it is essential to understand the coevolution of
soil, plants, and the composition of the atmosphere
through geologic time expressed in, e.g., rates of soil
development and the suite of soil types found.
Accordingly, these authors argue for the inclusion of a
deep-time component in the Earth observatories devoted
to the critical zone. Because the surface of the Earth is
where humans are found, it is doubly important to trace
the development of ecosystems and soil formation over
geologic time and how biota adapts to and influences the
evolution of the atmosphere and the terrestrial surface.
The potential variety of such systems, including the soil
microbiology, presents already a daunting task of
classification, and even more so when the influence of
extinction-triggering events, tectonic and climatic
changes, and anthropogenic influences are considered.
Yet, if circular inferences are avoided, the history of the
Earth can, through analysis of the increasing complexity
of the soil ecosystem and its geochemistry over time,
reveal the impacts of various soil-forming factors indi-
vidually. Such an analysis must be based on accurate for-
ward modeling. In contrast to Amundson et al. (2015),
who try to correlate the change in maximum soil produc-
tion rates with the ratio of MAP/MAT, Driese et al. (this
volume) extract separately MAP estimates for paleosols
based on the CIA-K (chemical index of alteration less
potash) geochemical proxy of Sheldon et al. (2002) and
MAT estimates based on an Na/K salinization model
(Driese et al., 2018; Liivamagi et al., 2014).

From the perspective of physics, what is sought are the
(quasi-)universal laws or processes governing the

evolution of a geophysical system. The understanding of
the history of the Earth requires the best understanding
of the physical processes and physical laws that underlie
the evolution of the Earth, its chemistry, and its biota.
In the context of the present volume, an important part
of the conventional physical understanding may be
flawed. For our hydrologic science, we usually rely on
laws that express local conservation of mass, charge, ele-
mental composition, momentum, energy, etc. These laws
are expressed as (partial) differential equations. In these
formulations, scale effects on solute transport are essen-
tially inexplicable; they are mysteries to be explained by
non-Euclidean media, for which our imagination is the
only bound. In this framework, the putative link between
non-Gaussian (non-Fickian) solute transport and
chemical weathering went undiscovered (note that Reeves
and Rothman, 2014, attribute the link between fluid flow
rates and time dependences to diffusion). In order to
address these problems efficiently, it is important to
abandon the continuum models of porous media and
turn to network models. Then, nearly all the puzzles
posed in section 14.4 appear to trace back to the single
conceptual model failure of representing porous media as
a bundle of capillary tubes and the mathematical inade-
quacy of the Advection-Dispersion Equation. The solu-
tion lies not in particular models of the medium but in
the tendency for water flow through disordered media to
be dominated by paths of least resistance, together with
the topological description of these paths from percola-
tion theory (Hunt & Sahimi, 2017). A particular challenge
in the context of soil modeling and weathering is the
consideration of a dynamic comparison of climate and
soil variables instead of the traditional (and arduous)
comparison of climate and (static) soil properties (Finke
et al., this volume).

What about the hydrological perspective? Consider
water partitioning at the Earth’s surface. Since evapo-
transpiration (ET) removes water from being used for soil
formation, while encouraging plant growth, which pro-
vides an essential contribution (CO,) to soil formation
from plant metabolism, this quantity is of interest.
Arguably, the variability of ecosystems and climate, sub-
strate and relief, should produce huge variation in the
water balance. Yet there seems to be a rather high degree
of consistency in the fraction of precipitation returned to
the atmosphere, ET, when considered as a function of
aridity index (Budyko, 1958, 1974). Moreover, for land-
scapes neither strongly energy limited nor water limited,
there is a rather universal tendency for ET to be close to
the global average, just under two thirds of precipitation
(Lvovitch, 1975; Williams et al., 2012; Schlesinger &
Jasechko, 2015). Hunt (this volume) shows that the ten-
dency to constrain ET may be related to an optimization
of ecosystem productivity under the constraints of
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optimal horizontal water (and thus nutrient) flow paths
for transpiration within the root zone, and optimal
(random) solute transport paths in the vertical direction.
The latter defines the soil depth as well, meaning that net
primary productivity is not just a passive response to the
partitioning of surface water but the primary driver of it.
This result makes explicit a comment from the National
Research Council (1991), “The more we learn about our
desiccated, and apparently barren, neighboring planets,
the more we wonder if our good fortune is not a result as
well as the cause of life on the earth,” Furthermore, the
variability in ET at a particular aridity index appears
related to variability in actual root architecture (its mass
fractal dimensionality). This work thus suggests that the
relationship of hydrology with biota is so intertwined
that the basic partitioning of water at the terrestrial
Earth’s surface is only properly understood in biological
terms, namely that evolution favors those ecosystems that
maximize their productivity with respect to the available
water and energy fluxes.

Even from the perspective of soil ecology and biogeo-
chemistry, Fierer et al. (2009) cite Kuhn (1962) to empha-
size the importance of fundamental unifying principles
of study, compared with a simple categorization of dis-
tinctions between specific systems and processes. They
note the relatively advanced states of aquatic (citing the
trophic cascade theory of Carpenter et al., 1985, and eco-
logical stoichiometry of Elser et al., 2000) and plant
ecology (structuring of plant diversity and plant
community dynamics across spatial scales, e.g. Grime,
1977; Tilman, 1994; Hubbell, 2001) compared with soil
ecology. Yet these same authors cite Dokuchaev
(1880/1948) and Jenny (1941) as authors helping to pro-
vide a basis for the study of soil ecology. They also sug-
gest that there are similarities across ecosystems that may
warrant formulation of more general principles: “Even
where disturbances such as agricultural conversion or
plant invasions have altered soil properties, the under-
lying processes often remain remarkably similar (Haas
et al., 1957; Mann, 1986; Lauber et al., 2008).” They
report that the observation that “all compounds that get
metabolized in soil must pass through the same
physiological ‘funnel’ that constrains decomposition to a
shared set of biochemical pathways (McGill, 2007) ...
may partially explain why parameters such as litter C:N
ratio and lignin:N ratio can often predict decomposition
rates across a range of ecosystem types.”

In conclusion, it is suggested that a combination of
techniques should be utilized, involving everything from
advances in fundamental research in physics to experi-
mental techniques in measurement and interpretation,
classification, and generalization. Advances in one rele-
vant discipline must be communicated to the other related
disciplines. Understanding of the relationships between

micro- and macrobiota will be essential, and how the soil
constrains these relationships. In this process, both
universal tendencies and specific distinctions must be
accounted for. Presumably only then will it be possible to
disentangle the effects of the multiple influences on eco-
system stability, adaptability, and vulnerability, together
with their interactions with solar variability (early weak
sun paradox), astronomical events (possible bolide colli-
sions), tectonic developments, and volcanism (e.g.
development of supercontinents, or release of CO, by the
Siberian traps).
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